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PREFACE 



Gravity waves can act to transfer mean horizontal momentum from the ground to levels 
aloft in the atmosphere or from one layer of the atmosphere to another. Flow over 
topography can generate stationary gravity waves that break nonlinearly in the 
troposphere and lower stratosphere. Such waves transfer momentum from the breaking 
region to the earth’s surface, and this process is thought to act as a significant drag on 
the eastward mean winds in the midlatitude troposphere. It is known that numerical 
simulation models of the global atmosphere run widiout any attempt to impose such a 
drag tend to produce results characterized by unrealistically intense eastward surface 
winds in midlatitudes. Other processes (such as convection, jet stream instabilities etc.) 
can produce gravity waves with nonzero horizontal phase speeds and which act to 
transfer mean momentum between the troposphere and the middle atmosphere. 
Comprehensive numerical models of the atmosphere generally produce unrealistic 
simulations of the extratropical stratospheric/mesospheric circulation unless some 
account is taken of the effects of these gravity waves. If credible simulations of climate 
(and predictions of climate response to anthropogenic forcing) are to be obtained, some 
physically justifiable parameterization of the momentum transport due to unresolvable 
gravity waves needs to be formulated. This issue is now recognized as one of the most 
important challenges in dynamical meteorology. 

In order to begin addressing this problem a NATO Advanced Research Workshop was 
held in Santa Fe, U.S.A., from April 1-5, 1996. The meeting was attended by a total of 
36 scientists from 10 countries. The workshop was notable in bringing together experts 
in observations and theory of gravity waves along with representatives of several climate 
modelling groups. This volume includes 26 papers representing contributions from 30 
of the meeting participants and serves as an excellent sununary of the scientific issues 
discussed. 

I would like to thank the Scientific Affairs Division of NATO for providing the bulk of 
the financial support for the meeting. Additional support was provided by the World 
Climate Research Programme as part of its initiative on Stratospheric Processes and 
their Role in Climate (SPARC) and by the Solar-Terrestrial Energy Program. Finally I 
wish to thank the attendees for their enthusiastic participation at the workshop (even 
through some of the very long sessions that were scheduled!) and for submitting the 
excellent papers that make up this volume. 



Kevin Hamilton 
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Some Problems Relating to the Observed Characteristics of Gravity 
Waves in the Middle Atmosphere 



Isamu Hirota 

Department of Geophysics 
Kyoto University 
Sakyoku, Kyoto 606 
Japan 



ABSTRACT. A critical review is presented of the understanding of gravity wave character- 
istics based on earlier observational studies since the 1980’s. Following comments on the basic 
idea of the gravity wave dynamics and the capability of observational techniques, results of 
rocketsonde, balloonsonde and MU radar data analyses are briefly recalled. It is stressed that 
the “climatology of gravity wave sources” is still open to question, even though we have had 
some case studies of various processes for the generation of gravity waves in the lower atmo- 
sphere. Another important question is the vertical distribution of gravity wave activities relating 
to wave breaking (and/or dissipation) processes in the stratosphere and mesosphere, in connec- 
tion with seasonal variations of the background field. Finally critical comments are added on 
the current attempt of the gravity wave parameterization in GCMs by emphasizing the need for 
many more detailed observations in the future. 



1. Introduction 

Through the progress made in observing the middle atmosphere in the last three decades, 
the climatology of the global circulation has been established (e.g., CIRA model), and our un- 
derstanding of the mechanism for the generation and maintenance of the mean zonal wind and 
temperature field has been substantially developed in terms of large-scale dynamics as well as 
radiative and photo-chemical processes. 

In addition to this, around 1980, it became widely recognized that vertically propagating, in- 
ternal gravity waves play an important role in determining the large-scale wind field in the mid- 
dle atmosphere through their momentum transport and deposition. In their pioneering works 
Lindzen (1981), Matsuno (1982) and Holton (1982) showed the effect of the breaking of gravity 
waves on the mean zonal flow, and in the last decade there have been many attempts to parame- 
terize the gravity wave effect in the numerical modelling of the middle atmosphere on a global 
basis. 

It should be noted, however, that these numerical models assume a priori physical parameters 
of gravity waves such as wave amplitudes and frequencies without having substantial evidence 
for these in the actual atmosphere. In the present paper, therefore, I should like to review our 
observational studies to clarify what properties of gravity waves are known and what is needed 
for future studies. 



2. Difficulties in observations of gravity waves 

Since internal gravity waves have larger amplitudes in association with their vertical prop- 
agation in such a way as |u| ~ Po ^ exp(z/2iJ), it is easier to separate them from the 
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background flow and large-scale wa\^es in the middle atmosphere than in the troposphere. MST 
radars, lidars, rockets and balloons have been used as observational tools for this purpose. 

However, these techniques are essentially based on single-station observations to obtain the 
physical quantity of gravity waves as a function of height and time at a fixed location (the only 
exception is the recent satellite observation under development). Because of this limitation, 
observable parameters at each station are vertical wavelength and Doppler-shifted frequency, in 
addition to the mean field. Horizont^il wavelength and intrinsic frequency, for example, have to 
be estimated indirectly with the aid of theoretical considerations (e.g., dispersion relation) by 
assuming the dominance of monochromatic waves. 

Moreover, in view of the inhomogeneous distribution of wave sources and intermittent occur- 
rence of generation processes, we have to be careful in detecting representative characteristics 
of gravity waves in both case studies and long-term statistics. 



3. Early statistics for morphology and climatology 

In order to have an overview of the gravity wave activity in the middle atmosphere on a global 
basis, though in a rather crude manner, Hirota (1984) first presented the climatology of gravity 
waves with the aid of meteorological rocket observations gathered at many stations over several 
years. By applying a high-pass filter to daily rocket data in the height range of 20 - 65km, 
wind and temperature fluctuations with vertical scale < 10km are extracted, and their variances 
(r.m.s.) were used as a rough measure of the gravity wave activity. A large seasonal variation 
with a maximum in winter at high latitudes as well as evidence for a semiannual cycle at low 
latitudes were found from these statistics. This sort of climatology has been recently revised by 
Eckermann, Hirota and Hocking (1994) by expanding the data period to 1977 -1987. 

Hirota and Niki (1985) made a statistical study based on the same rocket data to show that 
the short vertical scale wind fluctuations are due mainly to upward propagating inertia-gravity 
waves, as judged from the rotation of horizontal wind vectors in hodographs. Note that the 
degree of elliptic polarization of hodographs gives us information about the intrinsic frequency 
u as well as the direction of horizontal propagation of gravity waves. Results of the statistics 
indicate that the dominant values of f/cj(f: Coriolis parameter) fall into the range of 0.2 ~ 
0.4 in spite of the seasonal change of the mean flow. This suggests a wide variety of horizontal 
phase velocities. 

It should be reminded, of course, that rocket soundings are too infrequent to resolve the be- 
haviour of gravity waves in time and are too sparse in geographical distribution to resolve the 
continent-ocean contrast and the difference between the northern and southern hemispheres. 



4. Wave sources in the lower atmosphere 

Our goal in the climatological study of gravity waves is to give full information about their 
effects on the global circulation of the middle atmosphere in terms of gravity wave forcing of 
the mean flow through momentum deposition. The wave variance shown in early climatology 
is not necessarily the forcing itself but merely a rough measure of the dominant structure and 
behaviour of gravity waves propagating from below. Hence our next step should be to observe 
wave generation processes in the lower atmosphere. 

It has been assumed that gravity waves should be generated in the troposphere by the effect 
of topography, synoptic disturbances, convective activity, geostrophic adjustment around the jet 
stream and shear instabilities, but in these cases details are poorly known and rely on a few case 
studies. 
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As regards the topographic effect on gravity wave generation, Sato (1990) made a detailed 
analysis of vertical wind disturbances in the troposphere and lower stratosphere as observed by 
the MU radar at Shigaraki, Japan in wintertime when the tropospheric westerlies are dominant. 
In a statistical approach, she showed that the vertical wind disturbances are due mainly to gravity 
waves generated by the effect of mountain trains located to the west of the MU radar site. It 
is quite interesting to note that, among 8 observation periods within 1985-1987, the gravity 
wave intensity is not uniform but rather intermittent, i.e., active periods and quiet periods exist, 
suggesting that the generation of gravity waves by topography is not simply a function of surface 
winds. 

Concerning wave generation from the mid-latitude jet stream, Hirota and Niki (1986) made a 
case study of inertia-gravity waves around the intense westerlies over Japan in winter using the 
MU radar. From their hodograph analysis, they found that the direction of horizontal wind vector 
rotation, namely the direction of vertical propagation, is opposite above and below the height of 
the jet core (^ 1 1km). This fact strongly supports the theoretical idea of the jet stream as a wave 
source. This analysis was extended by Kitamura and Hirota (1989) over the Japanese islands 
(27° - 45°N), with the aid of operational rawinsounde observations at 18 stations for the year of 
1986. Results of the statistical analysis revealed that the gravity waves with vertical wavelengths 
of 2 5km are dominant in the lower stratosphere and their distribution in a meridional plane 

along 140°E is closely related to the subtropical jet over Japan. It is also noteworthy that this 
work proves for the first time the usefulness of routine balloon observations for the study of 
gravity waves. 

However, recent study by Sato (1994) based on 3-year data of the MU radar claimed that 
the geostrophic adjustment at the jet axis is not necessarily the main generation mechanism of 
gravity waves, since most of these in the lower stratosphere propagate meridionally toward the 
jet. Therefore, we have to say that there still remains a problem with the generation process of 
geostrophic adjustment around the jet stream. 

Another important candidate gravity wave source is convection associated with synoptic-scale 
disturbances. By using the MU radar, Sato (1993) made a detailed analysis of small-scale distur- 
bances during the passage of a typhoon (tropical cyclone) over Japan and showed clear evidence 
of vertically propagating gravity waves in the lower stratosphere with a characteristic period of 
several hours which appeared in association with the intense convective motions (rain bands) 
in the typhoon. It is also noted that her result represents quite typical behaviour but the intense 
convection, observed in the typhoon, is a rather fragmentary phenomenon in the extratropics. 
(Gravity wave generation from convections in the tropics will be discussed by Sato in this vol- 
ume.) 

A statistical study on tropospheric sources of gravity wave excitation was also made by Fritts 
and Nastrom (1992) based on data obtained aboard commercial aircraft flying over the western 
part of USA and eastern Pacific. Their study showed the relative contribution of various sources 
such as topography, jet stream, front and convection. 

As was mentioned earlier, the global distribution of wave sources is, however, quite inho- 
mogeneous in space and time, and hence our knowledge of the “climatology of gravity wave 
sources” is still very poor. Although recent progress in satellite observations (cf. Wu and Waters, 
1996) would be promising for this purpose, it is emphasized that many more detailed observa- 
tions, using various techniques and covering wide regions of latitudes and longitudes and across 
long timespan is of great importance. In this regards, the use of a global network of routine 
balloon observations is recommended. 
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5. Wave sources and sinks in the middle atmosphere 

In considering the gravity wave-mean flow interaction, the most important quantity is the 
forcing term that acts to accelerate or decelerate the background flow, namely the divergence 
of momentum fluxes associated with the breaking and/or dissipation of gravity waves. Before 
making a quantitative estimate of the momentum flux divergence, it is therefore interesting to 
observe the vertical distribution of gravity wave intensity (variance) in the middle atmosphere, 
in connection with the seasonal variation of the mean flow profile. 

To estimate the levels at which gravity waves propagating from the troposphere will break 
(or dissipate) in the stratosphere and mesosphere, Hirota and Niki (1985) made the statistical 
estimation of wave amplitudes at several rocket stations for each season in the height region 
of 30 - 60km. In the course of a year it was found that the amplitude decays gradually with 
increasing height compared with the energy-conserved profile ^ exp(zf2H). No specific level 
is observed at which the amplitude decreases suddenly, suggesting either uniform decay or a 
random distribution of breaking levels. 

On the other hand, the result of a statistical study of seasonal variations based on the combina- 
tion of the MU radar and French lidar data (Tusda et al., 1994) indicates that the energy density 
of gravity waves shows an annual cycle in the stratosphere with a maximum in winter, as in 
Hirota (1984), whereas in the upper mesosphere the annual cycle with a maximum in summer 
dominates. This fact strongly suggests that the decay process around and above the stratopause 
level is different between winter and summer. In view of the comparable speeds of the winter- 
time westerlies and summertime easterlies, it is hard to attribute the difference between the two 
seasons simply to the effect of Dop]3ler-shift in the vertical propagation of stationary gravity 
waves. Rather there is a possibility of additional sources in the stratosphere and mesosphere for 
the generation of gravity waves which are sensitive to the seasonally varying mean zonal wind 
profiles. To prove this, careful inspection of individual observations (snap shots) for the vertical 
profile of gravity waves would be recjuired rather than the long-term statistics. 



6. Comments on the gravity wave parameterization in GCMs 

Throughout this brief review of the observational studies, it has been stressed that our knowl- 
edge of the characteristic features of gravity waves in the middle atmosphere is not yet well 
established, mainly because of their inhomogeneity, anisotropy, intermittency, and wide variety 
of wave parameters. 

Nevertheless, there have been various attempts to parameterize the effect of gravity waves on 
the mean flow: In numerical models gravity wave parameters are assumed without substantial 
evidence for these in the actual atmosphere. Therefore, before evaluating the results of this, we 
should consider what the scientific significance of the parameterization in numerical modelling 
of the atmosphere is, under the present situation of inadequate observational evidence. 

Generally speaking, our goal is to understand the nature of atmospheric motions in terms of 
the dynamics of various waves and large-scale flows on the rotating globe. To this purpose, 
observations and theories are essentially indispensable, and the numerical modelling is simply 
a supporting tool: If idealized (or unrealistic) assumptions of gravity waves, such as uniform 
sources and isotropic propagation etc ., were used, it does not make sense to show a quantitative 
comparison of numerical results with observations of the real atmosphere. Instead an inference 
should be drawn from the inevitable difference between the idealized numerical result and the 
real observation, so as to deepen our understanding of the nature of the atmosphere. On the 
other hand, if the aim was to have a good simulation of the real atmosphere, it might be better 
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to use practical and empirical methods, such as “tuning”, without speaking of the physics. The 
operational numerical weather prediction is, in fact, a typical example of this approach. It is, 
however, not science but technology. 

In conclusion, I should like to recall an old phrase of Shakespeare (1603); 

There are more things in heaven and earth, Horatio, 

Than are dreamt of in your philosophy. 

Replace the words “dreamt of’ to “parameterized”, and “philosophy” to “numerical modelling”. 
This is, I believe, the heart of science. 
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Abstract 

Observations made in the lower stratosphere with high-resolution radiosondes routinely 
launched from Macquarie Island (55°S, 159°E) are used to study parameters important in 
gravity-wave parameterization schemes. The combination of horizontal wind and temperature 
data allow wave amplitudes and directions of horizontal propagation to be determined. Signifi- 
cant enhancements in wave energy are found to occur near the inertial frequency and there is 
appreciable directional anisotropy, especially in winter. Estimates of vertical fluxes of 
horizontal momentum are made from the covariances between the wind and temperature 
perturbations. 

1. Introduction 

The use of radiosondes has proved very fruitful for the study of gravity waves in the tro- 
posphere and lower stratosphere. The regular nature of radiosonde launchings by national me- 
teorological agencies means that they have the potential to provide much needed information 
on gravity wave activity in the lower atmosphere on a global scale. Hamilton and Vincent 
(1995) highlighted the potential benefits of the high- vertical resolution ('-50 m) data that are 
becoming available, although not always archived. Allen and Vincent (1995) (hereinafter 
AV95) used high-resolution temperature data taken with the Australian Bureau of Meteorol- 
ogy’s (ABM) network of radiosondes to develop a climatology of gravity wave energy in the 
troposphere and lower stratosphere over continental Australia and the Southern Ocean. They 
found a significant latitudinal gradient in wave activity, with the highest levels of activity in the 
tropics. Ogino et al. (1995) using data from radiosondes launched from ships reported similar 
latitudinal behavior in the northern hemisphere. 

An important application for such data is to help initialize and constrain numerical circula- 
tion models which incorporate gravity-wave parameterization schemes. Typically, such models 
are initialized at heights near 20 km in the lower stratosphere. The requirements for each 
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scheme vary. Information which might be used include wave amplitudes, phase speeds, direc- 
tions of propagation or degrees of anisotropy, and spectral characteristics. The Lindzen (1981) 
scheme uses a discrete set of waves with prescribed amplitudes and ground-based phase ve- 
locities. More broad-band spectral models have recently been introduced. The “Doppler- 
spread” scheme of Hines (1996) utilizes an incident spectrum in vertical wavenumber, m, and 
wave-induced variances as a function of azimuthal direction in the horizontal. Non-linearities 
produce a Doppler spreading in m of the initial spectrum, the spreading being induced by the 
irregular winds produced by the waves themselves. The Fritts and Lu (1993) scheme uses a 
model three-dimensional spectral form to describe the gravity wave field so that the total en- 
ergy spectrum is assumed to be separable in intrinsic frequency, & , vertical wavenumber, m, 
and direction, viz: 

E(^,0),(P) = E,A{fi)B(a)m<l>) (1) 

A(n) = A,j^ ( 2 ) 

(3) 

where |i = m/m*, m* is the characteristic wavenumber,/^ <N^, and / and N are the 
inertial and Brunt-Vaisala frequencies, respectively. 

Using radiosonde temperature data AV95 estimated the total energy Eo, or equivalently the 
rms velocity amplitude, as a ftinction of season and latitude. A limitation of their work was the 
absence of accompanying wind measurements so that it was not possible to determine wave 
parameters other than temperature p(iiturbations. However, some sites in the ABM network 
do take and archive wind measurements made with the same nominal resolution as the tem- 
perature measurements. One such site? is Macquarie Island (55°S, 159°E) located in the storm 
tracks of the Southern Ocean. Using routine radiosonde observations made in 1993 and 1994 
we discuss some of the important properties of gravity waves in the lower stratosphere which 
can be derived from the wind and temperatures, including wave energies, periods, directions of 
propagation and phase speeds. 



2. Observations 

Standard Vaisala RS80-15 radiosondes were used in this study, with flights being made twice 
daily. Measurements of pressure, temjjerature and relative humidity were made at 2-s intervals, 
but the measurements pass through (quality control and smoothing algorithms such that data 
are finally recorded at 10 s intervals. Given that the balloons rise at about 5 ms'^ this corre- 
sponds approximately to a 50 m height resolution. Here all the data are interpolated using a 
third-order cubic spline to 50 m intervals. The finite response time of the ten^erature sensor 
means that the amplitude of the highest wavenumber temperature fluctuations are reduced 
relative to lower frequency components, an effect that becomes more acute at higher altitudes. 
Details on how the effect can be compensated for are given by AV95. 

Horizontal winds were determined with the Digicora system which locates the position of 
the balloon using radio transmitters ol' the global VLF NAVAID network. Wind values are re- 
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ported at 10 s intervals, but because smoothing routines are used, the 10 s values are effec- 
tively oversanqjled. In the data analyzed here, cubic spline smoothing algorithms are used 
within running windows of 130 s duration which corresponds to vertical intervals of 650 m. 
Fluctuations with vertical scales smaller than twice these intervals will be attenuated in some 
manner. The rms random errors are approximately 0.5 ms‘^ in each wind component. Both the 
smoothing and relatively large rms errors limit the study of high-frequency gravity waves with 
Digicora winds, but valuable information is obtained about dominant scale gravity waves. 

A final point is that it is assumed throughout that the rate of ascent of the balloons is suffi- 
ciently fast that the gravity wave field is sampled without significant distortion due to the finite 
time it takes the balloons to cover the region of interest and the accompanying horizontal drift. 
This should be the situation if the mean winds are less than about 50 ms’* (Gardner and 
Gardner, 1993), which is generally the case here although mean winds may on occasion exceed 
60 ms’* at heights above 20-25 km above Macquarie island in winter. 



3. Vertical Wavenumber Spectra 



It is desirable to characterize the spectral indices, s and f, in (2), the so-called modified-De- 
saubies form (VanZandt and Fritts, 1989) of the vertical wavenumber spectrum. AV95 showed 
that t ~ 3 in the troposphere and lower stratosphere, in good agreement with measurements 
made with a wide variety of techniques in the lower and middle atmosphere. However, esti- 
mating s, the low-m spectral index, is more difficult. 

One constraint on the resolution of low-wavenumber waves is imposed by the difficulty of 
distinguishing the background wind and temperature profiles from large wavelength waves. 
The background parameters are usually estimated by fitting and removing a low-order polyno- 
mial to the individual profiles. To illustrate the problem. Figure 1 shows a vertical profile of the 
zonal wind component obtained on May from a typical mid- winter sounding in the 12-25 km 
height range at Macquarie Island (hereinafter referred to as MI). Wavelike features are seen 
superimposed on the background profile. Second and third-order polynomial fits are also 
shown. It is not clear which fit is to be preferred as best representing the background wind. In 
this study we have chosen to use a third-order fit, but recognize that in doing so the an^)litude 
of longer vertical wavelength, higher intrinsic phase speed, waves will be reduced relative to 
shorter-scale waves and the resulting m-spectrum will be distorted at the smallest resolved 
values of m. 

The limited height range acts as a further constraint on estimating s. Typically, in the lower 
stratosphere X*, the vertical wavelength corresponding to m* is about 2-3 km (Allen and Vin- 
cent, 1995) which means that a height coverage of ~20 km is required to resolve adequately 
the low-m region. Given that most routine radiosondes have a ceiling of 30 km at best, and the 
lowest tropopause altitudes are about 10 km it is clearly difficult to obtain the required height 
coverage in the stratosphere. At MI the upper limit of radiosonde flights is about 25 km which 
gives a height coverage of about 13 km above the tropopause which is usually located at 10-12 
km altitude. This means that the first independent spectral estimate occurs at a wavenumber of 
2tU\3 km * and this spectral estimate will affected by the polynomial fitting process, which acts 
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as a high-pass filter, and spectral windowing effects. Even the second spectral estimate at 
2 tc/ 6.5 km'* may be affected. 




Figure 1. Zonal wind component (solid line) measured at Macquarie Island on 2 May 1993 at 
10 UT. Second (chain) and third-ord(5r (dashed) polynomial fits are also shown. 



Figure 2 illustrates these effects for the mean power spectra of the temperature perturbation 
normalized to the background temperature, 7" , for all soundings that reached 25 km in winter 
(May- August) and summer (No veml^er- January) at MI. In all, about 145 profiles were avail- 
able for analysis in each season. For comparison the dashed line indicates the saturation limit 
due to Smith et al. (1987) and given by the expression 



SfXm)^ 









(4) 



The spectra agree reasonably weU with the saturation limit, and show an approximately 
variation at high wavenumbers, although it should be noted that the correction factor required 
to compensate for the response time of the ten^erature sensor has not been applied (see AV95 
for details). Applying the correction tends to reduce the spectral slope somewhat. The main 
point is that the positive slope at wavelengths greater than 6.5 km in Figure 2a is an artifact. 
The first spectral ordinate is not well determined because of the use of a polynomial to remove 
the background temperature profile and should not be plotted. Spectra plotted in area-pre- 
serving form (without the first spectral ordinate) are displayed in Figure 2b. The diagram 
emphasizes the fact that the dominant fluctuations occur at wavelengths ~2-4 km and it clearly 
shows that wave energies in winter aie approximately twice as large as those in summer. 

Finally, it is noted that a limited height coverage itself imposes a significant constraint on the 
gravity waves that can be studied, restricting the study of waves with long vertical wavelengths 
or, equivalently, high intrinsic phase speeds. At MI, measurements over a -15 km height range 
means that only waves with phase speeds less than about 50 ms'* can be resolved. In tropical 
regions the high tropopause near 18 Vm allows a “window” of only 7-10 km, which means that 
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only waves with phase speeds less than -22-30 ms'* can be studied. Eckermann et al, (1995) 
have discussed this issue in more detail. 



WAVELENGTH (km) 




Figure 2a. Mean vertical- wavenumber power spectra of normalized temperature fluctuations at 
Macquarie island in winter (solid) and summer (chain). The saturation limit due to Smith et al, 
(1987) is shown for comparison (dashed). 



WAVELENGTH (km) 




Figure 2b. Mean vertical-wavenumber spectra for winter and summer plotted in area- 
preserving form. 
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4. Intrinsic-Frequency Spectral index 



The spectral index for the intrinsic frequency spectrum has usually been estimated from 
ground-based radar or lidar measurements, which give values of p ~ 5/3 in the middle atmos- 
phere. It is probable that the actual value of p is larger than this because Doppler-shifting due 
to mean-wind effects will tend to move energy to higher observed frequencies and hence re- 
duce the slope of the spectrum (FrithJ and VanZandt, 1987; Vincent and Eckermann, 1990). 

The low sounding rate of radiosonde observations of 2 per day precludes these observations 
being used to find p directly, but it is; possible to obtain an indirect estimate from the wave en- 
ergy. Assuming that (3) is correct, then the kinetic energy (KE) of the wave motions is related 
to the potential energy (PE) by 




Height-profiles of KE, PE, and their ratio are shown in Figure 3 for winter and summer at 
MI. It is clear that the ratio in winter is on average about 2.25 and is closer to a value of 2.5 in 
summer. These results could indicate that the spectral index is greater than 2. An alternative 
explanation is that there is an excess of energy near/, as argued by Nastrom et al. (1996). 
High-frequency gravity waves have their energy equally partitioned between kinetic and po- 
tential, but near-inertial frequency waves oscillate almost horizontally and wave energy is es- 
sentially kinetic. 



5. Gravity- wave propagation directions 

Information about the vertical direct ion of wave propagation can be obtained from the wind 
data alone. The Coriolis effect caus<js the perturbation wind vector associated with a gravity 
waves propagating energy upward (downward) to rotate anticyclonically (cyclonically) with 
increasing height. An anticyclonic rotation is anticlockwise in the southern hemisphere. The 
rotary-spectral technique is a convenient way of decomposing the wind field into anticlockwise 
(AW) and clockwise (CW) conponents (e.g. Vincent, 1984). With the MI data it is found that 
in the lower stratosphere (~20 km altitude) typically 60-80% of the energy is contained in the 
AW component, with similar percentages inferred for upward wave energy. These values are 
likely to be underestimates because gravity wave motions are in general elliptically polarized 
with the motions becoming more litiearly polarized as the intrinsic frequency increases. An 
elliptically polarized wave field will partly decompose into both AW and CW components, 
even if all the wave energy is upward propagating (Vincent, 1984; Eckermann and Vincent, 
1989). 

Both wind and temperature data are required to determine the direction of horizontal 
propagation. The major axis of the perturbation velocity ellipse is aligned along the horizontal 
direction of propagation and with wind data alone it is possible to determine only the mean ori- 
entation of the ellipse which can doncj objectively using the Stokes-parameters technique 
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Figure 3. The left-hand panels show height profiles of the mean kinetic energy per unit mass 
(solid lines) and potential energy (dashed) for summer (top) and winter (bottom). Height pro- 
files of the ratios of the kinetic to potential energy are shown in the right-hand panels. 



(Vincent and Fritts, 1987; Eckermann and Vincent, 1989). This method uses the analogy be- 
tween a partially-polarized gravity wave and a partially-polarized electromagnetic wave to sta- 
tistically describe the degree of polarization and the mean parameters of the polarized part of 
the wave. This method gives the mean ellipse orientation and hence the direction of propaga- 
tion with an ambiguity of 180°. This can be resolved by comparing the sign of the phase be- 
tween U' and T\ where U' is the perturbation velocity parallel to the major axis of the ellipse. 
For a monochromatic wave these components are 90° out-of-phase. Hamilton (1991) used the 
sign of the quantity r| = f/ T/ to find the dominant direction of propagation, where the sub- 
script denotes the height derivative and the overbar an average over all heights. Alternatively, 
the quadrature spectrum between U' and T' could be used. A particularly elegant method is to 
bring the T' field into phase with U' by Hilbert transforming T' in the appropriate sense and 
then taking the reverse transform to produce (Eckermann, private communication). In this 
way all spectral components of T' are shifted by 90° without their amplitude being changed. 
The sign of gives the direction of propagation. 

Using the above method the mean directions of propagation of gravity waves were deter- 
mined for each radiosonde observation in the height range 12-25 km Applying the Stokes-pa- 
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rameters method determined the mean orientation of the ellipse, with directions measured 
counterclockwise from east. Then U 'T'^q was computed to resolve the directional ambiguity. 

In order to obtain a measure of the dominant direction of propagation for a particular group 
of flights, the directions were binnedl into 30° segments and then the energy-weighted average 
was formed, so that for the /th segment 



Here 







£■ +v'^ 

•' 2 



( 6 ) 

(7) 



is the wave energy for a single sounding averaged over the 12-25 km height interval. Ejis the 
total energy computed for all soundings in the sequence. Histograms of O plotted in polar form 
for winter and summertime soundings at MI are shown in Figure 4. These plots can be taken to 
represent the “angular spectra” of wave energy in these seasons averaged over all heights in the 
12-25 km range and over all wavenumbers. It might be argued that in the high- wavenumber 
tail of the m-spectrum that the linear relationship between U' and V no longer holds. However, 
an analysis of the cross-spectrum Ixjtween U' and T shows that over 95% of the U'T'gQ co- 
variance occurs at wavelengths longer than 1 km. This is not really surprising given the 650 m 
smoothing that is implicit in the winds. 





Figure 4. Angular distribution of dominant directions of horizontal propagation for winter (left) 
and summer (right). 

In winter it is clear that the wave energy is directed essentially south-westward. In summer 
wave energy is directed more uniformly as function of azimuth, although about 60% is 
westward directed and there is a bias toward the southwest. These results suggest that a sig- 
nificant degree of directional anisotropy can exist in the lower stratosphere, a result which if 
confirmed for other stations has implications for the initialization of the various parameteriza- 
tion schemes. 




15 



6. Wave Parameters 



The limited range of propagation directions in winter may occur because of a dominant 
source/and or the effects of wave filtering by the background wind as the waves propagate up 
from the lower atmosphere. However, in order to determine sources by, for example ray-trac- 
ing techniques (e.g. Marks and Eckermann, 1995), it is necessary to know the intrinsic phase 
velocity of the waves, which in turn requires knowledge of the intrinsic frequency. 

In principle, 6 may be obtained from the axial-ratio of the wind hodograph which for a 
monochromatic wave is just I© //I (e.g. Gossard and Hooke, 1975). The wind and temperature 
fluctuations often look quasi-monochromatic (see Figure 1), and the values of d, the degree of 
polarization determined from the Stokes-parameter analysis for each radiosonde flight are of- 
ten significantly greater than 0.5; a value of d=l indicates a monochromatic wave while d=0 
means a random wavefield. For the MI soundings in the lower stratosphere the mean values of 
d are 0.54 and 0.67 for summer and winter, respectively (Allen, 1996). Only 5% of soundings 
in summer and 20% in winter had values of d less than 0.4. This suggests a significant degree 
of polarization, especially in summer, and imply that m can be derived from the axial-ratios. 

Eckermann and Hocking (1989), however, cautioned against a simple interpretation of ho- 
dograph analyses. They showed that a broad spectrum of waves can give rise to seemingly 
“monochromatic” waves, supporting their arguments with both analytic and numerical analy- 
ses. They argued that using the axial ratio can give more information on horizontal anisotropy 
in wave directions than on\&/fl and applied their results to the interpretation of rocket obser- 
vations in the middle and upper stratosphere. 

While the cautions of Eckermann and Hocking (1989) should be heeded, there are indica- 
tions that, at least in the lower stratosphere, the wave field may be a mixture of quasi-mono- 
chromatic waves and a broad spectrum. As noted in section 4, the kinetic to potential energy 
ratios suggest that a preponderance of wave energy near the inertial frequency. If quasi-mono- 
chromatic waves are present then the use of the Stokes parameters technique may give useful 
information on wave parameters such as frequency and wavelength. In order to test this hy- 
pothesis the numerical analysis of Eckermann and Hocking (1989) was repeated, but with 
some differences. In their gravity-wave computer experiment a grid was set up in (©, m) 
space, each grid point defining a single wave whose amplitude was set by integrating the two- 
dimensional spectrum defined by (2) and (3) over a rectangle centered on the grid point and 
with dimensions equal to the grid spacing. Each wave was assigned a random starting phase 
and was allowed to propagate in time and space, with wave propagation upward (m < 0). 
Wave azimuths were assigned randomly within prescribed limits, so that the wave field could 
be made as anisotropic as desired. With this model a wave field with known attributes was ob- 
tained and a simulated sounding obtained from which the ratio could be inferred. Repeat- 
ing the process many times gave a distribution of d)/f which could be compared with values 
inferred from actual rocket soundings. 

A similar model was used here, but with the following difference. In the Eckermann and 
Hocking (1989) analysis they were particularly concerned with the superposition of linearly 
polarized waves and so their 6 values were chosen linearly in the range /< & <N. This meant 
that the smallest value of O) was about 10/. Here a logarithmic distribution in (ca, m) space 
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was used so that the smallest & was 2/, giving more prominence to inertial scale waves. To 
model the radiosonde soundings as closely as possible a height range of 12 km was used, with 
the m values selected from the range 2n/6 km‘^ to 2 tc/ 0.12 km'^ m* was set at 2k/3 km’^ con- 
sistent with the stratospheric values from AV95. Amplitudes were calculated using equations 
(2) and (3) with ^=1, /=3, and p=5/3. In all, 36 waves were used, with each wave assigned a 
random phase and direction of horizontal propagation, (|), which was selected randomly within 
an azimuthal range extending from 0° to a limiting value, For isotropic propagation 
<t>iim=360°. In this way a typical sounding was simulated and the resulting profile analyzed with 
the standard Stokes parameters program to give a value for the dominant axial ratio or 
equivalently, By carrying out 1000 such statistical realizations for a given <|)iini a prob- 
ability density function (pdf) of \(h/j\ was built up, and then compared with the distributions of 
\&/fl derived from the radiosonde observations. 

Before the ellipse axial ratios were converted to Im/^, the transverse-shear effect was taken 
into account. Hines (1989) pointed out that a shear in the wind component transverse to the 



direction of propagation will change the axial ratio, AXR. The polarization ratio becomes 




1 dVj 

N dz 



( 8 ) 



where Vt is the mean wind velocity component transverse to the direction of propagation. The 
axial ratios were corrected by using the mean shear averaged over the full 12-25 km height in- 
terval. In practice, the effect was not very significant, ranging between 6% in summer to 14% 
in winter. 

Histograms or pdfs of lcb//l inferred from both winter and summertime soundings are com- 
pared with results of the numerical (Experiments in Figure 5. The histograms are normalized to 
unit area. The difference between the pdfs for the simulated data for the winter and summer- 
time cases is due to the different range of azimuths used in each simulation. To compare with 
the more isotropic summertime observations a value of 360° was used for (|)iim. To simulate 
winter conditions, with their restricted range of azimuths (see Figure 4), a value of <l)iun=90° 
was used. The restricted range of azimuths causes the oscillations to be more aligned, and 
there is a greater chance of obtaining a larger axial ratio and hence a larger \&/fl ratios than in 
the summer simulations. 

It is clear that in the observations there is an increased chance of finding values of 6 in the 
range/< m< 2/ compared with that found for the simulated data. Conversely, there is reduced 
probability of observing intrinsic frequencies with &> 2f relative to the frequencies deduced 
from the simulations. The differences are especially distinct in summer. Given the large number 
of observations (-145) for each season the statistical differences between the observed and 
simulated distributions are highly significant. The bias to inertial frequencies becomes even 
more pronounced if the comparisons are restricted to those soundings for which the degree of 
polarization, d, is greater than 0.5. These results support the suggestion based on the KE/PE 
ratios that, as well as a wide-band spectrum of waves, there are often quasi-monochromatic 
inertia gravity waves present in the lower stratosphere over MI. 
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Figure 5. Probability density functions of ©//‘inferred from radiosonde soundings (dashed) and 
numerical simulations (solid) for winter (left) and summer (right). 



The presence of these dominant motions provides the opportunity to derive important wave 
parameters such as horizontal wavelengths and phase speeds. The horizontal wavenumber h is 
determined from each sounding using the dispersion relation 






(»"-/") 



(9) 



using the inferred values of © and m. Using the known direction of propagation derived from 
the wind and temperature covariances the horizontal intrinsic phase velocity is obtained from 



© 



c = — (sin (|),cos (|)), 



( 10 ) 



where ^ is the azimuth of propagation measured clockwise from north. Other important quan- 
tities are the ground-based horizontal phase velocity, c, and the ground-based horizontal 
group velocity, , defined as 



c = (© + ^^ -U) 



kh 



£sh-U + c 



( 11 ) 

( 12 ) 



Figure 6 shows plots of c, c,andc^^ in vector form for soundings in winter. The intrinsic 
phase speeds are typically 10 ms'^ and waves are propagating toward the south west. The 
ground-based phase speeds are about 15 ms*^ and directed toward the north-east, while the 
mean horizontal group velocity is about 35 ms'\ It is apparent that c^^,is dominated by the 
strong zonal winds and are directed south of east. Since it is the group velocity that is iii^or- 
tant for ray-tracing this suggests that the wave source in winter is situated upstream of MI. 

Table 1 summarizes the main parameters of the observations at MI for winter and summer. 
Because of the asymmetric nature of the frequency distributions the median values of the in- 
trinsic frequency distributions were used, rather than the mean values. The figures in brackets 
give the values for those soundings when the degree of polarization, d, was greater than 0.5, 
and the wavefield appeared to be strongly polarized. 
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Table 1. Parameters of dominant waves in the 12-25 km height range. Values in brackets 
correspond to soundings for which d > 0.5 (see text). 





I&//I 


2lUm 


2nlh 


|2| 






(km) 


(km) 


(ms‘) 


Winter 


3.0 (2.2) 


2.1 (2.2) 


181 (236) 


8(9) 


Summer 


1.5 (1.5) 


2.1 (2.9) 


373 (391) 


10 (10) 



7. Discussion 



Observations made with high-resolution radiosonde observations launched routinely from 
Macquarie Island located in the Southern Ocean are used to study gravity waves in the lower 
stratosphere (12-25 km). The combination of wind and tenperature data means that climatolo- 
gies of wave parameters of particular relevance to gravity wave parameterization schemes, 
such wave amplitudes and directions of propagation, can be achieved. Seasonal variations in 
wave activity and directions are found, as is evidence for enhanced energy near the inertial fre- 
quency. It is suggested that the enhancements may be due to quasi-monochromatic inertia- 
gravity waves (IGW) information is derived on frequencies, horizontal wavelengths and phase 
velocities. 

These results are complementary to those given in AV95 since they fill a latitudinal gap 
between Hobart (43°S, 147°E) and the Antarctic stations located near 69°S that they used to 
study latitudinal and seasonal variations in wave activity. AV95 used the quantity Eq, energy 
density per unit mass, as a measure of wave activity, but since only ten^rature data were 
available they converted these to energy density by using the gravity wave polarization rela- 
tionships and the model spectrum described by (l)-(3). The values for MI in the lower strato- 
sphere are given in Table 2, where Eot denotes the energy density computed from tenperatures 
alone, with p = 5/3, while Eo denotes energies derived from both wind and temperature data. 
The quantity 

+ (13) 

is the total rms perturbation velocity, which is one of the input parameters in the Hines (1996) 
parameterization scheme. 

Table 2. Seasonal mean energy densities and amplitudes in the 12-25 km height range. 





E„T(Jkg-') 


E„(Jkg-‘) 


Gt (ms'*) 


Winter 


5.5 


6.7 


3.0 


Summer 


3.2 


4.2 


2.4 



The values of Eqt fit well with the latitudinal and seasonal variations determined by AV95, 
They are somewhat smaller than the corresponding seasonal values determined for Hobart, but 
larger than the corresponding Antarctic values. The fact that Eois larger than Eot is an indica- 
tion of the apparent dominance of inertia-gravity waves (IGW) as discussed above and possibly 
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indicate that the energy densities estimated by AV95 for other latitudes are somewhat too 
small. 

Evidence for large-scale IGW in the lower stratosphere comes from a range of sources. 
Using radiosonde data Thompson (1978) found strong evidence for waves with co ~ / in the 
summer lower stratosphere over southern Australia. Nastrom et al. (1996) using high-resolu- 
tion radiosonde observations taken at the Flatland site in central Illinois (40°N) concluded that 



there was an enhancement in gravity- wave energy near / in all seasons at this location. MST 
radar observations also show strong evidence for IGW. Sato (1994) carried out a climatologi- 
cal study using the MU radar (35”N) in Japan while Cho (1995) used the Arecibo radar to 
study large-scale IGW over Puerto Rico (19°N). The wave properties determined in these 
studies are in broad agreement with the values determined here. Wave motions in the lower 
stratosphere are dominated by vertical wavelengths ~ 2- 3 km, horizontal wavelengths are 
typically in the range 300 to 1000 km and horizontal intrinsic phase speeds are about 10 ms ^ 

The source of the waves is unimown. The ground-based horizontal group velocities have 
magnitudes of ~40 ms‘^ and are directed toward south of east. Taken together with the small 
vertical groups speeds of about 0.1 ms'* this suggests that the waves originate far to the 
northwest of MI. O’Sullivan and Dunkerton (1995) studied the excitation and propagation of 
IGW in a high-resolution 3D nonliiear numerical model. The waves were generated spontane- 
ously in the upper tropospheric jetstreams distorted by baroclinic instability. O’Sullivan and 
Dunkerton (1995) noted the potential importance of these waves in constituent mixing through 
the formation of dynamical instabilities during wave breakdown. Dynamical instability occurs 
when the rms wave amplitude exceeds a critical value given by 

, 25 *'^ . 

where 6_ = (1~ /(O^) (Fritts and Rastogi, 1985; Fritts, 1989). From Table 1 Icoyi ~ 1.5-3, 

which gives break down when Vc ~ 0.8-0.9 c, that is about 7-9 ms *. The rms wave ampli- 
tudes shown in Table 2 are 2-3 times too small satisfy this criterion, but it should be recognized 
that these values are averages ovejr a 13 km altitude range and the saturation criterion could 
well be exceeded locally. Routine radiosonde measurements provide the scope to explore fur- 
ther this possibility and the contribution that IGW might make to cross-isentropic mixing in the 
lower stratosphere. 

The significant degree of wave anisotropy evident in Figure 4, especially in winter, has im- 
plications for the implementation of gravity-wave parameterization schemes in models. Direc- 
tional anisotropy enters the Fritts and Lu (1993) scheme through the factor 0(<|)) in equation 
(1) and propagation directions are a key element in the Hines (1996) scheme. Because of the 
paucity of information on wave dii*ections it is common in implementations of these schemes to 
assume that the wave spectrum is identical in all directions at some initial level (e.g., Mengel et 
al, 1995). Further information is required to determine if the degree of anisotropy found here 
is common at other locations and how it varies with season. 



The anisotropy strongly suggests that there is a significant flux of momentum associated 
with the wave field. The rotary sjpectral analyses show that the waves are predominantly up- 
ward propagating in the lower stratosphere and the bias toward southwestward propagation 
evident in Figure 4 implies negath^e values for the vertical fluxes per unit mass of zonal ( m'w' ) 
and meridional ( v'w' ) momentum. Although direct measurements of v/ are not possible from 
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these balloon data, estimates of the pseudo-momentum fluxes can be made if we use the grav- 
ity wave polarization relations between u\ w' and T'. For a monochromatic wave it can be 
shown that the upward flux of zonal momentum is 

u'w' = --^uX90^-((o). (15) 

In practice, we are dealing with either a spectrum of waves or a mixture of quasi-monochromic 
waves and a spectrum. If a spectrum of the form given by (3) exists then o) may be replaced by 
the spectral average value, co , (Eckermann et ai, 1996), where 

(2~p) 

for p 2 

or m = -/ln(/) ^ (17) 

if p = 2, and where f -f/N. Momentum fluxes evaluated using (15) with co evaluated with 
values of p given by 5/3 and 2 are shown in Figure 7 for the wintertime stratosphere over MI. 
The horizontal bar indicates the standard error of the mean of the 145 observations which went 
into the average. Two values of the fluxes are shown in Figure 7 as the precise value of p is 
unknown, but clearly the flux is a strong function of p, with the flux magnitude decreasing as 
the spectral slope increases. This is expected, since the steeper the slope of the frequency 
spectrum means that waves with near-inertial frequencies contribute relatively more to the en- 
ergy, but contribute relatively less to the momentum flux than high-frequency waves. Table 3 
summarizes the flux estimates for both winter and summer for a mean altitude of 18 km. 

Table 3. Mean momentum fluxes in summer and winter assuming a spectrum of waves with 
p=5/3. 





uw' (m^s*^) 


v'w' (m^s'^) 


(Nm'^) 


p^vV'(Nm‘^) 


Winter 


-0.07 


-0.02 


9.3 10'^ 


1.1 10'^ 


Summer 


-0.08 


-0.01 


2.6 10-’ 


1.3 10'^ 



Given the qualifications, how realistic are these fluxes? The values are similar in magnitude 
to more direct estimates made by Fritts et al (1990), Murayama et al (1994), and Sato (1994) 
who used the dual-beam technique (Vincent and Reid, 1983) with the MU radar. From data 
taken over several years Murayama et al (1994) found a clear annual cycle in the m'w' fluxes 
which were negative at all times of the year. Averaged over the 5 min-21 hr period and 15.5-17 
km height ranges the values were about -0.2 m^s'^in winter and about -0.03 m^s'^in summer. 
This suggests that the values shown in Figure 7 and Table 3 are not unreasonable. 

The flux profiles shown in Figure 7 are almost constant with height which suggests that 
there may be significant momentum deposition. However, the expressions for the fluxes have 
been derived using linear wave theory and if wave breaking or dissipation occurs the phase re- 
lationships between the temperature and wind fluctuations will change. This aspect needs to be 
considered further, as does the effects of vertical shears in the mean winds. It is noted that Sato 
and Dunkerton (1996) used a similar technique to that described here to study momentum 
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Zonal Momentum Flux 




u'w' (m"'s‘^) 



Meridional Momentum Flux 




- 0.15 - 0.10 - 0.05 - 0.00 0.05 

v'w' (m's~*) 



Figure 7. Zonal (top panel) and meridional (bottom panel) momentum fluxes in winter inferred 
from wind and temperature data. The solid line shows the estimate for p=5/5 while the dashed 
line indicates the value for p=2. 
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fluxes associated with equatorially trapped gravity waves with radiosonde data taken at Singa- 
pore (1°N). They also discuss a more indirect method of obtaining fluxes based on theoretical 
and numerical work by Dunkerton (1995) which examines the covariance between wind and 
ten^rature perturbations of gravity waves propagating in background having vertical shear. 
The shears change the phase relationship between and T leading to non-zero covariances. 
For waves in the 1-3 day period band Sato and Dunkerton (1996) found very significant 
w'r' covariances in strong regions of shear associated with the QBO, but only relatively small 
values of the quadrature component. In contrast, here we find that the covariances are 

at least a factor of 4 larger than the uV covariances, which suggests that shear effects were 
not very important. 

While it may be difficult to estimate the body forces associated with wave breaking or dissi- 
pation the results do have implications for wave effects in the upper stratosphere and meso- 
sphere. In winter, the mean zonal wind shear is positive whereas the waves are propagating 
against the wind, which means that their intrinsic frequencies will increase as they propagate 
upward. The negative uw' fluxes mean that when the waves eventually break in the upper 
middle atmosphere they will exert a westward drag. In summer, in contrast, the zonal winds 
change from westward to eastward at heights above 25 km and the waves are likely to en- 
counter critical layers in the 25-30 km height range. The small negative uw' fluxes imply that 
the body forces associated with wave breaking will lead to an acceleration of the mean flow in 
the summer middle stratosphere, as recent modeling suggests (Alexander and Rosenlof, 1996). 

Further work is clearly required to place the momentum flux estimates based on combined 
wind and temperature data on a firmer footing. Nevertheless, the results reported here hold the 
promise that climatologies of momentum fluxes on a global scale wherever high-resolution 
radiosonde data are available. 
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1. Introduction 

Measurements of the gravity wave spectrum in the upper stratosphere 
and mesosphere Eire scarce compared to those in the troposphere and 
lower thermosphere, which are easier to probe via in situ and remote 
sensing techniques. This paucity of measurements impacts the parame- 
terization of gravity waves in general circulation models of the middle 
atmosphere, since the effects of gravity waves are not adequately con- 
strained by measurements. The development of a larger power-aperture 
product hdar at The University of Western Ontario has allowed the 
measurement of the gravity wave spectrum at high temporal-spatial 
resolution. These measurements have been used to impact three key 
areas relevant to parameterizations: the thermod 5 mamic perturbations 
caused by gravity waves, the variability of the spatial and temporal 
spectra and the estimation of the eddy diffusion coefficient. After a brief 
introduction to the instrumentation (Section 2), Section 3 describes an 
extension of the initiEil measurements of superadiabatic lapse rates by 
Sica and Thorsley (1996a). A taste of the spatial and temporal spectrsd 
retrievals possible with the lidar measurements is given in Section 4. In 
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Section 5, the spectra are used to calculate energy dissipation and the 
eddy diffusion coefficient. 



2. Instrumentation 

The Purple Crow Lidar is a monostatic lideir system which can simulta- 
neously measure both Rayleigh and sodium resonance fluorescence 
backscatter. The lidar is located just outside of London, Ontario, Canada 
at the Delaware Observatory (42°52’ N; 81°23’ W). The Purple Crow 
Lidar enjoys a large power-aperture product by the use of a high power 
transmitter and large aperture receiver. The transmitter is a Nd:YAG 
laser operating at the second harmonic, with a output energy of nomi- 
nally 600 mJ/pulse at 20 Hz. The receiver is a 2.65-m diameter liquid 
mercury mirror, which is coupled to a photon counting system by a opti- 
cal fiber. Sica et al. (1995) show that the liquid mirror has a perfor- 
mance similar to a traditional glass telescope of the same area. The 
measurements are obtained every 1 min in 24 m range bins. Tempera- 
tures are found from the density profiles as described by Chanin and 
Hauchecome (1984). The density fluctuations are determined by the 
methodology of Gardner et al. (1989b). 



3. Measurements of Superadiabatic Lapse Rates 

The methodology for determining layers of stability and potential insta- 
bility is, by necessity, tedious (Sica and Thorsley 1996a). In principle one 
could simply take a temperature profile, differentiate it and be done. In 
practice, despite the large return photocount signal, the temperature 
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changes sought are extremely small. Furthermore, the expectation is, 
that higher in the atmosphere more unstable regions will exist, as the 
amplitude of the waves increases with height. Unfortunately, the Hdar 
return signal decreases for the same reason, and in fact, faster than the 
gravity waves grow due to the exponential decrease of density with 
height. Hence, extreme care must be taken in the determination of sta- 
ble and potentially unstable regions. 

The photon noise in the temperature profiles, if sufficiently large, can 
cause the appearance of superadiabatic layers in an otherwise stable 
temperature profile. To help determine if the lapse rates measured are 
due solely to noise, a synthetic data set for each night is made, or 
“cloned”, using the average density profile from the measurements for 
the shape of the photocount profile. Gaussian noise is added and lapse 
rates are calculated after which each individual measurement and 
cloned data point (and their associated error) is then treated as the 
mean and variance of a Gaussian distribution. Distributions in which 
80% of the probabiUty lies below zero are classified as negative and vice 
versa for positive. Distributions which fall in neither category are inde- 
terminate. With the differences in lapse rates and their signs available 
for both the measurements and the cloned data, the two distributions 
can be statistically tested to determine whether or not they are likely to 
arise from the same parent population. Kupier’s variant of the Kolmog- 
orov-Smimov test is used to test whether or not the measurements and 
the cloned data are from the same distribution, while the F-test is used 
to test for significantly different variances between the data sets (Press 
et al. 1992). 
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On some nights the variance of the lapse rate measurements is signifi- 
cemtly different from the photocount noise. The difference between these 
variances is a measure of atmospheric variability. To illustrate this vari- 
ability, a representative grouping of nights from the Purple Crow 
Lidar’s database is sampled (Table 1). The photon noise on all these 

Table 1. Four groups used to study the occurrence of positive and 
negative layers. The group name is in the first row, while subsequent cells 
contain the nights in the group (year-month-day format). 



Oct94 


Jun95 


Oct95 


May96 


94/10/7 


95/6/1 


95/10/12 


96/5/13 


94/10/12 


95/6/13 


95/10/13 


96/5/31 


94/10/23 


94/6/15 


95/10/17 


96/6/1 


94/10/24 









nights is similar. The atmospheric variability calculated for each group 
is shown in Figure 1. The Oct94 group has essentially no variability 
above 40 km, as the photon noise dominates. However, the other groups 
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Fig. 1. The difference between the standard deviations of the lapse 
rate measurements and the photocount noise for the four groups. 
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all have residual variability. To further illustrate the difference between 
the Oct94 group and the other groups, the difference between the per- 
centage of space and time with positive, negative and indeterminate 
lapse rate differences can be compared. The percent differences in time 
are shown in Figure 2. The number of negative regions is between 





Fig. 2. Percent difference in time between the lapse rate 
measurements and synthetic data for the variable pod (top) and 
the noise pod (bottom) for positive (^+’), negative (V) and 
indeterminate (‘o’) differences. 



20-30% greater for the average of the Jun95, Oct95 and May96 groups 
(henceforth the “variable” pod) compared to the cloned data, while the 
indeterminate percent differences are about 10% less. The Oct94 group 
(henceforth the “noise” pod) has essentially the same number of posi- 
tive, negative and indeterminate layers as the cloned data. The spatial 
percent differences are shown in Figure 3. In the stratosphere, below 40 
km both pods show large differences from the cloned data. In the mesos- 
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Percent Difference 



Percent Difference 



Fig. 3. Percent difference in space between the lapse rate 
measurements and synthetic data for the variable pod (left) and 
the noise pod (right) for positive ('+’)> negative (V) and 
indeterminate (‘o’) differences. The height ranges have been 
plotted on difference scales for clarity. 



phere, the variable pod percent differences are consistent with a distri- 
bution with a larger variance thzin the photocount noise. The residual 
attributed to atmospheric variabihty (Fig. 1) is consistent with the com- 
parison between the percent differences. 



The spatial percentages of positive, negative and indeterminate layers 
are shown in Figure 4. Throughout most of the upper stratosphere the 
positive regions dominate, while the increase of the negative regions is 
roughly monotonically increasing with height. Above the stratopause, 
the number of indeterminate regions is almost always a few percent less 
than 60%, as compared to an average of about 63% for the indetermi- 
nate layers in the noise pod. 
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Percent 



Fig. 4. Percentage of positive (‘+’), negative (‘x’) and indeterminate 
regions (‘o’) as a function of height for the variable pod. 

Hamilton (1984) computed the Richardson number for a large body of 
sovmding rocket measurements. The nearest station to London, Ontario 
in his study is Wallops Island, Virginia, about 5° of latitude to the south. 
The percentage of regions with Ri < 1 for Hamilton’s averages during 
equinox agrees well in the stratosphere with the negative percentages, 
but are about 40% lower in the mesosphere. 

The coherence of the variable pod can be found in the manner described 
by Sica and Thorsley (1996a). The coherence, that is the distribution of 
contiguous positive, negative and indeterminate regions in space or 
time, is shown in Figirre 5. The general distributions are similar to 
those on an individual night. The negative regions are extremely con- 
fined in space and time relative to the positive regions. 

The individual lapse rate differences can be plotted as a function of 
height and time. In the mesosphere, these plots are similar fi'om night 
to night. However, below 40 km, substantial variations in the amoimt 
and duration of layers is evident on different nights. Figure 6 shows the 
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Cctwence (m) Catwwic* (min) 

Fig. 5. Spatial (left) and temporal (right) coherence for the variable 
pod. The numbers in brackets are the number of measurements in 
each distribution 



lapse rate differences on October 12, 1995. Below 40 km, substantial 
positive regions exist (e.g. from 0200 - 0300 hr; 0400-0500 hr, etc.). On 
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Fig. 6. Individual lapse rate differences on October 12, 1995. 
Positive regions are white, indeterminate regions are gray and 
negative regions black. Zero time on the ordinate is 2024 EDT. 
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October 17, 1995 few extended regions of stability exist compared to 
October 12 (Fig. 7). There are also substantially more negative layers 
below 40 km on this night. 




Tiitw (hr) 

Fig. 7. Individual lapse rate differences on October 17, 1995. 
Positive regions are white, indeterminate regions are gray and 
negative regions black. Zero time on the ordinate is 2009 EDT. 



4. Vertical Wavenumber and Temporal Spectrum 

The material in this and the following section summarizes just a few of 
the meiin points reached in a detailed study by Sica (1996b; 1996c). The 
measmements used for this study were obtedned on the night of August 
30, 1994 commencing at 2319 EDT. The vertical (temporal) density fluc- 
tuations are temporally (spatially) Altered using flnite impulse response 
Alters. The data series were smoothed using either a Kaiser-Bessel Alter 
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with 40 dB of attenuation (in space) or by 3s and 5s (in time; Hamming 
1977). The power spectral densities calculated have units of meters 
(spatial) or seconds (temporal); that is the angular units have been 
removed. From these natural units the gravity wave polarization equa- 
tions can be used to scale the spectrum to a kinetic energy density or 
velocity spectrum (Gardner et al. 1989a). 

Spectral analysis of the density fluctuations was performed using para- 
metric models. Statistical procedures such as correlogram analysis 
require the autocorrelation sequence of a process to be set to zero out- 
side a specifled spectral window. Parametric models can use information 
outside of this range, which eliminates the sidelobes associated with 
window functions and increases spectral resolution. Specific models of 
use for gravity wave spectral studies are the autoregressive model and 
the Multiple Signal Classification (MUSIC) frequency estimator (Mar- 
pie 1987). 

The average vertical wavenumber spectrum using the MUSIC algo- 
rithm is shown in Figure 8. The arrow on the ordinate indicates the 
Hines parameter (Hines 1991). The spectrum in the regions of and to 
the right of the arrow are considered to be nonlinear. The conversion 
from density fluctuations to kinetic energy density should be treated 
with caution in these regions. For the average vertical wavenumber 
spectrum in the upper stratosphere on this night the majority of the tail 
region is linear (that is to the left of the arrow). 

The average temporal spectnim in this height range shows a monotonic 
descent, without the shoulder often seen in correlograms (Fig. 8). A 
strong feature is present at 2.2 x 10'^ s"^. Closer analysis of the spec- 
trum shows companion features to this strong feature at the second sind 
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Fig. 8. Average vertical wavenumber (top) and temporal (bottom) 
spectrum in the upper stratosphere on August 30, 1994. The arrow 
on the vertical wavenumber spectrum indicates the Hines 
parameter, while the arrow on the temporal spectrum indicates the 
measured buoyancy frequency. 

third harmonics. A detailed study of this event is in progress. The mono- 
tonic decrease of the spectrum continues down to the measured buoy- 
ancy frequency (3.4 x 10’^ s“^). Below this point additional energy 
appears to be present, before the spectral energy rapidly decreases 
above 7 x 10"^ s’^. 
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The signal-to-noise ratio of the measurements coupled with the MUSIC 
algorithm allow the evolution of the spectrum with time to be examined. 
The individual one minute vertical wavenumber spectra can be shown 
as a function of time and wavenumber (Fig. 9). Note the coherence of 




Fig. 9. Contour ^^image” for the individual MUSIC spectra in the 
upper stratosphere on the night of August 30^ 1994. The ordinate is 
time while the abscissa is the logarithm of the kinetic energy 
density. The individual contours are separated by 10 dB, with each 
gray-scale variation corresponding to a 10 db decrease in kinetic 
energy density (white 0 dB, black -60 dB). The peak value is 2950 J/ 
m^ m. Zero hours corresponds to 2319 EDT. 



many features well beyond the bandwidth of the temporal filtering (7 
min). At small wavenumbers, periods of high power exist between 0000 
to 0100 hr and 0230 to 0415 hr, while the peak power decreases -20 to 
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-30 dB at times dming the interim period. During this time, the regions 
of highest power shift to higher waveniimbers (e.g. the period aroxmd 
0200 hr at -3.8 = logio[l/(6310 m)]). The power in the middle waveniim- 
ber bands shifts to lower wavenumbers at 0200 hr, just prior to an 
enheincement of the power around 1 x 10'^ m'^. At the highest wave- 
numbers several “islands” of power enhancement occur in the 1 x 10"^ 
m’^ region. Some of these events (e.g. at -3.2 = logjoClAlSSO m)]] and 
0450 hr) are extremely intense, with peaks as high20 dB above the t 3 Tpi- 
cal background. 



5. Calculation of Energy Dissipation and the Eddy Diffusion 
Coefficient 

The energy dissipation cein be found from the product of the root mean 
square velocity and the standard deviation of the time rate of change of 
the velocity (Sica 1996c).The energy dissipation, which varies from a 
minimum of 1.5 mW/kg to 80 mW/kg near the stratopause, has a mean 
value of 11 mW/kg. The energy dissipation can also be calctdated for 
individual waves by Prony’s method, which allows the frequency, ampli- 
tude, growth rate and phase to be estimated from the measurements 
(Marple 1987). Once a fit to the data series has been computed, specific 
frequencies, if and when they exist, can be tracked as a function of time 
and the phase velocity, which is assumed equal to the group velocity 
determined. Knowing the group velocity, the growth rate and the ampli- 
tude of the wave perturbation expressed as an average horizontal wind 
fluctuation, the energy dissipation can be calculated without assuming 
a form for the spectrum (Hines 1965). A wave with a wavenumber of 
about 1 X 10“^ m'^ and a monotonically decreasing phase is present from 
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0000 to 0040 hr. The energy dissipation estimated from Hines’ formula 
is about 70 mW/kg, consistent with the spectral calculation. 

The energy dissipation can be used to estimate the eddy diffusion coeffi- 
cient. The eddy diffusion coefficient, D, is proportional to the energy dis- 
sipation and inversely proportional to the square of the angular 
buoyancy frequency: 



£> = ( 1 ) 
N 

where P is traditionally taken as a constant. Hocking (1991) discusses 
the choices of p typically employed, with values in the range between 0.2 
£uid 1.0. However, it has recently been pointed out by McInt 5 U’e (1989) 
that p actually varies as a function of the saturation of the vertical 
wavenumber spectrum. Mclnt 5 n'e calculates how the constant varies 
with the saturation of the spectrum. The question is how can the 
amount of saturation of the spectrum be determined from the measure- 
ments? 

The parametric models independently estimate the driving noise vari- 
ance of the input process. Hence, it seems reasonable that the amount of 
saturation, or gain, of the spectrum relates to the ratio of the input driv- 
ing noise variance to the average power of the output power spectral 
density. When the input driving noise is less than the average power, 
the spectrum is not saturated; when the input driving noise exceeds the 
average power, the output is saturated with respect to the input. Using 
the vertical wave number spectra and McIntyre’s calculations, a mean 
value of 0.074 is obtained for p. 




41 



The restilting eddy diffusion profile is shown in Figure 10. The eddy dif- 
fusion coefficient decreases from about 1 m^/s at 32 km to 0.3 m^/s 
around 40 km, before increasing to about 7 m^/s at the stratopause. 




fig. 10. Eddy diffusion coefficient in the upper stratosphere using 
the p value of McIntyre (1989) determined from the estimated input 
driving noise variance of the vertical wavenumber spectrum. 



Some variabihty exists in the determination, in part due to instrumen- 
tal noise and in part, perhaps in large part, to geophysical variations. 
The micertainties are hard to quantify. The absolute value depends on 
the choice of p, which varied over time by about 50%. Much of the rela- 
tive uncertainty is in the calculation of the variance of the acceleration 
fluctuation which amplifies the high frequency, low power components 
of the spectrum. Variations also exist in the buoyancy frequency which 
are greater than the statistical error, and these variations also contrib- 
ute to the structure evident in the eddy diffusion profile. 
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6. Conclusions 

The measurements of stable and unstable layers has been extended to 
13 nights of measurements. The general percentages of layers and layer 
coherence appear to be similar on nights where the variance of the lapse 
rates exceed the photocount variance. Maps of the layers on individual 
nights appear similar (and random) above about 40 km; below these 
heights the amoimt of positive and negative layers can show significant 
structure and variability from night to night. Dr. Hines has suggested 
that the unstable layers are whitecaps on the crests of large amplitude 
gravity waves. 

The spectral analysis of the Purple Crow Lidar measurements highlight 
the intermittency of the gravity wave dynamics. Sica (1996b) shows sev- 
eral other examples of the intermittency of the spectra, in addition to 
mesospheric spectra. Prony’s method promises to be useful for exploring 
the temporal and spatial evolution of individueil waves (see Sica (1996c) 
for details). The energy dissipation, as determined by two independent 
methods, is larger than suggested in previous studies. The energy dissi- 
pation is used to find an eddy diffusion profile. This profile is in reason- 
able agreement with previous estimates. The estimation of the eddy 
diffusion profile attempts to include the degree of saturation of the ver- 
tical wavenumber spectnim. 
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Abstract 

Results of studies of atmospheric internal gravity waves (IGW) at Saint Petersburg 
University are given. Height, seasonal and latitude variations of IGW parameters are 
studied from the data of ground-based radar networks. Theory of hydrodynamic IGW 
sources in the atmosphere is considered. Influence of mean wind and different mecha- 
nisms of IGW dissipation on the wave generation and propagation into the middle and 
upper atmosphere is discussed. 



1. Introduction 

Internal gravity waves (IGW) play an important role in the formation of general 
circulation, thermal regime and compositional structure of the middle and upper atmo- 
sphere. Progress in the theoretical models of IGW influence on the atmosphere requires 
the development of reliable mathematical methods and algorithms for study IGW cli- 
matology from experimental data, and mathematical modeling and parameterization 
of wave generation, propagation and effects of waves emitted by tropospheric sources. 
This paper describes some results of the study of IGW climatology in the middle and 
upper atmosphere from the data of incoherent scattering (IS), medium frequency and 
MST radars. 

A comparison is made of the intensities of ion temperature perturbations having 
periods less than 6 hours at altitudes 100 - 400 km, observed at high-latitude and 
low-latitude IS radars. Vertical, seasonal and latitudinal variations of the intensity are 
studied using multi-year records of ion temperature measurements with the IS radars 
at Arecibo (18.3° N, 66.8° E); Millstone Hill (42.6° N, 71.5° W); Chatanika (65.1° N, 
147.4° W); Sondrestrom (67.0° N, 51.0° W) and EISCAT (69.6° N, 19.2° E). 

Height, seasonal and inter- annual variations of IGW intensities are studied using 
the ME radar observations at Saskatoon from 1979 to 1993. Inter-annual variations of 
monthly mean IGW intensities show an apparent negative correlation with solar activity, 
which is stronger for the longer-period component. Possible reasons and consequences 
of the observed IGW parameters variations and their correlation with solar activity are 
discussed. 
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In this paper we applied methods of calculation of IGW characteristics and adjust 
them to obtain all necessary parameters for each spectral harmonic of complicated wave 
noise existing in the atmosphere. The parameters of IGW harmonics are obtained using 
the measurements of wind velocity in the middle atmosphere with MU radar in five 
directions of the antenna beam (one vertical and four inclined to the north, west, south 
and east from zenith). 

According to present-day knowledge, the main part of IGW propagating from be- 
low is originating in the troposphere. One of important sources of permanent generation 
of waves in the atmosphere is nonlineai* interaction of different atmospheric motions. 
Scales of generated waves depend on the scales of atmospheric motions. Generation of 
IGWs in the troposphere may be caused mainly by Light hill- type generation of waves 
by mesoscale turbulence. In this paper equations are obtained, which describe the IGW 
generation processes and calculations are made of characteristics of IGW propagating 
from tropospheric turbulent sources. Infiuence of the mean wind and different mecha- 
nisms of IGW dissipation on the IGW generation and propagation into the middle and 
upper atmosphere is considered. 

2. Studies of IGW climatology 

Studies of IGW climatology in Saint Petersburg university had begun from the 
development of statistical methods for the extraction of IGW parameters from ground- 
based observations of variations of nightglow characteristics (Gavrilov, 1982) and vari- 
ations of wind velocity in the upper atmosphere (Gavrilov, 1984). These statistical 
methods have been applied to the study of IGW climatology from the observations of 
variations of 01 5577 A night emission intensity in 49 points on the sky at Ashkhabad 
in 1964 - 1967 (Gavrilov and Shved, 1982), and from the observations of wind velocity 
in the meteor zone (Gavrilov et al, 1981; Gavrilov, 1987a). Study of IGW parameters 
in the stratosphere from observations of short-period variations of total ozone has been 
made (Semenov and Gavrilov, 1985). 

Recently the study of IGW climatology in the thermosphere from the data of 
CEDAR Incoherent Scattering Radar Data Base, collected at National Center for Atmo- 
spheric Research, Boulder, U.S.A. was fulfilled (Gavrilov et ah, 1994; Gavrilov, 1995). 
Height and seasonal structure of IGW parameters in the middle atmosphere was stud- 
ied from 16-year continuous observations with medium frequency radar at Saskatoon, 
Canada (Gavrilov et ah, 1995 ). Also, statistical study of IGW parameters is made 
using Japanese Middle and Upper Atmosphere (MU) radar at Kyoto (Gavrilov et ah, 
1991, 1996 ). 

2.1 IGW intensity structure in the thermosphere 

IS radar observations are usually limited to daylight hours at altitudes below 200 
km. These reasons make difficulties for the application of conventional spectral analysis 
to the study of short period ion temperature variations (see Gavrilov et ah, 1994). To 
extract information about short-period fluctuations of ion temperature, first, we obtain 
the low-frequency component, composed of the mean value and 24-, 12-, 8- and 6-hr 
tidal harmonics: 
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4 

T i(t) = Tio + ^ ^ Ck cos(27t kt / 24 — (1) 

k=i 

where parameters T^o, Ck and (j)k are calculated using the least square fit method. 
The example of Ti{t) one can find in Gavrilov et al. (1994). Then the low-frequency 
component is subtracted from the initial data. Inclinations Ti{tj) — Ti(tj) contain 
information about variations having periods from 0.5 up to 6 hr. After the subtraction 
of (1) one can average squares of relative [Ti{tj) — Ti(tj)]^/T^(tj) residual values for 
each day and month over the entire multi-year period of observations with each IS radar. 

The method of analysis described above is applied to the measurements of ion 
temperature with the network of IS radars listed above, and collected in the CEDAR 
data base of the National Center for Atmospheric Research, Boulder, USA. Fig.l shows 
the altitude variations of intensity of ion temperature perturbations at low- and high- 
latitude IS radars. One can see from Fig.l that the intensity has clear maxima 15 - 
17 % in the altitude region 150 - 180 km at low latitudes (Arecibo radar). At high 
latitudes (Chatanika, Sondrestrom, EISCAT) the intensity maxima are absent or very 
small. Therefore, the values of maxima of the intensity at 150 - 180 km have tendency 
to decrease in the direction from the equator to high latitudes. 



ARECIBO I.S. RADAR 

ICN temperature 1966 - 1990 YEARS 




MEAN relative INTENSITY C :«) 



EISCAT I.S. RADAR. . 

ION TEMPERATURE 1984 - 1990 YEARS 




Fig.l. Vertical profiles of the relative intensity of short-period 
perturbations of ion temperature in thermosphere as measured 
with Arecibo and EISCAT IS radars. Lines are separated by 
adding of 10 % to each consecutive data set. 

One may suppose that the observed perturbations of ion temperature at high lati- 
tudes are the complicated mixture of direct responses to ionospheric currents, particles 
precipitation, variations of magnetospheric electric fields and to the atmospheric waves, 
propagated from below, and generated in the thermosphere by the same sources. 

Fig. 2 shows latitudinal variations of the intensity of ion temperature perturbations 




48 



for different IS radars. In Fig. 2 the data for each altitude is plotted for two month 
intervals, separated by six months. One can see from Fig.2, that the character of lati- 
tudinal \^iations is different above and below 180 - 200 km. In the low thermosphere 
in January and in July the intensity of ion temperature perturbations has a maximmn 
near the winter pole and a minimum - near the smnmer pole. At high altitudes the 
latitudinal distribution of the intensity is more symmetric. It has maxima near the poles 
and at the equator, and this distribution persists throughout the year. 



JULY JANUARY 




Fig.2. Dependence of the intensity of short-period relative 
variations of ion temperature on latitude at different altitudes 
fshown with numbers) in different months. To separate lines 10 
% is added to each set. 



Fig. 2 shows that the the influence of the electric fields plus waves generated in 
the auroral zone could dominate over the IGWs coming from lower atmosphere and 
could make the increased ion temperature pertmrbations at high latitudes in all seasons. 
More complicated is to explain the maximum of the intensity of the ion temperature 
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perturbations at low latitudes in the thermosphere (see Fig. 2). One possible reason for 
it could be the generation of IGWs by atmospheric tides, having largest amplitudes near 
equator. 

2.2 Seasonal variations of IGW intensity 

Systematic study of multi-year averaged climatological chaiact eristics, seasonal and 
inter- annual variations of the parameters of wind perturbations (attributed to IGW) 
in the upper part of the middle atmosphere were made with MF radar at Saskatoon, 
Canada. We used three different band-pass filters to separate the entire IGW intensity 
into parts that can be attributed to the waves having periods 0.2 -2.5; 1.5-6 and 2 - 
10 hr respectively for filters called WH, HD and RS. These filters may be useful tools 
to investigate the relative variations, climatology and inter- annual variations of wind 
perturbations intensity in each different part of the IGW frequency spectrum. 





Fig. 3. Plots from left to right show multi-year averaged values 
of IGW intensity oval tilt angle and oval axes ratio S for 
WH (top), HD (middle) and RS (bottom) data. Dashed curves 
show values 0 = 90°, S = 1 and and also places on the axis, 
which correspond to = 0 at each altitude (numbers near 
curves). 

When one makes an averaging of wind perturbations over a long period (e.g. one 
month), polarization ellipses of many single IGWs passing during this period overlap. If 
the wave process is isotropic, i.e. numbers and energies of IGWs going in any direction are 
the same, one expects the shape of curve representing variance cr^ of wind component 
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in the direction with azimuth (see (2) ) to be circular. So, oval shapes of 

<7^((/?) indicate that either the number or intensity of IGWs going in some predominant 
direction is larger than that for other directions. The tilt angle 0 above gives the azimuth 
of this predominant direction, and the ratio of the oval axes (^maxl^^in characterizes 
the anisotropy of IGW intensity (see (Gavrilov et al., 1995)). 

Monthly averaged WH, HD and RS data described above are calculated for each 
month of the entire cycle of MF radar measurements during December 1979 to May 1993. 
To obtain cHmatological characteristics, values for each month of the year are averaged 
over all years of observations. 
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Fig. 4. Multi-year averaged distributions of (perturba- 

tions ovals) for WH data in different months at different alti- 
tudes. 



Seasonal variations of in Fig. 3 axe different for different pertmrbation frequencies. 

For WH data at most altitudes has two maxima - in winter and in summer (see Fig.3). 
Sometimes summer maximum is comparable or larger than the winter one. For HD and 
RS data in Fig.3 summer maximum of is less common and always is smaller than the 
winter maximum. 

Fig.4 and Fig.5 show multi-year averaged polarization ovals for different months and 
altitudes for WH and RS data. One can see near zonal ovals orientation in most cases 
for RS data and closer to meridional orientation for WH data. 

The dimensions of the ovals in Fig.4 show very clearly the semiannual variation of 
the intensity of WH data. For RS data in Fig.5 the semiannual variation of intensity is 
smaller, but there is a semiannual variation of tilt angle 0 at altitudes 70 - 80 km as seen 
in fig.3. Ovals for HD data have shapes and orientations closer to RS data. 
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2.3 A trend of IGW characteristics versus solar activity 

The cycle of wind measurements at Saskatoon from 1979 to 1993 covers the main 
parts of 21 and 22 cycles of solar activity. A wide choice of solar and geomagnetic 
indices is available (Solar- Geophysical data, 1979 - 1993). Solar radio flux at wavelength 
10.7 cm, Fio. 7 , and geomagnetic Ap indices have been chosen for comparison with the 
variations of IGW parameters. 

The variation of monthly differences of IGW intensity - cr^ versus monthly mean 
values of Fio.? and taken from Solar-Geophysical data (1979 - 1993) are shown in Fig. 6. 
The regression of IGW intensity upon F 10.7 and Ap can be approximated with straight 
line at high level of statistical confidence. 

Considering Fig. 6 one can find good evidence of negative correlation of intensity 
of RS and HD data on solar F 10 . 7 . For WH data the probability of such correlation 
is smaller. Also good enough evidence exists for the dependence of polarization oval 
axes ratios and IGW predominant azimuth on Fio. 7 - Similar regression exists of IGW 
parameters on geomagnetic Ap index. 

One of the reasons for the negative correlation of IGW intensity with solar activity 
in the upper atmosphere could be variations of neutral and electron density during solar 
cycle. Modeling (Gavrilov et al., 1994) shows that increase in neutral density and ion 
drag during high solar activity leads to decreases in the amplitudes of IGW propagated 
to the upper atmosphere from troposphere. But this reason can explain the dependence 
of IGW intensity on solar activity only above 90 - 100 km. 

Below 90 km there is no systematic data about the dependence of atmospheric 
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density, temperature and electron density upon solai* activity. The negative correlation 
of IGW intensity with solar activity obtained in section 5 at altitudes as low as 60 - 70 
km, may be an indicator of a response of wave sources or wind structure of lower layers 
of the atmosphere to the variations of solar activity. 
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Fig. 6. Distributions of differences cr| — erf of monthly intensi- 
ties versus solar radio flux F\o .7 for RS (top plots), HD (middle 
plots) and WH (bottom plots) data. 



Statistical characteristics of IGW harmonics 

A statistical procedure is developed to obtain parameters of IGWs using measure- 
ments of Doppler velocity in the middle atmosphere with the MU radar in five directions 
of the antenna beam. The method is applied to find sets of IGW parameters for the 
winter and summer seasons of 1987 - 1988 for 6 km thick layers centered at 70, 75 and 
80 km at Shigaraki, Japan (34.9°N, 139. 4°E). 

The statistical method includes spectral analysis of the data for the five directions of 
the antenna beam, then calculation of the axes and the tilt angle of a velocity hodograph 
ellipse, amplitudes and momentum flux, vertical and horizontal wave numbers, azimuths 
of wave vector and momentum flux for each spectral harmonic. 

Developed procedure of calculation and selection of IGW harmonics is applied to 
measurements of wind velocity in the altitude region 60 - 90 km, obtained with the MU 
radar at Shigaraki (34.9° N, 139.4° E) during the winter (December - February) and 
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summer (June - August) of 1987 - 1988. The numbers of selected IGW harmonics having 
periods from 5 min up to 6 hr vary between 360 and 2000 depending on the season and 
altitude. 




Fig. 7. Amplitude spectra of wind variations observed with 
the MU radar in the vertical direction on 3 February 1987. 

z,km z,km 





Fig. 8. Altitude variations of amplitudes (top plots) and phases 
(bottom plots) of the main spectral harmonics shown in Fig. 7. 



Fig. 7 and Fig. 8 shows examples of the variations of spectra, ampUtudes and 
phases of wave harmonics versus zdtitude. One can see that the IGW spectra on Fig 7, 8 
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are very complicated. Criteria are formulated for the selection of the spectral harmonics 
attributed to IGWs: a) local spectral maximum of amplitude or momentum flux; b) 
straight line flt of the harmonic phase versus altitude; c) equal or opposite azimuths of 
the momentum flux and wave vector; d) requirement of vertical wavenumber to be real. 
This gives a limitation on the value of horizontal phase velocity; e) requirement that 
the horizontal length of the IGW harmonic be much larger than the horizontal distances 
between the regions of atmosphere observed by different antenna beams (about 30 km 
at altitudes near 80 km). 

Fig. 9 represents wave amplitudes and momentum fluxes averaged over frequency 
intervals for IGWs with energy flux directed upwards and downwards in the winter season 
at different altitudes. 




Fig. 9. Parameters of IGWs with the energy flux directed up- 
wards (solid lines) and downwards (dashed lines) at the altitude 
70 km in summer. Notations: Umax and Umin are major and 
minor axes of the elliptical hodograph of horizontal velocity; 
W is the amplitude of vertical velocity; Fm is the modulus of 
vertical component of horizontal momentum flux; m and k are 
vertical and horizontal wave numbers. 



One can see in Fig. 9 that usually amplitudes and modulus of moment uni flux are 
larger for upcoming IGW, especially at lower frequencies. This confirms the results of 
(Fukao et al., 1985; Lintelman and Gardner^ 1994) showing that IGWs propagated from 
below should be important for the dynamics of the middle and upper atmosphere. 

A comparison of the parameters of IGWs propagated upwards in winter and summer 
shows that in summer the IGWs have larger vertical and horizontal wavelengths (smaller 
m and k) and comparable or larger amplitudes and momentum fluxes than in winter. 



3. Hydrodynamical IGW sources 

Sources of internal waves in a flow might be subdivided into surface sources (caused 
by the interactions of the flow with rigid walls), and the internal sources^ generating 
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waves inside the flow (Lighthill, 1978). The internal wave sources might be in turn 
subdivided into two categories. The sources of first kind are described by linearised wave 
theory, and create only the amplification of primary waves, existing in the flow. Here axe, 
for example, different kinds of instabilities in the atmosphere. Wave sources of second 
kind lead to the origin of new wave harmonics nonexisting in the flow before. Mainly, 
they are nonlinear interactions of different components of the flow. 

The atmosphere has a broad spectrum of wave motions from acoustic waves with 
frequencies of tens kilohertz up to planetary waves. Big varity of the surface wave sources 
(orography), and internal sources of the first kind (instabilities) does not allow to explain 
observed variety of IGW manifestations in the atmosphere. For example, moimtains and 
jet streams exist not everywhere and not everytime while wave motions are observed in 
the middle and upper atmosphere practically permanently (Vincent, 1984 Gavrilov et 
al, 1995, 1996). To settle the contradiction one should take into account another kind 
of wave sources: dynamical motions of all scales. The importance of those nonlinear 
sources is determined by their permanent operation because hydrodynamic motions are 
inherent feature of the atmosphere. 

The generation of sound by small-scale turbulence was studied by Lighthill (1952, 
1978). The generation of long-period inertia-gravity waves by synoptic scale motions 
is described by the theory of quasi-geostrophic ajustment that was developed at the 
dynamical meteorology starting from (Rossby, 1937; Obukhov, 1949; Kibel, 1955). Ac- 
cording to the theory wave motions appear as result of permanent competition between 
the violation of equilibrium of pressure and velocity and the tendency of the atmosphere 
to establish the quasi-geostrophic balance of those fields (Pedlosky, 1982; Gill, 1982; 
Gavrilov, 1988a; Fritts and Luo, 1992; Luo and Fritts, 1993; Medvedev and Gavrilov, 
1995). The emission of mesoscale IGWs is provided by mesoscale turbulent motions 
(Stein, 1967, 1968; Townsend, 1965; Drobyazko and Krasilnikov, 1985; Gavrilov, 1987b, 
1992). 

3.1. Mathematical equations 

Turbulent motions of different scales permanently occur in the atmosphere. Fluctu- 
ations having time scales up to several minutes are attributed to microscale turbulence, 
from minutes to several hours form the mesoscale one, and stochastic regime of synoptic 
scale irregular motions might be regarded as macro-scale turbulence (Monin and Yaglom, 
1965). Microscale turbulent motions are near isotropic and don’t response to the gravity 
and Coriolis forces acting in the Earth atmosphere. Gravity is essential for the mesoscale 
turbulence, also eddies with time scales from several hours are influenced by the Coriolis 
force, which is very important for macroscale turbulent vortexes. 

On the other hand the atmosphere has a broad spectrum of wave motions from 
acoustic waves with frequencies of tens kilohertz up to planetary waves having periods of 
several days. Because atmospheric hydrodynamic equations are nonhnear, tmbulent and 
wave motions are not independent: the energy exchange exists that leads in particular 
to the generation of waves by turbulence. To describe the latter process let’s consider 
a conventional set of hydrodynamic equations for a plane rotating atmosphere (see Gill, 
1982): 
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dp/dt + V(yov) = 0; 

pdvidt + 2pfez X V + Vp — pgez = 0; (2) 

dp/dt — c^dp/dt = 0, 

where p, p, v are pressure, density, and velocity; Cs is the speed of sound; g is the 
acceleration due to gravity; / is the Coriolis parameter; e^ is a unit vertical vector; 
d/dt = d/dt-{-V‘'V. 

Let’s consider motionless atmosphere with background values of po, po varying in 
altitude 2 : according to the barometric law, and vq = 0. Dynamic fluctuations v^, 
pd = p — po, Pd = p — Po are usually small, so that \pd/po\ < L \Pd!po\ < 1 and 
\^d\!cso ^ 1- Let Mach’s number M be a measiure of largest value of |vd|/cso- When 
M is small, one should search for the solution to the equations (1) as series expansions 
with respect to M: 



p == Po + Mpt + M^p' 4- ...; p = po + Mpt + p' + ...; 

V = Mvt + M^v'; cl = cIq + Mcl^ + cp + ... (3) 

Substituting (3) into (2) and equating coefficients at the same powers of M to zero one 
may have the following set of equations for the components of hydrodynamic fields of 
the order of : 



dop/dt + V(pov') = poQ] 

podov'/dt + 2pofez x v' + Vp' - pgCz = Pqt; (4) 

dp’ I dt + v' • Vpo - cIq^Dp' jdt + v' • Vpo) = poh, 

Right hand parts of the equations (4) include the hydrodynamic sources of mass 
momentum r and energy h that describe the generation of the second order motions by 
the motions of the first order with respect of M: 

q = -p-^S7{p,Y,); 

r = -Po^ {ptdoYtldot + poYt ■ Vv<); (5) 

h = -Po^iyt ■ '^Pt - cloVt ■ Vpt) + clf{doptldt + v, ■ Vpa). 

At the periods of acoustic-gravity waves main contribution into the first order compo- 
nents make irregular turbulent motions, which may be treated as three-dimensional and 
solenoidal at small scales, and become two-dimensional and quasi-geostrophic at rnedimn 
and large scales (Drobyazko and Krasilnikov, 1985; Gavrilov, 1988a, b; Medvedev and 
Gavrilov, 1995). 

To study IGW generation by hydrodynamic sources we use here an approach based 
on the consideration of the equation of wave energy. It is known that the specific density 
of wave energy consists of tree parts: kinetic E^j^kj elastic Ey^e and thermobaric Ey^t 
that are given by the following expressions (see Dikiy, 1969): 
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Exv — Eixvk ~ 1 " Exve ^wk — PO 1 ^7 (^) 

Ewe =< p‘^ > / 27 Po; Ewt =< (p - clop'f > /27&P0, 

where the sign <> denotes averaging over a period of wave harmonic; j = Cp/cy; h = 
(7 — 1 ) + g~^dclQ/dz; Cp and Cy are the specific heat capacities at constant pressure and 
volume respectively. Multiplying equations (3) by p' ^ v' and p' respectively, one may 
derive the equation for Ey, having the form of 



doEwldt = -dFwJdxcc + poQ; (7) 

where Fwa is the total wave energy flux (see Gavrilov, 1990); Q is the specific rate of 
wave energy production by hydrodynamic sources of momentum, mass and heat: 

Q = Po^{p<iT: ■ v' + qp' + h{p'{h + \)l{clob) - p'/b)) ( 8 ) 

The formula ( 8 ) for the specific rate of the wave energy production Q may be simpli- 
fied using IGW polarization relations, which are most simple for the short low-frequency 
IGW harmonics having >> 1/AH^ and <C where m and u; are vertical wave 
number and intrinsic frequency respectively; N is the Brunt- Vaisala frequency; H is at- 
mospheric scale heights. If one directs the axis x parallel to the horizontal wave vector 
of a plane monochromatic IGW harmonic, he may obtain from the formulae by Gavrilov 
et al. (1996) the following relations for mentioned IGWs: 

v' .fw’^ (jo8 p' ^ 7 o; 6 ^ p' ^ .NS 

u' u’ N ^ pqu' pqu' g ’ 

where = (1 - w are the velocity components along horizontal axes x, 

y and vertical axis 2 : respectively. The expression ( 8 ) for Q shows that if u' depends on 
time in monochromatic IGW harmonic as 



u = U coscrt, (10) 

then Q is not equal to zero only when frequency spectra of the sources r, q and h also 
contain harmonics with observable frequency a: 

ra = ram(^os(crt (fa); a = X, y, z; 



q = Qm cos(at <Pq)', h = hmCOs{at + (ph), ( 11 ) 

where ram^ <im^ <ind ^q’, the phase shifts of respective values relatively to 

the variations of w'. Putting (9) ~ (11) into ( 8 ) we have 

Q = sU; s = 1/2 (r^cm cos Vymif sin (py)/u;- (12) 

ujS , ns . jljS^ . 

rzm^COSifz - hm-^simph + qm-^^ cos (Pq). 

One can see that the rate of wave energy production is governed by the value of pa- 
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raineter s, which has the diiiieiisioii of force acting upon unit of atmospheric gas mass. 
According to evaluations presented by Drobyazko and Krasilnikov (1985) and Gavrilov 
(1987), the main contribution to the IGW generation comes from the first term in square 
brackets of (12), which is connected with quasi- two-dimensional mesoscale motions, so 
^ ^ ^xm ~ Usdug/ds, where Ug and dug/ds are the scales of horizontal velocity and 
its horizontal gradient, respectively. In accordance with the tables of characteristics for 
the tropospheric meteorological values (Belov, 1975), we put Ug ~ 10^ m s~^; dug/ds ~ 
10~^ - 10“^ s~^, and therefore r„i 10“^ - 10~^ m s“^. 

Medvedev and Gavrilov (1995) have made a numerical modeling of meteorological 
fields, and have calculated the characteristic values of using the scheme of short- 
term weather forecast. They have calculated the space distributions of for the real 
meteorological situations during the period from 15.04.1981 to 06.08.1981. The maximmn 
value of rxm lias been found for each day. the main range of values Vxm is (4 - 10)- 10“^ 
m s“^, but sometimes the values of r^m larger than 2*10“^ m s~^ were obtained. It must 
be noted that the maximum values of are realized in limited regions of increased 
wave generation, but over the main part of the considered territory the values of Vx are 
not more than above mentioned estimates of Txm (see also Gavrilov, 1992). 

Analysis of vertical profiles of calculated by Medvedev and Gavrilov (1995) shows 
that maxima of r^m are mainly concentrated at altitudes 9-12 km near the tropopause. 
Calculations of the meteorological fields evolution using real initial data (see Medvedev 
and Gavrilov, 1995) show that the regions of high values of have much smaller dimen- 
sions than macro-scale motions creating the wave generation. These regions are situated 
in the central parts of cyclones, anti- cyclones, and jet streams. More often the wave 
sources are associated with deep cyclones involving the entire troposphere, jet stream 
curves, and closeness of two regions with high and low pressure, which may produce 
’’saddle points”. 

Results of calculations 

The essential features of the vertical distributions of the strength of tropospheric 
wave sources (see above) may be approximated by the following formula: 

s(^) = Smexp{-{z - (13) 

where Zm and d are the height of maocimum and the halfwidth of the layer in which the 
generation of IGWs takes place. 

In realistic atmosphere background values have complicated dependence upon alti- 
tude, which requires a numerical solution to (7). For our calculations we use the vertical 
profiles of the mean temperature, wind, and the rates of IGW dissipation due to radiative 
heat exchange and ion drag according to Gavrilov and Yudin, (1987). The coefficient of 
turbulent viscosity is represented by the following sum: 

A = Kq -f Ki -h Kfii (14) 

where Kq ^ 10® m^ s“^ is the backgroimd value, Ki is the contribution from the shear 
and dynamical instability of the IGW profiles of temperature and wind. The value of Ki 
is equal to zero up to the level of IGW breaking, and it is calculated using semi-empirical 
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model by Gavrilov and Yudin (1992) above the breaking altitude. The term Kn in (14) 
represents the contribution from the alternative mechanism of the turbulization of the 
atmosphere, which is due to nonlinear destruction of the primary IGW into secondary 
wave harmonics (Rozenfeld (1983)). 

Fig. 10 shows the vertical profiles of amplitudes and K produced by an IGW 
harmonic propagated from tropospheric hydrodynamic source in cin isothermal windless 
atmosphere for different mechanisms of the turbulizing of the atmosphere by IGWs. 
Dashed line in Fig. 10 shows that without dissipation the amplitude grows exponentially 
with altitude. The nonlinear destruction of the IGW into secondary harmonics leads to 
the wave energy dissipation and formation of the amplitude maximum near 2 : ^100 km 
(see thin lines in Fig. 10). The parameter of IGW supersaturation a = U/\c — uq\ is 
about a ~ 2 here, which is much larger than the values of a 1 usually appeared in the 
atmosphere 




Fig. 10. Vertical profiles of the amplitude (left) and turbu- 
lent viscosity (right) calculated for the IGW harmonic with a 
= 10“^ s”^ and c = 30 ms“^ propagated from tropospheric hy- 
drodynamic source with Sm = 10”^ ms“^, Zm = 10 km, and d 
= 2 km in isothermal windless atmosphere with To = 230 K for 
the values of A" = 0 (dashed lines), A = Aq + A„ (thin lines), 
and K described by (19) in full (thick lines). 



The reason for the decrease in a could be the wave breaking near the altitude where 
a \ become. The IGW instability gives rise to the generation of turbulence and to the 
sharp increase in the term Ki in (14) (compare thick and thin lines in Fig. 10). Above 
the breaking level the IGW amplitude in Fig. 10 become practically constant, and then 
the amplitude decreases at high altitudes due to increase in the molecular viscosity and 
heat conductivity, and ion drag. 

The presence of the mean wind makes differences for IGWs propagated upstream 
and downstream. Fig. 11 depicts the parameters of such IGW harmonics propagated in 
the isothermal atmosphere with constant values of uq. One may see that at low altitudes 
amplitude, wave energy flux, and other parameters in Fig. 11 are larger for the IGW 
propagated in the direction of mean flow. At high altitudes the IGW going opposite 
to the mean flow becomes more intensive. To understand such behaviour one should 
take into account the dual action of the mean wind on the IGWs: the wave-mean flow 
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interaction, and the change of the vertical wave number. 

It is widely accepted that IGWs produce the acceleration of the mean flow axv = 
—pQ^d{pQu'w') I&Z (see Gavrilov, 1990), which becomes nonzero at any change in pou^w’. 
In the region of action of the tropospheric wave source near z = Zm ^ ^0 km the 
modulus \pqu'w*\ increases that causes the appearance of the wave accelerations. The 
consideration of the directions of the accelerations shows that the interaction with the 
mean flow makes an increase in the energy of IGWs propagated in the direction of the 
mean flow, and the decrease in energy of upstream IGWs. Thus, at the same strength 
Sm the wave source generates more effectively downstream waves than upstream IGWs. 
This difference is expressed mathematically by the appearance of the factor a/o; in the 
right hand part of the equation (14), and explain the dominance of downstream IGWs 
at low altitudes near the wave source in Fig. 11. 




Fig. 11. Vertical profiles of IGW parameters calculated for the 
same model as Fig. 1, but including constant mean wind uq = 

10 ms“^ for the waves propagated in the direction of the mean 
flow (dashed lines), and opposite to it (solid lines). 

On the other hand, above the region of the wave source action the influence of 
Uq leads to the increase in lo for the upstream IGW, and to the decrease in lj for the 
downstream wave. According to the IGW dispersion equation larger co corresponds to 
smaller value of the vertical wave number m. Thus, the downstream IGW has larger value 
of m, which corresponds to larger dissipation of wave energy. Also, the downstream IGW 
breaks and become saturated at smaller altitude than the upstream wave. The larger 
dissipation of the downstream IGW may explain the dominance of the upstream wave in 
the upper part of Fig. 11. In the region of strong dissipation the wave acceleration of the 
mean flow has the same direction as the wave horizontal phase speed. So, the dominance 
of the upstream wave in Fig. 11 means the dominance of the drag of the mean flow by 
IGWs. 
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4. Conclusion 

In this paper we consider the mechanism of IGW generation by mesoscale turbu- 
lence in the troposphere. The equations are derived that describe the generation of 
waves by hydrodynamic sources of momentum, heat and mass. Calculations are made 
of amplitudes, wave energy fluxes, turbulent viscosities, heating rates, and accelerations 
of the mean flow caused by IGWs generated in the troposphere. A comparison of dif- 
ferent mechanisms of turbulizing of the atmosphere by IGWs shows that after the IGW 
breaking and saturation the main source of turbulence is the convective and dynamical 
instability of the wave. Nonlinear destruction of a primary IGW into a spectrum of 
secondary waves may be important for nonsaturated stable IGWs. 

The mean wind increases the effectiveness of generation as well as larger dissipation 
of IGWs propagated in the direction of the wind. Competition of both effects may lead 
to the formation of eastward wave accelerations in summer, and westward accelerations 
in winter near .s: ~ 100 km. 
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ABSTRACT: Using twice-daily radiosonde data from Singapore taken over a 10 year timespan, 
equatorial short-period (1-3 day) waves are examined in terms of the quasi-biennial oscillation 
(QBO). Power spectra of temperature (T) and zonal wind (u) fluctuations have year-to-year 
variation synchronized with the QBO. In both QBO phases, the short-period waves have large 
variance, comparable to that of long-period (5-20 day) Kelvin waves in westerly shear. Syn- 
chronization with the QBO is also clear for cross spectra of T and u and particularly for the 
co-spectra. A new method is considered to estimate positive and negative momentum fluxes as- 
sociated with oppositely propagating gravity and equatorial waves, separately. This method uses 
both quadrature and co-spectra of T and u. Results of an analysis of the Singapore data suggest 
that positive and negative momentum fluxes associated with short-period waves are largely can- 
celled and the summation of absolute values of the momentum flux are 3-10 times larger than 
that associated with long-period Kelvin waves. The importance of gravity waves with periods 
shorter than 1 day is also discussed. 

1 Introduction 

Many theoretical and observational studies show that gravity waves play an important role in 
the global atmospheric circulation, redistributing momentum in the atmosphere through their 
generation, propagation and breaking. Although the majority of studies have emphasized the 
role of gravity waves in the global circulation of middle and high-latitude regions, some theo- 
retical studies suggest the importance of gravity waves for the mechanism of the quasi-biennial 
oscillation (QBO) and semi-annual oscillation (SAO) of the mean zonal wind in the equato- 
rial stratosphere and mesosphere. Gravity waves in the equatorial region are considered to be 
mainly excited by convection though various generation mechanisms. Long-term observational 
data need to be analyzed to elucidate the relation between gravity waves and such global-scale 
oscillations in circulation of the equatorial middle atmosphere. 

2 Equatorial 1-3 day waves in long-term observational data 
2.1 Characteristics of power and cross spectra 

Interannual variation of short-period waves near the equator using twice-daily rawinsonde data 
taken at Singapore (7.6S, 112.7E) over a ten year period was discussed by Sato et al.(1994). 
Figure 1 shows the power and cross spectra of the temperature (T) and zonal wind (u) fluctua- 
tions. Dominant peaks are observed in the power spectra in the short-period range of 1-3 days 
during both phases of the QBO and around 10 day period (corresponding to long-period Kelvin 
waves) in the westerly shear phase of the QBO, indicating that the activity of short-period waves 
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is strong in both phases of the QBO. The variance of 1-3 day waves is comparable to that of 
long-period Kelvin waves. 

It is shown from the thermodynamic equation that quadrature spectra of T and u are propor- 
tional to -u'w' (e.g. Maruyama, 1994). Thus, large negative values around the 10 day period 
in the quadrature spectra correspond to positive associated with long-period Kelvin waves. 
This bias is not clear in the short-period range. On the other hand, an interesting and mysterious 
feature is observed in co-spectra of T and u (Figs. Ic and Id), that is clearly synchronized with 
the QBO across the whole range of frequencies. The variation cannot be explained by the pre- 
vious theory of equatorial waves in a uniform background wind, which predicts that co-spectra 
should be almost zero. 

Using a theoretical and numerical approach, Dunkerton (1995) analyzed the covariance of 
T and u components for two-dimensional gravity waves in a background wind having vertical 
shear. For slowly varying, conservative, incompressible waves, the covariance is proportional 
to the vertical shear and vertical flux of horizontal momentum. The sign of the covariance is 
determined by the vertical shear, independent of horizontal and vertical direction of gravity- 
wave propagation, which is consistent with the results of Sato et al.(1994). An extended theory 
to three-dimensional equatorial waves suggests that the relation of the covariance and vertical 
shear does not change significantly (Dunkerton 1996). 

2.2 Estimates of momentum fluxes 

Maruyama (1994) estimated momentum flux associated with equatorial 1-3 day waves from the 
covariance of dTjdt (temporal variation of T) and u fluctuations (corresponding to quadrature 
spectra of T and u) observed at Singapore, assuming that they are due to short-period Kelvin 
waves. He showed that the momentum flux is large and comparable to that of long-period Kelvin 
waves. However, it is also possible that the short-period fluctuations are due to a mixture of 
eastward and westward propagating waves which have positive and negative momentum fluxes, 
respectively. Thus, the net momentum flux estimated by Maruyama may be residual after some 
cancellation between positive and negative momentum fluxes. 

A new indirect method is proposed to estimate momentum fluxes based on Dunkerton ’s 
theory. The indirect estimates obtained from co-spectra correspond to the summation of absolute 
values of momentum flux associated with each wave, whereas direct estimates from quadrature 
spectra give the summation of momentum flux: 



u'w’ 


= TN^L QTuiu;)u;d^, 


( 1 ) 


\u'w' 




( 2 ) 



From these two equations, we can estimate positive and negative momentum fluxes, separately. 

An analysis was made for the rawinsonde data at Singapore used by Sato et al. (1994). The 
direct estimate for Kelvin waves (5-20 day components) is 2-9 x 10“^m^s“^and accords with 
the indirect estimate within the estimation error. This result supports use of the indirect method. 

Results of the indirect and direct estimates assuming 2-dimensional gravity waves for 1- 
3 day waves are shown in Fig. 2. It should be noted that the direct and indirect estimates of 
momentum flux from (1) and (2) are possible only when the mean wind is sufficiently weak 
so as not to cause severe Doppler effects. The vertical profiles shown in Fig. 2 were obtained 
for periods of weak mean wind (and large shear associated with the QBO), and the time of 
observation depends on altitude. Thus the displayed vertical profiles of momentum flux do not 
provide the wave drag from their convergence. 
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Mode 


c (m s 0 


A* (km) 


A, (km) 




n=-l Kelvin waves 


>6.7 


> 870 


>2.0 


(a) 


n=l eastward IGW 


7.7-19.6 


1000-2500 


2.0-4.2 




n=3 eastward IGW 


9.4 


1200 


2.0 




n=l westward IGW 


-25 to -31.8 


3200^100 


5.7-6.7 




n=-l Kelvin waves 


> 15 


> 1900 


>2.7 




n=l eastward IGW 


15^.1 


1900-5700 


3. 4-6.6 


(b) 


n=3 eastward IGW 


15-20.6 


1900-2700 


2.6-3. 1 




n=I westward IGW 


-7.2 to -61.8 


930-8000 


2.0-9.3 




n=3 westward IGW 


-8.6 to -23.8 


1100-3100 


2.0-3.6 




n=5 westward IGW 


-11.7 to -14.7 


1500-1900 


2.0-2.2 



Table 1; Rough estimates of phase velocity c, zonal (A^) and vertical (A^:) wavelengths of pos- 
sible equatorial modes in the westerly shear (a) and easterly shear (b). 

The direct estimate for 1-3 day waves in westerly shear is 0-4 x 10~^m^s“^which is almost 
half of the momentum flux associated with long-period Kelvin waves. This result is consistent 
with that of Maruyama (1994). The direct estimate for easterly shear is about zero. On the other 
hand, the indirect estimate for westerly (easterly) shear is 20-60 (7-30) x 10"^m^s”^based on 
the theory of two-dimensional gravity waves, which is larger than the direct estimate by one 
order of magnitude. For equatorial waves, the numeral factor in the numerator on the right hand 
side of equation (2) depends on the mode structure, and hence the indirect estimate is modified 
if we assume equatorial waves for 1-day waves. Thus, we inferred possible equatorial modes 
using the following three criteria. First, the minimum observable vertical wavelength is about 
2 km because the vertical resolution of radiosonde observations is about 1 km. Secondly, it is 
deduced from the power spectra of T and u that the ratio between zonal kinetic energy and po- 
tential energy should be 1-4. Thirdly, the phase velocity should not equal the mean wind below 
the shear since the waves are considered to originate from the troposphere. Parameters of pos- 
sible equatorial modes satisfying the criteria are listed in Table 1. The reduction of the indirect 
estimate under the assumption of possible equatorial waves is about 30-70%. Therefore, the dis- 
crepancy between direct and indirect estimates is still large for any possible equatorial waves, 
indicating a large cancellation of positive and negative momentum fluxes for both westerly and 
easterly shear. 

In the above estimate we assumed that the observed frequency is the true wave frequency, 
i.e. no aliasing was present. Since rawinsonde observation at Singapore is made twice a day, 
aliasing of waves with periods shorter than 1 day is possible. Such very short-period waves are 
commonly observed when vigorous convection exists as discussed in the next section. Since the 
direct and indirect estimates of momentum flux are proportional to the wave frequency, the true 
values may be larger than the estimates given here. 

The indirect estimate for westerly shear is almost twice as large as that for easterly shear. 
The characteristics of waves near the source in the troposphere are thought to be independent 
of the QBO in the stratosphere, so that the difference in wave activity could be attributed to the 
differing characteristics of wave propagation under the strong QBO shear (Sato and Dunkerton, 
1996, submitted to J. Geophys. Res.). 
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3 Very short-period (< 1 day) waves associated with convection 

Convection has the ability to generate very short-period (< 1 day) gravity waves with small hor- 
izontal scales of 0(10)-0(100) km. Recent studies of aircraft observations in the tropics showed 
that such small-scale gravity waves are associated with convection and large momentum fluxes 
were observed (Pfister et al., 1993; Alexander and Pfister, 1995). Observational studies with a 
VHP clear-air Doppler radar in the middle latitude also showed that a large amount of gravity 
wave energy at high frequencies (up to the Brunt- Vms^a frequency) are generated by cumulus 
convection. Sato (1992) and Sato et al.(1995) examined gravity waves and turbulence associated 
with cumulus convection which appears daily in the afternoon of mid-summer using VHF/UHF 
clear-air Doppler radars in Shigaraki, Japan (35N, 136E). The momentum flux associated with 
the gravity waves is about 50 xl0“^m^s“^. Sato (1993) reported that gravity waves associ- 
ated with a typhoon have large momentum fluxes (^200 x 10“^m^s“^), comparable to those of 
severe mountain waves. Although their occurrence may be sporadic, the relative importance 
of such very short-period gravity waves should be clarified through further observational and 
numerical studies. 
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Fig. 1: Dynamic power spectra of (a) temperature fluctuations T and (b) zonal wind fluctuations 
u, in energy content form, for 1984-1993, averaged over the height range 20-25 km at Singa- 
pore. Co-spectra and quadrature spectra of T and u are also shown in (c) and (d), respectively, 
in flux content form. Temporal smoothing was applied using a lowpass filter with cutoff of 20 
months in order to display the relation with the QBO more clearly. Thick solid curves show 
the monthly mean zonal wind averaged over the same height range; the scale is shown on the 
right axis. Contour intervals are 0.25 in (a), 1 m^s“^ in (b), and 0.25 Km s"Hn (c) and (d). 
Shading indicates values larger than 1 .5 in (a), larger than 5 m^s“^ in (b), and positive values 

in (c) and (d). 
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Fig. 2: Indirect (left) and direct (right) estimate of momentum flux u'w' as a function of height 
for 1-3 day waves during time periods when the vertical shear is greater than 5 x 10“^s“^ (top) 
and less than -5 x 10“^s“^ (bottom). 
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ABSTRACT. The thermal structure in the high latitude mesosphere and thermosphere 
has presumably created the strongest stimulation for a realistic parameterization of grav- 
ity wave breaking in models. The meridional temperature reversal and the very cold 
mesopause temperatures in summer of ^130 K have put a serious constraint on any the- 
oretical description of the physical processes acting in the upper atmosphere. In this 
paper mesospheric temperature measurements at high latitudes are summarized. The 
thermal structure in summer exhibits a remarkable and persistent seasonal and interan- 
nual repeatability with a rather abrupt change from summer to winter conditions in mid 
August. At typical noctilucent cloud altitudes (82 km) the mean temperature is again 
and again observed to be in the range 150 ± 2 Kelvin (“equithermal submesopause”). 
The second part of this paper deals with insitu measurements of turbident energy dissi- 
pation rates. Turbulent heating is strongest around the mesopause region in summer (10 
to 20 K/d). During winter, the heating rates are considerably smaller and turbulence is 
distributed over a wider altitude range. It is shown that intense radar echoes observed 
in the mesopause region during summer (“polar mesosphere summer echoes”) are not 
necessarily caused by strong neutral air turbulence. 

1 Introduction 

Stimulated by remote sensing of noctilucent clouds (NLC) and meteor winds Kellog and 
Schilling [1951] speculated about a meridional temperature reversal in the mesosphere 
and lower thermosphere (MLT) more than 40 years ago. Unambiguous experimental 
proof for a ‘warm’ and ‘cold’ mesopause in summer and winter, respectively, was later 
provided by the rocket grenade measurements over Fort Churchill [Stroud et al, 1960], 
which showed that the mesopause in summer is colder by as much as 50-60 K compared 
to winter (actually, the mesopause in winter was above the instrumental altitude range for 
the grenade technique). Theoretical studies accompanying these observations showed that 
there exists a radiative surplus at the summer mesopause which could be compensated for 
by a meridional pole to pole circulation [Murgatroyd and Singleton^ 1961]. The cooling 
(heating) is achieved by the adiabatic vertical upward (downward) motions in the summer 
(winter) hemisphere accompanying these meridional circulation as a consequence of mass 
conservation. The problem with this explanation of the temperature reversal was that the 
meridional flow of some meters per second causes a large acceleration of the zonal flow due 
to the Coriolis torque: A meridional flow of 1 m/s experiences a zonal acceleration of ^10 
m/ s per day. It was realized quickly that frictional forces could decelerate the zonal flow 

NATO ASI Series, Vol. I 50 

Gravity Wave Processes 

Their Parameterization in Global Climate Models 

Edited by Kevin Hamilton 

© Springer- Verlag Berlin Heidelberg 1997 




70 



and prevent it from growing to extensively large values [Haurwitz^ 1961; Leovy, 1964]. 
Although there were some specrdations about the possible source of the friction earlier, 
it was Houghton [1978] who first proposed that gravity waves could be the cause of the 
drag. A major step forward was achieved by Lindzen [1981] who parameterized the drag 
produced by breaking gravity waves by assuming that the wave saturation amplitudes are 
limited by convective instabilities which in turn depend on the actual phase speeds of the 
waves, and on the background winds. Lindzen’s parameterization is stiU used successfully 
in various models [Holton, 1983; Schoeberl et al., 1983; Ebel, 1984; Garcia and Solomon, 
1985; McIntyre, 1989; Pritts and Luo, 1995]. 

The deposition of momentum required to decelerate and even reverse the zonal flow 
stems from instabilities of gravity waves when their amplitude grows to extensively large 
values and breaking occurs. These instabilities result in turbident motions which lead to 
a flux divergence of momentum and to a dissipation of kinetic and potential energy. The 
energy cascades from larger to smaller scales and is finally dissipated into heat due to 
molecular viscosity. Apart from being a heat source, turbulence also acts as an effective 
heat sink since the vertical exchange of air parcels in a stably stratified atmosphere trans- 
ports heat downwards. The question whether turbulence is effectively heating or cooling 
the upper atmosphere has been discussed controversially in the literature [Chandra, 1980; 
Gordiets et al, 1982; Ebel et al, 1983; Gartner and Memmesheimer, 1984; Zimmerman 
and Keneshea, 1986; Lubken et al, 1993a]. 

From this brief historical overview it is evident that measurements of the thermal 
structure in the MLT region have caused a strong stimulation for a realistic parameter- 
ization of gravity wave breaking in models. Any new scheme of gravity wave breaking 
and its parameterization must finally be tested versus the measurements of the thermal 
structure in the mesopause region with special emphasis on its seasonal variation. In ad- 
dition, turbulence plays the most important role in the transfer of momentum and energy 
from the gravity waves to the mean flow. Gravity wave parameterizations must therefore 
be consistent with a reliable measurement of turbulent parameters. It is the purpose of 
this paper to present an updated status report on insitu measurements of temperatures 
and turbulent energy dissipation rates, including some new results from rocket campaigns 
performed in recent years. 

2 Thermal Structure of the Mesopause Region 

2.1 Insitu measurements of density and temperature 

The largest record of density and temperature measurements in the mesosphere stems from 
the so called ‘passive falling spheres’ (FS), which give accurate data below ^90-95 km, 
depending on the mean density in the MLT [Jones and Peterson, 1968; Schmidlin, 1991]. 
Temperatures are deduced from the measured densities assuming hydrostatic equilibrium. 
A recent comparison of FS data with results obtained from ground based lidars has shown 
general agreement between both techniques taking into account the error bars and the 
spatial and temporal differences in the data set [Lubken et al,, 1994a]. A systematic 
overview of all existing FS flights at high latitudes is published in Lubken and von Zahn 
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[1991]. Since then a number of FS launchings were performed at high latitudes, most 
of them in conjunction with soimding rocket flights and ground based observations (see 
Table 1). 



Table 1: Falling sphere flights from the And0ya Rocket Range (69°N,16°E) 
from 1992 until 1995. 



Campaign 


period 


#FS 


AEROSOL-I 


April 23, 1992 - 


June 3, 1992 


21 


SCALE 


July 27, 1993 - 


August 1, 1993 


5 


ECHO 


July 28, 1994 - August 17, 1994 


12 


SCIFER 


January 25, 1995 


1 


AEROSOL-II 


April 2, 1995 - 


May 31, 1995 


11 



The seasonal distribution of all FS flights from And0ya is shown in Figure 1. A total 
of 171 flights were performed in the period 1983-1995. AU seasons are covered, however, 
there are only few flights available around the equinoxes. 




month of the year 



Figure 1: Seasonal distribution of falling sphere laimchings from the And0ya Rocket Range 
(69° N) in the period 1983 - 1995. A total of 171 flights were performed in this period. 

Absolute total number densities were obtained recently in the altitude range from 
^115-90 km by means of the TOTAL and CONE instruments on board the TURBO 
rocket. Both the TOTAL and CONE sensors basically consist of an ionization gauge 
with very high time and altitude resolution of approximately 1 ms and 1 m, respectively 
[Hillert et al, 1994; Luhken, 1996b] (the main difference between TOTAL and CONE 
is the geometrical configuration of the electrodes within the ionization gauge). Relative 
density fluctuations at very small scales are deduced from these measurements in the 
altitude range from 115 to 65 km. The TOTAL and CONE launchings are listed in Table 
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2 (there were 3 more TURBO launchings from Biscarosse, Southern France, which are 
not considered here since they were not performed at high latitudes). 



Table 2: Campaigns with launches of the TURBO rocket. The geographical 
coordinates of And0ya and Kiruna are (69°N,16°E) and (68°N,21°E), respectively. 



Campaign 

Label 


Campaign 

Period 




Location 


Number 
of Flights 


Ionization 

Gauge 


DYANA 


January - March 


1990 


And0ya 


6 


TOTAL 


NLC 


Jidy - August 


1991 


Kiruna 


2 


TOTAL 


METAL 


September - October 


1991 


And0ya 


6 


TOTAL 


SCALE 


July - August 


1993 


And0ya 


2 


CONE 


ECHO 


July - August 


1994 


And0ya 


3 


CONE 



2.2 Mean temperatures and thermal variability as a function of season 

In Figure 2 aU individual FS profiles measured during three summer months (June, July, 
and August) and during two winter months (January and February) are shown, respec- 
tively. The summer/ winter difference in the thermal structure of the mesosphere is evident 
from these profiles: The mesopause is very cold in summer (^130 K) and is located at an 
altitude of approximately 88 km. In winter, the upper mesosphere is significantly warmer 
by as much as 60 to 70 Kelvin (actually, the mesopause in winter is above the altitude 
range of the FS technique). These Figures are in fact very similar to our earlier compi- 
lation [Luhken and von Zahn^ 1991], except that the number of profiles has significantly 
been increased since then. 

Apart from the seasonal dependence of the mean temperature, there is an apparent 
difference in the variability of the profiles from winter to summer: Whereas the deviation 
from the mean (RMS) is on the order of 10 to 15 Kelvin in winter, it is significantly 
smaller in summer ('^G-? K). The repeatability in summer is remarkable, considering 
that profiles from 5 different years and from a period of nearly three months contribute to 
this compilation (please note that the individual profiles from August where all obtained 
in the first half of the month). 

The monthly mean profiles (Figure 3) demonstrate the remarkable persistence of the 
thermal structure in summer: The mean from June, July, and August are practically 
identical. This Figure also emphasizes the grouping into winter and summer season, 
with a rather short transition period around the equinoxes (the transition from winter 
to summer is not clearly as established due to a rather poor statistics around the spring 
equinox). 

Figure 4 summarizes the seasonal variation of the thermal structure in the upper 
stratosphere and mesosphere. The transition from summer to winter conditions occurs 
around mid August and is rather rapid with a change of more than 40 Kelvin in 3 weeks 
at summer mesopause altitudes. A rapid transition is also evident in the data reported 
by Theon and Smith [1971] who have summarized a series of temperature soundings by 
acoustic grenades from Pt. Barrow, Alaska (71°N). 
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Figure 2: All FS profiles measured from the And0ya Rocket Range during three summer months 
(Jime, July, and August; left panel), and during two winter months (January and February; right 
panel). The numbers in the plot indicate the variability (RMS) of the temperatures at a given 
altitude. 

2.3 The ‘‘equithermal submesopause” in summer 

The thermal structure of the polar summer mesopause has attracted significant attention 
since is has been speculated that an anthropogenicaUy caused increase of greenhouse gases 
could change the thermal structure in this region much stronger compared to other parts of 
the atmosphere [Roble and Dickinson^ 1989; Rind et aL, 1990; Thomas, 1996; Portmann 
et al, 1995]. The increase of NLC occurrence rate over the last 30 years is attributed to 
such a temperature trend [Gadsden, 1990]. However, it was noted by Thomas et al. [1989] 
that an increase of water vapor concentration caused by a rise of methane abundance could 
have a similar effect and would also increase the probability of ice particle formation, thus 
of NLC occurrence rate. 

There have been only very few simultaneous measurements of NLCs and temperatures 
in previous years. The main reason for this deficiency is that noctilucent clouds cannot 
be observed visually at stations located vsdthin the polar circle due to the permanently 
bright sky. The situation has changed since lidars are capable of detecting NLCs, and 
temperatures were measured simultaneously by FS from the same location. A compilation 
of such measurements is presented in Luhken et al. [1996] where it is shown that NLCs ap- 
pear significantly below the mesopause, but stiU at altitudes where the temperatures are 
below ~150 Kelvin. The lidar data show that the majority of the NLCs is located around 




74 




temperature CKl 



Figure 3: Monthly mean profiles from all FS flights performed from the And0ya Rocket Range 
in the period 1983 - 1995. The numbers at the profiles indicate the month. The mean profiles 
were smoothed by a spline fit. 

82 km which is surprisingly close to the very first height determinations more than 100 
years ago [Jesse, 1896]. A compilation of all temperature measurements available from 
the polar mesopause region (with or without observations of NLCs) shows a remarkable 
repeatability of the thermal structure ever since the first measurements were performed 
more than 30 years ago: At the lower edge of the NLC heights (82 km) the mean tempera- 
ture is again and again observed to be in the range 150 ± 2 Kelvin (the variability within 
each data set is only a few Kelvin). Such an “equithermal submesopause” in summer 
puts a serious constraint on any model prediction of secular changes of temperatures in 
the upper mesosphere as well as on the parameterization of gravity wave breaking in the 
upper summer mesosphere. 

3 Turbulence in the Mesosphere and Lower Thermosphere 

We have noted earlier that turbulence is presumably the most important physical pro- 
cess by which gravity waves damp their momentum and their energy to the background 
atmosphere. Unfortunately, the measurement of turbulent wind fluctuations is not pos- 
sible in the upper atmosphere due to experimental limitations. Instead, one measures 
the fluctuations of a passive tracer on a mean gradient caused by turbulent velocity fluc- 
tuations. Tracers such as chemoluminescent clouds, and chaff clouds have been released 
from a rocket and their spatial and temporal evolution has been studied in order to infer 
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Figure 4: Contour plot of the monthly mean profiles shown in Figure 3. Contour lines are shown 
in degree Kelvin. Please note that the data base rather limited in the months April, September, 
and October. 

turbulent diffusion [Blamont and DeJager, 1961; Wu and Widdel, 1989]. The problem 
with these techniques is that non-turbulent effects can disperse the clouds, and that the 
spatial resolution is only some tens of meters which is not sufficient to detect the smallest 
scales in the turbulent field. 

A common technique to obtain information about turbulence is to study its effect 
on the backscattered signal of a radar. Both the signal strength and the broadening 
due to turbulent motions have been used [Gage and Balsley, 1984; Hocking, 1985; 1996]. 
This technique allows for a nearly continuous time coverage of turbulent processes in the 
upper atmosphere, and may therefore be used to qualitatively map the variation with 
season. However, when deducing quantitative results, uncertainties are introduced since 
it is difficult to appropriately correct for non-turbulent effects on the backscattered signal. 
Furthermore, background parameters needed to deduce quantitative results are normally 
not measured simultaneously and have to be taken from reference atmospheres. We will 
come back to the relationship between neutral air turbulence and radar echo strength in 
section 3.2. 

3.1 Rocketborne measurements of turbulent parameters 

More recently, neutral and plasma density fluctuations measured from a rocket have been 
used as passive tracers for turbulence [Thrane and Grandal, 1981; Blix et al, 1990; Luhken 
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et al, 1994b]. The idea behind these measurements is that any vertical excursion of an 
air parcel due to turbulent motions results in a difference between the number density 
(neutral or plasma) in the air parcel and that of the environment. The main advantage of 
these in situ measurements is that the instruments are capable of detecting fluctuations 
down to spatial scales of a few meters. This capability is crucial since it allows to detect 
the ‘break’ in the spectrum of the fluctuations which occurs at the transition between 
the classical power low in the inertial subrange and a much steeper dropoff in the 

viscous subrange [Luhken, 1992]. 

As mentioned earlier, the CONE and TOTAL instruments were installed on rockets 
in order to measure neutral density fluctuations down to very small scales of a few meters 
(see Table 2). During several flights small scale fluctuations were observed in layers of 
a few kilometer thickness. Subsequent spectral analysis indicated that these variations 
have been caused by turbulent motions. As is described in more detail in Luhken et al 
[1993a] a theoretical model is fitted to the measured spectrum. We have applied a model 
first presented by Heisenberg [1948] which exhibits the classical power law in the 

inertial subrange and a k~^ dependence in the viscous subrange. Between these subranges 
a smooth transition takes place. The frequency spectrum is given by: 



r(5/3)5»n(^/3) 

2ttvr 



c^.f 

[l + 



( 1 ) 



where r(5/3)=0. 90167 ; vr is the rocket velocity ; (7^ = is the structure 

function constant ; e is the energy dissipation rate ; Nn represents the amount of inhomo- 
geneity which disappears per unit time due to molecular diffusion; fa = 2 and = 1.74 
are numerical constants. The normalization of the frequency spectrum in equation 1 is 
such that W{u;)duf^ where a is the variance of the fluctuations. The Heisenberg 

model ‘breaks’ at a wavenumber ko = uJqIvr which is the intersection of the asymptotic 
forms of in the inertial and viscous subrange, respectively. The corresponding spa- 
tial scale = (27r)/^o, also called ‘inner scale’, is given by (see Luhken et al, 1993a for 

more details): 



/„ 3 \ 1/4 

= ; >7 =(7] (2) 

u is the kinematic viscosity, and rj is called the ‘Kolmogoroff microscale’. As can be seen 
from these equations a measurement of is synonymous with an observation of e (y is 
deduced from the insitu measurements of density and temperature). 

Towards larger scales the inertial subrange is limited by the so called ‘outer scale’ 
which is given by [Weinstock^ 1981]: 



Lb - ^^3 (3) 

{ljb ist the Brunt- Vaisala frequency). In Figure 5 a spectrum deduced from neutral 
density fluctuations at 85 km is shown together with the best fit Heisenberg model. The 
observed spectrum is nicely represented by the model with an inner scale of ^^=21.0 m. 
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Figttre 5: Spektrmn of the neutral density fluctuations measured during flight ECT07 of the 
ECHO campaign in the altitude bin 85±2.5 km. The best fit Heisenberg spectrum is also 
shown. Prom this fit the foUowmg turbulent parameters are obtained: ff^=21.0 m ; c=107 
mW/kg ; heating rate: 9.2 K/d ; = 5.5 X 10“^ 1/s. The mean kinematic viscosity is i/ = 

1.29 m^/s. The vertical lines indicate the ‘inner scale’ and the ‘outer scale’ {Lb), defined 
by equations 2 and 3, respectively. 

Applying equation 2 and using the measured kinematic viscosity of i/=1.29 m^/s results 
in an energy dissipation rate of 107 mW/kg (corresponding heating rate: 9.2 K/d). This 
turbident heating is comparable with other heat sources in the upper mesosphere, for 
example due to absorption of solar radiation, or due to chemical heating [Mlynczak^ 1996]. 

Several examples of spectra similar to that in Figure 5 have been published in the 
literature; they demonstrate that the spectra observed in turbulent layers are appropri- 
ately fitted by theoretical models such as the Heisenberg model. [Luhken et al, 1993a; 
Hillert et a/., 1994; Lehmacher and Lubken^ 1995; Luhken, 1996a]. These spectra result 
in reliable and unambiguous values for the turbulent energy dissipation rate e. 

In Figure 6 a spectrum is shown which was observed at higher altitudes (100 km) 
during the summer flight SCT06. No significant fluctuations are observed at small scales. 
For comparison, three theoretical model profiles are shown: One for e=600 mW/kg, and 
one each where e is increased and decreased by a factor of 5, respectively. A comparison 
between the model spectra and the observed spectrum in Figure 6 clearly demonstrates 
that turbulence is very weak (if present at all) at this altitude. Moreover, the turbulent 
intensity is much weaker than the theoretical model of Pritts and Luo [1995] which predicts 
values around 500 mW /kg in the 100 km height region. 

The two examples shown in these Figures are typical for our summer flights: Turbu- 
lence is rather strong around the polar summer mesopause and is practically absent above 
95 km. A summary of all TOTAL and CONE measurements of turbulent parameters is 
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Figure 6: Spektrum of the fluctuations measured during flight SCT06 of the SCALE campaign 
in the altitude range 100±2.5 km. The spectrum does not show any significant fluctuations 
at small scales. For comparison the theoretical Heisenberg type spectra for three e values are 
shown: 600 mW/kg, 600/5 mW/kg, and 600*5 mW/kg. 

presented in Lubken [1996a]. The mean energy dissipation rates deduced from aU 6 sum- 
mer flights are shown in Figure 7. Turbulence is significantly heating the polar summer 
mesopause region by typically 10 to 20 Kelvin per day. Practically no turbulence is ob- 
served above 95 km and below 80 km. In contrast, the mean of all 12 winter measurements 
(also shown in Figure 7) shows a rather different height structure: Turbulent heating is 
small in the entire atmosphere (below 1-2 K/d), and is distributed over a larger altitude 
range. It is interesting to note that this seasonal variation is in qualitative agreement with 
the calculations from Alexander [1996] who has determined the energy dissipation rate 
profiles for breaking gravity waves which are generated in the troposphere by a frontal 
zone. 



3.2 Are strong radar echoes indicative of intense turbulence? 

In the early 1980s it was realized that the backscattered signals from VHF radars at 
high latitudes show a strong and persistent modulation with season [Echlund and Balsley, 
1981]. In particular, the signals from around the summer mesopause were extremely 
intense compared to other times of the year. In the literature this seasonal dependence of 
echo strength and height is sometimes deliberately taken as a direct indication for neutral 
air turbulence, despite the fact that other factors controlling the backscatter process (e. 
g., ionization by solar radiation) also vary with season. Moreover, it was realized that the 
summer echoes are too strong to be explainable by classical backscatter from turbulent 
structures within the plasma. These strong echoes were later called “polar mesosphere 
summer echoes” (PMSE) [Rottger et al, 1988; Cho and Kelley^ 1993]. 
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Figure 7: Mean summer and winter profiles for the turbulent energy dissipation rate c. A total 
of 7 and 12 flights contributed to the summer and winter means, respectively (see Table 2). The 
dotted profile shows an estimate of the theoretical lower limit of e. The profiles were smoothed 
by calculating a 5 point running mean. 

It was suggested by Kelley et al. [1987] that massive charged aerosols (presumably 
present around the summer polar mesopause) could reduce the molecular diffusivity of 
the plasma relative to the neutrals. This would allow fluctuations in the plasma to exist 
at significantly smaller scales compared to the Kolmogoroff microscale (representing the 
smallest fluctuations in the neutral number density). The ratio of plasma to neutral 
diffusivities is called ‘Schmidt number’ Sc, The Schmidt number is greater than unity if 
charged aerosols with large masses are present in the atmosphere. 

During the SCALE campaign in 1993, the first insitu measurements of electron, ion, 
and neutral number density fluctuations were measured in the vicinity of a PMSE layer 
which exhibited a double layered structure [Lubken et al, 1993b] ‘ In the upper layer 
both neutral and plasma fluctuations were detected and, indeed, the electron fluctuations 
extended to smaller scales compared to the neutrals. A Schmidt number of 6.5 was 
deduced from a comparison of the spectra. However, in the lower layer no neutral air 
turbulence was observed which lead us to conclude that at least two different mechanisms 
can create PMSE, one of which does not require neutral air turbulence. 
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Figure 8: Radar volume reflectivities (solid line) deduced from insitu measurements of the energy 
dissipation rate and the Schmidt number indicated in the plot. For comparison the reflectivity 
simultaneously measured by a VHF radar in the vicinity of a PMSE is shown (dashed line). 
The VHF radar transmits at a frequency of 53.5 MHz which corresponds to a Bragg scale of 
3 meters. The left panel is from flight ECT02 (around 88 km) ; the right panel is from flight 
ECT07 (around 85 km). 



During the ECHO campaign in 1994 these measurements were repeated with launch- 
ings of the TURBO rocket and simultaneous observations of PMSE by the ALOMAR/SOUSY 
VHF radar [Bremer et al, 1996]. In Figure 8 the radar volume reflectivities derived from 
the insitu measurements of e and Sc are shown together with the reflectivity measured 
by the radar during the rocket flight (see Gieheler [1995] for more details). During flight 
ECT02 a relatively large Schmidt number of 220 was obtained. Together with the mea- 
sured e value this results in a reflectivity at the Bragg scale of 3 m which nicely agrees 
with the ground based observations (the frequency of the ALOMAR/SOUSY is 53.5 MHz 
which corresponds to a scale of ^ 3m). The small difference is negligible considering the 
uncertainties introduced by the assumption about the horizonal extent of the turbulent 
layer. 

During flight ECT07, however, neutral turbulence is too weak to create any significant 
backscatter (see Figure 8, right panel). The corresponding volume reflectivity at a scale 
of 3 m is too small by several orders of magnitude in order to account for the observed 
radar signal. 

These measurements show that the relationship between neutral air turbulence and 
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plasma fluctuations causing the radar echoes is not established at the moment. We have 
seen that at least two mechanisms can create PMSE, one of which is not related to neutral 
air turbulence. We conclude that strong VHF radar echoes cannot simply be taken as 
an indication of intense neutral air turbulence, at least not under the special conditions 
present around the polar mesopause in summer. 

4 Concluding Remarks 

The following observational features of the thermal and small scale dynamical structure 
of the upper atmosphere at high latitudes have to be taken into account in any parame- 
terization of gravity wave breaking: 

1. Our measurements confirm and reinforce the remarkable seasonal variation of the 
mean temperatures and their variability in the MLT region. 

2. The mesospheric thermal structure is very persistent throughout the summer season 
with a rather abrupt change from summer to winter conditions in mid August. 

3. At typical NLC altitudes of 82 km the temperature in summer is again and again 
measured to be 150±2 K with very little interannual variability (“equithermal sub- 
mesopause”). 

4. Turbulence is rather patchy and occurs in layers with a thickness of a few kilometers. 

5. The dissipation of turbulent kinetic energy is strongest around the summer mesopause 
with mean values of 10-20 Kelvin per day. During summer, we have not observed 
any significant turbulent heating above 95 km and below 80 km. During winter, the 
turbulent energy dissipation rates are generally smaller and turbulence is distributed 
over a larger altitude range. 
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Abstract. Wavelet transforms of geophysical data are a promising new technique which 
may extend traditional analyses employing Fourier transforms. Here we will employ wavelet 
transforms to examine velocity, potential temperature, and trace gas mixing ratio measurements 
from high- altitude ER-2 aircraft (altitude«20 km). Probability density functions and quantities 
similar to structure functions are calculated from wavelet transforms. This analysis reveals 
differences between the variability of meteorological quantities such as velocity and potential 
temperature, and that of passive atmospheric tracers. Our analysis suggests that trace gas 
variability contains intermittent episodes of high variability, while velocity and temperature 
flucuations are more uniformly distributed. We propose a simple model consisting of two sets 
of variability with different degrees of “roughness” and continuity. This “bi- fractal” model is 
used to interpret structure functions obtained for velocity and N 2 O. Finally, we show a case of 
gravity wave-tracer filament interaction in the ER-2 data. We argue that such interactions may 
increase cross-isentropic mixing of trace gases by gravity waves. 

1 . Introduction 

The nature of mesoscale atmospheric variablity is still a subject of intense debate. 
Studies of the power spectral density (PSD) of atmospheric kinetic energy as a function 
of horizontal wavenumber (k) have generally revealed power law spectra with indices in 
the range —5/3 to —3 at horizontal scales between 1000 km and 1 km. These include 
extensive analyses of Global Atmospheric Sampling Program (GASP) data [e.g., Nastrom 
et al 1986], as well as analyses of more restricted measurement campaigns [e.g., Lilly and 
Lester., 1974]. Theories for the observed spectra invoke either quasi 2D turbulence or a 
spectrum of inertia-gravity waves or some comination of both. Quasi 2D turbulence may 
produce either a k~^ in the downscale enstrophy cascade, or a k~^^^ spectrum the inverse 

NATO ASI Series, Vol. 1 50 
Gravity Wave Processes 

Their Parameterization in Global Climate Models 
Edited by Kevin Hamilton 
© Springer-Verlag Berlin Heidelberg 1997 




86 



energy cascade [Lilly^ 1983]. Thus, the relevance of quasi 2D turbulence to atmospheric 
energy spectra depends on the scale of actual energy inputs to atmosphere. Lilly [1983] 
has argued that the frequently observed —5/3 slope at scales of 10 to 500 km, is the result 
of strong energy injection at smaller scales by convective motions. Gravity wave theories 
also predict horizontal wavenumber spectra of kinetic energy with spectral indices (slopes 
in log- log space) in the observed range [e.g. Gardner et al. 1993]. A recent study by 
Bacmeister et al. [1996] argues that gravity wave theories give a good fit to observed 
spectra of horizontal and vertical velocity and temperature in the stratosphere. A key 
prediction of the gravity wave theory is a change of slope in the horizontal velocity spectra, 
with slopes around -1.5 or -2.0 at horizontal scales longer then 12km and slopes between 
-2.5 and -3.0 for scales shorter than 6km. The observed spectra of horizontal velocity 
exhibit this behavior. The ratio of horizontal and vertical kinetic energy is also well 
predicted by the gravity wave theory. 

Any explanation of velocity and temperature variability in the atmosphere must also 
account for the observed variablity of passive tracers such as N 2 O and Ozone. Hori- 
zontal wavenumber power spectra of trace gas mixing ratios generally exhibit spectral 
indices close to -5/3 [e.g. Nastrom et al.^ 1986; Murphy., 1989; Bacmeister et al.., 1996]. 
Bacmeister et al. argued that mixing ratio spectra of trace gases in the stratosphere differ 
significantly from those of velocities and temperature. In contrast to stratospheric velocity 
spectra, no transition to steeper slopes at short horizontal scales is present in stratospheric 
spectra of trace gas mixing ratio. Generally speaking, theories for the mesoscale power 
spectrum of trace gas mixing ratios in the atmosphere are unsatisfactory. A well estab- 
lished theoretical prediction is available only for the inertial subrange of 3D isotropic 
turbulence, where the Obukhov- Corrsin spectrum for tracers is predicted, and for 

linear gravity waves, where tracer PSD’s are predicted to have the same shape as horizon- 
tal velocity and potential temperature PSD’s. For 2D turbulence, theoretical predictions 
for the variance spectrum of a passive tracer are still unclear. The simplest arguments 
based on a correspondence of the tracer field and the vorticity field predict a spectra 
in the enstrophy cascading portion of the spectrum. However, it has been pointed out 
that this k~^ tracer variance spectrum has rarely if ever been observed [Pierrehumbert, 
1995]. Pierrehumbert argues that k~^ is approached only in the limit of zero dissipation, 
and that in the presence of dissipation the tracer variance spectrum will lie between k~^ 
and k~'^. In any case, neither turbulence nor gravity wave theories appear capable of 
simultaneously explaining the observed spectra of velocities, temperatures and passive 
tracers. 

Power spectra of atmospheric variability are an incomplete description of a sequence of 
data. Simple mathematical models can yield sharply dissimilar data sequences with iden- 
tical power spectra [e.g., Davis et al.., 1994]. Qualities of the data such as intermittency 
are not accessible via straightforward Fourier techniques. However, such information can 
be obtained from wavelet transforms with little more effort than that required to obtain 
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PSD’s. By construction, wavelet transforms yield information about the distribution of 
variability at particular scales. Quantities analogous to the structure functions commonly 
used in turbulence research are also easily calculated from wavelet transforms [e.g, Katul 
et aL, 1994]. Structure functions are generalizations of power spectra, and reveal infor- 
mation about the degree of intermittency in the variables examined. The bulk of the 
work employing structure functions to analyze flow data has focussed on long data sets 
collected in fully developed 3D turbulent flows rather than meteorological data. However, 
recently Davis et al. [1994] examined atmospheric liquid water content data using higher 
order structure functions. Their analysis indicated the presence of complex multifractal 
structure in the liquid water data. 

This study extends the analyses of ER-2 data presented in Bacmeister et al [1996]. 
That study focussed on the shapes of horizontal wavenumber PSD’s of velocity, tempera- 
ture and tracer data. In this study we will present preliminary results addressing the issue 
of intermittency in the same data set. We will rely heavily on discrete wavelet tranforms 
(DWT’s) [Daubechies, 1988, 1992; Mallat, 1989] which will be described briefly in Section 
2. In Section 2 we will also define quantities similar to higher order structure functions 
which are easily calculated from DWT’s. In Section 3 these quantities as well as other 
DWT diagnostics will be used to define objective measures of intermittency in both the 
dynamical quantities and trace gas mixing ratio. Results will be interpreted in terms of 
a simple bifractal model for trace gas variablity. We will also show what appears to be a 
clear example of strong coupling between horizontal tracer variation and vertical gravity 
wave displacments. 



2. Data and Methods 



2.1, Description of Data 

The data used in this study are high-resolution measurements of horizontal veloci- 
ties, potential temperatures, and ozone and N 2 O mixing ratios obtained in the mid- 
stratosphere during recent aircraft campaigns employing NASA’s ER-2 aircraft. Veloc- 
ity, temperature and pressure data were measured from the ER-2 by the Meteorological 
Measurement System (MMS) [Scott et a/., 1990]. MMS makes in situ measurements 
of the three-dimensional vector wind velocity, as well as temperature and pressure, at 
a sampling frequency of 5 Hz. However, in this analysis we use coarse grained MMS 
data on a 1 Hz time grid. Ozone measurements were obtained by the NO A A Dual- 
Beam Ozone Photometer [Proffitt et a/., 1989] at a sampling frequency of 1 Hz. Mixing 
ratios of N 2 O were obtained from the Airborne Tunable Laser Absorption Spectrome- 
ter (ATLAS) [Loewenstein et al., 1989]. ATLAS measurements were also recorded at 
1 Hz. The measurement campaigns in which the data used here were obtained are; 
the second Arctic Airborne Stratospheric Expedition (AASE II), the Stratospheric Pho- 
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Figure 1: 

Map showing ER-2 flight tracks during AASE II, SPADE, and ASHOE/MAESA measurement 
campaigns. 

tochemistry. Aerosol and Dynamics Experiment (SPADE), and the Airborne Southern 
Hemisphere Ozone Experiment /Measurements for Assessing the Effects of Stratospheric 
Aircraft (ASHOE/MAESA). The dates and locations of these and three earlier aircraft 
campaigns employing the ER-2 described more completely in Bacmeister et al [1996] 
and references therein. 

For convenience a map showing ER-2 flight tracks during AASEII, SPADE, and 
ASHOE/MAESA is displayed in Figure 1. The data set has a definite bias towards 
wintertime polar and mid-latitude conditions, since the primary objective of 2 of the 3 
missions was to examine polar ozone chemistry. However, during AASE II and SPADE 
equatorward flights were conducted regularly, and during ASHOE/MAESA 2 out of ev- 
ery 6 deployments took place from Hawaii. Thus, approximately one third of the flights 
examined here sampled tropical air. The ER-2’s cruising altitude is close to 20 km or 
60,000 feet, 20,000-30,000 feet higher than the commercial airliners used in the GASP 
investigations. Pressures below 70 mb are reached routinely. Approximate air speed of 
the ER-2 during cruise is about 200 m s"^. This air speed will be used to convert tem- 
poral scales in the data time series to spatial scales. The validity of this transformation 
is discussed and demonstrated by Bacmeister et al [1996]. 
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Figure 2: 

(a) Artificial 4096 element data set consiting of a modulated high-frequency pulse near a;=0.1 
and a Haar Wavelet of scale positioned near x =0.425. (b-d) Three different “octaves” of 

Haar wavelet transform of data in (a). Since the scale of the Haar wavelet in (a) is 2"® it shows 
up in (b) as a discreet peak near the middle of the 5-th octave of the DWT. The pulse projects 
power onto this and higher octaves. 



2.2. Wavelet Transforms and Structure Functions 

Orthonormal wavelets are families of orthogonal functions which, unlike sines and 
cosines, are localized in both the spatial and wavenumber domains [Daubechies, 1989, 
1992; Mallat^ 1989]. Due to the localization of the basis functions, DWT spectra con- 
tain information about the location of variability in a time series as well as its frequency. 
Unfortunately, for a data sequence with 2^ elements, only N independent frequencies or 
“octaves” are obtained from a DWT. Adjacent octaves represent frequencies separated by 
factors of two. Thus, the price for the spatial information contained in the DWT is a sig- 
nificant loss of frequency resolution when compared to an FFT. However, in the following 
analyses we will be most interested in variability at logarithmically spaced length scales, 
so that the degraded frequency resolution of the DWT’s is not a serious drawback. 

The DWT of a data sequence X(5) with 2^ elements can written schematically as 

X{s) ^ DWT ^ = [DxA^u)l (1) 

where at each octave Dx,u is a 2^ element vector. The DxA^t') Si’^® variability at 
a characteristic wavenumber ^ 2^ in the neighborhood of 5 = ds) where ds 
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the sampling interval in the data. Thus, as v increases, the DWT at this octave gives 
information about variability at succesively shorter characteristic scales on increasingly 
fine grids. The DWT is most easily understood when individual octaves are compared 
to the original data sequence. Figure 2 shows a synthesized data set and several octaves 
from its DWT. At each octave the DWT shows variability at a characteristic frequency 
or scale as a function of location. An obvious relationship exists between the peaks in the 
DWT spectrum and the localized variability in the data. There is also a correspondence 
between the scale of the variability and the octave in which its signature appears. 

The greatest practical limitation of fast DWT’s [e.g.. Press et a/., 1992] is that the data 
vector must 2” elements long, where n is an integer. In the present study we perform a 
single DWT for each quantity measured during a flight. A typical flight is around 25,000 
s long and therefore each data vector is 25,000 elements long. Zero padding is used to 
bring the length of each vector to 32,768 or 2^^ elements. A fast DWT is performed on 
the padded data series. At each octave, the portion of the DWT corresponding to the 
zero padding is zero to machine accuracy, and is thus easily identified and tagged. Edge 
effects can be accounted for by tagging DWT components within a wavelet-filter length 
of the zero padding. The “good” or untagged DWT elements from each octave are pooled 
and used to calculate probability density functions. Averages of DWT amplitudes, for 
power spectrum or structure function calculations, are simply taken over the set of “good” 
elements. This processing is somewhat sloppier than that used in Bacmeister et al. [1996] 
in that there will not be an exact correspondence between the time interval covered in 
each octave (i.e., near the edges a number of DWT elements from higher octaves will be 
kept even if at some lower octave the corresponding DWT element is eliminated). Also, 
the spectra in Bacmeister et al. [1996] represent log- averages of subspectra from 1024 s 
flight segments, whereas in this study only simple averages are used. In any case, it will 
be seen that this simpler processing yields results equivalent to those in Bacmeister et al. 
[1996]. Finally, we mention again that in this study, spatial scales are obtained by simply 
multiplying time scales in the data by the ER-2 air speed of 200 m s“^. Thus, time scales 
of 1 sec are assumed to represent horizontal scales of 200 m. 

Many families of orthonormal, compactly supported wavelets have been identified 
[Daubechies^ 1992]. These functions are exactly zero outside a finite interval. Unfor- 
tunately, only one member of the class of compact orthonormal wavelets has any simple 
symmetries. This is the Haar basis, which is the simplest wavelet basis known. An exam- 
ple of a Haar wavelet is shown in Figure 2. Haar wavelets are easy to apply, but tend to 
introduce high frequency components into power spectra due to their discontinuous shape. 
Other, higher-order, compactly supported wavelets yield power spectra in nearly exact 
agreement with FFT power spectra [e.g., Bacmeister et a/., 1996]. However, these higher 
order orthonormal wavelets do not possess simple symmetries and may not be appropriate 
for the structure function analyses to be described below. It is not obvious that asymmet- 
ric wavelets cannot provide analogous kinds of information. In fact comparison of DWT 
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results using various bases may prove informative. However, in the interest of brevity and 
compatability with previous work, we will use the Haar basis in this preliminary analysis. 

2.3. Structure Functions 

Given a series of measurements of some fluid quantity ^( 5 ), where s can be either time 
or distance, p-th order structure functions are defined according to: 

Sx[l,p) = {\X{s + l)-X{s)\^) (2) 

where () represents some average over the data (i.e., over all 5 ), and / is a characteristic 
length scale. Classical turbulence theory gives predictions for the behavior of the these 
quantities as a function of /. In fact, if X is velocity u and p = 2, the structure function 
(2) is directly related to the kinetic energy spectrum according to E{1) ~ / 5u(/, 2). 
Turbulence theory predicts 5u(/,2) ~ which is simply a restatement of the familiar 
E(k) ^ power law for kinetic energy in 3D inertial range turbulence. 

The wavelet transform is essentially a convolution of a function like the Haar wavelet 
in Figure 2 with a sequence of data. Numerous researchers have argued that DWT’s 
using simple antisymmetric wavelets such as the Haar basis are essentially differencing 
operators at logarithmically spaced characteristic scales [e.g Katul, 1994]. They conclude 
that DWT’s using simple antisymmetric wavelets can be used to calculate quantities 
resembling structure functions. An approximate correspondence between the structure 
function (2) and the DWT (1) is proposed to be; 

Sx{l,p) ~ {\Dx,.n ( 3 ) 

where the characteristic scale of the structure function is taken to be / = and () 

is an average over the elements of Dx,u [Katul et al. 1994]. In the present analysis we will 
calculate the average () over the set of “good” DWT amplitudes as described in Section 
2.2, or over subsets thereof. 



3. Results 

3.1. Previous Results for Horizontal Wavenumber Spectra 

The most familiar characterization of variability that can be derived for a sequence of 
data is the power as a function of frequency or in this case, as a function of horizontal 
wavenumber k. Horizontal wavenumber PSD’s have been derived for a variety of atmo- 
spheric data sets [e.g. Nastrom et al., 1986], including ER-2 data like that examined 
in this study [e.g., Murphy, 1989; Bacmeister et al, 1996]. Figure 3 shows horizontal 
wavenumber PSD’s for horizontal wind u, potential temperature 0, ozone mixing ratio 
Ro 3 and N 2 O mixing ratio Rn 20 from the ER-2 data set [adapted from Bacmeister et al. 
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Figure 3: 

Power spectral densities (PSD’s) of zonal velocity and potential temperature (left panel), and 
ozone and N 2 O mixing ratios (right panel) as a function of horizontal scale. Units of power 
spectral density are arbitrary. Average PSD’s have been calculated using all data from AASE II, 
SPADE and ASHOE/MAESA campaigns using Daubechies 6-element wavelets and log-averages 
of subspectra as described in Bacmeister et al [1996] 

1996]. The u and 0 spectra nearly parallel everywhere except at the longest and shortest 
scales in the analysis. Between 0.8 km and 51.2 km the spectra exhibit a curved shape 
with slopes between -1.6 and -2.0 at longer scales and steeper slopes close to -2.5 at 
shorter scales. At scales longer than 50 km the 9 spectrum retains a slope of around -2.0 
while the u spectrum appears to flatten. Parallel spectra for u and 9 are consistent with 
a gravity wave interpretation for the dynamical variability. Furthermore, as discussed in 
detail in Bacmeister et al. the shapes of A;— spectra for the dynamical quantities (including 
vertical velocity, not shown here) are remarkably consistent with the separable vertical 
wavenumber- intrinsic frequency, (m, a?)— spectra of Gardner et al. [1993]. In this com- 
parison transformations based on linear gravity wave theory were employed to transform 
the (m, a;)— spectra of horizontal velocity into A:— spectra of other wave quantities. The 
ratio of vertical-to-horizontal velocity variance in ER-2 data was also found to be in good 
agreement with theoretical predictions. 

However, the ozone and N 2 O mixing ratio PSD’s in Figure 3 appear to be significantly 
different from the dynamical spectra. They are generally flatter between 0.8 and 51.2 
km and do not display the curved shape of the dynamical spectra. The slope of the 
tracer spectra at scales longer than 1.6 km is around -1.7. Some evidence of a break 
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Figure 4: 



Probability density functions (PDF’s) for DWT amplitudes. PDF’s for fluctuations with a 
charcteristic scale of 6.4 km are shown. (Top left) PDF for ozone mixing ratio fluctuations; (Top 
right) N 2 O; (Bottom left) zonal velocity and; (Bottom right) potential temperature. Dashed 
parabolas show Gaussian fit to middle 66% of the data in each case. Vertical long-dashed lines 
enclose 50% of the data. Vertical short-dashed lines enclose 10% of the data. 



to a steeper spectral slope is evident between 3.2 km and 1.6 km for ozone. Simple 
linear gravity wave theory would predict tracer spectra shaped like those of horizontal 
velocity and potential temperature. Current 2-D turbulence theories predict a wide range 
of slopes for tracer spectra. For a long-lived tracer in a nondiffusive 2-D enstrophy cascade 
k~^ is expected, but diffusion may steepen the spectrum to something between k~^ and 
k~^ [Pierrehumhert 1995]. However, regardless of the present uncertainties in theoretical 
predictions for the tracer spectra, the basic conclusion remains that the tracer variance 
spectra and the dynamical energy spectra in Figure 3 are not presently consistent with a 
single theoretical explanation. 

3.2. Probability Density Functions (PDF’s) 

The most obvious way to obtain further information about variability from DWT’s 
is to simply examine the distribution of DWT amplitudes at particular scales. Figure 
4 shows histograms or probablity density functions (PDF’s) of DWT amplitudes at a 
scale of 6.4 km for u, 6, R 03 , and Rn 20 - The PDF’s shown in Figure 4 are taken over 
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the entire set of ER-2 measurements for the ASHOE/MAESA mission. The value of 
the PDF at a particular position x is simply the probability that a DWT amplitude in 
particular octave will fall between x—O.bAx and a:+0.5Aa:, where Ax is chosen to be 
about 0.05 of the mean absolute value of the DWT amplitudes. The PDF’s in Figure 
4 have been normalized. The portion of each PDF shown represents 95% of all the 
“good” elements in the data. The plots are log-linear, so that the tails of the PDF’s 
are prominent. The dashed parabolic curves in each panel show least-squares fits of the 
central 66% of the data to a Gaussian (or normal) distribution, which appears parabolic 
in log-linear plots. The difference between the tracer PDF’s (ozone and N 2 O) and the 
dynamical PDF’s (u and 0) is striking. The tracer PDF’s disagree with the 66% Gaussian 
fit everywhere, even near the center of the PDF’s. In contrast, the dynamical PDF’s are 
in excellent agreement with the 66% Gaussian fit in the middle of the distribution. Thus, 
the majority of dynamical fluctuation “events” are normally distributed. Good agreement 
with a Gaussian distribution is found for upto 80% of the dynamical fluctuations. Similar 
PDF’s are obtained for all 4 quantities for a range of fluctuation scales spanning 1.6 km to 
51.2 km. The occurrence of non-Gaussian statistics for the tracer fluctuation amplitudes 
suggests variability dominated by a number of large disturbances. Non-Gaussian statistics 
have been observed for a number of “turbulent” flows including the atmospheric boundary 
layer [Katul et al. 1994], High-Re wind tunnel [Yamada and Ohkitani, 1991] and in the 
Solar wind [Marsch and Tu, 1994]. 

3.3. Structure Functions 

The PDF’s shown in Figure 4 contain useful information about variability that is not 
contained in traditional Fourier power spectra. However, scale dependent information 
about variability is not easily diagnosed using PDF’s. Analysis of structure functions (3) 
can recover some of the information about intermittency contained in the PDF analysis, 
as well as some of the scale dependent information contained in Fourier power spectra. 

For many geophysical data sets it is well known that the power spectrum of variability 
is described approximately by a power law, i.e, E{k)^k~°‘ . The most familiar example in 
fluid mechanics is the Kolmogorov spectrum for inertial-range, isotropic, 3-D turbulence, 
where a=5/3. When the power spectrum is described by a power law the same will be 
true for the second order structure function, i.e., 

£(fc) ~ ^ 5(/, 2) ~ 

where the scaling exponents a and C(2) are straightforwardly related by a = ((2) + 1 [e.g., 
Davis et al. 1994]. Much of the information in structure function analysis is contained 
in the way the scaling exponent ({p) for the structure functions varies with p. The 
scaling exponents C(p) are determined by performing linear least squares fits to the curves 
log 2 5(/,p) vs. log 2 / for different values of p. The fits should be performed over a range 
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Figure 5: 

(Right) Structure functions 5(/,p) as functions of length scale for zonal velocity; and (left) scaling 
exponents C(p) vs p derived from linear fits to 5(/,p). The two C(p) vs p curves correspond to 
different scale ranges used in linear fit to structure functions. The steeper ({p) vs p curve 
corresponds to the scale range 0.8 to 6.4 km. The shallower C(p) vs. p curve corresponds to the 
scale range 6.4 to 51.2 km. The log 2 *S'(/,p) vs. log 2 / curves on the right are shown for p=0.5, 
1 . 0 , ...., 6 . 0 . 



of scales where the energy or variance spectrum is well described by a power law [Davis 
et al. 1994]. For variables with normally distributed fluctuation amplitudes at all scales 
and energy or variance spectra steeper than k~^ ^ the (^(jp) vs. p curve will be a straight 
line. 

Figures 5 and 6 show structure functions and scaling exponents for ASHOE/MAESA 
zonal velocity and N 2 O data. As discussed above, the determination of C(p) involves 
choosing a scale range over which to perform the linear fit to the structure functions. For 
the zonal velocity structure functions, we performed two linear fits; one over the scale 
range from 0.8 km to 6.4 km and another from 6.4 km to 51.2 km. This was done since 
our earlier analysis of zonal velocity power spectra [Bacmeister et al.^ 1996] suggested 
a change in the spectral index somewhere between 3.2 and 12.8 km. This change in 
spectral index is reflected in the structure functions for zonal velocity, which exhibit an 
apparent break at 12.8 km. Nevertheless, consistent with the Gaussian PDF’s for zonal 
velocity fluctuations shown in Figure 4, the scaling exponent ((p) for horizontal velocity 
is approximately linear in p over both scale ranges. 

In contrast the ({p) vs p curve for N 2 O (Figure 6) is decidedly nonlinear. At best, the 
((p) vs p curve for N 2 O can be decomposed into two approximately linear regions; one for 
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Figure 6: 

As in Figure 5 but for N 2 O mixing ratios. In this case, the fits to determine C(p) are made over 
a single scale range from 0.8 km to 51.2 km. The straight lines plotted over ((p) vs p curve have 
slopes of 0.5 and 0.22. The y-intercept of the shallower line occurs at around 0.9. This suggests 
the presence of highly discontinuous or intermittent variability in the N 2 O data (see text). 



p<2, where ({p) has a slope of around 0.5; and a second for p>3, where the slope of ^(p) 
is much shallower, close to 0.22. Between, p=2 and p=3 the ^(p) gradually changes from 
one slope to the other. This is clearly an oversimplification of the shape of the ({p) curve 
for N 2 O, but it is one that leads to a simple interpretation in terms of “fractal” sets. 

Bi-Fractal Interpretation. Here we outline an interpretation of the structure functions 
and exponent curves in Figures 5 and 6 in terms of variability with different degrees 
of “roughness” [see Davis et aL, 1994] and with different degrees of continuity. The 
argument presented follows one given in Aurell et al. [1992] for structure functions arising 
in connection with Burger’s Equation. Assume a certain kind of variablility produces 
fluctuations of scale / which have a characteristic amplitude H{\). Also, assume that 
N[l) such fluctuations typically occur per unit length. The contribution to the p-th order 
structure function at scale / from this variability will be, 

S{l,p)^H{iy N{l)l 

The simplest kind of variability is simply a smooth, continuous curve. In this case the 
number of fluctuations at a given scale N{1) varies as /“^ while their amplitude H(l) 
varies as /. The structure function is then simply S{l,p)^P and the ({p) vs. p curve 
will simply be a straight line of slope 1. If we want continuous but “rougher” variability 
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we keep but allow where l>a>0. In other words the amplitude of 

fluctuations decreases more slowly than / as / decreases. The structure function for this 
variability becomes and the ((p) vs. p curve is a straight line of slope a. This 

describes the horizontal velocity results in Figure 5 for a choice of a=0.8 or 1.1. If we 
now also allow the number of fluctuations to vary as where d is less than one, we can 
describe variability that is not continuous, or in the context of a 1-D data record, sets of 
variability whose “dimension” is less than one. If such a discontinuous set with 
and is added to continuous variability with and we will get 

a p-th order structure function. 



5(/,p) - 

In order to determine the scaling exponent C(p) (that is the slope of the log 5(/,p) vs log I 
curve) we let / 0. This gives, 

C(p) = MIN [acP, 1 - c? + adp] 

In other words for this simple “bifractal” model the C(p) vs. p curve becomes the minimum 
envelope of two lines. Furthermore, the y-intercept of the shallower of the two lines 
has a clear interpretation as the “dimension” of the set of discontinuous variability. In 
the case of ASHOE N 2 O the shallow C(p) vs. p curve at p>3 implies the existence 
of highly discontinuous variability with d near or below 0.1. The preceeding is highly 
oversimplified, and glosses over important questions about the PDF’s of fluctuations at 
each scale. However, it gives a simple interpretation for the N 2 O structure functions that 
can be used to test ideas. More complete discussions of “bifractal” and “multifractal” 
data sets are given for example in Meneveau and Sreenivasan [1991] Davis et al. [1994], 
and Frisch [1995] (Chap. 8.5). 



4. Discussion 

Analysis of atmospheric data in terms of PDF’s and structure functions is in its in- 
fancy, and the work presented here is preliminary. However, it seems safe to draw several 
conclusions from the preceeding analysis. First of all, the PDF’s and structure functions 
shown here reinforce earlier tentative statements in Bacmeister et al. [1996] that dynami- 
cal quantities such as velocities and potential temperature are subject to different sources 
of variability than tracer mixing ratios. Both structure functions and PDF’s suggest a 
richer character for tracer variability. Tracer variability appears to be strongly multi- 
fractal, containing a continuous background of “rough” variability as well as intermittent 
events of high amplitude. In contrast, dynamical variability appears to be dominated by 
continuous, normally distributed background variability. Velocity and potential temper- 
ature PDF’s exhibit non-Gaussian tails but these do not appear to represent a significant 
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fraction of the variability. However, it should be emphasized that the ER-2 sampling is 
somewhat biased against periods of intense dynamical variability at small scales, such as 
large mountain waves or severe turbulence (for obvious safety reasons). 

In their analysis of ER-2 data Bacmeister et al [1996] argued that the observed horizon- 
tal wavenumber spectra of velocities and potential temperature dynamical were consistent 
with a gravity wave interpretation. The same was not true for the tracer variance spec- 
tra. A simple gravity wave interpretation based on vertical displacements of a smooth 
background tracer field would predict tracer variance spectra similar in shape to those 
of horizontal velocity or potential temperature. Similar fluctuation PDF’s and structure 
functions for horizontal velocities, potential temperature, and tracers would also be ex- 
pected from a linear gravity wave interpretation. Instead, we find non Gaussian PDF’s 
and tracer variance spectra near over a wide range of scales. Such statistics may be 
characteristic of a wide class of 2D, area-preserving maps applied to a tracer field [e.g. 
Pierrehumhert^ 1995]. Thus, the results of Section 3 appear to be consistent with the 
idea that a significant fraction of tracer variability in the stratosphere is associated with 
quasi-isentropic motions which stretch and fold large scale tracer gradients into small-scale 
“filaments”. This has long been the dominant interpretation among researchers investi- 
gating stratospheric tracer transport, for small scale features observed in trace gas data 
from the ER-2 and other sources [e.g., Schoeherl et a/., 1993; Waugh and Plumb^ 1994] 
This interpretation has been buttressed by the the success of passive advection models 
using global wind analyses in predicting the location of filaments observed by the ER-2 
[e.g., Schoeberl et al, 1993]. 

4>P Gravity Wave- Tracer Filament Interaction 

It appears likely that quasi-isentropic filamentation is responsible for a significant pro- 
portion of observed tracer variability. However, it is also clear that the background gravity 
wave field in the atmosphere must also generate some degree of tracer variability. This is 
all the more probable since the same process of differential advection, which can generate 
small scale tracer structures in the horizontal, can also lead to the formation of small- 
scale features in the vertical [e.g. Reid et al.^ 1994]. Gravity wave vertical displacements 
can be expected to interact strongly with thin filaments of tracer. Clear examples of 
such interactions have been observed. Figure 7 shows ER-2 measurements of potential 
temperature, horizontal wind, as well as ozone mixing ratio taken on December 14, 1991 
over northern Quebec, Canada. The ozone field shows a series of sharp, almost square- 
wave like, variations between 62000 and 65000 UT. The ozone mixing ratio appears to 
jump between two envelope curves, the higher curve around 2.8 ppmv and the lower curve 
around 2.0 ppmv. During the same period, the potential temperature, as well as the hor- 
izontal velocity, exhibited enhanced variability. However, the enhancement in dynamical 
variability appears to relatively small compared to the enhanced tracer variability. Figure 
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Map in lower left hand panel shows ER-2 flight track on Dec. 14, 1991. Other 3 panels show 
flight data recorded during flight. Upper left shows zonal velocity. Upper right shows potential 
temperature and lower right shows ozone mixing ratio. Highlighted portion of track indicates 
the portion of flight occurring between 62000 and 65000 UT sec. During this time interval strong 
variability was observed in ozone mixing ratio (see lower right panel). 



8 shows ozone mixing ratio as a function of potential temperature for the same portion 
of the flight track. Adiabatic gravity wave vertical displacements should not perturb the 
O3— ^ relationship. However, between 490° K and 510°K large deviations from the ap- 
parent background O3— ^ curve are evident. The ozone mixing ratio in the background 
curve appears to increase almost linearly from around 2.7 ppmv at 490° K to 3.0 ppmv 
at 510°K. The filament exhibits sharply reduced ozone mixing ratios with values between 
1.9 and 2.1 ppmv in the same 6 range. Such a reduction of ozone mixing ratio along a 0 
surface at this time and location suggests the intrusion of an air mass from further equa- 
torward. It is clear in this case that the presence of a filament drastically enhances the 
ozone variability produced by wave-induced vertical displacements. In this example there 
did not appear to be significant wave-induced turbulence in the vicinity of the filament, 
based on a cursory examination of vertical and horizontal velocity DWT’s. However, re- 
peated superpositions of thin filaments and wave-induced turbulence could significantly 
enhance climatological cross-isentropic mixing of tracers and vorticity. This could play an 
important role in producing the diffusion required in the study of Pierrehumbert [1995] 
to produce tracer spectra steeper than . 
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Figure 8: 

Ozone mixing ratio as a function of potential temperature for 62000 to 65000 UT on Dec. 14, 
1991. Note sharply reduced ozone between 490°K and 510°K suggesting a thin intrusion of air 
from further south (equatorward). 



5. Summary and Conclusions 

This study presented a wavelet-based analysis of PDF’s and structure functions for 
velocity, potential temperature, and trace gas (N 2 O and ozone) mixing ratio data mea- 
sured by a high-altitude ER-2 aircraft in the lower stratosphere. Clear differences between 
the tracer variability and the dynamical variability were detected. Tracer variability was 
dominated by large intermittent events, while dynamical variability was dominated by 
relatively continuous nearly Gaussian fluctuations. This was evident in both PDF and 
structure function analyses. The behavior of the structure functions for N 2 O was inter- 
preted in terms of a simple bifractal model. It was argued that the differences between 
tracer and dynamical variability may be due to the different roles of gravity wave motions 
vs. quasi-isentropic stretching and folding in producing the observed variability in each 
case. Finally, an example of strong interactions between a tracer ‘‘filament” and gravity 
wave motions was presented. 

The interpretation of these data is still far from clear. However, it appears safe to 
conclude that tracer variability in the stratosphere is quantifiably more intermittent than 
dynamical variability. The intermittent character of tracer variability is likely to be re- 
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lated to quasi-isentropic stretching and folding by large scale motions, which yields for 
example sudden narrow filaments. The same stretching and folding would not significantly 
enhance dynamical variability at small scales. An earlier study of ER-2 data suggested 
that dynamical variability was largely consistent with a spectrum of gravity wave motions. 
The lack of intermittency in the dynamical fields may therefore place constraints on the 
nature of wave-wave interactions which might occur in the atmosphere. However, before 
such implications can be fully examined in the ER-2 data set, questions of ER-2 sampling 
biases (e.g. its avoidance of intense dynamical variances), as well as questions of resolution 
(e.g., can MMS resolve typical turbulent length scales) must be carefully considered. 
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1. Introduction 

Geographical and spectral distributions of gravity waves are crucial for large-scale 
circulation and local mixing in the atmosphere. Lack of global gravity wave (GW) 
climatology makes it difficulty to quantify the total momentum and energy forcings 
contributed by the small-scale eddies. Observations of the GW distributions have been 
provided previously by various techniques such as radar [Meek et al. 1985; Vincent and Fritts 
1987; Fukao et al. 1994], lidar [Wilson et al. 1991], balloon [Allen and Vincent 1995], rocket 
[Hirota 1984], aircraft [Nastrom and Gage 1985] and satellite [Fetzer and Gille 1994]. 
However, each of these techniques only measures waves of certain spatial and temporal 
scales. Observations from radar, lidar, balloon and rocket yield good temporal and vertical 
resolutions usually at one geographical location while aircraft observations provide good 
horizontal resolution but for a short period of time. It is difficult in general for space-borne 
sensors to obtain the same resolutions, but observations of GWs at somewhat larger scales are 
feasible, for example using saturated radiances from the Upper Atmosphere Research Satellite 
(UARS) Microwave Limb Sounder (MLS) [Wu and Waters 1996]. 

Observations from UARS MLS can provide geographical distributions and seasonal 
climatology of small-scale GWs in the middle atmosphere. The gravity waves to which MLS 
is sensitive are those with relatively long (>10 km) vertical wavelengths and therefore are of 
importance to the momentum budget in the mesosphere and lower thermosphere. The UARS 
MLS, in operation since 12 September 1991, was designed to measure profiles of molecular 
abundances (O3, CIO, and H 2 O), temperature and pressure in the middle atmosphere using 
thermal emission features near 63, 183 and 205 GHz [Waters 1993; Barath et al. 1993]. We 
recently made an extraordinary use of the saturated radiances from the 63-GHz radiometer 
channels, which measure atmospheric temperatures at different altitude layers, for small-scale 
gravity wave study [Wu and Waters 1996]. This study is benefited from a good global 
coverage ranging from 34° latitude in one hemisphere to 80° in the other, because the MLS 
field of view is 90° from the UARS orbital velocity and the orbit is 598 km high with 57° 
inclination. The UARS makes 10 yaw maneuvers each year allowing alternating views of high 
latitudes in the two hemispheres with a periodicity of ~36 days. Section 2 provides some 
examples of MLS raw radiance measurements where gravity waves are evident as coherent 
patterns among the measurements at different altitudes. In section 3 sampling issues and 
temperature weighting functions are discussed. Section 4 describes a variance analysis 
technique for routine MLS limb-scanning observations which is used to map GW activity on a 
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monthly basis. Section 5 discusses the GW variance maps obtained for January and July 
periods and a climatology for 1992/93. Summary and conclusions are in section 6. 




Figure 1. An example of MLS O 2 radiance profiles near 63 GHz as the instrument step-scans 
from the mesosphere to the surface. Fluctuations in the saturated radiances are generally large 
for center channels but small for wing channels due to atmospheric temperature variability and 
instrument noise. 



2. MLS 63-GHz Radiance Measurements 

Two general scanning mechanisms have been implemented in the MLS operation for 
atmospheric sampling: limb-scanning and limb-tracking. In routine limb-scanning mode the 
instrument step-scans the atmospheric limb in ~65 seconds at 2 seconds/step from ~90 km to 
the surface producing increments of ~5 km in the mesosphere and 1-3 km in the stratosphere 
and troposphere. Figure 1 shows the radiance profiles of a single scan measured by the 63 
GHz radiometer, which resolves an O 2 emission line into 15 spectral channels for retrieving 
atmospheric tangent pressure and temperature [Fishbein et al. 1996]. All radiances are 
saturated when the instrument views tangent heights below ~18 km because of strong line 
absorption. Radiances near line-center (channel 8) saturate at higher altitudes than those near 
the line- wing (channels 1 and 15 that are symmetric about channel 8). The saturated radiance 
is a good measure of atmospheric temperature and depends little on the tangent height of 
pointing. Thus, as the satellite moves along, fluctuations in the saturated radiances actually 
reflect atmospheric temperature variations in the horizontal direction. Nevertheless, although 
the radiances below ~18 km are saturated, they still depend weakly and nearly linearly on 
pointing. By removing this weak linear trend, one can detect fluctuations in the saturated 
radiances due to horizontal variations in atmospheric temperature. 

In limb-tracking mode the instrument tracks the limb, usually at ~18 km tangent 
height, and makes measurements with the same 2-second sampling frequency as in limb- 
scanning mode (equivalent to ~15 km horizontal resolution along the suborbital track). Since 
all 63 GHz channel radiances are optically thick in the 18-km-limb-tracking observation, MLS 
in this mode measure atmospheric temperature continuously with a good horizontal 
resolution. Such a data set is quite useful for GW studies. Figure 2 illustrates the sampling 
pattern for the limb-tracking mode, showing the MLS suborbital tracks on 28 December 1994. 
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centers separated by ~15 km, while a larger gap in the middle is caused by a 6-second 
instrument calibration. The limb-tracking mode was used nearly continuously during 23-30 
Dec. 1994, 1 Feb.-20 Mar. and 7-15 Apr. 1995, and normally scheduled for every-third-day 
operation since then while MLS is on. (Because of degradation in the UARS power system, 
the instruments on board are now operated in a time-sharing mode). Radiance measurements 
from channels 1-2 and 14-15 are not shown here because these channels are not fully saturated 
at high latitudes with the 18-km-limb-tracking mode and pointing variations may contaminate 
the radiance variances. 




Fi 2 ure 2 . UARS/MLS sampling tracks on 28 December 1994 marked by the first 
measurement of each major frame (65.5 seconds). The inset details the set of individual 
measurements in a single major frame with the short lines indicating the orientation of the 
temperature weighting functions (see text). On this day MLS was preferentially observing the 
Northern Hemisphere. The ascending portion of orbits 1 is highlighted with solid lines. 




Figure 3 . Channel 3-8 radiance measurements from the ascending part of orbit 1 on 28 
December 1994. 
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Figure 3 gives an example of limb-tracking radiance measurements taken on 28 
December 1994, when the radiance brightness temperatures observed have large gradients 
near the vortex edge (~40-50°N) for channels 3-5. The weaker latitudinal gradients in channel 

6- 8 radiances suggest that the vortex is weakening at altitudes above 50 km. The radiance 
gradient differs from orbit to orbit because the vortex was not zonally symmetric at that time 
in the Northern Hemisphere. Coherent variations can be seen in the radiance fluctuations at 
different channels (or altitudes) with scales from hundreds to thousands of kilometers. 
Caution should be given to the interpretation of large-scale radiance variations from channels 

7- 8. These channels and channel 9 (not shown in Figure 3), close to the O 2 line center, can 
vary by 3-8 K due to the Zeeman effect associated with Earth’s magnetic field. However, these 
variations generally change slowly along the orbital track except above 70°N and below 25°S 
(during this observing day) where the viewing angle changes rapidly with respect to the 
magnetic field lines. 
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Figure 4 . Radiance fluctuations derived from Figure 3 with large-scale (>1000 km) variations 
removed. Radiance fluctuations of each channel are displaced by 5 K with the channel number 
indicated at the left of each measurement series. There are more samples near the turning 
latitudes at 34°S and 80°N than elsewhere. In the middle portion of the orbit, a 10° latitude 
band corresponds to a distance of -1300 km. 

The small-scale fluctuations can be seen more readily in Figure 4 where large-scale 
(>1000 km) variations are removed from the radiances in Figure 3. The filtered data in Figure 
4 are obtained by differencing the raw and smoothed data (i.e., averages over -1000 km). The 
radiance fluctuations from the first ascending orbit show a magnitude of 0.5-3 K at 10°-30°S 
over South America where deep convection is known to be strong during this period. 
Oscillations of 1-2K are apparent in the mid- and high-latitude Northern Hemisphere. Phase 
coherence and amplitude growth with height are clearly seen at some latitudes, suggesting the 
presence of vertically propagating waves. The 0-30°N region is relatively quiet where the 
fluctuations are mainly instrument noise. 
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It should be noted that the MLS radiance fluctuations are expected to largely 
underestimate atmospheric temperature variations mainly because of the broad vertical and 
horizontal weighting functions. Atmospheric temperature variances are typically 1-5 in the 
lower stratosphere according to radiosonde measurements [Allen and Vincent, 1995] and 1-10 
in the upper stratosphere from rocket observations [Hirota, 1984; Eckermann et al., 1994]. 
Moreover, the gravity wave spectra can vary largely with time, height, and place, which adds 
complexity to interpretation of the radiance fluctuations. The observed magnitude of the 
radiance fluctuations is a result of convolutions of wave spectra, wave propagating directions, 
instrument weighting functions, and sampling patterns. Aliasing between wave amplitudes 
and propagating directions may give problems in directly relating the radiance fluctuations to 
GW parameters. The quantitative GW information in the MLS measurements is therefore to 
some extent as limited as what can be obtained from other techniques. Before we further 
discuss the radiance fluctuations, the weighting functions and the instrument spatial resolution 
need to be described. 



3. Temperature Weighting Functions 




TEMPERATURE WEIGHTING FUNCTIONS 



Table 1. The 63 GHz channel parameters 
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Figure 5 Temperature weighting functions of channels 1-15 for the MLS 63 GHz radiometer 
viewing the limb at 18 km (calculated by W. G. Read). 

Instrument spatial resolution and sampling patterns are key to sensing GW-scale 
disturbances in the atmosphere. The MLS has temperature weighting functions and sampling 
schemes that are suitable for observing some small-scale gravity waves. Figure 5 describes the 
MLS temperature weighting functions for 18 km tangent height radiances, showing eight 
altitude layers (-10-15 km) where temperature is measured by the saturated radiances of 
different channels. Because the MLS line-of-sight (LOS) direction is perpendicular to the orbit 
velocity, horizontal averagings are -100-300 km cross-track (perpendicular to suborbit path) 
due to radiative transfer through the limb path, and -30 km along-track (parallel to suborbit 
path) due to the antenna field-of-view (FOV) smearing. The vertical and horizontal averagings 
can substantially reduce the magnitudes observed from actual atmospheric temperature 
fluctuations, but they are still detectable due to low radiometer noise (varying from 0.07 to 0.5 
K). Table 1 summarizes the key parameters of the temperature weighting functions and the 63 
GHz channel noise. 
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Figure 6 (a) Observing geometry for MLS saturated radiances, (b) Detailed weighting 
functions in the saturation region where the line of sight is indicated by the straight line. The 
weighting function in (b), normalized by its peak, is contoured at 0.2, 0.4, 0.6 and 0.8 from 
edge to center, while the line of sight is indicated by the straight line. 



One must consider the 3 -dimensional nature of the temperature weighting functions in 
order to understand what waves can be observed with MLS. Atmospheric waves propagate 
vertically as well as horizontally, and therefore the amplitude of observed radiance 
fluctuations depends on orientations of the weighting function relative to wave propagation 
direction. Figure 6 illustrates the MLS observing geometry where the temperature weighting 
function has an asymmetric shape in the vertical plane, showing slight tilting from the local 
horizontal plane. Because of the spatial asymmetry of the temperature weighting functions, the 
magnitude of radiance fluctuations observed depends on the angle between the LOS direction 



and wave vector. The observed magnitude is 
larger if the LOS direction is aligned more along 
with wavefronts. 

The horizontal projection of the 
weighting functions is also asymmetric with a 
width of ~20 km and a length 150-300 km. As 
illustrated in Figure 7, the instrument is more 
sensitive to the waves propagating in the y 
(along-track) direction due to larger averaging in 
the X (LOS) direction: waves are filtered 
differently in the x and y directions. As shown in 
Figure 8 the response to horizontal wavenumber 
in the jc-direction is cut off at high positive 
numbers because of the long (-200 km) 
weighting function. Little responses at small and 
negative wavenumbers are due to the angle 
preference of the tilted weighting function which 
produces severe averaging on the waves with 
wavefronts not parallel to the LOS direction. 
The response cutoff at small wavenumbers in the 
y-direction {ky) is due to the data point truncation 







track 

Figure 7. Temperature weighting 
functions of the saturated radiances 
projected on the horizontal plane. The 
footprints of the weighting function 
move across wavefronts (shaded) with an 
angle 0, and k = 2nX. 
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that any analysis method must include. The low response for high kx is caused by the spatial 
smearing (~15 km) during the 2-second integration and the width of the temperature 
weighting function (~20 km). 

The combination of the spectral filters in the x and y directions yields an optimal 
viewing angle and an optimal wavelength for MLS to observe atmospheric waves. This is 
simply because the response functions in Figure 8 provide spectral constraints in two 
orthogonal directions. The two orthogonal wavenumbers are related by k^ = k cos0 and 
ky =ksinQ , where k and 0 are defined in Figure 7. Figure 9(a) shows the calculated radiance 
response as a function of horizontal wavelength and observing angle. For waves with a 10 km 
vertical wavelength, the optimal observing angle is -30° between the instrument FOV and 
wavefronts, while the most observable horizontal wavelength is -100 km. Because the UARS 
orbit has an inclination of 57°, the MLS is more sensitive to meridionally-propagating waves 
near the equator and more sensitive to zonally-propagating waves near the orbit turning 
latitudes (Figure 2). Figure 9(b) gives the maximal radiance response as a function of vertical 
wavelength, where poorer sensitivity in smaller vertical wavelengths is the direct effect of the 
MLS broad vertical weighting functions. There should be a vertical wavelength that is most 
observable if the GW spectrum and dispersion relation are considered. However, the wave 
spectrum and its climatology are not well known at present, although some theoretical and 
observational studies suggest that short vertical wavelengths (<10 km) may dominate the 
waves in the lower atmosphere (< -50 km) while long (>10 km) waves, due to atmospheric 
filtering, are more important in the upper atmosphere [Meek et al. 1985; Smith et al. 1985]. 




Figure 8. Radiance responses to the horizontal wavenumbers (a) along and (b) cross the track. 
The response function in (a) is a simple convolution of a 6-point (-90 km) truncation 
functions and along-track smearing, while the response function (b) is calculated by 
convolving the instrument weighting function (Figure 6b) with a 1 K monochromatic wave 
that has a 10 km vertical wavelength. For a given vertical wavelength, positively propagating 
waves have wavefronts more parallel to the MLS field of view direction. 
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The minimal observable wavelength can be determined from Figure 9 if the minimal 
detectable radiance amplitude or variance is specified, which depends on the analysis method 
used. Section 4 describes a simple technique of variance analysis for MLS limb-scanning data, 
with which the minimal observable vertical wavelength is ~1 km in a monthly average. The 
minimal detectable variance can be shown to depend on the number of data points averaged 
and the noise level. 




(a) (b) 

Figure 9. MLS radiance response as a function of (a) horizontal wavelength and observing 
angle 0 and (b) vertical wavelength. The radiance responses in (b) correspond to the peak 
value in (a), where the solid (dashed) line is for channel 1 (8). 



4. Variance Analysis 

The method discussed here is a radiance variance analysis that can be used to derive 
the atmospheric temperature variance from the saturated radiances measured with the MLS 
limb-scan mode (like one in Figure 1). There is a maximum of 6 consecutive data points in 
the bottom of each scan where all channels can meet the saturation requirements. A radiance 
variance for each channel can be calculated from these 6 measurements. The radiance variance 
calculated for a give channel contains instrument noise and atmospheric temperature 
variations from a specified altitude layer as illustrated in Figure 2. To calculate the radiance 
variance, a linear variation is firstly removed from the 6 radiance measurements, which 
removes effects of the weak tangent pressure dependence and large-scale wave modulations. 
Subsequently, the estimated total radiance variance for a given channel, (T^, similar to the 
definition of reduced chi-square, is obtained by 

( 1 ) 

where y, and Zi denote, respectively, radiance measurements and tangent heights. Parameters a 
and b are determined from the linear least squares fit to the 6 measurements, and 4 is the 
degree of freedom. As we discussed above, this total radiance variance, a^, is mainly due to 
atmospheric temperature fluctuations, instrument noise and other possible error sources such 
as non-linear terms in the pressure dependence, namely. 
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( 2 ) 

where is the variance due to instrument noise for the given channel and is known from 
instrument calibrations in each limb scan. The non-linear pressure contribution, , is small 
and only important for channels 1/15 and 2/14, and can be reasonably estimated from radiance 
models (when these channels are used in the analysis). As a result, the atmospheric 
fluctuation, , can be derived by subtracting a I from the estimated total radiance variance 
<T^. We now interpret the atmospheric temperature fluctuations contributing to the radiance 
variance as a manifestation of upward propagating GWs [Hines I960]. The same procedure is 
repeated for all the radiance channels, and the results are averaged for the channel pairs that 
are symmetric about the line center. Other fluctuation sources, such as the antenna pointing, 
are either insignificant or very occasional and, therefore, neglected in the analysis here. 

The uncertainty in the estimated total radiance variance is the fundamental limit for 
detecting weak gravity wave signals, and this depends on the number of data points averaged 
and the instrument noise. To reduce this uncertainty, we generally average measurements over 
a month for each latitude-longitude grid. The statistical uncertainty of the averaged radiance 
variance, therefore, is reduced significantly and given by |<y ^ -a ^| ~ yll/ me ^ , where m is the 
total number of data averaged within the grid. For example, an 80-variance average will make 
a wave variance of 10'^ statistically significant in the channel 2 radiances. 

5. Gravity Wave Variances 

The variance maps presented in this section are 40-day averages for two periods near 
solstices: January (20 December 1992 - 29 January 1993) and July (18 June to 28 July 1993), 
centered on UARS yaw days. Figure 10 shows the resulting maps at seven altitudes, and 
striking features in these maps are large amplitudes associated with the stratospheric polar 
vortex in the winter hemisphere and subtropical land masses in the summer hemisphere. 
These features evolve with height and change remarkably above the stratopause. 

Background winds are expected to play a major role in determining the GW variance 
amplitudes observed with MLS. Theoretical studies [Schoeberl and Strobel 1984; Miyahara et 
al. 1987] show that a strong background wind is a favored condition for GWs to propagate 
vertically because of the large intrinsic phase speed (i.e. difference between horizontal wave 
phase speed and the background wind) that prevents the waves from breaking. One may 
interpret the enhanced variance associated with the stratospheric polar jet as the result of 
vertically propagating GWs as well. This interpretation is consistent with some aircraft 
observations in the lower stratosphere [Hartmann et al. 1989], where a positive correlation 
was found between small-scale static stability and wind speed. It is the selective filtering 
effect of the jetstream that acts to reshape the wave spectrum by allowing upstream 
propagating GWs to grow more efficiently with height than others, and likely causes the 
variance enhancement observed in the jetstream. However, horizontal finestructures near the 
vortex can also contribute to the variance observed by MLS, but we cannot quantify this 
contribution at present. As another result of background wind filtering, the variances in the 
subtropical summer hemispheres show larger amplitudes at the latitudes (10°S-30°S in 
January and 10°N-30°N in July) where winds are stronger. The distribution of these summer 
GW variances is consistent with that of the large-wavenumber momentum flux calculated 
from the GFDL SKYHI high-resolution general circulation model [Miyahara et al. 1987], both 
enhanced over Madagascar, Australia, South Pacific and Brazil during January. 
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Figure 10(a). Maps of gravity wave variances for January. Latitude and longitude bins are 
respectively 5° and 10° with more than 40 measurements in each grid point. The variances are 
in a unit of and colored in a logarithmic scale, i.e., logio(a^„,). Winds (up to ~1 hPa) are 
derived from the US National Meteorological Center data [Manney et al. 1994] and averaged 
over the same periods. 
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Figure 10(b). As in Figure 10(a) but for July. 
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Dec.20,1992-Jan.29,1993 





(b) 



Figure 11. Variance growth at different latitudes during (a) January and (b) July compared 
with the exponential growth expected for non-breaking GWs. The variances are normalized 
by the squared mean radiance brightness temperature. 

The spatial distribution of variances shown in Figure 10 also provide information on 
gravity wave sources such as tropospheric convection and surface topography. Tropospheric 
cumulus convection, frequently occurring in the summer over tropical and subtropical land 
masses, is most likely responsible for the large stratospheric variances observed near 
Madagascar, North Australia and Brazil during January, and South Asia, Central America and 
North Africa during July. However, not all convectively-generated GWs can propagate into 
the stratosphere because of background wind structures. As discussed above, the prevailing 
subtropical winds may play an important role to allow only some convective disturbances to 
reach the stratosphere. Topography-related variances can be seen clearly in the maps from 
channels 8 and 7/9, showing the enhancements over Europe, Asia and America during January 
and July, and over Andes during July. The zonal asymmetries of the wintertime jetstreams in 
the stratosphere are generally believed due to differences in surface topography and 
tropospheric forcings between the two hemispheres, and GWs may provide a considerable 
contribution to such structures. 

The height variation of the normalized variances (Figure 11) reveals some important 
aspects of the propagating nature of the observed perturbations. Despite very different 
amplitudes in the lower stratosphere, these variances exhibit approximately the same growth 
rate with height throughout the stratosphere, which is consistent with the theoretical 
exponential growth for non-breaking GWs and rocket observations [Hirota and Niki 1985]. 
This property in variance growth further supports the gravity wave interpretation of the 
radiance variance observations. Saturation of the normalized variances is observed in the 
mesosphere, implying wave breakdown/saturation and momentum drag at these altitudes 
[Fritts 1984]. In Figure 12, zonal means of the normalized variances show that the saturation 
occurs lower over the vortices (50°N-70°N in January and 50°S-70°S in July) and subtropical 
land masses (10°S-30°S in January and 10°N-30°N in July). This suggests that the 
stratospheric jets would be closed at somewhat lower altitudes in these places, consistent with 
the structure of climatological mean zonal winds during these periods [Fleming et al. 1990]. 
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Moreover, dynamic heating due to the GW breaking/saturation in the jetstreams may reverse 
the temperature lapse rate remarkably and create temperature inversion layers in the 
mesosphere. Recent maps of temperature inversions in the mesosphere [Leblanc et al. 1995] 
show a distribution supported by the MLS wave variance observations. 

Alexander and Holton [this volume] have simulated the GW variances that would be 
observed by MLS, using a quasi-linear model with a broad wave spectrum input at the lower 
boundary and convolving the predicted temperature variations at higher altitudes with the 
weighting functions similar to those in Figure 2. In their simulations the GW forcing at the 
lower boundary was set to be uniform in latitude and longitude, left only with mean zonal 
winds as variables affecting the wave spectra. As a result, a non-uniform distribution of the 
temperature variance is obtained and strikingly similar to the variance maps observed by 
MLS, very much catching the first-order variability. The non-uniform distribution resulted 
from a uniform forcing again suggest the importance of background winds in gravity wave 
propagation in the middle atmosphere. It is also suggested by their model calculations that the 
variances observed by MLS are much likely due to the atmospheric GWs and hence useful for 
validating some GW parameterization schemes. 





(a) (b) 

Figure 12. Zonal mean normalized GW variances for (a) January and (b) July. Contours are in 
units of IC'^. 



Figure 13 provides time series of daily averaged wave variances for the period of 
October 1992-October 1993. Ascending-descending differences are evident in the averaged 
wave variances, implying complicated propagation behaviors of the GWs. Let us focus on the 
features in the 0-40° latitude summer hemisphere which show a strong annual variation in the 
stratosphere and a somewhat semiannual variation in the mesosphere. These variances, as 
discussed above, they are likely associated with the GWs generated by tropospheric deep 
convection and reach the stratosphere with aid of strong westward winds. During the 
winter/summer months the variances in the stratosphere are very sensitive to the MLS viewing 
geometry, showing a large difference before and after the yaw days. Since the variances 
generally vary slowly with time within a UARS month (i.e., the time period between two 
adjacent yaw maneuvers) for both ascending and descending orbits, the sudden 
decreases/increases in the variances after a yaw maneuver are due to the changes of MLS 
viewing geometry with respect to propagating GWs. 
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Figure 13(a). Time-latitude plots of daily GW variances for ascending measurements. The 
first contour and contour interval, in units of K^, are noted on the right of each panel. A 5-day 
smoothing is employed for each latitude band with data gaps highlighted by shaded areas. The 
large data gaps alternated at high latitudes are caused by the UARS yaw maneuvers. At a 
given latitude the MLS looking angle with respect to the atmosphere is approximately the 
same for an entire UARS month. 
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Figure 13(b). As in Figure 13(a) but for descending measurements.. As a result of the yaw 
maneuver, the MLS viewing direction changes at a given latitude, providing an opportunity 
for observing wave propagation directions. To the first-order approximation, the variance 
differences between ascending and descending measurements are caused by the angle 
variations between the instrument FOV and wave vectors. 
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The scenario at these latitudes 
needs to be that the GWs propagate 
eastward in opposite of background 
winds in order to explain all variance 
differences observed from the 
ascending and descending measure- 
ments [Figure 14]. As shown in the 
early analysis [Figures 8-9], the 
convolution of the temperature 
weighting functions with an eastward 
propagating GW can generate large 
differences in the observed variances 
with different viewing angles. These 
observations are consistent with the 
expectations from the simple gravity 
wave propagation theory [Lindzen, 

1981] and the simulations in a more 
realistic atmosphere [Alexander and Holton, this volume]. It can be also noted in Figure 13 
that the pattern of ascending-descending differences changes with height, suggesting that the 
wave propagation directions are functions of altitude as well as latitude. 

6. Summary and Conclusions 

The radiance fluctuations due to atmospheric GWs have been considered as "noise" to 
the MLS retrieval, in fact, to most remote sensing techniques. This "noise" is reflected in the 
Chi-square analysis or error budget analysis of desired products [i.e., Fishbein et al. 1996; 
Fetzer and Gille 1994]. However, this paper shows that the atmospheric temperature variances 
can be extracted from the total radiance variances with accurate and frequent on-board 
calibration, and therefore provide useful information on small-scale wave variability in the 
middle atmosphere. 

The MLS maps of GW activity can contribute substantially to our knowledge of 
gravity wave generation, propagation, and breakdown, which provide an observational basis 
for refining the parameterization schemes used in atmospheric modelings. The advantage of 
using satellite measurements for GW studies is their continuous spatial and temporal coverage 
with one calibration standard. High-resolution MLS limb-tracking and normal limb-scan 
observations have clearly shown some detectable wave signals in the saturated radiances. The 
major results from this new data set are summarized in the followings: 

• The MLS 63 GHz channels can measure atmospheric temperature fluctuations of small 
(-100 km) horizontal and large (>10 km) vertical scales in 30-80 km altitudes. For 
instance, a variance of 10'^ can be statistically significant in a 10°x5° monthly averaged 
map for channel 2 and 14 saturated radiances. 

• The wave variances calculated from the saturated radiances reveal some interesting new 
features associated with the stratospheric polar vortices, tropospheric deep convection 
zones, and surface topography. Much of the observed variance enhancements can be 
explained with gravity waves propagating in strong background winds. 

• The normalized variances show the expected exponential amplitude growth with height in 
the stratosphere and saturation in the mesosphere. 




Figure 14. Gravity wave propagation in a 
background wind, as suggested by the MLS 
wave variance observations, showing the 
zonal wave vector kx in opposite of the wind 
velocity U. 
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• The wave variance is dominated by an annual variation in the stratosphere and a 
semiannual variation in the mesosphere. 

• Separate analyses of the ascending and descending measurements show that the variances 
are sensitive to wave propagation directions, and suggest that the subtropical variances 
associated with deep convection are likely caused by the gravity waves that propagate 
upward and eastward in the prevailing westward stratospheric wind. 

Further study of this data set will be focused on the gravity wave spectrum and the 
structures of the strong radiance perturbations in the stratospheric polar vortex. More difficult 
questions such as, to what extent the vortex finestructures contribute to the MLS radiance 
variances, and how gravity and planetary waves interact with each other, need to be answered. 
The limb-tracking data are particularly useful for addressing these questions and need to be 
fully explored in the future. More advances in the GW observations are anticipated while the 
UARS MLS continues collecting data with the limb-tracking mode. 

The technique described in section 4 for variance analysis is for general purposes and 
can be used for measurements from the MLS 183 GHz channels as well. Similar to the 63 
GHz radiometer, the 183 GHz radiances will saturate to the atmospheric temperature of 
various altitude layers. The differences, however, are their temperature weighting functions 
and a narrower beamwidth for the 183 GHz channels. These differences allow us to compare 
the variances calculated from the two radiometers so as to gain more knowledge about the 
height variation of temperature fluctuations. 
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General Circulation Models do not produce sufficient westerly momentum 
source in the upper stratosphere, yielding a weak penetration of the westerly winds 
of the Semiannual Oscillation below the stratopause during equinox. Since the 
observed spectrum of meteorological quantities is “red” in frequency and zonal 
wavenumber, it is generally assumed that a large contribution to the momentum 
forcing in the middle atmosphere comes from the planetary scales and that addi- 
tional momentum forcing can be supplied by small-scale gravity waves. The latter, 
being beyond the resolution of current numerical models, need to be parameterized. 

In this paper, we propose that high-frequency gravity waves at resolvable zonal 
scales can provide sufficient zonal force in the upper stratosphere and mesosphere. 
These waves are generated in troposphere by tropical convection and, although they 
have smcill amplitude at the source level, they may attain substantial magnitudes 
at higher levels. We investigate the propagation of such waves in the middle atmo- 
sphere with an equatorial /?-plane model that incorporates a tropospheric heating 
whose spatial and temporal characteristics axe based on analysis of tropic^ cloud 
radiances. 



1. Introduction 

The Semiannual Oscillation (SAO) of the zonal-mean zonal wind is the salient 
climatological feature of the tropical upper stratosphere and mesosphere (e.g., Hi- 
rota 1978, 1980 and references therein). The period of the oscillation is set by the 
seaisonal cycle at stratopause level, where the summer to winter meridional circula- 
tion exerts an easterly body- force during solstices; on the other hand, the descent 
of the westerly winds is mantained by dissipating waves which are generated in 
the troposphere and carry westerly momentum upward (Dunkerton 1979). In the 
mesosphere, both phases of the SAO descend with time; the winds in the upper 
mesosphere have the opposite sign of the ones at stratopause level. The reztson for 
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the out of phase relationship is that the stratopause winds filter out the waves prop- 
agating in the same direction of the background zonal- mean zonal winds (Dunkerton 
1982). 

Although the physical mechanism of the SAO seems to be well understood, 
numerical simulations of the oscillation have not been successful. In particular, 
General Circulation Models (GCMs) are able to reproduce the easterly phase of 
the SAO at the stratopause level, but the strength and descent of the westerly 
winds below 50 km remain poorly modelled (Sassi et al. 1993, Hamilton et al., 
1995). A common aspect of several modelling efforts of the stratopause SAO is 
the lack of sufficient westerly momentum source at stratopause. Since most of the 
forcing appears to be at the planetary scales and little at other resolvable scales, it 
has been suggested (Hitchman and Leovy, 1988) that westerly momentum may be 
supplemented by small-scale gravity waves which need to be parameterized since 
they are beyond the resolution of current numerical models. 

Another possibility has emerged recently from the analysis of cloud radiances 
made available by the International Satellite Cloud Climatology Project (ISCCP) 
at temporal and spatial scales not observed before (Salby et al., 1991). Using the 
spectrum of radiances as a proxy for tropical convection, Bergman and Salby (1994) 
showed that the momentum fluxes emerging at tropopause level contain a variety of 
temporal and spatial scales. In particular at phase speeds relevant to the SAO ('^ 
40-50 ms“^), wave-activity is substantial over a broad range of wavenumbers (up 
to A;c^20) and frequencies (well beyond the diurnal). Since polar-orbiting satellite 
observations can resolve up to A;~6 and frequencies up to the diurnal, a substantial 
fraction of the spectrum is left unresolved and it is not possible to verify directly 
whether the high-frequency wave activity ajssociated with tropical convection is 
capable of supplying sufficient momentum forcing in the upper stratosphere and 
mesosphere. In this paper, we tackle this issue using an equatorial /?-plane model 
which is forced in the troposphere by introducing a heating perturbation. The 
perturbation has a frequency-spectrum that resembles Salby et al’s (1991) analysis, 
while the spatial structure is based on the evidence provided by Bergman and Salby 
(1994). We will show that, with acceptable total forcing, it is possible to obtain 
an SAO at stratopause and mesopause levels that compares well with observations. 
We will also investigate the role of the planetary-scale waves and of the diurnal 
oscillation in forcing the zonal-mean circulation in the middle atmosphere. The 
paper is organized as follows: in Section 2 we briefly describe the model; in Section 
3 we present some results obtained with different tropospheric forcings; Section 4 
gives the final remarks. 



2. Model Description 

In this Section we provide a brief description of the model and of the imple- 
mentation of the tropospheric forcing. A more complete discussion can be found in 
Sassi and Garcia (1996). 

The model used in this study is a three-dimensional equatorial /3-plane model; 
the governing equations (zonal and meridional momentum, and thermodynamics) 
are based on Andrews et al (1987; Section 4.7). Waves are not allowed to interact 
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with each other but they do interact with the zonal-mean state through the con- 
vergences/divergences of heat and momentum. Since this is an equatorial channel 
model, it is necessary to impose a source of easterly momentum at the equatorial 
stratopause, in order to reproduce easterly winds at solstice. The strength and lo- 
cation of the easterly forcing are adjusted seasonally to obtain a meridional profile 
of zonal-mean zonal winds in accord with observations. 

An important component of the model is the tropospheric forcing. An unsteady 
heating is introduced in the thermodynamic equation for each zonal wave: 



^^■...='H{x,y,t)F{z) (2.1) 

where T' is the temperature wave amplitude, % and F determine how the heating 
is distributed in space and time; x,i/,z and t are longitude, latitude, height and 
time, respectively. The vertical structure F is a sinusoidal function of 2 :, which 
makes the total heating non-zero only between the ground and 12 km. In order 
to determine the horizontal and spatial structure of heating, we followed Salby et 
al (1991) who showed that it is possible to distinguish between an oceanic contri- 
bution with negligible power at high frequencies and a continental component that 
contains a diurnal oscillation; the zonal structure w£is chosen following Bergman 
and Salby who showed that the high-frequency forcing is localized to the regions 
of the strongest convection. With this in mind, for the oceanic component of the 
forcing, we let: 

Ho{x,y,t) = So{x)To{t)Y{y) (2.2.1) 

where To is a stochastic process (Markov autoregressive process of the second order): 

To{t) = r • To(f - At) -f (1 - r) . /i -f e (2.2.2) 

r is the correlation coefficient (r=0.5 at lag 1 day); At is the time step; /i is the 
mean of the stochastic process (/i = 0); e is a random process with variance (e^) = 
1 — . These parameters have been chosen in order to make the resulting spectrum 

resemble Salby et al’s (1991; see their Fig. 8). The zonal structure is 

S'oCx) = A exp (^) (2-2.3) 

where A and La are the amplitude and the zonal half- width of the oceanic forcing. 
Similarly, the continental component of the forcing is specified as follows: 

Hc{x, y, t) = Sc{x)Tc{t)Y (y) (2.3.1) 



where Tc is defined as 



Tc{t) = r • Tc{t — At) -f- (1 — r) • /X -f e + \/2cosftt 



( 2 . 3 . 2 ) 
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Q is the frequency corresponding to period 1 day (^2 = 27 t/ 86400 rad day and 
the other parameters have the same values a,s in (2.2.2). The zonal structure is 

5c(x) = B exp ^2^) 

where B and Lb are the amplitude and the zonal half- width of the continental 
forcing. In all cases, Sc and So are modulated by a meridional Gaussian envelope 
Y which has a half- width of 850 km. The envelope’s center changes position in the 
meridional plane according to the season; it is centered at 1100 km (^10 degrees of 
latitude) at solstice and at the equator at equinox. 

In order to determine the amplitudes (A and B) and zonal scales (La and Lb) 
of the forcing, we used some guidance from observations. Since Bergman and Salby 
showed that, for the continental heating source, about one-half of the total power is 
contained in the high frequency components, it may be expected that the oceanic 
component accounts for the generation of the planetary scales. We also know from 
satellite observations (Salby et al, 1984; Hitchman and Leovy, 1988; Canziani et al, 
1994) that time- mean wave amplitudes in the tropical upper stratosphere are about 
1 K at zonal wavenumber 1 and substantially less at zonal wavenumbers >4. Several 
authors (Hitchman and Leovy, 1988; Canziani et al, 1994) have noted that, for time- 
mean amplitudes much below 1 K, the wave structures are difficult to recognize in 
the presence of measurement noise. With these facts in mind, we ran the model 
with only the oceanic forcing (2.2.1) and we tuned the parameters (A and La in 
2.2.1) to obtain stratospheric wave amplitudes at k=l of 1 K and substantially less 
at k=4. We found that planetary wave amplitudes consistent with observations 
could be obtained with A=13 K day~^ and La= 2000 km. Nevertheless, it will 
be shown in the following discussion that, with oceanic forcing alone, the model 
does not produce a realistic SAO. It turns out that it is also necessary to force the 
continental component (2.3.1) with B—20 K day“^ and Lb=^200 km to obtain a 
satisfactory simulation. 

Most of the simulations described in the following used 15 zonal waves, from 
k=l up to fc=15; meridional resolution is 300 km (lateral boundaries are at 4050 
km); vertical resolution is 1 km, extending from the groimd up to 120 km (an 
absorbing layer is present in the uppermost 20 km); the time step required for 
a stable simulation is 5 minutes. In the next Section we present results of a set 
of simulations obtained forcing the model with the imsteady heating described by 
(2.2.1) and (2.3.1). We show first the simulation we obtained with the complete 
spectrum; then we present the results from a simulation with only the planetary- 
scale waves, and finally a simulation in which the continental forcing (2.3.1) has no 
diurnal component. 
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3. Results 

8.1 Simulation with the complete spectrum. 

In Fig. 1 we show the equatorial zonal- mean zonal wind (a) and equato- 
rial Eliassen-Palm (EP) flux divergence (b) for one year of a simulation with the 
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Fig. 1. a) Equatorial zonal-mean wind during the flrst year of the simulation, 
as a function of height (in km). Time is expressed as the month of the simulation, 
with the tags located in the middle of each month. Contour interval is 10 ms“^. 6) 
The EP flux divergence; contours are ±1, ±2, ±4, ±8, ±10 ms”^day’"^. 



complete forcing (2.2.1) and (2.3.1). The zonal-mean zonal wind (Fig. la) has 
a stratopause oscillation with easterlies at solstice and descending westerlies at 
equinox; in the upper mesosphere, there is another oscillation with a period of six 
months, but out of phase with the stratopause winds (no attempt was made to sim- 
ulate the upper mesospheric time-mean easterly winds); the two SAG are separated 
by time-mean westerlies in the the lower mesosphere. The stratopause westerlies 
penetrate into the upper stratosphere reaching 45 km; maximum winds are about 30 
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ms“^ at the equinox near 50 km. The mesospheric SAO has both phases descending 
with time: maximum westerlies occur at solstice, reaching 60 ms“^; ecLsterlies at 
equinox attain -40 ms“^. The westerly forces exerted by all waves (Fig. lb) at the 
stratopause level reach up to 2 ms“^day“^; weaker forces are present in the upper 
stratosphere (1 ms”^day“^). In the upper mesosphere, intense easterly forces occur 
at equinox, up to -10 ms“^day“^ in September and October. The easterly force in 
the upper mesosphere during fall equinox is somewhat larger than at spring equinox 
( -10 ms~^day“^ versus -8 ms“^day"’^): this is the result of a seaisonal asymme- 
try that was introduced at the stratopause level. The asymmetry was obtained by 
maldng the ecisterlies at 50 km weaker during southern winter which results in Fig. 
la in less filtering of the easterly waves in the upper stratosphere. The seasonal 
asymmetry has been noted previously (e.g., Delisi and Dunkerton, 1988); however, 
in this model the asymmetry is much less pronounced than in observations. 

In order to obtain information on which waves axe contributing to the zonal 
forces, we separated the EP flux divergence of Fig. lb into its zonal components. 
In Fig. 2 we show the EP flux divergence separated into planetary scales (A;=l 
to 3) and intermediate scale {k=4 to 15), at the equator as a function of height 
and time of the simiilation. It appears that around the stratopause level the two 
zonal components are comparable 1 ms“^day“^) but below the stratopause the 
planetary-scale waves provide a larger contribution to the zonal forces than the 
intermediate scales. Above 50 km, the intermediate-scale waves provide more zonal 
force (2 ms“^day“^ at 60 km), than planetary scales (1.5 ms“^day“^ at 55 km). 

a) PLANETARY SCALES b) INTERMEDIATE SCALES 
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Fig. 2. a) The force exerted by the planetary-scale waves (A;=l to 3) and 6) 
by intermediate-scale waves (A:=4 to 15). Contour interval is 0.25 ms-^day-^ in a) 
and contours in b) are dbO.25, ±0.5, ± 1, ±2, ms^^day"”^; no zero contour line is 
plotted. 
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In Fig. 3 we show the total EP flux divergence separated in each zonal com- 
ponent at the stratopause level. Westerly forces occur prevalently at equinox at 
all zonal scales. The largest westerly forces are located at the planetary scales (at 
fc=2, the zonal force is ^ 0.6 ms”^day“^ in late equinox); beyond A;=4, the mag- 
nitudes decrease rapidly although there are forces of about 0.05 ms^^day"^ at the 
highest zonal wavenumbers. In fact, Bergman and Salby suggested that up to A; =20 
there is substantial westerly momentum flux at the tropopause level available at 



EQUATORIAL WAVE-DRIVING AT 49.5 KM 

NOV 

OCT 

SEP 

AUG 

JUL 

® JUN 
Z 

g MAY 
APR 
MAR 
FEB 
JAN 
DEG 

1 2 3 4 5 6 7 8 9 10 11 12 13 14 15 

ZONAL WAVENUMBER 








I I I I 1 1 1 J I I \ 1 L 



Fig. 3. EP flux divergence at 49.5 km, as function of zonal wavenumber and 
time of the simulation. Contour interval is 0.1 ms~^day''^; the 0.05 contour is also 
plotted, and no zero contour is drawn. 



zonal phase speeds relevant to the SAO (see Fig. 1 in Sassi and Garcia, 1994). 
Our results indicate that at stratopause level the zonal force at intermediate scales 
maximizes at fc=12-13, decreasing at higher zonal wavenumbers; however, had we 
run the model with more zonal waves, we could have obtained a larger contribution 
to the westerly zonal force from the intermediate-scale waves. In fact, what seems 
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relevant is the total force on a broad range of zonal scales, rather than an intense 
forcing in a limited spectral region. 

In Fig. 4 we show the EP flux divergence as a function of zonal wavenumber 



EQUATORIAL WAVE-DRIVING AT 79.5 KM 
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Fig. 4. As in Fig. 3, but at 79.5 km. Contour interval is 0.5 ms ^day with 
no zero line plotted. 



and time at the 79.5 km level. At this level, there are westerly forces at the 
planetary scales and easterly forces only at the intermediate scales. The planetary 
scales produce westerly zonal forces at all times throughout the middle atmosphere 
(compare Fig. 3 to Fig. 4). This fact suggests that Kelvin waves dominate at these 
zonal scales. On the other hand, the presence of easterly zonal forces at intermediate 
scales (alternating at other times and levels with westerly forces) indicates that 
inertio-gravity waves dominate at these scales. Easterly forcing at intermediate 
scales can attain magnitudes of -1.5 ms“^day""^, while the planetary scales can 
provide westerly a force up to 1 ms~^day"^. It should be noted that the forces at 
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Fig. 5. Symmetric temperatiire amplitude at zonal wavenumber 1 for eastward 
(a) and westward (c) propagating waves, as a function of height and distance from 
the equator (in km). Contour interval is 0.1 K. Antisymmetric meridional velocity at 
zonal wavenumber 1 for eastward (6) and westward (d) propagating waves; contour 
interval is 0.2 ms“^. 
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Fig. 6. Frequency spectrum of the log(T*) cis a function of height at zonal 
wavenumber 1 for the symmetric mode: a) for the eastward and b) for the westward 
component. 
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Fig. 7. As in Fig. 5, but for zonal wavenumber 4. 
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intermediate scale occupy a broad range of zonal wavenumbers, up to the current 
model’s resolution. 

It is well known that the meridional structure of the wave modes in an equa- 
torial /?-plane model can be separated into symmetric and antisymmetric modes, 
where symmetry is intended about the equator and it is always referred to the 
temperature field. In the remainder of this Section we will briefiy examine the 
meridional structure of the symmetric modes obtained by analysing the model re- 
srdts; antisymmetric modes axe not presented here, although they are of of some 
relevance in the upper mesosphere (see, Sassi and Garcia, 1996). The meridional 
structure of the symmetric waves at zonal wavenumber 1 is illustrated in Fig. 5. 
This Figure was obtained by Fourier analyses of the wave field in the middle of the 
second solstice of Fig. 1. The easterly and westerly waves were separated according 
to the method of Hayashi (1971) and the amplitude was plotted at each level and 
latitude. Most of the amplitude at k—\ is in the westerly components (Fig. 5a,b); 
the lack of a visible meridional velocity, along with a strong signal in the temper- 
ature field, indicates that Kelvin waves are predominant at this zonal scale. The 
largest temperature is 1.2 K at the stratopause, well in accord with observations 
(Salby et al, 1984; Canziani et al, 1994); however, the temperature in the lower- 
most part of the stratosphere is about twice as large as expected. No visible wave 
amplitudes appear in the easterly component (Fig. 5c,d). It is worth noting that 
the meridional extent of the wave field increases with height; since the equatorial 
Rossby radius of deformation is proportional to the square-root of the zonal phase 
velocity, meridonal broadening of the wave with height is a result of the selective 
filtering of the slowest component by the underlying winds. 

The frequency spectrum of temperature at k=l is shown in Fig. 6 as a function 
of height. Most of the power is in the westerly waves, in accord with the results 
of Fig. 5. In the lower stratosphere, the dominant period is ^10 days, while in 
the upper mesosphere is ~3-4 days. The spectrum shown in Fig. 6a is typical of a 
packet of Kelvin waves whose slowest components are progressively dissipated. 

In Fig. 7 we show the meridional structure at zonal wavenumber 4. The 
westerly components (Fig. 7a,b) are still predominant in the stratosphere and ap- 
pear as Kelvin waves. Throughout the stratosphere, the wave amplitudes are much 
smaller than at k=l; however, it should be remembered from Fig. 3, that the zonal 
force exerted at k=4 is not negligible. In the mesosphere, inertia-gravity waves are 
present. The amplitudes are much larger than in the stratosphere, with temper- 
ature attaining amplitudes of 1.4 K and meridional velocities of 0.8 ms”^. The 
easterly components (Fig. 7c,d) are negligible in the stratosphere, but they reach 
visible values in the upper mesosphere; the meridional structures are suggestive of 
inertia- gravity waves. 

In Fig. 8 we show the frequency spectrum of temperature at A:=4, for westerly 
(Fig. 8a) and easterly (Fig. 8b) waves. Contrary to the case in Fig. 6, there is 
visible power over a broad spectral region, even up to 1 cpd in the mesosphere. At 
higher levels, power at frequencies in excess of 1 cpd is evident, suggesting that 
satellite retrievals around the mesopause level could be contaminated by these high 
frequency components. 

A more detailed analysis of the wave modes and their spectra is presented in 
Sassi and Garcia (1996). In the next Sections we will address how different compo- 
nents of the tropospheric forcing affect the simulation in the middle atmosphere. 
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3.2 Simulation with planetary-scale waves only. 

It was mentioned in the Introduction that current GCM simulations of the 
stratopause SAG show insufficient westerly momentum forcing at 50 km; in fact it 
appears that in some models the planetary-scale waves provide most of the zonal 
force generated at the stratopause (Sassi et al, 1993) but they do not seem to supply 
sufficient westerly force in the upper stratosphere (Hitchman and leovy, 1988). With 
this model we can verify the contention that the planetary scales alone cannot 
provide sufficient zonal forcing of the SAG. Therefore, we have run the same model 
as in the previous Section but with only three waves, A;=l to 3. In Fig. 9 we show 
the zonal-mean zonal wind of a one year long simulation. The stratopause SAG has 
weakend substantially; in fact, westerly winds descending from the lower mesosphere 
are not capable of breaking through the solsticial easterlies. Time-mean westerlies 
are still present throughout the mesosphere, yielding a complete disappearance of 
the mesopause SAG. From the discussion of the previous Section, it appears that 
the planetary scales are mostly Kelvin waves that carry only westerly momentum; 
therefore, it is not a surprise to find no easterlies at any time in this simulation. 
The weakening of the stratopause SAG is also associated with the insufficient zonal 
force that planetary-scale Kelvin waves can exert. 
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Fig. 9. As in Fig. la, but for the simulation with only planetary-scale waves. 
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3.3 Simulation without diurnal forcing. 

Salby et al (1991) showed that the spectrum of cloud radiances over continents 
is similar to the spectrum over the oceans, except that the former has a strong 
diurnal oscillation and stronger forcing at high frequencies. Sassi and Garcia (1994) 
addressed the issue of the importance of high-frequency gravity waves in forcing 
the SAO at the stratopause and the mesopause; they used a one-dimensional model 
forced at a single zonal wavenumber (A; =12). In order to verify their contention re- 
garding the role of the diurnal forcing, in this Section we show results of a simulation 
with the same model as in Section 3.1, but without the diurnal forcing in (2.3,2). 
Therefore the frequency spectra of conyection over the ocean and the continent are 
identical in this case. In Fig. 10 we show the equatorial zonal-mean zonal wind 
(Fig. 10a) and equatorial EP flux divergence (Fig. 10b) as a function of height 
and time of the simulation. The stratopause SAO. is present but it is not as strong 
as in the simulation with the complete spectrum: the westerly winds descend only 
to 50 km, barely breaking through the solsticial easterlies. Time-mean westerlies 
are present throughout most of the mesosphere, although weak easterlies appear 
at the uppermost levels. The EP flux divergence shows magnitudes substantially 
smaller than the early case with the complete spectrum. At the stratopausej the 
zonal force is 1 ms“^day""^ and reaches 2 ms”^day~^ in the mesosphere. Easterly 
forcing appears only above 90 km, but it is quite weak (-2 ms^^day"*^). 
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Fig. 10. As in Fig. 1, but for the simulation without the diurnal forcing. 
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The lack of the mesopause SAO and the weakness of the stratopause oscilla- 
tion are indications that the diurnal forcing is instrumental in the SAO at both 
levels. This fact is evident in Fig. 11, which shows the planetary (Fig. 11a) and 
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DJFMAMJ JASON 
MONTH 



Fig. 11. As in Fig. 2, but for the simulation without the diurnal forcing. 



intermediate (Fig. 11b) scale contributions to the total EP flux divergence. The 
planet ary- scale zonal force is similar to the earlier case with the complete forcing, 
although a slight time lag and somewhat smaller magnitudes axe present because 
of the slower and shallower descent of the westerly winds at the stratopause. On 
the other hand the intermediate scales '^are much less intense and hardly manifest 
themselves at the stratopause. In this case, the planetary scales contribute solely to 
the zonal force exerted at 50 km, since the lack of the diurnal oscillation makes the 
intermediate scale much weaker. At higher levels (not shown), most of the zonal 
force is still exerted by the planetary-scale waves, with negligible contributions from 
the intermediate scales. 
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4. Conclusions 

It emerged from some recent studies (Salby et al 1991; Bergman and Salby 
1994) that tropical convection produces wave- activity rich in spatial and temporal 
scales. Unfortunately, the question of which waves generated by tropical convection 
can be instrumental in supplying momentum to the equatorial middle atmosphere 
cannot be fully addressed by analysis from current polax-orbiting satellites since 
some of the most important features occur beyond the attainable spatial and tem- 
poral resolutions. Therefore, we have presented a numerical simulation with an 
equatorial /^-plane model of the stratopause and mesopause SAO. The model has 
been forced in the troposphere by unsteady heating, whose temporal and spatial 
structures have been specified according to the analysis of the cloud radiances of 
Salby et al (1991). Realistic SAO at stratopause and mesopause levels are simu- 
lated by the model with reasonable forcing. We presented a budget of the zonal 
momentum in the upper stratosphere and lower mesosphere, which showed that 
waves at zonal wavenumbers other than the planetary are important for generating 
and mantaining the SAO. The planetary-scale waves show a structure in the merid- 
ional plane typical of Kelvin waves; temperature at the stratopause is comparable to 
satellite observations. At higher zonal wavenumbers the amplitude decrease; in the 
mesosphere, inertio-gravity waves are dominant at frequencies at and beyond the 
diurnal. This latter fact points to the possibility that satellite analysis at around 
the mesopause may be contaminated by high frequency waves that are not resolved 
by single polar-orbiters. 

In a simulation in which the model wa^ run with only the planetary scales, the 
results are quite unsatisfactory, since these waves are not able to provide sufficient 
westerly force in the middle atmosphere. This fact is in accord with evidence from 
satellite observations (Hitchman and Leovy, 1988) that the planetary scales alone 
cannot provide sufiicient momentum in the upper stratosphere in order to balance 
the zonal mean momentum. In this case, the mesopause SAO is non-existent, since 
planetary-scale waves are predominantly Kelvin waves which carry only westerly 
momentum. 

We also ran the model without diurnal forcing and the contribution to the 
zonal-mean momentum from waves at intermediate scales (A; =4 to 15) was some- 
what reduced yielding a weaker stratopause SAO. Further, the mesopause SAO is 
almost non-existent, since intermediate scale waves are the only source of easterly 
momentum in the mesosphere and without the diurnal forcing they do not attain 
visible amplitudes below the mesopause. 

It appears from this calculations that a description of the momentum budget in 
the middle atmosphere cannot be reduced to the planetary scales and parameterized 
small-scale gravity waves; in fact, tropical convection produces waves over a variety 
of spatial and temporal scales that require further investigation in order to ascertain 
their role in forcing the zonal-mean zonal winds in the stratosphere and mesosphere. 
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1. Introduction 

Observations suggests that internal gravity waves in the middle atmosphere are generated 
principally in the the troposphere, and that the chief generation sites include mountains, 
convective clouds and jet /front systems (e.^., see the review article by Fritts, 1993 and 
the references therein). Observations show also that the most energetic waves in the 
middle atmosphere are those with long wavelengths and frequencies close to the inertial 
frequency see the review by Vincent, 1990). Despite these observations, relatively 
little theoretical or modelling work has focused on the origin of long-wavelength low- 
frequency waves in the middle atmosphere. The principal aim of this study is to investigate 
the emission of low-frequency inertia- gravity waves by intensifying fronts and jets. 

There have been relatively few previous theoretical or modelling studies of wave generation 
associated with frontogenesis. Ley and Peltier (1978) were the first to examine the problem 
theoretically. The basic assumption underpinning their work is that waves are generated 
by cross-front parcel accelerations neglected in the balanced confluent- deformation fron- 
togenesis theory of Hoskins and Bretherton (1972). More recently. Gall ei al. (1988), 
Garner (1989) and Snyder et al. (1993) have investigated the behaviour of surface fronts 
as they coUapse to form a discontinuity, and have examined the gravity waves generated 
during this process. These numerical studies are based on primitive-equation extensions 
of Hoskins and Bretherton’s (1972) confluent- deformation model, although Snyder et al. 
(1993) also examine a primitive-equation version of Eady’s baroclinic instability problem. 
Recently, O’Sullivan and Dunkerton (1995) examined the generation of interia-gravity 
waves within an idealized three-dimensional baroclinic wave. Several recent studies have 
dealt with gravity wave generation associated with the geostrophic adjustment of upper- 
level jets (Fritts and Luo, 1992; Luo and Fritts, 1993) but have not explicitly taken into 
account the evolution of the jet/front system. 

The dynamics of fronts in the jet-entrance region have been investigated by Reeder and 
Keyser (1988). In the present study we use a slightly modified version of one of their 
two-dimensional numerical models to examine the problem of low-frequency gravity wave 
emission. The remainder of the article is arranged as follows. Section 2 discusses the basic 
state and the formulation of the numerical model including the initial conditions. Results 
from the model are presented in section 3. Here, as in most of the article, the emphasis is 
placed on the modelled stratospheric waves. The results from a version of the model that 
filters gavity waves are presented and discussed in Section 4. A knowledge of the filtered 
solution proves to be useful when interpreting calculations of vertical flux of horizontal 
momentum, presented Section 5. Finally, some conclusions are drawn in Section 6. The 
wave sources and the dynamical processes that generate the waves are discussed in the 
papers Griffiths and Reeder (1996) and Reeder and Griffiths (1996). 



2. Numerical model 

The atmosphere is modelled as a hydrostatic compressible fluid on an f-plane, bounded 
above and below by two rigid horizontal boundaries. Moist processes are ignored. Rectan- 
gular Cartesian coordinates are assumed throughout this study, with », y and 2 ; measuring 
the cross-front distance, the along-front distance, and the height respectively. The flow is 




139 



partitioned into a time-dependent basic state which is an exact solution of the full equa- 
tions of motion, and a finite-amplitude departure having no structure in y (the along-front 
direction). 

The basic state, first introduced by Keyser and Pecnick (1985), is essentially the sum 
of two background flows commonly used in frontogenesis modelling, the combination 
being representative of the jet entrance region in a developing baroclinic wave. The first 
background flow is the much-studied confluent -deformation wind field, and has been used 
in most previous investigations of gravity wave emission by fronts (Ley and Peltier, 1978; 
Gall et al, 1988; Garner, 1989; Snyder et a/., 1993). The second background flow is a 
horizontally uniform cross-front geostrophic wind with a linear variation with height and 
in thermal wind balance with a linear along-front temperature gradient. The basic-state 
is defined by 
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where ?7, V and W are the components of the basic-state velocity, B is the basic-state 
buoyancy (= gOblOoj where Ob is the basic-state potential temperature), ^ = Pj pa where 
P is the basic-state dynamic pressure and pa is a reference density profile, g = 9.81 ms~'^ 
is the acceleration due to gravity, / = 10““^ s~^ is the Coriolis parameter, and = 273.13 
K is a. characteristic potential temperature. Reference profiles of density and potential 
temperature pa{z) and 0a{z) are defined in Reeder and Keyser (1988). Z=z-Zr where z^ 
is a reference height chosen such that the jet-front system is almost stationary relative 
to the model coordinate system. The magnitude of the horizontal deformation is 2a, 
and A is the vertical shear of the cross-frontal geostrophic wind at the initial instant. 
Alternatively, A is a measure of the initial along-front temperature gradient on account 
of the thermal wind relation 
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When A 0 the along-front temperature gradient vanishes and the basic state reduces 
to a confluent- deformation wind field. Note also how the factor e”"* appears in the basic- 
state equations, particularly in combination with A. This factor reflects the advection 
of the basic-state along-front temperature field by the basic-state confluent- deformation 
wind field. Since a > 0 in the present study, the along-front temperature gradient and 
cross-front geostrophic wind shear weaken exponentially with time (Eq. 6). 
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The equations governing the model are derived by adding a two-dimensional finite-amp- 
litude perturbation to the basic-state equations (Eqs. 1-5) and then substituting these 
expressions into the full anelastic equations of motion. If u, v, and w are the perturbation 
velocity components, and b = {gl0o)0 and the perturbations from B and $ respectively 
with 0 the the perturbation from 0^, then set of equations for the perturbation quantities 
is: 
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Here is the buoyancy frequency of the basic-state. Note that from Eqs. (1) and (2), 
Ux = —ccjUz = Ae~°‘^,Vy = a and Vz = — 2A(a//)e”“^ Thus the second and third 
terms in Eqs. (7), (8) and (11) physically represent the advection of the basic-state by 
the (finite- amplitude) perturbations. Horizontal dissipation is included through the term 
V{t)= —Kx {lAxyd^r I dx^ in order to control the high frequency noise, where Ax is the 
horizontal grid resolution and Ka. = 2.5 x 10® In the calculations presented here, 

the model domain is 7000 km x 70 km^ with uniform horizontal and vertical grid spacing 
of 40 km and 175 km respectively. Sponge regions occupy the uppermost 40A;m of the 
model domain and the outermost 1000 adjacent to the lateral boundaries. A fuUer 
account of the model can be found in Reeder and Keyser (1988), and Griffiths and Reeder 
(1996). 

The same initial conditions are used for the along-front wind and cross-front potential 
temperature fields (t; and 9) in each of the model integrations presented. These initial 
fields, shown in Fig. 1, comprise opposing upper and lower along-front jets in thermal 
wind balance with the potential temperature field. A cross-front ageostrophic circula- 
tion {u and w) is added also (not shown), as is required for the system to evolve in an 
almost balanced fashion. The thick black line in Fig. 1 and in later figures represents 
the tropopause, defined here as that region wherein the potential vorticity lies between 
1 X 10”® m^s~^ Kkg~^ and 2 x 10”® m^s~^Kkg~^ . 
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Figme 1. Isotachs of along-front velocity, v (thick lines), and isentropes of total potential temper- 
ature, 0 (thin lines), at the initial time. Dashed lines denote negative values. Contour intervals 
are 5 ms~^ and 15 K. The thickest black line represents the tropopause. 



3. Results 

The governing equations described in the previous section are numerically integrated for 
three values of A (the vertical shear of the cross-front geostrophic wind), the results of 
which are presented now. As discussed by Keyser and Pecnick (1985) and Reeder and 
Keyser (1988), the model solutions are characterized by the sign of A. When A > 0, the 
along-front wind advects warm air at upper levels and cold air at low levels; the converse 
is true for A <0. When A = 0 the potential temperature gradient in the along-front 
direction vanishes. 

Frontogenesis at the surface and at the tropopause are prominent features of the numerical 
solutions and are inextricibly connected to the generation of inertia-gravity waves in 
the model. The structure of the low-level and upper-level fronts that are developed 
by the model are, therefore, discussed briefly. Figure 2 shows the 36 hour isotachs of 
the along-front wind and the isentropes for the model runs with A = (no shear), 

A = 6 X 10"^ s~^ (positive shear), and A = — 6 x 10“^ s~^ (negative shear). For convenience 
these will be referred to as run 1, run 2 and run 3 respectively. In each case a=10“®s”^. 

Pronounced upper-level and low-level jet-front systems are common to each run, as are 
their associated tropopause folds. Keyser and Pecnick (1985) and Reeder and Keyser 
(1988) have discussed the dynamics of these systems in some detail. A comparison of 
Figs. 2b and 2c shows that a deep baroclinic region spanning the whole troposphere 
develops in run 2 whereas the upper-level and low-level fronts remain relatively distinct 
and structurally disconnected in run 3. Despite this, the tropopause fold extends further 
into the troposphere in run 3 than in run 2. The upper-level and low-level fronts and the 
tropopause fold formed in run 1 are disconnected and are weaker than those in runs 2 
and 3. 
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In each case, frontogenesis is accompanied by a thermally direct cross-front circulation 
with subsidence in the cold air and ascent in the warm air. As an example, Fig. 4 shows 
isotachs of the vertical velocity at 36 hours for each run. Isotachs of the total cross-front 
wind, Z7 4- w, are shown also. The isotachs have a positive slope in run 2 but a negative 
slope in run 3, reflecting the change in sign of A between the two runs (refer to Eq. 1). 
Although the evolution of these fields is not shown, the isotachs become more widely 
spaced and more vertical with time. The feature reflects the decreasing basic-state shear 
with time (see Eqs. 1 and 6). Away from the frontal region, the cross-front wind isotachs 
are vertical in run 1 since the basic state consists only of a confluent- deformation wind 
field. 

Of particular relevance to this study is the prominent fan-Hke pattern of vertically propa- 
gating low-frequency inertia-gravity waves evident in the lower stratosphere in run 3 (Fig. 
3c). The waves have relatively long horizontal and vertical wavelengths, in the range 400- 
1200 km and 2-10 km respectively, although the horizontal wavelength decreases and the 
vertical wavelength increases between with time. The modelled waves have frequencies 
in the range .05 x 10“'^ rad s~^ to 2 x lO""^ rads~^ and intrinsic frequencies between 
1 X 10“^* rads~^ and 6 x 10“"^ rads~^. The phase lines in run 3 have a positive slope 
indicating that energy is radiating vertically and to the right relative to the air. Video- 
looping of the vertical velocity fields shows that the phase lines are slowly displaced 
downward and to the right with time. However, the horizontal position of the wave 
packet appears to be relatively steady with respect to the jet /front system. Evidently the 
wave packet reaches a position at which the horizontal component of the group velocity 
is opposed by the background flow. Perturbations in the cross-front wind isotachs, also 
shown in Fig. 3c, are in phase with the vertical velocity perturbations suggesting an 
upward transport of positive momentum. Note also, that only rightward propagating 
modes are seen in Fig. 3c because the leftward propagating modes strike a critical level 
in the lower stratosphere and are absorbed. 

The inertia-gravity waves generated by the model in run 3 have many features in common 
to those observed in the stratosphere and mesosphere. Observations have shown that the 
largest contribution to the wave variance comes from waves with frequencies close to the 
inertial frequency f, and that the vertical wavelengths of such waves are typically about 
2-4 km in the lower stratosphere, increasing to around 20 km near the mesopause (see e.g. 
Thompson, 1978; Hirota and Niki, 1986; Fritts and Chou, 1987; Eckermann and Vincent, 
1989; Vincent, 1990; Hamilton, 1991; Allen and Vincent, 1995). Moreover, studies such 
as those by Sato (1994) and Fritts et al. (1988) have identified upper jets, and their 
associated fronts, as sources of low-frequency gravity waves. Similarly, Eckermann and 
Vincent (1993) observed that a broad spectrum of gravity waves accompanied the passage 
of fronts across southern Australia. 

In contrast to run 3, the wave crests seen in run 2 (Fig. 3b) slope in the opposite direction 
indicating propagation upward and to the left relative to the air. Once again, the phase 
lines are tilted in the direction opposite to that of the cross-front wind in the stratosphere. 
In other words the wave crests slope against the flow in each case. In run 1, very weak 
amplitude waves are seen both to the left and to the right of the frontal region. 
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Figure 2. Isotachs of along- front velocity, v (thick lines), and isentropes of total potential tem- 
perature, 0 (thin lines), at t=36 hours. Dashed lines denote negative values. Contour intervals 
are 5 ms~^ and 15 K. The thickest black line represents the tropopause. a = 1 x 10“® s~^. (a) 
Run 1, A = 0 s~^; (b) run 2, A = 6 x 10“^ s~^ ; and (c) run 5, A = -6 x 10“^ s~^ , 
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Figure 3. Isotachs of vertical velocity, w (thick lines), and isotachs of total cross-front velocity, 
U u (thin lines), at t=36 hours. Dashed lines denote negative values. Contour intervals 
are 0.6 cms~^ for vertical velocity and bms~^ for cross- front velocity. The thickest black line 
represents the tropopause. a = 1 x (a) Run 1, A = 0 s~^ ; and (b) run 2, A = 

6 X 10”^ s~^, and (c) run 3, A = 6 x 10“® s~^ . 
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The evolution of each system may be neatly summarized through time-series of the max- 
imum potential temperature gradient of the upper-level and low-level fronts. These time- 
series are shown in Fig. 4. An important point to note is that initially the upper-level 
and low-level fronts develop very rapidly in run 3 before reaching a quasi-steady state. In 
contrast, the fronts in run 2 evolve more slowly than those in run 3 but eventually produce 
a considerably stronger surface temperature gradient and a slightly stronger temperature 
gradient near the tropopause. Run 1 shows a weaker development than run 3 at upper 
levels, however, at low levels the potential temperature gradient exceeds that of run 3 
after about 45 hours of integration. As discussed by Reeder and Griffiths (1996), the 
degree of wave generation is not related to the strength of the fronts, but instead to the 
rate of frontogenesis. 



(a) 




(b) 




time (hours) 



Figure 4. Time-series of the maximum horizontal temperature gradient in the neighbourhood of 
the (a) upper and (b) lower front for each run of the model. Dot-dash lines represent run 1, 
dashed lines represent run 2, and solid lines represent run 3. Units are K (100 km)~^. Note the 
different scale u^ed for the ordinates of (a) and (b). 
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(a) 




- 2000 . - 1000 . 0 . 1000 . 2000 . 3000 . 

X (km) 

Figure 5. The GM equivalent to run 3 at t = 36/i. a = 1 X 10“® s~^ and A = — 6 X 10”^ . (a) 

Isotachs of along-front velocity, Vgm (thick lines), and isentropes of total potential temperature, 
®gm (thin lines); (b) isotachs of vertical velocity, Wgm, and total cross-front velocity, U + 
Dashed lines denote negative values. Contour intervals are: (a) b ms~^ for Vgm and 15 K for 
®gm, and (b) 0.6 cms~^ for Wgm and 5 ms~^ for U + Ugm- The thick horizontally- oriented line 
represents the tropopause. 



4. Balanced model 

We discuss now an approximation to the governing equations that filters gravity waves. 
These filtered solutions will prove useful when quantifying the upward flux of horizontal 
momentum by the gravity waves emitted by the fronts in run 3 (see next section). 

Scale analysis, such as that developed by Hoskins and Bretherton (1972), suggests that the 
along-front wind is almost geostrophic, and that its vertical shear balances the cross-front 
temperature gradient. Such a simplification when applied to the governing equations 
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is commonly called the Geostrophic Momentum (GM) approximation. An analysis by 
Reeder and Keyser (1988) showed that, provided a <C / and Aexp(— at) < con- 
ditions satisfied in the present work, the GM approximation could be applied to the 
perturbation equations (Eqs. 7-11). The key simplification is that while the along-front 
wind is assumed to be strictly geostrophic (z.e., u = f~^d(j>ldx = advection by 

the ageostrophic wind in the x-z plane is retained (i.e., D j Dt is not approximated). An 
important consequence of the GM approximation is that, unlike the anelastic equations, 
they filter gravity wave solutions. Of course, the two systems also wiU exhibit differences 
in solution which have nothing to do with gravity wave radiation, but instead reflect the 
approximations underpinning the GM model. 

The results from an integration of the GM model analogous to run 3 is shown in Fig. 5. 
An outline of the model and numerical methods used to solve the GM equations can be 
found in Reeder and Keyser (1988). Comparing Figs. 2c and 5a shows that the along-front 
wind and total potential temperature fields from the two model integrations are in close 
agreement. The most prominent differences between the solutions arise in the vertical 
velocity fields (c./. Figs. 3c and 5b); in particular the GM solution fails to reproduce the 
stratospheric wave pattern (as expected) and the secondary updraft on the warm side of 
the front in the middle troposphere. 



5. Momentum flux calculations 

In general, radiating gravity waves induce a vertical flux of horizontal momentum. Prob- 
lems concerning wave-mean-flow interactions are often handled by separating the flow 
into mean and departure quantities. Commonly, the mean flow is defined as the hori- 
zontal average of the flow and the ‘waves’ are defined as departures from the mean. In 
the present section this paradigm is followed and estimates of the generalized momentum 
flux, or Eliassen-Palm flux (Andrews and McIntyre, 1976), for the waves generated in run 
3 are presented. 

In this study, mean quantities are defined as 



(r) = 



1 



X2 — Xi 




( 12 ) 



where r is any given quantity, and [xi^X 2 ] defines the averaging interval. Consequently, 
departures from the mean, or ‘waves’, are defined as 



r' = r — {r) . (13) 

We note that the decomposition of the flow defined by Eqs. (12) and (13) is arbitrary and 
depends on the choice of Xi and X 2 - 

Rewriting Eq. (7) in flux form and applying the averaging operator Eq. (12) yields 
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dt 



+ (w) 



d{u + U) 
dz 



+ Vy (“) - / (»'*> = 



--^ + A + E+(Z)>. 

pa dz 



(14) 



Here 







is the mean along-front residual circulation, and 



E = p,{{u' + U')w') - 

is the vertical component of the generalized momentum flux [i.e., the negative of the 
Eliassen-Palm flux). Further, 



A = - 



1 



X2 - Xi 



1*2 

\xi 



is the average pressure gradient, proportional to the difference in pressure at the left and 
right endpoints of the averaging interval, and 



R = - 



1 



X2 - Xi 



+ 2uU ~{u + U) ul"' 



represents the terms in Eq. (14) describing fluxes at the endpoints of the averaging en- 
terval. In the calculations that follow, the averaging interval is taken to be [—2000 fcm, 
3000 km] i.e.j the entire width of the model domain excluding the lateral sponge regions. 

The mean values of the generalized momentum flux for run 3 and its GM equivalent, 
and are 1.14 x 10“^ and 9.6 x 10“"^ kgm~^s~^ respectively. The overbar, ( )^\ 
represents an average taken over the time interval 24 to 48 hours and over the height 
range 15 to 29 km. This height range was chosen to lie below the sponge, but well above 
the tropopause. The most significant point to note here is that E and Eg^ are nearly 
equal even though the GM solution explicitly filters gravity waves. The ‘waves’ that 
contribute to Eg^ are not inertia-gravity waves but are simply departures from the mean 
attributable to the horizontal structure in the basic state and the penetration of the frontal 
circulation, albeit very weakly, into the stratosphere. For this reason, the magnitude of 
E^^ (and Egl^) is sensitive to the choice of averaging interval [a;i,iC 2 ]. These results 
highlight the danger in identifying inertia-gravity waves as departures from an arbitrary 
mean state, and sound a note of caution wl;i,en interpreting observations. An estimate of 
the generalized momentum flux associated with the inertia- gravity waves identified in run 
3 is Xave = - Xm = 1*8 >< 10"' 

The table below lists the mean values for each term contributing to the momentum budget, 
Eq. (14), for both run 3 and its GM equivalent. The table shows that in each case 
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the dominant balance is between the divergence of the generalized momentum flux and 
the difference in pressure at the lateral boundaries. The generalized momentum flux 
divergence attributable to inertia-gravity waves, p~^d{E —E^^jdz^ and the unbalanced 
pressure difference at the lateral boundaries, essentially balance one another. 

Note that the acceleration of the mean flow is four orders of magnitude smaller than either 
of these two terms. This result has implications for the parameterization of inertia- gravity 
waves. 

The small momentum flux accompanying the modelled inertia-gravity waves is in accord 
with observations. While such waves contribute significantly to the variance of atmo- 
spheric wind and temperature fields, they appear to play only a minor part in the vertical 
transport of horizontal momentum; higher-frequency short-wavelength waves are believed 
to be the principal contributors to the vertical flux of horizontal momentum. 





dt 




vAuf 


fM-' 


run 3 


9.5 X 10-'^ 


1.4 X 10-« 


-1.3xl0-« 


-1.3x10-® 


GM run 3 


-9.6x10-’^ 


1.8 X 10-® 


-1.3x10-® 


-1.3x10-® 





Pa dz 


—rzt 

A 




{Df 


run 3 


3.0 x 10-® 


-3.0x10-® 


2.9 X 10-® 


3.5 X 10-^® 


GM run 3 


2.6 X 10"® 


-2.7x10-® 


2.7 X 10-® 


1.1 X 10-“ 



Table. Average values of the terms in Eq. (15) for run 3 and the GM version of run 3. Each 
term is averaged over the height range 15 < z < 30 km and the time interval 24 < t < 48 hours. 



6. Summary and conclusion 

This study has addressed the problem of gravity wave generation during frontogenesis 
using a dry two-dimensional anelastic numerical model. The model basic state is a com- 
bination of two background flows commonly used in frontogenesis modelling; these two 
flows are a horizontal confluent- deformation wind field and a time- dependent cross-front 
geostrophic wind with a linear variation with height. All previous numerical studies con- 
cerned with wave generation during frontogenesis (Gall et ai, 1988; Garner, 1989; Snyder 
et al, 1993) have used rigid-lid upper-boundary conditions, and none of these studies 
examined the possibility of wave generation associated with upper- level frontogenesis. 
Although several recent papers have dealt with gravity wave generation associated with 
the geostrophic adjustment of upper-level jets (Fritts and Luo, 1992; Luo and Fritts, 
1993), these calculations are initial- value adjustment problems and do not explicitly ad- 
dress the evolution of the jet. The present paper builds on the studies cited above by: 
examining the role of upper-level frontogenesis in the generation of internal gravity waves; 
explicitly calculating the evolution of the jet /front system and allowing the internal dy- 
namics to spontaneously generate gravity waves; allowing upward wave radiation into 
the stratosphere; and using the mixed confluent-deformation/horizontal-shear basic state 
developed by Keyset and Pecnick (1985). 
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The numerical model was initialized with opposing upper-level and lower-level along- 
front jets in thermal wind balance with the potential temperature field, together with 
the balanced vertical cross-front circulation. Numerical solutions for three cases have 
been presented. These cases are model runs for which A = 0 5“^ (run 1, no shear), 
A = 6 X 10”^ s~^ (run 2, positive shear), and A = — 6 x 10“^ s~^ (run 3, negative shear). 
In each case fronts formed at the tropopause and at the surface. 

Attention has been focused on the stratospheric wave field. Propagating inertia-gravity 
waves were generated in each model run, although the waves were by far most pronounced 
in run 3. Such waves are consistent with those observed in the lower stratosphere, having 
frequencies close to the inertial frequency and horizontal wavelengths on the order of 
400 — 1200 km and vertical wavelengths in the range 2—10 km. In each case the phase 
lines of the modelled waves tilted into the wind. For instance, in run 3, the phase lines 
showed a positive slope indicating that energy was radiating vertically and to the right 
relative to the air. 

It is significant that the strongest frontogenesis and the most intense upper-level and 
surface fronts formed in run 2, and not in run 3, the case which showed the most pro- 
nounced wave generation. On the other hand, time-series of the maximum potential 
temperature gradient showed that run 3 evolved most rapidly. As discussed in detail by 
Reeder and Griffiths (1996), the inertia- gravity waves were generated by the unsteady 
two-dimensional cross-front circulation. Thus, the relatively stronger wave emission in 
run 3 was a consequence of the more rapid evolution in this case. 

The mean flux of horizontal momentum attributable to the inertia- gravity waves has been 
shown to be approximately 1.8 x 10~^kgm~^ where the flux was calculated as the 
difference between that for run 3 and that for its GM equivalent. The divergence of the 
generalized momentum flux associated with the wave field was shown to be balanced by 
the difference in pressure between the lateral boundaries of the model domain. 
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Abstract 

A model of gravity wave propagation and mean flow effects is compared to observa- 
tions. Despite the absence of any gravity wave source variations in this model, monthly 
mean distributions in the gravity wave-driven zonal force and temperature variance 
show very realistic seasonal, vertical, and geographical variations in the middle atmo- 
sphere. A comparison to recent Upper Atmosphere Research Satelhte observations by 
the Microwave Limb Sounder (MLS) suggests the observed patterns are not indicative 
of variations in gravity wave sources, but instead result from a convolution of two effects 
on the gravity wave spectrum: 1) Doppler-shifting by the background winds, and 2) ver- 
tical wavelength filtering by the observation technique itself. These results underscore 
the importance of variations in the background winds in interpreting observations of 
gravity waves and their effects on the middle atmosphere. 



Introduction 



The existence of a zonal force due to gravity wave dissipation is now well estabHshed 
in the mesosphere, where this wave-driven force is fundamental to the understanding of 
the warm winter and cold summer mesopause temperatures. In the upper troposphere- 
lower stratosphere, stationary gravity wave drag associated with surface topography 
is considered an important component of global circulation models, slowing the east- 
ward winds above the midlatitude tropospheric jet maximum and significantly affecting 
northern winter climate. 

In the region between, which includes most of the stratosphere, we have had little 
constraining evidence for determining the sign and magnitude of the gravity wave-driven 
zonal force. Simple interpolation would lead to the conclusion that the force opposes 
the wind, as it does in the mesosphere and lowermost stratosphere. Rayleigh friction 
and stationary wave drag apphcations in models can only produce such drag forces, and 
so lead to the same conclusion. Planetary wave dissipation dominates the stratospheric 
forcing in the winter seasons so that the force due to gravity waves at these levels has 
been largely ignored. 

Alexander and Rosenlof [1996] recently examined the role of non- stationary gravity 
wave-driven zonal-mean zonal forcing in the stratosphere, using data compiled from the 
Upper Atmosphere Research Satellite (UARS) and a theoretical model of gravity wave 
propagation and dissipation. This work was precipitated by the observation of Rosenlof 
[1996] that lower stratosphere temperatures in the southern summer season are 2.5-5 
K warmer than northern summer, suggesting a stronger summer residual circulation 
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in the south. Differences in the inferred residual circulation could not be explained by 
differences in the planetary-scale wave driving as resolved in global assimilated data from 
either the National Meteorological Center (NMC) or the United Kingdom Meteorological 
Office (UKMO). Instead a force due to small-scale waves, not resolved in the global data, 
must be present. 

A theoretical model of gravity wave propagation and dissipation [Alexander, 1996] 
was used in Alexander and Rosenlof [1996] to examine what role gravity waves play 
in generating this missing zonal force. This force is westward throughout most of the 
summer stratosphere, having the same sign as the stratospheric winds. Because this 
missing force has the same sign as the mean wind, it cannot be described by Rayleigh 
friction, by stationary wave drag, or by extension of mesospheric gravity wave drag 
down into the stratosphere. These all produce a force that opposes the winds. The 
lower stratosphere temperature effect noted above suggests that this missing zonal force 
may be significant to climate. Further, the fact that most previous gravity wave param- 
eterization applications have applied a force of the wrong sign in the stratosphere, even 
if relatively small, may give significant effects in model results at these levels, and so 
it should not be ignored. Alexander and Rosenlof [1996] showed that initially isotropic 
globally uniform sources of gravity wave momentum flux interact very anisotropically 
with the mean winds to give seasonally varying patterns in the zonal mean zonal forcing 
that were similar to the observationally derived constraints. The conceptual approach 
is similar to theoretical work by Dunkerton and But chart [1984] and Saravanan [1990] 
who demonstrated filtering effects of the background winds on initially uniform gravity 
wave sources in the troposphere. 

The model also predicts global variations in gravity wave temperature variance like 
those deduced from observations by the UARS Microwave Limb Sounder (MLS) [Wu 
and Waters, 1996]. Geographical patterns in the MLS gravity wave variance have been 
presumed to be caused by variations in gravity wave sources. In this work, globally 
uniform gravity wave sources are allowed to propagate through both zonal mean and 
longitudinally varying monthly mean zonal wind and temperatures from the UKMO 
assimilated data [Swinbank and O’Neill, 1994] compiled for UARS. Vertical variations, 
seasonal variations, and global patterns in the model variance will all be shown to 
be strikingly similar to the patterns observed by MLS. The agreement between the 
model and the observations will help to confirm that the MLS technique is sensitive to 
gravity wave perturbations, however the patterns in variance observed with the MLS 
do not reveal variations gravity wave sources. Instead the patterns wiU be shown to 
result from a convolution of Doppler-shifting effects by the background winds on the 
gravity wave spectrum and vertical wavelength filtering inherent in the MLS observation 
technique. The model also relates the vertical profile of variance observed by MLS to the 
gravity wave-driven forcing estimated in Alexander and Rosenlof [1996] and provides an 
important confirmation of those results that has general imphcations for gravity wave 
parameterizations and models. 

The constraints on gravity wave forcing in the stratosphere will be reviewed in the 
next section. Then the gravity wave model will be introduced and used to estimate the 
zonal mean zonal force in the middle atmosphere due to non- stationary gravity waves. 
Temperature variance maps, using the same model and a spectral filter designed to 
mimic the MLS observing technique, will then be presented and an interpretation of 
the MLS observations described, followed by discussion of these results and summary 
of the conclusions. 
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Constraints on Gravity Wave Induced Forcing in the Stratosphere 



Figure 1, reproduced from Alexander and Rosenlof [1996] shows the observation- 
ally derived constraint on small-scale wave-driven forcing that may be associated with 
gravity wave dissipation. In summertime, large-scale waves resolved in the UKMO data 
only contribute significantly to the total forcing in the lower stratosphere below ^^30 
hPa. Large-scale waves are also very important in the winter hemispheres at all alti- 
tudes. However in summertime above 30 hPa (~25 km), the force is almost entirely 
attributable to unresolved waves, and is likely associated with gravity wave dissipation. 
The required zonal force is westward in this region of summertime westward winds. The 
small scale force changes sign in both hemispheres near 2 hPa, marking the level where 
the gravity wave drag force in the mesosphere begins to appear. The altitude of this 
zero force line is used as a rough constraint on gravity wave amplitudes at the source 
level in the model presented below. It should be noted that the forcing estimates in Fig. 
1 are highly derived quantities and have potentially large uncertainties associated with 
them. However, the model results in conjuction with the MLS comparison described 
below strongly support the general features shown here, in particular the sign of the 
force in the stratosphere, and the altitude of the zero force line occuring near 2 hPa 
(~50 km). 
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Figure 1. Latitude-height maps of the small-scale zonal force for (a) December and 
(h ) June. These show the difference of the total wave-driven force and the large- 
scale (resolved in the UKMO data) wave- driven force. Contours are 0, .5, 1, 2, 4 
s~^ day~^ , with dashed contours for negative values. (Reproduced from Alexander 
and Rosenlof [1996].) 



Another constraint will be apphed on the magnitude of the force in the mesosphere, 
which has been estimated fairly consistently to be ^100-200 m s“^day“^ in numerous 
modeling and observation studies in the past [e.g. Holton, 1983; Garcia and Solomon, 
1985; Fritts and Vincent, 1987; Fritts and Yuan, 1989; Brasseur et al., 1990]. This 
constraint will determine the value of the “efficiency factor” in the model, a scaling factor 
apphed to the resulting force that represents the spatial and temporal intermittancy of 
the gravity wave sources. 
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The Gravity Wave Model 



The gravity wave propagation and dissipation model used in this study was de- 
scribed in Alexander [1996] and will be summarized here. The two-dimensional ray 
equations [e.g. Lighthill, 1978] are used to solve for the gravity wave propagation prop- 
erties and amplitudes along the ray path. The dispersion relation applied is that derived 
from the linearized set of fundamental equations including nonhydrostatic and rotation 
effects in a stratified atmosphere: 

2 _ 

-h -h 

Here, lj = intrinsic frequency, N = buoyancy frequency, (k,m) = wavenumber vector, 
/ == Coriohs parameter, and a = 1/(21^), where H = density scale height. iV,m, ff, 
and (ju = (cjo — Uk) all vary with height. The zonal wavenumber k is assumed constant, 
therefore neglecting horizontal variations in the backgroimd wind U along the ray. In 
general, the zonal distance travelled along a ray is small compared to the horizontal 
variations in U except near critical levels, but dissipation rapidly attenuates the wave 
in those regions. Wave properties are specified at the source level chosen here to be 6 
km. The wave spectrum is treated as a set of non-interacting and Hnearly propagating 
gravity waves. The amphtude growth of each spectral element with height follows from 
conservation of wave action fiux: 



Fa = pCgzE/u) = constant 



where p ^density, E =energy per unit mass, and Cgz = dujfdm ^vertical group velocity. 
Fa is conserved unless the wave amphtude exceeds the convective instability limit. 



uj 



2 o;2 - f 



This is the saturation condition. The polarization relations further relate energy density 
to momentum fiux. 



pu^w’ — 





1/2 

E 



Critical levels occur where uj decreases to the minimum frequency /, and turning points 
(refiection) where uj exceeds the cutoff frequency lUc defined by setting m = 0 in the 
dispersion relation [Marks and Eckermann, 1995]. 

For the purpose of evaluating mean flow effects, the ray paths are collapsed to a 
single vertical profile, momentum flux is integrated over the spectrum, and the gravity 
wave induced force per unit mass D evaluated from the convergence of the momentum 
flux profile: 

1 d 

D = — —ipu'w') 
p oz 



Waves that are reflected without breaking have no net effect on the mean flow, but do 
contribute to the total variance below the turning point. 

Specification of the gravity wave spectrum at the source altitude is generally con- 
sidered one of the biggest uncertainties in this type of model. Here, the sources are 
assumed to be isotropic in zonal phase speed and independent of geographic location 
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and season. The spectrum includes 60 waves ranging in: horizontal wavelength 6.25-800 
km; period 10 min - 4 hr; vertical wavelength 1-25 km; and zonal phase speed ±70 m 
s~^. For these calculations, the winds and buoyancy frequency at the source level were 
modified so that Uq=0 and Nq >.01 s"^ everywhere so the sources specified in intrinsic 
frequency and horizontal wavenumber are truly uniform globally. The modified U and 
N are relaxed back to the UKMO data with an e-folding vertical scale of 3 km, so in 
the stratosphere the mean state is unaltered. This change from Alexander and Rosenlof 
[1996] was necessary because the larger variations in Uq and Nq in the UKMO data 
without zonal averaging would introduce significant and undesirable filtering effects on 
the spectrum at the source height. Each member of the spectrum is assigned the same 
momentum flux. (This choice may seem odd at first glance, but a flat momentum flux 
spectrum is associated with a decidedly red frequency spectrum in zonal wind and tem- 
perature.) The effects of these assumptions about the source spectrum wiU be discussed 
below. 



Zonal Mean Zonal Force 



The results of the model using December and June zonal mean U(0, z) and z) 
as functions of latitude (j> and height z are shown in Figure 2. Below 55 km, 1993 
UKMO background fields are used, while above 55 km the results using CIRA (Cospar 
International Reference Atmosphere; Fleming et al., [1990]) are shown. These maps 
represent the contribution to the zonal mean zonal force due to non- stationary gravity 
waves. The magnitudes and distributions in the stratosphere are similax to those in 
Figure 1. 




Figure 2. Latitude-height maps of the gravity wave- driven zonal force dervied from 
the linear model with saturation and globally uniform gravity wave sources. Con- 
tours have semilog spacing, 0, .1, .2, .5, 1, 2, 5, 10, 20, 50, 100, 200 m s^day~^, 
with dashed contours for negative values. 
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The details of the forcing distribution differ from Alexander and Rosenlof [1996] 
mainly because of differences between UKMO winds and the NMC winds used previ- 
ously. The artificial modifications to the troposphere background fields described above 
affect the results below ~20 km. This region in general is the most sensitive to the 
details of the input source spectrum. Above ^^20 km, the sign and magnitude of the 
stratospheric forcing is primarily sensitive to the average amphtudes of the waves at the 
source, and is fairly insensitive to other source spectrum details: source height, choice of 
discrete spectral frequencies, and shape of the source spectrum. The shape of the source 
spectrum in frequency or phase speed does affect the vertical profile of the force in the 
stratosphere. Redder spectra, emphasizing low frequencies or phase speeds, were also 
tested. These tended to give larger forcing at mid and lower stratosphere altitudes than 
Fig. 2, to exaggerate the asymmetry in the altitudes of the mesosphere summer/winter 
peak drag, and also shift the stratospheric forcing down to lower levels. It would be 
inappropriate to tune the input spectrum to try to exactly reproduce the observations 
in Fig. 1 given the potentially large uncertainty still associated with them, and given 
the lack of information on the spectral characteristics of gravity wave sources in nature. 



SUMMER WINTER 




Figure 3. Schematic diagram of the sense of the non- stationary gravity wave-driven 
circulation in relation to the mean meridional circulation in the mesosphere and 
stratosphere. The dark solid lines represent streamlines in the latitude-height plane. 
Open arrows show the sense of the circulation that would be induced by the non- 
stationary gravity wave component of the forcing. This forcing controls the meso- 
sphere circulation. In the stratosphere, the non- stationary gravity wave driven force 
supports the summer hemisphere circulation but opposes the circulation in the win- 
ter hemisphere. The winter stratosphere is instead dominated by planetary waves 
and stationary gravity waves. 

These model results primarily suggest limits on the average ampfitude of the waves 
in the spectrum. Average vertical velocity perturbations at the source height in the 
middle troposphere must not exceed ~0.5-l m s“^. If they are much higher, the meso- 
spheric drag extends deeply into the stratosphere, and the sign of the stratospheric force 
can be reversed. This could occur without radical changes to the mesospheric forcing 
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if the efficiency factor were simultaneously reduced with the increased amplitudes. The 
relationship between input wave amphtudes and the efficiency factor is however, not 
linear, so different choices for input spectra can imply very different gravity wave mo- 
mentum fluxes at source levels. With the new constraints (Fig.l), the model can still 
accomodate a wide range of input momentum flux {O ~ 10”^ — 10“^ kg m~^s“^), but 
this range is at least an order of magnitude smaller than the range this model can 
accomodate without the new stratospheric constraints. 

The sign of the stratospheric forcing in Figs. 1 and 2 has imphcations for the mean 
meridional circulation in the stratosphere (see Fig. 3). The westward summertime force 
implies a poleward motion that would support the inferred Lagrangian mean circulation 
in the summer hemisphere stratosphere. On the other hand, the non-stationary grav- 
ity wave component of the zonal force in the winter hemisphere in Fig. 2 is eastward. 
This would imply an equatorward motion in wintertime that is opposite to the merid- 
ional motion induced by planetary and stationary gravity wave dissipation. So in the 
wintertime, the non-stationary gravity waves will work against the Lagrangian mean 
meridional circulation. These non-stationary gravity wave effects are sketched in Figure 
3. The gravity wave component of the wave-driven forcing dominates in the mesosphere 
and is likely to be quite important in the summer stratosphere, but it is clearly only a 
minor component of the total force in the winter stratosphere. 



Patterns in Temperature Variance 

The gravity wave model described above also predicts a temperature variance spec- 
trum. Recent satellite observations by the UARS MLS [Wu and Waters, 1996; see also 
Wu, this book] provide the first global maps of monthly mean variance patterns as- 
sociated with gravity waves. The MLS observation technique detects short horizontal 
wavelength perturbations (~30-100 km), but only those with long vertical wavelengths. 
Because the vertical wavelength of gravity waves evolves with height due to the influ- 
ence of vertical variations in the the background winds through which they propagate, 
it will be proposed here that the MLS vertical wavelength filtering coupled to the zonal 
wind variations control the patterns in variance that Wu and Waters [1996] observe. 



(3) Gaussian Weighting Functions (h) Filter Function 




Figure (a) Gaussian weighting functions used to mimic the true MLS weight- 
ing functions. (Compare to Wu and Waters [1996].) (b) Amplitude vs vertical 




160 



wavelength describing the filtering effects of the MLS weighting functions in (a) on 
the gravity wave spectrum. An amplitude of 1.0 means the wave is unattenuated. 
The two curves represent the range of weighting function widths in (a). Only very 
long vertical wavelengths >20-30 km contribute much to the variance in the MLS 
observations. 



To quantify this effect, spectral filters based on the MLS vertical weighting functions 
are apphed to the spectrum of waves in the model above. Figure 4a shows a set of 
Gaussian weighting functions with the same full width at half maximum (FWHM) and 
peak height as the true MLS weighting functions. The true weighting functions axe not 
perfect Gaussians, but the differences will be trivial to the filtering operation. Most of 
the weighting functions in Figure 4a have FWHM ^11-12 km, except for the highest 
one that peaks near 80 km, which has FWHM of almost 19 km. Figure 4b shows the 
resulting filter function for Gaussian weighting functions having FWHM of 11 and 19 
km. For FWHM=11 km, waves with vertical wavelength A^=10 km are not visible. 
Waves with A^— 20 km are attenuated to 10% of their true amphtude. At A^=30 km 
waves are attenuated to less than 40%, and at Aj^=40 km still only 55% of the true 
amplitude will be observed. Thus only the very long vertical wavelength gravity waves 
contribute to the MLS variance observations. It is worth noting that the part of the 
A z spectrum to which MLS is sensitive is out of the range of detection in methods that 
analyze vertical profiles from radiosondes, rocket soundings, and lidar. 

The same gravity wave source as that described in the previous section was specified 
at 6 km and the waves allowed to propagate through zonal wind f/( A, <^, z) and buoyancy 
frequency profiles i\T(A, <^, z) that vary with longitude A, latitude <^, and height z. These 
are defined by January and July monthly mean UKMO data for 1993. Temperature 
variance is computed from the energy density using the polarization relations: 



r£l 2 

Y 




V 



Here T' and T are the perturbation and mean temperature respectively, and g is the 
gravitational acceleration. The MLS-like filter functions (Fig. 4) are appHed at the obser- 
vation heights and the variance is then integrated over the filtered spectrum. Performing 
this same calculation all over the globe on a 3.75 x 2.5° longitude/latitude grid produces 
a map of variance associated with globally uniform gravity wave sources and observed 
monthly mean winds U{\j<j>jz) and temperatures T(A,0, z). The results are shown in 
Figure 5. Maps at altitudes 33, 38, 43, 48, and 53 km are shown. The UKMO data do 
not extend into the mesosphere, so comparisons at 61 and 80 km can’t be performed. 

Note that the magnitudes of modeled and observed variance are not easily com- 
pared. The MLS observations include filtering in horizontal wavelength with a contin- 
ually varying geometry in the zonal/meridional plane throughout the MLS orbit. This 
horizontal wavelength filtering by the MLS has not yet been quantified, and our cur- 
rent understanding of gravity wave sources is too poor to estimate what fraction of the 
horizontal wavelength spectrum is retained. There may also be some temporal filtering 
in the observations because of the time it takes to assemble a map with global cover- 
age. The variances in Fig. 5 are approximately an order of magnitude larger than the 
observations. Proper accounting of the horizontal and temporal filtering would natu- 
rally reduce this discrepancy. Relative values, however, should be directly comparable 
between model and data. 
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The patterns in Fig. 5 are remarkably similar to those derived from MLS obser- 
vations [Wu and Waters, 1996]. Peak variance occurs in the wintertime jet. Secondary 
patchy maxima appear in the summer hemisphere subtropics. Moving upward in alti- 
tude, the summer variance becomes more comparable to the winter variance in magni- 
tude. The longitudinal variability evident in both the winter and summer bands is also 
similar to the observations. The equatorial region appears extremely quiet with very 
weak variance compared to the higher latitudes. AU of these same features appear in 
the MLS observations. Because the gravity wave sources are geographically uniform in 
this model, these patterns result solely from the zonal and meridional variations of the 
background atmosphere, C/(A,<^, z) and also T(A,<^, 2 ?) to lesser extent. 

The variance patterns generated with this model have a simple intuitive explana- 
tion. The MLS is sensitive only to the very long vertical wavelength waves. These are 
the waves propagating upstream against the background wind which have been Doppler- 
shifted to high intrinsic phase speed [c — U) and long vertical wavelength 27r/m. The 
effect is shown graphically in Eckermann [1995], and is most evident in the simpHfied 
hydrostatic form of the dispersion relation: 

m2 - iVV(c - C/f 

The agreement between the model and data is even more surprising considering the 
fact that the MLS should see both zonally and meridionally propagating waves, yet the 
model includes only the former. The good agreement hkely results because meridional 
winds are relatively weak in the middle atmosphere, so meridionally propagating waves 
are not Doppler-shifted to such large vertical wavelengths as are the zonally propagating 
waves, and do not contribute that much to the observed variance. 

Seasonal variations in the variance are shown in Figure 6 for the stratosphere and 
Figure 7 for the mesosphere. Background winds and temperatures were specified using 
the CIRA model for Fig. 7. Seasonal variations in the zonal mean zonal wind are also 
shown. In the stratosphere (Fig. 6), the winter winds are much stronger than in summer. 
The variance is thus much larger in winter than in summer, and an annual cycle in 
variance is the result. In the mesosphere (Fig. 7), the summer and winter jets are much 
more comparable in strength. Variance then peaks in both summer and winter seasons 
with weaker values at equinoxes when the winds are weak, giving a semiannual cycle 
in the variance in the mesosphere. Figs. 6 and 7 underscore the fact that patterns in 
the variance of waves with long vertical wavelengths (to which the MLS is sensitive) are 
well correlated with the magnitude of the zonal winds. 

Vertical variations in the model variance are shown in Figure 8. Solid and dotted 
curves are high latitude wintertime; dashed and dot-dashed axe tropical profiles in Jan- 
uary and July respectively. These latitudes and seasons are chosen for comparison to 
Wu and Waters [1996]. The modeled growth in variance with height is nearly identical 
to the MLS observations. The UKMO background winds do not extend high enough to 
model the transition to no growth that appears in the MLS observations between about 
50-60 km altitude. Applying the CIRA winds, however, shows this transition occurs at 
very nearly the same height in the high latitude wintertime. (Note: the CIRA winds are 
quite unrealistic at tropical latitudes, so the tropical variances are not shown.) Above 
70 km, the CIRA profiles decrease suddenly with height. This is a model artifact that 
arises due to the discrete gravity wave source spectrum and severe critical level filter- 
ing that begins to wipe out the spectrum. A broader phase speed spectrum should be 
included in future work to study the mesopause and thermosphere region. 
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Figure 5. Geography of the gravity wave temperature variance at five altitudes 
derived with the model plus globally uniform gravity wave sources. The variations 
in the maps result from the Doppler- shifting effects of the mean winds on the gravity 



163 




53 km 



-A.b 



I 

h 



- 5.0 



48 km 



- 4.5 






I 



- 5.0 

- 5.5 

-4^5 42 km 

- 5.0 

- 5.5 

38 km 

- 5.0 
- 5.5 
- 6.0 



- 5.0 



33 km 



- 5.5 
- 6.0 



I 



wave spectrum convolved with the vertical wavelength filtering effects of the MLS 
observation technique (Fig. 4). (a) From January 1993 UKMO monthly means, 
(b) From July 1993 UKMO monthly means. (Compare to Wu and Waters [1996].) 
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STRATOSPHERE WINDS 33 KM (UKMO) 




92 93 94 95 

YEAR 

(b) STRATOSPHERE VARIANCE 33 KM (UKMO) 




92 93 94 95 

YEAR 



Figure 6. Latitude-time maps of (a) zonal mean winds and (b) modeled MLS-like 
temperature variance in the stratosphere at 33 km. In the extratropics, an annual 
cycle is observed in both. Contour intervals are (a) 10 m s~^ wind speed, and (b) 
3 X 10~^ fractional variance. Dashed contours are negative. 



MESOSPHERE WINDS 70 KM (CIRA) 




(b) mesosphere variance 70 KM (CIRA) 




an annual cycle, but the variance (b) shows a semiannual cycle. The modeled MLS- 
like variance is well correlated with the magnitude of the winds. Contour intervals 
are (a) 10 m s~^ , and (b) 1.5 X 10“® fractional variance. 
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It is important to remember that these profiles of variance are not characteristic of 
the total gravity wave energy spectrum, but only the very long vertical wavelength end 
of that spectrum. The traditional concept of gravity wave “saturation” , or cessation of 
energy growth with height, refers instead to the short wavelength end of the spectrum. 
Profiles of the short vertical wavelength variance would show saturation at much lower 
altitudes. The wintertime transition to no growth near 55 km in the model marks 
the altitude where waves with \z longer than ~20 km begin to saturate. These are 
the waves that are propagating upstream, and have zonal phase speeds slower than or 
opposite in sign to the mean wind. This altitude then marks a transition level where the 
gravity wave-driven zonal force begins to decrease and quickly changes sign in the upper 
stratosphere as in Figs. 1 and 2. The MLS data then, with the interpretation provided 
by the gravity wave model, provides an important confirmation of this property of the 
observationally derived stratospheric forcing in Fig. 1. 



(a) UKMO (b) CIRA 





Normalized Variance Normalized Variance 

Figure 8. Vertical profiles of modeled MLS-like variance using (a) UKMO winds 
for Jan 50-7(P N (solid), Jul 50-7(T S (dotted), Jan 6-26^S (dashed), and Jul 6- 
26° N (dash- dotted). CIRA winds at tropical latitudes are unrealistic, so the tropical 
variances are omitted here. 



Discussion 

The MLS/model comparison dramatically confirms the abihty of the MLS to detect 
gravity wave perturbations by the Wu and Waters technique, but also suggests that 
the global patterns they observe have Httle-to-no relationship to gravity wave source 
variations. Instead, the patterns show the effects of Doppler-shifting by the background 
winds on the gravity wave spectrum convolved with the vertical wavelength filtering 
associated with the MLS observation technique itself. Differences between the MLS 
observations and the model with uniform gravity wave sources are only subtle. The 
small differences between observations and model are more fikely explained by either 
differences between the actual winds during the MLS observations and the UKMO 
monthly means used in the model, or by the neglect of meridionally propagating waves 
in the model. The changing viewing geometry during an MLS orbit may also affect the 
modeled results. 

The seasonal vaxiations in the MLS observed variance are not very meaningful in 
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terms of the effects of gravity waves on the mean flow in the middle atmosphere. The 
annual cycle in the stratosphere and semiannual cycle in the mesosphere simply follow 
the magnitude of the zonal mean winds at these levels, showing only the effects of 
Doppler-shifting on the long vertical wavelength end of the gravity wave spectrum. 

The vertical profile of the variance observed by the MLS may be an important piece 
of information for gravity wave parameterizations. This profile describes the energy 
growth of the low m portion of the gravity wave energy spectrum, corresponding to 
m < m* in the Fritts and Lu [1993] parameterization. The MLS results then provide 
new constraints for that portion of the spectrum that is difficult to observe by most other 
methods. The “saturation” of these variance profiles may also provide a constraint for 
the Hines [1995] parameterization (see also Hines, this book). Cessation of growth 
of waves with Xz longer than ~20 km seems to suggest a very large value of ar that 
describes the variability in the background wind and controls what portion of the vertical 
wavelength spectrum is dissipated in his parameterization. 

The gravity wave model appHed here is very similar to the Lindzen [1981] parame- 
terization, so these results suggest similar hmits on wave momentum flux and amplitudes 
near the sources for apphcations of this parameterization. The Lindzen parameteriza- 
tion does not treat wave reflection and makes simplifying assumptions that lead to the 
prediction of lower breaking levels, so the details of the source input parameters must 
be adjusted from those used here, but similar results can be achieved. 



Conclusions 

A model with isotropic, uniform gravity wave sources in the troposphere can capture 
many key characteristics of the monthly mean distributions of gravity wave effects in the 
middle atmosphere. Within the currently rather weak constraints on gravity wave-mean 
flow interactions, this interaction, on monthly mean time scales and above altitudes of 
~ 25 km, is dominated by variations in the background winds. Many important aspects 
of the seasonal, latitudinal and vertical variations in the zonal force distribution can be 
described without any variability in gravity wave sources. Details of the gravity wave 
source spectrum are more important in the lower stratosphere, and variations in sources 
are likely important on shorter time scales. 

The recently reported observations of gravity wave temperature variance by the 
MLS can also be described quite well by a model with uniform and isotropic gravity 
wave sources. The longitudinal, meridional, and vertical variations in the background 
winds dominate the patterns observed in these data. Information on source variations, if 
present, cannot be inferred until the dominant Doppler-shifting effects of the background 
winds on these observations are first taken into account. 
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Abstract. A two-dimensional numerical model is used to study the propagation and 
breaking at high altitudes of gravity waves forced by tropospheric sources. The model is 
based on the anelastic approximation to the Navier-Stokes equations with Coriolis forces 
neglected. Gravity waves are generated by air flow over deflections of the lower 
boundary. It is shown that dispersion produces a wave field at high altitudes that is 
dominated by nearly monochromatic wavetrains, even though the boundary forcing excites 
a localized wavepacket. The morphology of wave breaking depends on the horizontal 
wavelength: for longer waves, breaking is confined to a relatively small fraction of the 
wavelength, near the wave crest but, for sufficiently short waves, it involves a large 
fraction of the wavelength. In common with other studies, it is found that breaking waves 
undergo “self- acceleration”, such that the intrinsic frequency remains approximately 
constant in spite of large changes in the background wind. It is also shown that many of 
the features obtained in the calculations can be understood in terms of linear wave theory. 
In particular, linear theory provides insight into the position of the wave breaking region 
relative to the source and the minimum and maximum altitudes where breaking occurs. 
Wave breaking ceases at the altitude where the background dissipation rate (which in our 
model is a proxy for molecular diffusion) becomes greater than the rate of dissipation due 
to wave breaking. This altitude - in effect, the model turbopause - is shown to depend on 
a relatively small number of parameters that characterize the waves and the background 
state. 

1. INTRODUCTION 

Observational studies of the middle atmosphere (e.g., Theon et al, 1967; Moreels and 
Herse, 1977; Vincent and Reid, 1983; Balsley et al, 1983; Phillips and Vincent, 1989) 
indicate that small-scale gravity waves are a common occurrence at mesospheric altitudes. 
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The observations yield wave properties that are consistent with those of internal gravity 
waves, as predicted by linear stability theory (Bretherton, 1966). More sophisticated 
arguments based upon linear theory indicate that gravity waves could affect profoundly the 
dynamics of the atmosphere at upper mesospheric altitudes. The work of Lindzen (1981), 
based upon the WKB method, established that wave breaking could produce a zonal mean 
force per unit mass of 50-100 m S’^ day^ at mesopause altitudes. Lindzen also noted that 
gravity wave breaking was probably the dominant source of turbulence, and hence mixing, 
in the extratropical mesosphere and lower thermosphere. 

In order to describe approximately the breaking process, Lindzen (1981) used the 
hypothesis that wave amplitudes are limited by saturation. That is, when gravity waves 
produce a negative vertical gradient of potential temperature, dd I dz, they become 
unstable and turbulent breakdown ensues. This turbulence hypothesis is one of several 
which have been put forward to explain the dynamics of breaking waves. Additional 
hypotheses which have been advanced incorporate various elements of dynamical 
instability (Kelvin-Helmholtz instability), wave transience, and nonlinear wave-wave 
interactions. These various mechanisms are well summarized in Dunkerton (1989) and 
Walterscheid and Schuben (1990), among others. 

The purpose of the present work is to elucidate some of the physical mechanisms involved 
in the breaking of gravity waves and their effects upon the basic state of the atmosphere. In 
particular, the numerical model was designed to test the effects of forcing by a “realistic” 
tropospheric source, i.e., a source that excites a spectrum of waves in both frequency and 
wavenumber. Three-dimensional effects, which have recently been studied by Fritts et al 
(1993), are not addressed in this work. We emphasize instead how forcing and vertical 
dispersion influence the wave field that propagates to high altitudes, and what processes 
determine the upper and lower limits of the region of wave breaking. 



2. MODEL FORMULATION 

2.1 Governing Equations 

The model is based on the anelastic approximation to the Navier-Stokes equations in the 
absence of rotation (Lipps and Hemler, 1982). The relevant fields are decomposed into a 
basic state which is in hydrostatic equilibrium and a perturbation state <J>' which 
represents the departure of the atmosphere from this equilibrium. The decomposed variables 
= for <I)= p, p, r, and 6 (the velocity does not have to be decomposed 

explicitly) are substituted into the equations of continuity, horizontal and vertical momentum, 
and energy, ignoring rotation and spherical geometry. From these equations the equations 
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for hydrostatic equilibrium are subtracted off, leaving only perturbation equations for the 
disturbances from equilibrium. The governing equations are solved using an efficient semi- 
Lagrangian method (Smolarkiewicz and Pudykiewicz, 1992) with monotone interpolation 
(Smolarkiewicz and Grell, 1992), Due to space limitations, the numerical techniques used in 
the solution are not discussed here. The reader is referred to Prusa et al (1996) for a 
complete description of the numerical method. 

2.2 Boujtdary and Initial Conditions 

The bottom boundary of the computational domain is assumed to be a material surface; at 
the top of the domain, we set w=0. At both boundaries, the potential temperature is 
specified by its basic state values. The lateral boundary conditions are of open type, with 
lateral sponge layers. A sponge layer, distributed in the vertical coordinate z, is also placed 
adjacent to the top boundary. Although it acts to produce a radiation boundary condition at 
the top of the domain, this sponge layer is more than just a computational device, since its 
has been tuned to mimic the molecular diffusion profile of the atmosphere. 

It is possible to choose the damping time to match approximately the effect of molecular 
diffusion upon waves of a given wavelength by noting that t"^ K^, where m is the 

vertical wavenumber. The results to be discussed in Section 3 indicate that a single 
wavelength dominates the wave field. It is to this dominant wavelength that the vertical and 
lateral sponges are tuned. Since Kd increases exponentially as the inverse of the 
atmospheric density, the damping rate in the vertical sponge layer is specified as follows: 



^ ='^minexp 






( 2 . 1 ) 



where Ztop denotes the top boundary, Xmin is the damping time at ztop^ and Hs=5.1 km. 
This scale height is somewhat small (it should correspond to the density scale height). 
However, this value was selected in order to match smoothly diffusivity data for the lower 
thermosphere (Whitten and Popoff, 1971) with corresponding data for the upper 
mesosphere (U.S. Standard Atmosphere, 1976). The value of is set to 172 sec at 
Zr^p=135 km, which provides a good match for Kd at that level. 

Calculations are started from a basic state representative of summer conditions at temperate 
latitudes. The initial wind field is set to a constant value uo=-50 m s'^ , and the potential 
temperature, density and pressure distributions are set to background values 
00 = 000 exp[(z - Zo) / Hg] and (po,Po) = (Poo-Poo )exp[-(z - Zo) / H^] where Hg and 

are the potential temperature and the density scale heights, respectively, and 
^00 » Poo, and Poo denote values at the lower boundary. 
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2.3 Lower Boundary Forcing 

The forcing at the lower boundary is specified as follows: 






A • exp 




y 



•exp 




( 2 . 2 ) 



which represents a Gaussian pulse of amplitude A and half-width centered at time 
For the calculations discussed in this paper, we have set A=200 m, <T;=60 min, t;„=120 
min, and CJ^ =2 km. 



2.4 Domain Size and Resolution 

Horizontal and vertical resolution of 0.625 km was used in all the calculations presented 
here. A horizontal domain size of 900 km was chosen in order to capture the full response 
at high altitudes. The vertical size of the domain is 120 km; the lower boundary is located 
at 15 km, while the upper boundary is at 135 km. Typically a timestep of between 10 and 
20 s was used at the beginning of the computations, while a timestep between 2 and 6 s 
was required as the wave field approached saturation. In all the computations, the Courant 
number was often greater than unity, but the semi-Lagrangian advection scheme remained 
stable. 



3. RESULTS 

3.1 Evolution of the Mesospheric Wave Field 

Fig. 1 shows the development of the potential temperature field when the model is forced 
by a deflection of the lower boundary with A=200 m and =2 km, centered at jc=0 km; 
the background wind is -50 m (see Section 3). Results are shown at r=100, 160, 220 
and 280 minutes. Note that, although the computational domain is 900 km wide, only the 
central 320 km are shown for clarity. 

In the early stages of the simulation (^=100, 160 min), a nearly monochromatic wavetrain 
of short horizontal wavelength is present downstream of the forcing (recall that the 
background wind is easterly and thus is directed from right to left in the figure). These 
short waves have horizontal and vertical wavelengths of about A^=25 km and A^=17 km, 

respectively. They begin breaking shortly after 100 min, and by 160 min the entire region 
downstream of the forcing is undergoing vigorous overturning. As a consequence of the 
large aspect ratio of the waves, / A^ -0.68, the overturning of potential temperature 

surfaces that accompanies breaking involves a considerable fraction of the total wavelength. 
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t = 100 min 




X (km) 

Fig. 1. Potential temperature field at various times during the simulation. The lower 
boundary forcing is located at jc=0 km. Waves of short horizontal wavelength appear at 
high altitudes downstream of the forcing early on in the simulation. At later times, much 
longer waves are present above and upstream of the forcing. 
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This behavior contrasts with that of the longer waves seen in the calculations of 
Walterscheid and Schubert (1990), where breaking tends to occupy only a small fraction of 
the total wavelength, near the wave crests. 

At later times (f=220, 280 min), much longer waves appear and begin breaking above and 
upstream of the forcing. The dominant horizontal wavelength varies with position in the 
horizontal direction. Downstream of the forcing waves of short horizontal wavelength (25- 
50 km) are still present, but the wavelength increases with increasing x so that, immediately 
above and upstream of the forcing, much longer waves ( A^=100-120 km) are seen. The 
vertical wavelength is about 14-15 km. Contrary to the short waves discussed above, the 
behavior of these long waves is very similar to that shown in Figs. 1-3 of the study by 
Walterscheid and Schubert (1990). Both here and in Walterscheid and Schubert’s 
calculation, the breaking of long waves appears more organized than was the case for short 
waves: overturning layers alternate with layers of high static stability, both inclined slightly 
to the horizontal. The small aspect ratio of the long waves ( ~0.12 in the present 
results) is evidently responsible for this morphology, and for the fact that breaking is 
confined to a relatively small portion of the wavelength. Fritts and Dunkerton (1985) have 
noted that the efficiency of vertical mixing due to wave breaking depends on the fraction of 
the wavelength affected by breaking. Our results imply that the efficiency of vertical 
mixing must be rather variable, since tropospheric sources excite a broad range of zonal 
wavelengths. 

3.2 Self- Acceleration 

In a study of gravity wave saturation in a background shear flow, u^iz), Fritts and 
Dunkerton (1984) found that, as the waves approached a critical level, their phase velocity, 
c, appeared to adjust so as to keep the Doppler- shifted phase speed, Uq-c, approximately 
constant. They called this phenomenon “self-acceleration” and noted that it could not be 
explained in terms linear theory, which instead predicts a rapid change in wavelength near a 
critical level (e.g., Jones and Houghton, 1972). Walterscheid and Schubert (1990) found 
similar behavior in their study of breaking gravity waves. In their calculations the vertical 
wavelength remained fairly constant despite very large changes in the background wind, 
implying no significant change in Uq-c. Walterscheid and Schubert also determined c 
from the movement of constant-phase lines, and noted that the result was consistent with 
the approximate constancy of the vertical wavelength. 

We find evidence of self-acceleration in all of our calculations. Examination of Fig. 1 
indicates that the vertical wavelength does not change drastically as the waves approach 
saturation, or indeed at any time during the breaking process, even though the background 
wind itself undergoes large changes. In common with Walterscheid and Schubert, we find 
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that the approximate constancy in Uq~c implied by the approximately constant wavelength 
is consistent with the results of a direct determination of c. Obtaining the phase velocity 
from our results is complicated by the fact that the wavefield is not exactly monochromatic. 
Accordingly, quadratic regression fits were made to the calculated perturbation potential 
temperature fields at 60 and 105 km to determine the position of extrema and zeroes. The 
curve fits included sufficient points to smooth out fine scale variations due to breaking. 
Phase velocities were then determined by computing the horizontal displacement of 
particular extrema/zeroes during specified time intervals. Typically, four to eight such 
points were analyzed. These local values were then averaged to give an estimate of the 
phase velocity. 

Fig. 2 shows the results as a function of time at z=105 km for the region above and 
upstream of the forcing, which is dominated by long waves at times t > 220 min. The near 
constancy of Uq-c is especially striking after 220 min, when the deceleration of the 
background wind becomes large. The phase velocity changes from about 8 m s‘^ in the 
early stages of the simulation to over 33 m s'^ at 237 min, and its evolution tracks that of 
the zonal wind so changes in Uq-c are always smaller than changes in Uq or c 
individually 



z=105 km 




time (min) 



Fig. 2. Evolution of the background wind, Uq, and the phase velocity, c, of waves for 
x€(0, 160 km) atz=105 km. The waves begin breaking at 200-210 min, causing the 
background wind to decelerate rapidly, but the phase velocity also changes, keeping Uq-c 
approximately constant. 
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4. INTERPRETATION IN TERMS OF LINEAR THEORY 

Linear theory for nonhydrostatic gravity waves (Bretherton, 1971) yields the following 
dispersion relation when the basic state wind is uniform: 



= 



N 



-r-M' 



(4.1) 



where M = 0.5 1 m is the vertical wavenumber, k is the horizontal wavenumber, Uq is 
the background wind velocity, 2 uid c is the phase velocity. The corresponding vertical and 
horizontal group velocities are: 
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where 



K^=e + m^+M^ 
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u.-c 






(4.3) 



The parameter is the total wavenumber, defined by the middle sum in Eq. (4.3). As 
k-^0, Eqs. (4.1)-(4.3) collapse to the familiar hydrostatic relations. 

To understand the behavior of the mesospheric wave field shown in Fig. 1 we need to 
consider the dependence of the vertical group velocity on zonal wavenumber, which may 
be computed from Eq. (4.2). The permitted range of horizontal wavenumbers is 
0<k<m^, where 



-M' (4.5) 

The hmit k-^0 corresponds to hydrostatic waves while the limit k corresponds to 
evanescent waves. The corresponding range in horizontal wavelength is X^>2n ! m^. 

Fig. 3 shows the variation of the components of the group velocity as functions of zonal 
wavelength, k, and frequency, co = kc, for Uq= -50 m At all frequencies shown, the 
vertical group velocity has a maximum at zonal wavenumbers of 0.25-0.30 km~^ (>^x ~ 
21-25 km). At longer wavelengths, decreases gradually to zero as k-^0 ( ©o), 
while at shorter wavelengths (not shown) it decreases rapidly as k^m^. The horizontal 
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group velocity depends more strongly on wave frequency. At zero frequency, it varies 
monotonically from zero as k ^0 to - at k = mj ^ . Its magnitude continues to 
increase even beyond k=jn^, but this is not relevant to the present problem since the 
corresponding waves do not propagate vertically. 





k (km"'') 



Fig. 3. Horizontal and vertical components of the group velocity as functions of frequency 
and zonal wavenumber. 
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Fig. 3 suggests that the early appearance of short waves in the mesosphere (Fig. 1, /=100, 
160 min) is a result of their large vertical group velocities. In fact, the dominant horizontal 
wavelength of these waves is about 25 km, which coincides well with the maximum 
shown in Fig. 3. The magnitude of at this wavelength is about 24 ms‘^, which gives a 
travel time of some 63 min between the lower boundary and 105 km. This is consistent 
with the presence of large amplitude short waves by r=100 min in Fig. 1. On the other 
hand, long waves (A^>50km, A: < 0.125 km‘^), should reach mesospheric altitudes 
considerably later than shorter waves because of their smaller vertical group velocity. At 
wavelengths near 100 km (A=0.062 km-i), the vertical group velocity is only 6.5 m s*^ at 
zero frequency, and about 9 m s-^ at m=0.025 min-^ The corresponding travel times 
between the lower boundary and 105 km is approximately 231 min for waves of zero 
frequency and 167 min at a>=0.025 min-k These times bracket the time, t=220 min, when 
long waves appear at high altitudes in Fig. 1. 

The position of the mesospheric wavetrains relative to the forcing can also be understood 
by considering the variation of group velocity with wavenumber. From Fig. 3, the short 
waves that dominate the response in the early stages of the calculation have horizontal and 
vertical group velocities in the ratio ^-0.83 at m=0, a value that does not vary 

significantly as a function of frequency. This value is consistent with the appearance of the 
mesospheric wavetrain downstream of the forcing, at a zenith angle given b y 
tan"^(c^^ / Cg^) = -40° (cf. Fig. 1 at r=100, 160 min.) For the long waves seen in Fig. 1 at 
r=20, 280 min, the ratio varies much more strongly with frequency. At O)=0, 

tan"^(c^^ / = -8°; at ^>=0.025 min‘^ tan"^(c^^ / c^^)= 33°, These zenith angles bracket 

the region, upstream of the forcing, where long waves are seen in Fig. 1. Long waves of 
negative frequency, for which should appear downstream of the forcing; however 

these waves have rather small vertical group velocities (e.g., 5 m s‘^ at cu=-0.025 min'l), 
and would not be expected to arrive at high altitudes until t >300 min, beyond the range of 
times shown in Fig. 1. 

5. External Damping and the Altitude of the Turbopause 

5.1 Effect of the Vertical Sponge Layer 

To test the effects of damping by the vertical sponge layer we carried out additional 
calculations wherein the value of the damping time in the vertical sponge layer was varied. 
In these calculations the damping time, in Eq. (2.1), was set to 23.3 and 3.15 s, 
respectively. Recall that the linear damping associated with the vertical sponge is not 
merely a numerical device; it is in fact a proxy for molecular diffusion, which becomes 
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important in the upper mesosphere. As noted in section 2.2, the nominal value of 
172 s, was chosen to match the effect of molecular diffusion on the dominant waves at high 
altitudes. In effect, the vertical damping profile (2.1) is displaced downward by 2 scale 
heights when =23. 3 s and by 4 scale heights when ^^^^,=3.15 s 

Fig. 4 presents a comparison of the vertical evolution of the breaking region in the three 
cases mentioned above. It is clear that the maximum height at which wave breaking occurs 
is set by the vertical damping and is not due to the presence of the top boundary of the 
domain. This height decreases steadily with decreasing damping time, from 126 km when 
s to 104 km for T^^=3.15 s. The average vertical displacement between each of 
the three cases is 11.33 km, which matches precisely the displacement in the damping 
profiles. (Recall from section 2.2 that the scale height of the vertical damping profile is 5.7 
km.) It is also clear from Fig. 4 that the minimum height at which saturated waves are 
present is the same for the three cases. Evidently, the different values of damping at these 
lower altitudes have no significant effect on the dynamics: the damping time is so long at 
these altitudes that the computations are effectively inviscid. 



E 



N 




time (min) 



Fig. 4. Change in the vertical extent of the region of wave breaking as the damping time in 
the vertical sponger layer (2.1) is varied from 172 s to 3.15 s. The lower limit of wave 
breaking is unaffected by these changes but the upper limit descends as the damping is 
made faster. See text for details. 
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To gain some insight into this behavior, we consider the linearized equation for the vertical 
propagation of gravity wave activity (Andrews et al, 1987): 



dA . d{cA) 



= -15A 



(5.1) 



dt dz 

where is the vertical group velocity, 5 is a linear dissipation rate, and A is the wave 
activity. 



If, after the onset of breaking, wave amplitudes cease growing with time, the divergence of 
the wave activity flux must be balanced by dissipation, i.e.. 



1 c,, ^(lnA) 

2A dz 2 dz 

where we have assumed that the flux divergence is dominated by changes in A itself. If 
wave breaking prevents wave amplitude growth above the saturation level (Lindzen, 1981), 
it follows from (5.1)-(5.2) that the corresponding dissipation rate must be given 
approximately by: 




As noted by Garcia (1991), Eq. (5.3) implies that the dissipation rate due to breaking 
depends on the group velocity of the gravity waves and not on their amplitude. Since the 
group velocity remains relatively constant while the vertical profile of damping rate , 
given by Eq. (2.1), increases exponentially, it may be anticipated that breaking will cease 
at the altitude where 5 = T~\ This altitude descends as decreases. 

We have verified that the calculations are consistent with the assumptions implicit in 
Eq. (5.2) by computing the vertical profile of wave activity at different times before and 
during breaking. We used the u, w, and 0 fields produced by the model to calculate Afzj. 
Fig. 5a displays the evolution of the wave activity profile from 140 to 220 min, at intervals 
of 20 min. At ^=140 min, A varies smoothly with altitude, but at later times it decreases 
very rapidly above 70 km. This is consistent with Fig. 1, which shows that the onset of 
vigorous wave breaking does not take place before ^=160 min, and that the breaking region 
extends down to near 70 km. In Fig. 5b we have plotted InlAI for r=200-240 min, at 10 
min intervals. The logarithmic plot enhances details at the higher altitudes and facilitates 
evaluation of the vertical e-folding height. Note that InlAI is approximately constant with 
altitude up to 65-70 km, indicating that the waves propagate conservatively below the 
minimum altitude where breaking occurs. Above this altitude, the wave activity decreases 
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with a scale height very close to the density scale height, ^p=6.63 km, used in the 
calculations and indicated by the dashed lines in the figure. 





In A 



Fig. 5. Wave activity profiles for the region downstream of the forcing (-160, 0 km) as 
functions of time and altitude. The short waves that break in this region become saturated 
sometime after r=100 min. The saturated profiles decay with height at a rate equal to the 
density scale height. 
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5.2 The Altitude of the Turbopause 

In the Earth’s thermosphere dissipation of high-frequency gravity waves is due to 
molecular diffusion which, like our linear damping profile (2,1), increases exponentialy 
with altitude. If we express the coefficient of molecular diffusion as 



V = Vo exp 



r ^ 



H, 



(5.4) 



p J 



where is the scale height of the atmosphere, and Vq is the diffusivity at some reference 
level zo, then the dissipation rate due to v can be written as '+m^+M^) = vK^ fora 
wave varying as exp[i(fcc + /nz) + Mz], where M=0.5/H, and k and m are the horizontal 
and vertical wavenumbers, respectively. 



Setting vK^ = 5, and using (5.3) and (5.4), we can derive an expression for the height of 
the turbopause: 



Z«irbo=Zo+^pln 



2H„ 



VoK^ 



= z. 



■turbo ~ -^O 



K„ 



(5.5) 



In the second equality of (5.5) we have set 



kNm _l 1_ 

2Hp 



k(u„-cy 
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(5.6) 



which may be interpreted as a “diffusion coefficient” due to wave breaking. Eq. (5.6) is 
the counterpart of Lindzen’s (1981) expression for and it reduces to Lindzen’s 
formula when M, k«m . . 



Eqs. (5.5)-(5.6) imply that the altitude of the Earth’s turbopause depends on a relatively 
small number of parameters characterizing the background atmospheric state and the gravity 
wave field at high altitudes. If the properties of the wave field (viz,, the distribution of 
power as a function of horizontal wavenumber k) are assumed to remain more or less 
constant with time, then systematic seasonal variations in the altitude of the turbopause may 
be expected to occur principally as a result of changes in the properties of the background 
state. Since the magnitude of the zonal mean wind varies significantly between the 
solstices (when mean zonal winds are strong) and the equinoxes (when they are weak), 
large changes in the height of the turbopause may be expected as a function of season. 
Other things being equal, (5.6) predicts that a factor of 2 increase in the magnitude of Uq 
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between equinox and solstice would raise Zturbo by 2.77 or almost 20 km. It would be 
of interest to investigate whether this prediction is borne out by observations. 



5. SUMMARY 

We have used a two-dimensional, nonhydrostatic model to study the propagation and 
breaking at high altitudes of gravity waves forced at tropopause level. The waves are 
forced by a deflection of the lower boundary, whose shape is a Gaussian with a spatial 
half- width Gx= 2 km and an amplitude A =200 m. Our principal findings include the 
following: 

1. Although the lower boundary displacement is Gaussian in shape, the wavefield at 
mesopause altitudes is nearly monochromatic. The dominance of a single horizontal 
wavelength at high altitudes is a consequence of the dispersion of the wavepacket forced at 
the lower boundary. Short horizontal wavelengths ~25 km) dominate the initial 
response at high altitudes. At later times, the response at high altitudes is dominated by 
much longer waves (A^ -100-120 km). Examination of the linear dispersion relation 
indicates that the early appearance of short horizontal wavelengths is due to the fact that the 
vertical group velocity maximizes at « 20-25 km for the parameters used in the 
present calculations. Horizontal wavelengths near 100 km are associated with vertical 
group velocities that are two to four times slower than those of the shorter waves, and thus 
arrive at high altitudes at correspondingly later times. Waves much longer than 100 km 
have very small vertical group velocities. In our calculations, they radiate out of the side 
boundaries before they can propagate to high altitudes; in the real atmosphere, they are 
likely to be subject to much stronger dissipation than shorter, faster waves. These results 
may help explain why observed wave motions at mesospheric altitudes tend to be 
monochromatic, with horizontal wavelengths from a few tens to about 100-200 km. 

2. The position of the mesospheric wavetrain relative to the lower boundary forcing is 
strongly dependent on zonal wavelength. For short waves {k>2nl50 km-i), the group 
velocity is nearly independent of frequency, and the response always appears downwind of 
the forcing. For longer waves (and especially for wavelengths >100 km) the response is 
found upwind of the forcing. The location of both short and long waves relative to the 
forcing at the lower boundary can be understood in terms of their group velocity vectors, 
which point downstream for short waves, and upstream for long waves. 

3. For the forcing amplitude employed in the calculations, A=200 m in Eq. (2.1), the 
waves break at altitudes between about 70 and 125 km. The morphology of the wave field 
in the breaking region is sensitive to the ratio of horizontal to vertical wavelengths. When 
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the horizontal and vertical scales are comparable, breaking involves a large portion of the 
wave. On the other hand, when the zonal wavelength is much larger than the vertical 
wavelength, breaking is confined to a relatively small fraction of the wave, as in earlier 
calculations, such as that of Walterscheid and Schubert (1990). These differences may be 
important insofar as the efficiency of mixing due to wave breaking depends on the 
localization of the ensuing turbulent motion (Fritts and Dunkerton, 1985). 

4. Once breaking begins, the phase velocity, c, evolves so as to keep the Doppler-shifted 
phase velocity, Uo - c, approximately constant. This behavior, which Fritts and Dunkerton 
called self-acceleration, has been reported in previous studies (Fritts and Dunkerton, 1984; 
Walterscheid and Schubert, 1990). Our results suggest that self-acceleration constitutes an 
actual change in the speed of the waveform and is not due to the presence of a spectrum of 
frequencies, each with its own critical level. 

5. Throughout the breaking region, the wave activity profiles decay with a scale height 
very close to the atmospheric scale height, much as predicted by linear saturation 
arguments (e.g., Lindzen, 1981). This behavior is present in all of our calculations 
although the time required to set up a “saturated profile’’ of wave activity depends on the 
vertical group velocity of the waves. 

6. Wave breaking ceases abrupdy at the altitude where external dissipation becomes faster 
than the dissipation rate due to breaking, / 2Hp , derived from saturation arguments. 
We find that the altitude where wave breaking ceases -the model turbopause- can be 
estimated rather accurately as the altitude where the external dissipation rate equals 
c^J2Hp. Since Cgzhsis a strong dependence on the Doppler-shifted phase speed, Uo - c, 
this implies that the altitude of the Earth’s turbopause may change significantly as a 
function of season. 

The calculations and analysis presented in this paper have emphasized the behavior of 
gravity waves as they propagate away from the forcing region, disperse, and finally break 
at high altitudes. As such, they may be viewed as complementary to the recent work of 
Alexander et al (1995), who explored in detail forcing mechanisms due to a simulated 
squall line, and that of Andreassen and co-workers (Andreassen et al, 1994; Fritts et al, 
1994; Isler et al, 1994), who addressed the role of wave breakdown in three dimensions. 
All of these aspects of the gravity wave problem may need to be taken into account to 
provide a complete understanding of wave breaking in the middle atmosphere and its effect 
on the atmospheric mean state. 
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ABSTRACT. The parameters that appear in gravity wave parameterizations 
are mostly determined by reasonableness and by being able to derive middle 
atmosphere mean wind and temperature structures that agree with 
observations. This puts effective constraints on these parameterizations at 
middle and high latitudes but does not effectively constrain these 
parameterizations at low latitudes. The diurnal tide, as derived from UARS 
HRDI wind observations is used to derive an annual climatology of the 
implied atmospheric dissipation. This dissipation thus derived is shown 
to be less than that derived from commonly used gravity wave 
parameterizations at low latitudes (less than approximately 40 o latitude). 
Thus, models using most familiar gravity wave parameterizations will not 
give structures for the diurnal tide that agree with UARS HRDI observations. 



1. Introduction 

The classic work of Leovy (1964), followed by papers such as those by 
Schoeberl and Strobel (1978) and Holton and Wehrbein (1980) clearly showed 
the necessity for the existence of some mechanism for producing a drag acting 
on the mesospheric mean zonal winds in both the summer and winter 
hemisphere. Otherwise, as Pels (1985) showed, radiation alone would produce 
middle to high latitude mesospheric jets whose winds continued to grow with 
increasing altitude rather than maxima in mesosphere. As Houghton (1978) 
pointed out, since stationary planetary waves cannot propagate to these levels 
in summer, it must be the breaking of gravity waves producing this drag on 
the mean zonal winds, at least in the summer hemisphere. Given the fact that 
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large-scale models of the middle atmosphere are unable to resolve such 
gravity wave motions, there followed an effort to develop parameterizations 
for the effects of unresolved gravity waves much in the same manner as is 
done for cumulus clouds in the lower atmosphere. 

Such parameterizations have been developed by Lindzen (1981), Fritts 
and Lu (1993), and Hines (1996a, 1996b), for example. All of these 
parameterization schemes have parameters that cannot be determined 
unambiguously at the present time from observations, so these parameters 
have been chosen to have plausible values that give modeled mean winds and 
temperatures that agree with observations. In practice though, this procedure 
has only given useful constraints on the gravity wave parameterizations at 
middle and high latitudes. Recently, however, observations have become 
available that are useful at low latitudes. These are the UARS/HRDI 
observations of the solar diurnal tide. 



2. UARS/HRDI Data 

The HRDI instrument on UARS observes line-of-sight wind speeds in the 
mesosphere-lower thermosphere (MLT) region by measuring Doppler shifts in 
the emission bands of molecular oxygen. By combining measurements along 
two lines-of-sight and assuming that the vertical wind is negligible and the 
winds do not change appreciably over the time required to make both line- 
of-sight measurements, the vector horizontal wind is determined. 

An inversion technique is used in the HRDI data processing that uses 
a sequential estimator technique (Rodgers, 1976, 1990). This has been 
described in detail by Ortland et al. (1995). Burrage (1993) has described 
the process of fine tuning the sequential estimator and determining the zero 
position of the instrument. The process of validating the UARS/HRDI MLT 
winds has been described by Burrage et al. (1996) and Khattatov et al. 
(1996a). 



3 . The Diurnal Tide 

A clear signature of the solar diurnal tide is seen in the HRDI data. If 
one plots a single day’s meridional wind observations (with most observations 
being taken near the same local time), one sees oscillations in the sign of the 
meridional wind where the altitude scale of an oscillation cycle is a bit less 
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than 25 km (for example, see Morton et al., 1993). Furthermore, one sees the 
amplitude of these oscillating features to be maximum at latitudes of about 
25 o North and South. These are exactly the characteristics expected of the 
solar diurnal tide (see Chapman and Lindzen, 1970, for example). Morton et 
al. (1993) and Hays et al. (1994) have used these features in the HRDI 
observations to determine the observed niorphology of the solar diurnal tide. 

For extracting the tidal structures from the HRDI wind observations, 
Khattatov et al. (1996b) have developed a new approach in which a linearized 
tidal model, including the effects of mean zonal winds, is used together with 
the HRDI data to determine the climatology of the solar diurnal tidal variations 
in the meridional wind in the MLT region. Briefly speaking, the tidal model 
is used to solve for the diurnal tide using climatological estimates for the mean 
zonal wind and temperature structures. The amplitudes and phases of the 
modeled diurnal variation in the meridional velocity component are then 
compared with the inferred amplitudes and phases of the diurnal variation 
of the meridional wind component from the UARS/HRDI measurements over 
a month. Quite good agreement is found between the modeled and observed 
phases with less agreement between the amplitudes. First, the modeled 
phases are adjusted to agree with the UARS/HRDI observed values, where 
they are available. This is then followed by an adjustment in the amplitudes. 
By this procedure then, a climatology for the diurnal variation in the 
meridional wind component is derived that is in quite good agreement with 
the UARS/HRDI observations and shows the general global behavior of the 
model results. These results are shown in figure (1). 

At this point, the diurnal variation in the meridional wind component is 
determined. This is then used together with the governing equations 
(equations of motion, thermodynamics, continuity, and state) in an iterative 
scheme to determine the other diurnal tidal variables (zonal wind, vertical 
wind, temperature, density, pressure). These are then used in the tidal energy 
equation to derive the implied atmospheric dissipation. More details on this 
procedure can be found in Khattatov et al. (1996c). 

The point stressed in this paper is that the diurnal tide, because of its 
rather short vertical wavelength and the fact that it has high amplitudes at 
low latitudes, provides an important constraint on the atmospheric dissipation 
at low latitudes. Such constraints have not previously been considered to any 
great extent. In the following, we will illustrate that there are some 
inconsistencies between the atmospheric dissipation implied by the observed 
structure of the diurnal tide at middle and low latitudes (between about +40 o) 
and that which is implied by various gravity wave parameterizations that 
have been used in models of the global middle and upper atmosphere. 
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Figure 1. Monthly mean amplitudes of the meridional diurnal tidal winds 
derived from HRDI data for 1992-93. Contours in all panels except 
February are at 10 m S"1 spacing. The February contours have 20 m s“^ 
spacing. From Khattatov, 1996b. 
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4. Atmospheric Dissipation 

Khattatov et al. (1996b) used a tidal model in which atmospheric 
dissipation was represented by Newtonian cooling and Rayleigh friction for 
simplicity. Derived monthly mean Rayleigh friction coefficients are shown in 

figure (2). Two things to keep in mind are that the quality of these results 
depends critically on the UARS/HRDI data coverage during each month, and 
these results were obtained using data for the two years 1992-93 to increase 
the amount of data. Note that, in general, the Rayleigh friction increases with 
increasing altitude. In general, higher values of Rayleigh friction are seen in 
the winter hemisphere. We have highlighted the 2 x 10'^ sec 1 contour in each 
of the panels, June and July are exceptions to this, but these are months with 
poor data coverage for a number of reasons, the most important being that 
the UARS spacecraft malfunctioned during these months in 1992. It is to be 
expected by gravity wave breaking theory (e. g., Lindzen, 1981) that the 
atmospheric dissipation produced by gravity wave breaking is larger at 
altitudes below 100 km in the winter hemisphere at middle and high 
latitudes. 

Although Khattatov et al. (1996c) only calculate the implied Rayleigh 
friction directly, a crude picture of the implied diffusion term, Kzz» can be 
obtained for an assumed monochromatic wave by multiplying the Rayleigh 
friction coefficients by the vertical wavenumber squared. Khattatov et al. 
(1996c) did this by determining the local vertical wavenumber from the 
derived diurnal phases. The derived distributions for Kzz are shown in 
figure (3). The distributions of Kzz are quite similar to those for the Rayleigh 
friction in that Kzz increases upward and is, in general, larger in the winter 
MLT regions than in summer. We have highlighted the 200 m^ s"^ contour 
since Forbes and Vincent (1989) have suggested that at the altitude where 
this value is reached the diurnal tide will cease growing and decay above. 

The results shown in figure (1) and figure (3) are consistent with this result. 
Also, by comparing figures (2) and (3), one sees that the Rayleigh friction 
value of 2 X lO"^ sec'l corresponds very closely to the Kzz value of 200 nfi s’^. 

It is interesting to compare Khattatov et al.'s (1996c) derived values of 
Kzz from HRDI wind observations with those of Garcia and Solomon (1985). 
Their derived Kzz is shown in figure (4) for solstice conditions. We have 
highlighted their 2.1 x 10^ m^ s'2 for comparison with those shown in figure 
(3). Note that their results show a 2.1 x 10^ m^ s‘2 center that extends down 
to about 85 km at about 30 with a rather flat 2.1 x 10^ m^ s’^ contour lying 
at about 106 km elsewhere. For comparison, Khattatov et al.'s 200 m^ s"2 
contour lies well above 110 km altitude everywhere. Thus, we expect that 
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Figure 2. Monthly mean Rayleigh friction coefficients derived from the 
diurnal tide implied by the HRDI data for 1992-93. The 2.0 contour has 
been highlighted for emphasis. From Khattatov et al., 1996c. 
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Figure 3. Monthly mean vertical diffusion coefficients derived from the 
diurnal tide implied by the HRDI data for 1992-93. The 200 contour has 
been highlighted for emphasis. From Khattatov et al., 1996c. 
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Figure 4. Vertical eddy diffusion coefficient, Kzz, produced by gravity 
waves under solstice conditions in the 2-D model of Garcia and Solomon 
(1985). The 2.1 contour has been highlighted for emphasis. From Garcia 
and Solomon (1985). 



the Garcia and Solomon (1985) atmospheric dissipation would imply excess 
dissipation for the diurnal tide. In fact, this is exactly what is found to occur 
in the Hagan et al. (1995) modeling of the diurnal tide using the Garcia and 
Solomon (1985) values for atmospheric dissipation. In contrast, Hagan 
(personal communication, 1996) has run her model of the diurnal tide using 
the Khattatov et al (1996c) dissipation and obtains diurnal tidal values that 
are quite consistent with those derived from UARS observations. Since Garcia 
and Solomon (1985) derived their atmospheric dissipation values essentially 
using Lindzen’s (1981) gravity wave breaking formulation, adjusting open 
parameters to get reasonable looking mean zonal winds and temperatures, 
this suggests that this formulation does not give proper values for atmospheric 
dissipation from gravity wave breaking at low latitudes. 

Roble (personal communication, 1996) has attempted running his TIMED 
GCM using the Fritts and Lu (1993) gravity wave saturation formulation. He 
finds that he cannot reproduce the UARS values of the diurnal tide with 
conventional formulations of tidal forcing. Again, this suggests that the 
atmospheric dissipation inferred from the Fritts and Lu (1993) gravity wave 
saturation formulation is excessive at low latitudes. 



5. Comparison of UARS and MF Radar Observations 

A great deal of current research is ongoing to resolve the differences in 
MF radar and UARS HRDI and WINDII observations of MLT winds (see Burrage 
et al., 1996, and Khattatov et al. (1996a) for more details on this. Since MF 
radar observations seem to give smaller winds than UARS measurements 
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above about 85 km., quite a different structure is observed for the diurnal 
tide using these two techniques. Figure (5) shows an example of a comparison 
of the modeled diurnal tide from Hagan et al. (1995) with HRDI and MF radar 
observations for the month of April at 20 °N. This figure shows that the MF 
diurnal tidal amplitudes for the northward wind variation maximize at about 
85 km while the model maximum occurs at about 105 km, and the HRDI 
measurements show the maximum at about 95 km. Thus, the atmospheric 
dissipation would be very different if the MF radar values were correct. 

Diurnal Tidal Signatures near 20*N 
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Figure 5. Northward diurnal tide wind amplitudes and phases from the 
global-scale wind model of Hagan et al. (1995) at 21 (curves); from 
1992 monthly averaged UARS/HRDI data (triangles); and MF radar 
measurements over Kauai, Hawaii (20 ®N). From Hagan et al. (1995). 










crosses: H! 


( 


triongles: HRDI 
curve: model 



6. Conclusions 

We have illustrated that a certain distribution of atmospheric dissipation 
in the MLT regions is implied by the diurnal tidal structure that is consistent 
with UARS measurements at low latitudes. These values for the atmospheric 
dissipation are less than those from the gravity wave parameterization of 
Garcia and Solomon (1985) and that inferred from the Fritts and Lu (1993) 
parameterization. It should be noted that reproducing the observed structure 
of the diurnal tide in the MLT region is a new constraint that has not yet been 
applied to gravity wave parameterizations. Furthermore, these are the first 
stringent constraints to be applied to gravity wave parameterizations in the 
low latitude MLT region. Previously, only constraints on the middle and high 
latitude mean zonal flow have been used. It is clear that for a gravity wave 
parameterization to realistically apply to the actual atmosphere, it must lead 
to proper modeling of all MLT circulation phenomenon such as the mean zonal 
flow, planetary waves, tides, etc. 
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On the nonlinear interactions between gravity waves 
in shear flows 
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1 Introduction 

The gravity waves which propagate upward in the middle atmosphere attain very large 
amplitudes, so large that they break through dynamical or convective instability. When 
they are strictly isolated, they can be satisfactorily described by the linear theory because 
of the (almost) incompressibility of the atmosphere. In general, however, several waves 
coexist, and the nonlinear interactions can significantly infiuence their propagation far 
below their breaking level. 

The importance of the nonlinear effects is manifest in the mechanism of wave instabil- 
ity: small disturbances to a gravity wave are amplified, extracting energy from the wave 
at a rate proportional to its amplitude (see e.g. Klostermeyer 1991). This can strongly 
affect the transport of momentum by the wave, and hence infiuence the wave-mean flow 
interaction (Dunkerton 1987). 

The interactions between gravity waves have been fruitfully studied using the weakly 
nonlinear theory, following the approach employed for other types of hydrodynamic waves 
(e.g., Craik 1985). In this theory, the waves are assumed to keep the spatial structure 
they have in the absence of nonlinearities; the nonlinear interactions only slowly modulate 
the wave amplitudes. The dynamical fields can thus be written as 

= Aa{t) exp [i(k„ • r - uj)] <i>a, 

a 

where Ua = fl(ka) satisfies the linear dispersion relation, and (pa is the vector of the 
dynamical fields determined by the polarisation relations. Introducing this form in the 
equations of motion, one can get (through various techniques) interaction equations, de- 
scribing the evolution of the amplitudes Aa- These equations take the form 

A A 1 

^ I^AIA* exp [i(wa + Wb + Wc)t] , + k;, + kc = 0. 

di 2 ^ 

Owing to the assumption of weak nonlinearity, the study can be further simplified by 
considering only isolated triads for which ^ 0. The interactions can then be 

analysed in two steps: 

^Present affiliation: Department of Physics, University of Toronto, Toronto, Canada M5S 1A7 
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1. The conditions for resonance are investigated, i.e. the system 

f kfl + kf, + kc = 0 

^ UJa ^ 

is solved using the dispersion relation uji = Q(ki). This indicates which waves can 
interact significantly. 

2. The interaction coefficients - given as functions of the three wave structures cpa, 
ipb and (fc - axe calculated. Their values govern the energy transfers inside a triad. 

A vast amount of literature is devoted to this type of analysis, which has been applied 
to various models of stratified fluids (e.g., McComas and Bretherton 1977; Yeh and Liu 
1981; Dong and Yeh 1991). Interestingly, properties of the interaction coefficients - which 
can be obtained by manipulating their explicit form - directly result from the conservation 
laws of the models (Ripa 1981; see also below). 

The wave instability can be understood in terms of triad interactions (e.g. Craik 1985). 
Indeed, an infinitesimal disturbance to a (primary) wave a can consist of two waves b and 
c, with kfl+kfr+kc = 0, and \Aa\ > |Ab|, |Ac|. The evolution of the disturbance amplitude 
is readily obtained as 

Ai,Ac = exp{aat), (Ta = \//r-^c'’IAP - - i<^, (1) 

where (j) = Ua + uJb-^ It is then easy to see that a wave a is unstable at any amplitude 
if it can be involved in a resonant triad such that > 0. From the properties of 

the interaction coefficients, an equivalent condition is found to be |o;a| > \^b\, l^d- An 
infinitesimal wave is thus unstable if it can be the highest-frequency member of a resonant 
triad. This is Hasselmann’s criterion (Hasselman 1967). Finite-amplitude waves are also 
unstable through non-resonant interactions. 

For non-resonant triads, the term -i0 in (1) modifies the propagation properties of 
the growing waves compared to those of the corresponding free waves. Consequently, the 
group velocity of the growing waves is modified; in fact, it is given by 

V? = V? = [Vkn(k,) + Vkfi(k,)] /2, 

i.e. the mean of the free wave group velocity (Vanneste 1995a). An evaluation of this 
group velocity in resonance conditions shows that it is generally negative (i.e. oppositely 
signed to the group velocity of the primary wave a); it can have the same sign only for 
high-frequency primary waves (|a;a| ~ N, where N is the Brunt-Vaisala frequency). More- 
over, the group velocity of the fastest-growing disturbance is negative for low-frequency 
waves, and tends to zero for high-frequency waves. Growing disturbances to an upward 
propagating wave can thus be expected to propagate downward or to remain at a constant 
level. 

All of these results have been obtained assuming that the gravity waves propagate 
in a resting atmosphere. However, the waves are generally superposed to a large-scale 
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shear flow, which can include contributions from planetary waves in addition to a zonal 
mean component. The presence of a basic shear can be expected to significantly affect 
the nonlinear wave interactions, as it strongly modifies the linear wave propagation. This 
has been confirmed by numerical simulations (Dunkerton 1978; Vanneste 1995a). The 
theoretical work dealing with this problem (Grimshaw 1988, 1994; Fritts et al. 1992) 
relies upon a WKB-like approach, and hence is limited to slowly- varying shear flows. 
(Grimshaw (1994) nevertheless considers interactions with a wave packet approaching its 
critical level.) The results of the standard approach can thus be maintained, but with wave 
characteristics kj, ui and (pi which are slowly varying in time and space. Consequently, the 
resonance condition cannot be satisfied globally, but is only met on a certain space-time 
surface. 

The purpose of this paper is to present a theory for the interactions of gravity in a 
(possibly) strong shear. This theory, which parallels as much as possible the standard 
approach for waves in a medium at rest, relies upon the conservation laws relevant to dis- 
turbances in shear flows, i.e. the wave-activity conservation laws. It provides a technique 
to derive the interaction equations in a systematic manner, and allows one to relate the 
interaction coefficients to the wave activities. As a result, an extension of Hasselmann’s 
criterion for wave stability can be established. 

When a basic shear is present, the wave activities are not necessarily sign-definite 
even if the basic flow is linearly stable. Interactions between waves with wave activities 
of different sign can lead to a phenomenon called explosive resonant interaction, which 
results in the simultaneous growth - and finite-time singularity - of three waves forming 
a resonant triad. This phenomenon is very interesting, since it corresponds to a nonlinear 
instability of the basic flow; we will discuss its possible existence in stratified fluids. 
Another consequence of the basic flow is the presence of waves with critical levels. As 
shows a result of Becker and Grimshaw (1993) recalled below, this is tightly connected to 
the existence of explosive interaction. Although the theory described in this paper does 
not strictly apply to waves with critical levels, we briefly discuss its possible extension in 
this direction. 



2 Derivation of the interaction equations 

We consider a two-dimensional stratified fluid {x and y being the horizontal and vertical 
directions) and, for simplicity, we use the Boussinesq approximation^. The equation 
governing the evolution of a disturbance to a parallel shear flow U {y) can be written 

= 0, (2) 

{dt-hUd,)r]-N^d,^ + d{i;,v) = 0. (3) 

^The approach is actually very general, since it relies on the Hamiltonian structure of the model 
equations; it can thus be applied to a variety of models of inviscid stratified fluids. 
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Here, the vorticity C is related to the streamfunction ^ through C = rj is the 

buo^^ancy, N is the Brunt-Vaisala frequency, and d{f,g) = dxf dyQ — dyfdxQ is the 
Jacobian operator. It is convenient to view rj and ( as the dynamical variables and to 
introduce the vector 

The system (2-3) has two invariants which are quadratic to the lowest order in 
these wave activities are the pseudoenergy 8 and the pseudomomentum V. They have 
been derived by Shepherd (1990), Ripa (1990) and Scinocca and Shepherd (1992), and 
can be expanded in powers of ^ according to 

£ = + . . . , 

'P = 7^(2) p(3) _ 



In what follows, we will only use the lowest order parts of this invariants, and 
which are the invariants of the linearized equations. The corresponding densities are given 
bv 



£;(2) 

p(2) 



iW'P rf UQr] UU"rf 
2 2AT2 2iV4 

C?7 U"ri^ 

N2 2.V^ ' 



( 4 ) 

(5) 



Note that the first two terms in represent the perturbation energy. Note also that 
in a reference frame moving at a velocity a, is unchanged, whereas transforms 
into — aP^^^ . In terms of <p, the two densities can be written in the compact form 



— (p+E(/?, and P^^^ = 



where E and P are self-adjoint operators easily derived from (4-5). 

Consider now the linearized system, obtained from (2-3) by neglecting the Jacobians. 
Its solution can be sought in the form of modes 

^ = f>a{y) exp [ika{x - Cat)] . 



The phase velocity Ca = ^a/K and the vertical structure (pa are found as eigenvalue 
and eigenfunction of the Taylor-Goldstein equation derived from (2-3). This eigenvalue 
equation can be written 

ka^ at (^) 

where and obtained by making dx ^ ika in E and P, are Hermitian^. As associated 
boundary conditions, we take 

^a{0) = (Pa{H) = 0 , 

i.e. that we consider a vertically bounded domain of height H. Of course, other boundary 
conditions can be chosen. 

For each ka, the complete set of solution to (6) includes (see Banks et al 1978) 

^This form comes from the fact that the conservation of is associated with the symmetry of the 
system with respect to translation in t (with generator dt = —iuj), while that of is associated with 
the symmetry in x (with generator dx = ik). 
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1. a discrete set of regular waves, with Ca ^ [Um, Uu]'-, 

2. a continuous spectrum of singular modes, with Ca G [Um, Um]^ 

Here Um {Uu) is the minimum (maximum) value of the basic velocity. The singular modes 
have a critical level where their phase velocity is equal to the basic flow velocity; there, the 
buoyancy and the vorticity are singular. Let us ignore this fact (for now), and consider 
an expansion in normal modes in the form 



= ^a{t)0a{y) exp [ikaix - cj)] . 

a 



Introducing this expansion in the equations of motion yields 






d^ 



4- iUaAa 



exp{ii9a) + Vc)AlAl exp + ^c)] = 0, 

b c 



( 7 ) 



where i9a = kaX — Uat, and N{(pb, ^c) is the vector of the nonlinear terms. 

To obtain evolution equations for the amplitudes Aa{t), it is necessary to project this 
expression onto each mode. This can be done using the projection associated to one of 
the following orthogonality relations (see Vanneste and Vial 1994): 

f ^kAy)‘Pb{y) dy = Ec: 

JO 

[ [‘Pa{y)rPka{y)<fib{y)dy = PaSa,b- 
Jo 

In these relations, which are consequences of the Hermicity of and Pa:^, we consider 
that ka = kb, since the orthogonality of modes with different wavenumbers is obvious. 
Clearly, the orthogonality relations are connected to the conservation of and for 
the linear system (see Held 1985). As a consequence, these quantities are diagonal in the 
normal mode basis: 



E^^'> ='£Ea\Aa{t)\\ =Y.Pa\Aa{t)\\ With Ea = C^Pa- 

a a 

Applying 

/ +00 rH 

exp{-ikax)dx [if>a{y)\ Efc,(y)(-)dy 

-oo J 0 

to (7) yields the amplitude equations in the form 
d y4 1 _ 

^ I^^AlAl exp [i(o;a + 4 LOc)t ] , ka + kb -i- kc = 0. (8) 

be 

with the interaction coefficients 

la = r my)Y {y) [N{^b, >Pc) + N(<Pc, <Pb)] dy. (9) 

Jo 

Under the assumption of weak nonlinearity, the system (8) can then be truncated to a 
single triad. A strong influence of the nonlinear interactions is expected when the triad 
is resonant, i.e. 



A tOb — 0 * 
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3 Properties of the interaction equations 

As in the case of waves propagating in a medium at rest (Ripa 1981), properties of 
the interaction coefficients can be derived from the conservation laws. Obviously, 
the relevant conservation laws are those of pseudoenergy and pseudomomentum. The 
conservation of pseudoenergy can be written approximately as 

The first term, which is associated with the ‘slow’ amplitude modulations, is O(A^); the 
second term has a contribution of the same order, associated with the ‘fast’ oscillations 
at frequency u)a- As the two contributions must be equal for any wave amplitudes, it is 
easily seen that 

Ea + E, /r + E, If ~ (coa +UJ, + UJc)=Q (10) 

for resonant triads (Vanneste and Vial 1994). A similar expression relates the interaction 
coefficients of a resonant triad to the pseudomomentum of the waves. A consequence of 
these relations is the conservation of and for isolated resonant triads. (When 
U (y) = 0, the energy and pseudomomentum are conserved in any isolated triad, as they 
are exactly quadratic (see Ripa 1981).) Note that (10) can also be derived by a direct 
manipulation of the explicit form (9) of the interaction coefficients. 

Combining (10), its equivalent for the pseudomomentum, and the resonance conditions 
yields the two equivalent relations 

^ ^ E^ ^ 

UJa K 

or, in a reference frame moving at a, 

where E^ = Ea — aPa, and = Ua~ aka is such that 

< + a;? + a;," = 0. 

From (11) and (12), the properties of the interactions 
discussed in terms of the pseudoenergy and frequency of 
frame. Two types of behaviour are possible: 

1. If one of the interaction coefficients is oppositely signed to the other two, the three 
amplitudes oscillate periodically. This occurs in two situations: (i) if the three E^ 
have the same sign, or (ii) if the wave with a oppositely signed to the other two 
does not have the largest frequency 

2. If the three interaction coefficients have the same sign, the three amplitudes grow 
simultaneously (and have a finite-time singularity); this phenomenon is called ex- 
plosive resonant interaction (ERI) and corresponds to a nonlinear instability of the 
basic flow. It occurs when the highest-frequency member of the triad has a E^ 
oppositely signed to the other two. 



p„/r Pc If 

hff he 

( 11 ) 

(12) 

inside a resonant triad can be 
the waves in a given reference 
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Figure 1: The typical behaviour of a wave amplitude Za = .4a exp(— io;at) in a non- 
explosive triad (top), and in an explosive triad (bottom). 

These two types of behaviour in a resonant triad are illustrated in figure 1. Of course, the 
behaviour of the triad does not depend on the reference frame. To ensure that explosive 
interaction does not occur, it therefore suffices to find an a such that the three have 
the same sign. 

The ERI has been studied in layered models of irrotational (non-stratified) flows (Craik 
and Adams 1979; Tsutahara 1984), and models of baroclinic instability (Romanova 1987; 
Meacham 1988; Vanneste 19956). Its importance stems from the fact that it can destabilize 
flows which are spectrally stable. 

For stratified shear flows, Becker and Grimshaw (1993) showed using a Lagrangian 
approach that ERI requires the presence of modes with critical levels. To see this, let us 
write the pseudoenergy as 

E: = {Ca - a) j”(ca - U)iey + k^e) dy, 

where f For (regular) waves without a critical level (i.e. Ca ^ [b/m, Uu]) it is 

clear that the pseudoenergy is always positive when a G [Um^Uu] (see figure 2). Hence, 
ERI cannot occur in triads composed of regular waves only. But, for singular modes (with 
critical level), the previous development are not strictly applicable, as they would involve 
singular integrals. The possible extension of these developments to take into account the 
singular modes is discussed in section 5. In the next section, we consider regular modes 
only, and study the influence of the shear on the instability of waves through interactions 
with other regular waves. 
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Figure 2: The choice of a showing that explosive resonant interaction requires the presence 
of critical levels. 

4 Instability of regular modes 

For regular waves, the presence of the shear affects the explicit form of the interaction 
coefficients, but not the form of the amplitude equations. The standard approach, briefly 
recalled in the introduction, can thus be applied to study the stability of an infinitesimal 
wave (see e.g. Craik 1985). A wave a is unstable at any amplitude if it constitutes a 
resonant triad with two waves b and c such that > 0 (see (1)). To formulate the 

extension of Hasselmann’s criterion to shear flows, it is convenient to choose, as above, 
Oi € [Urm Uu]- In such a reference frame, the pseudoenergy of the three regular waves a, 
6, and c is positive. From (11) we see that a is unstable if > 0. Taking (12) into 

account, we find the equivalent condition 



An infinitesimal wave is thus unstable if it is involved in a resonant triad in which it has 
the largest frequency as seen by an observer moving with any point of the flow. This is 
the extension to shear flows of Hasselmann’s criterion. 

When the disturbance consisting of b and c is not resonant with a, the instability 
occurs if the amplitude of a exceeds the threshold 




where = cja + cjf, + cJc, provided that > 0. The growth rate of the instability is 

given by 




To illustrate the influence of the basic shear on the instability of a gravity wave, we now 
present explicit calculations of the interaction coefficients and instability characteristics 
for two examples. The chosen basic shear is 



U = Um sin 



2HJ ’ 



(13) 



and an uniform (dimensionless) stratification A' = 1 is considered. In the range of Um 
analysed here, this flow is linearly stable. 

When there is no basic flow {Uu = 0), the vertical structure of the waves is simply 
sm{na7ry/H). With a shear, Ua can be defined as the number of zeroes of the vertical 
structure <Pa in ]0, A[ minus one; it can be used as a meridional index to fix the vertical 
mode for a given horizontal wavenumber. As two modes with opposite directions of 




207 



wave 


kH 


n 


kH 


n 


a 


-1.3 


5 


-1.8 


5 


b 


-0.5 


-6 


0.53 


-6 


c 


1.8 


11 


1.27 


9 



Table 1: Horizontal wavenumbers and vertical indices defining the two triads studied with 
the shear (13). 





t V 

Figure 3; Vertical structure of the vorticity ( and buoyancy rj for the three waves a (solid 
line), b (dashed line), and c (deish-dotted line) defined in the first column of table 1, in 
the basic shear (13) with Uu = 0.04. 

propagation exist for each value of we attribute to a sign corresponding to the 
direction of propagation. 

The characteristics of the first triad considered are given in the first column of table 1. 
Clearly, this triad satisfies the interaction condition ka ki, kc = 0] it also satisfies 



rifl ib rife ± Uc = 0, (14) 

which is a necessary condition for nonlinear interaction to occur when Uu = 0. The 
vertical structure of the three waves is displayed in figure 3 for ?7 m = 0-04. The influence 
of the shear is apparent: the amplitude (wavelength) of waves a and c, which propagate 
in the direction of the shear, increases (decreases) with the shear amplitude, whereas 
the reverse is true for wave 6, which propagates against the shear. Figure 4 shows the 
frequencies uJa, (jJt and Uc, and (half) their sum as functions of the shear amplitude Uu- 
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Figure 4: Frequencies and sum of the frequencies {Qabc = d/2) of the three waves displayed 
in figure 3, as functions of the maximum shear. 

It can be seen that the triad is resonant for two distinct values of Um^ Figure 5 displays 
the three interaction coefficients and 7"^; it shows that they strongly depend on 

the shear amplitude. As expected from the theory, the wave with the largest frequency 
a has an associated interaction coefficient 7^^ which is oppositely signed to the other two 
at resonance . This wave is thus the ‘unstable’ member of the triad. Interestingly, 7^^ 
remains oppositely signed to 1^°' and 7^^ in the entire range of Uu, although the coefficients 
vanish several times. This can be explained by the fact that the three waves remain close 
to resonance - even though their structures change considerably - because the main effect 
of the shear on the frequencies is a simple Doppler shift (by the average velocity) which 
does not affect the resonance condition. 

Figure 6 shows the critical amplitude for the instability of wave a to a disturbance 
consisting of waves b and c. Since the presence of the shear can render the three waves 
resonant, it can lead to a vanishing of but it can also render wave a unconditionally 
stable (to this disturbance). The growth rate of the instability is also displayed, assuming 
an dimensionless amplitude \Aa\ = 0.1. This figure confirms the strong influence of the 
shear flow on wave instability. 

While condition (14) drastically restricts the possibility of interactions for waves prop- 
agating in a resting medium, it has no direct equivalent when a basic shear is present. 
The possibilities of interactions - and in particular resonant interactions - are thus much 
more numerous with a shear. To see how the shear can lead to the interaction of waves 
otherwise isolated, we consider a second triad, whose characteristics are summarized in 
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Um 

Figure 5: Interaction coefficients for the three waves displayed in figure 3 as functions of 
the maximum shear (solid line: dashed line: /“; dash-dotted line: I^^). 




Figure 6: Critical amplitude for wave a and growth rate for waves h and c (with |Aq| = 0.1) 
for the three waves defined in the first column of table 1, as functions of the maximum 
shear. 

the second column of table 1, again with the shear (13). Figure 7 presents the three 
interaction coefficients. Since (14) is not satisfied, the interaction coefficients vanish when 
Uy^ = 0, but they attain significant values (comparable to those obtained for the previous 
triad, which interacts when Uu — 0) for sufficiently large values of 17 m- The triad is reso- 
nant for two distinct values of Uu\ this can be deduced from figure 8, which displays 
and the growth rate of the disturbance for |Aa| = 0.1. It can be seen that the instability 
of wave a, which is impossible without shear, is rendered possible by the shear, and that 
the growth rate attains significant values. Again, this illustrates the strong importance 
of the shear. (Similar results hold for different types of waves (Vanneste and Vial 1994).) 
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Figure 7: Interaction coefficients for the three waves defined in the second column of table 
1, as functions of the maximum shear (solid line: dashed line: dash-dotted line: 

If). 




Figure 8: Critical amplitude for wave a and growth rate for waves b and c (with \Aa\ = 0.1) 
for the three waves defined in the second column of table 1 , as functions of the maximum 
shear. 



5 Interactions including singular modes 

As indicated at the end of section 3, the approach presented for wave interactions in 
shear flows breaks down for triads including singular modes. Indeed, if a mode with 
phase velocity Ca possesses a critical level at yc^ (i.e. U{yc^) = Ca), a Frobenius analysis 
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in the vicinity of yc^ gives 

^a^iy-Vcy'^, i?a ~ (y - Ca ~ (y - 

for the streamfunction, buoyancy, and vorticity, respectively. (We assume the basic flow 
to be linearly stable, with a Richardson number greater than 1/4.) Clearly, the integrals 
for Ea, Pa, It are not defined in the usual sense, and the approach must be reconsidered. 

The role of the singular modes in wave interactions is an important issue: as described 
above, they may be responsible for a nonlinear destabilization through ERI of flows which 
are linearly stable according to the Miles-Howard criterion. Furthermore, even in cases 
of stable interactions (i.e. between waves with pseudoenergies of the same sign in some 
reference frame), the singular waves can be expected to induce interesting effects, since 
they strongly interact with the basic shear. So far, the issue of incorporating the singular 
modes in the weakly nonlinear theory remains open. In what follows, we suggest a way 
of attacking this problem, based on linear studies (Case 1960; Kamp 1991; Balmforth 
and Morrison 1996) and on recent results for non-stratified fluids (Vanneste 1996). The 
approach we propose relies on two remarks: 

1. Critical layers due to the presence of an isolated singular mode appear in forced 
systems, or in instability problems, because of the existence of a dominant frequency. 
In free systems, however, the singular modes are not isolated; rather, a continuous 
spectrum of modes with Um < c < Uu is excited, and the superposition of these 
modes represents a smooth transient disturbance, so that no extra physical effects 
(such as viscosity) need to be invoked at a particular location. Critical levels then 
appear as a mathematical difficulty, induced by the modal decomposition. 

2. If a given singular mode is involved in a triad with two other modes, the singular 
modes in its vicinity (i.e. those with the same horizontal wavenumber but slightly 
different phase velocity and thus slightly different critical level location) will also 
interact with the two modes. In other words, there is no physical justification for 
truncating the continuum of singular modes corresponding to a given horizontal 
wavenumber. 

The singular modes must thus be considered in complete packets, with Um < c < Uu', this 
leads to a consistent description of the interactions, and to smooth physical fields without 
resorting to some artificial regularization process. Consequently, the interacting ‘triads’ 
consists of regular waves or complete packets of singular modes, and the non-resonant 
interactions involving singular modes must be taken into account. This is schematically 
represented in figure 9, which displays the simple situation of the interaction between two 
regular modes b and c, and a packet of singular modes a. One of this mode, is assumed 
to be resonant, i.e. 

LJb UJc = 0 , 



where = kacl = KU(yD- 
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Figure 9: A schematic view of the interaction between a packet of singular modes a and 
two regular modes h and c in the {k, c)-plane. The regular modes constitute a resonant 
triad (represented by the dashed triangle) with a particular singular mode a^. 

Albeit conceptually simple, the approach proposed encounters a number of technical 
difficulties. First, the complete structure of the singular modes involves Dirac contribu- 
tions, namely 

G ~ (j/ - + A(5(y - pcj + iJ.S'{y - t/cj, (15) 

where A and ji are constants, and it must be derived from a singular differential equation. 
Second, if we write the vorticity induced by a packet of singular modes as 

C = / Aa{t)L{y) exp{ika{x - Ca)t]dCa, 

we must be able to calculate this expression in a consistent manner. From Case’s com- 
parison between the normal mode approach and the Laplace transform approach (Case 
1960), it is clear that the singularities must be integrated by parts; this corresponds to 
Hadamard’s interpretation of singular integration. Finally, we must compute Ea and Pa, 
and derive the interaction equations, by (carefully) manipulating the distributions and 
finite-part integrals. Results obtained without stratification give us confidence in the 
possibility of applying this approach to obtain explicit results for gravity waves. 

6 Summary and discussion 

The theory of weakly nonlinear interactions between gravity waves is extended here to 
incorporate the influence of a strong background shear. Specifically, we describe an ap- 
proach for deriving the wave interaction equations that is based on the orthogonality 
relations associated with the wave- activity conservation laws of the system. This allows 
us to relate the interaction coefficients to the wave activities (pseudoenergy and pseudo- 
momentum), and to discuss the qualitative properties of interacting triads in terms of the 
properties of the linear waves. The condition found by Becker and Grimshaw (1993) for 
explosive interaction in a triad - namely, the presence of modes with critical levels - is 
then recovered, and an extension of Hasselmann’s criterion is derived, which determines 
the ‘unstable’ member of a non-explosive triad. 
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The influence of the basic shear on wave instability is illustrated by two examples. 
Although these examples suggest a strong influence of the shear, they are only indicative: 
instead of focusing on a unique disturbance (fixed by the wavenumbers and zonal indices) , 
a complete study should consider the entire set of possible (resonant) disturbances in order 
to find the one with the largest growth rate. A systematic effect of the shear on a given 
wave (for instance a destabilisation) could only be detected by such a study. 

A major consequence of the shear is the existence of a continuum of singular modes 
possessing a critical level w^hose role in wave interactions is not fully understood. Here, we 
propose an approach to study this role, which naturally , extends that applied to regular 
waves. The key-point of this approach is that the singular modes must be considered in 
packets, with their phase velocity in the entire range covered by the basic flow velocity. 
The study of weakly nonlinear interactions involving singular modes should bring to light 
interesting new phenomena, the first of which is the destabilisation of linearly stable flows 
through explosive resonant interactions. We want to point out that this mechanism likely 
leads to distributions of singular modes which peak for particular modes (those corre- 
sponding to exact resonance), and hence to small-scale vertical structures. This is remi- 
niscent of the conclusion that nonlinear stability cannot be guaranteed in stratified shear 
flows because of the (possible) existence of small-scale density fluctuations (see Shepherd 
1992). As mentioned above, the strong interaction between the singular modes and the 
basic flow renders the nonlinear interactions including those modes very interesting even 
in non-explosive situations. An important point is that the linear evolution of a packet 
of singular modes ultimately leads to the decrease of its energy. Because of the nonlinear 
interactions, this (non-dissipative Landau) damping may affect the regular waves. The 
presence of shear, through the existence of singular modes, could thus strongly modify the 
behaviour of regular waves. These different phenomena are the subject of current work. 
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ABSTRACT. Examples of the evolution of gravity wave spectra launched upward 
from the lower stratosphere are computed at unprecedented spectral resolution, as a 
function of altitude z, in a one- dimensional model. Empirical model energy spectra of 
the kind proposed by Fritts and VanZandt are used as launch spectra. The dependence 
of these spectra on vertical wavenumber m have a power-law behavior at small m, to 
which the total wave-energy profile Etot(^) is sensitive. The effect on Etot{z) of varying 
s is investigated for several cases, and the resulting Etot(^) profiles are compared with 
an empirical profile Eempi^)^ derived by Fritts and Lu from observational studies. To 
the extent that Ee^p{z) is realistic and the power law is realistic, s values around 
1.5 are arguably a better choice than the value s = 1 that is often assumed faute de 
mieux. 



1. Introduction 

A recently implemented theoretical gravity wave spectral-evolution model (Warner and 
McIntyre 1996, hereafter WM96), tries to separate clearly the more theoretically justi- 
fiable from the more empirical elements of our knowledge of gravity wave propagation 
and breaking. A properly resolved numerical implementation of this model of spec- 
tral evolution is far too expensive to be used as a general circulation model (GCM) 
parameterization scheme, essentially because spectral elements undergo shearing dis- 
tortions as in fluid flow. However, we believe this model yields useful insight into the 
evolution of gravity wave spectra with fewer neglected effects than are necessary for a 
parameterization scheme. 

The gravity wave-energy spectrum at large vertical wavenumber m has a shape (x m~* 
where the exponent t is roughly independent of time, place, and altitude and close to 
3. This large-m spectral shape seems to be observationally robust provided the shape 
is averaged over a sufficient number of measurements. But the low-m behavior is not 
constrained observationally, at least not directly, because the corresponding vertical 
wavelengths are too big to fit into practical altitude ranges for spectral analysis. There- 

NATO ASI Series, Vol. I 50 
Gravity Wave Processes 

Their Parameterization in Global Climate Models 
Edited by Kevin Hamilton 
© Springer- Verlag Berlin Heidelberg 1997 




218 



fore, traditionally, model gravity wave-energy spectra (e.g., Fritts and VanZandt 1993) 
often assume that the small-m shape is a simple power law . The most popular choice 
for the exponent has been 5 = 1. This paper uses the new spectral evolution model to 
test sensitivity to the choice of 5, with a view to constraining it better. 



2. Theoretical gravity wave spectral-evolution model 



As explained in more detail in WM96, the spectral evolution model considers a spectrum 
of gravity waves as a function of (A;o,u;o, </>), where Ajq is the magnitude of the horizontal 
wavenumber ko, is absolute frequency, and (j) is azimuthal direction so that ko = 
A:o(cos(/), sin</>). We consider modifications to the spectrum as it propagates through 
changing conditions of background wind U(z), density po{z), and buoyancy frequency 
N{z). The propagation model is linear, locally Boussinesq, and includes both Coriolis 
and nonhydrostatic effects. 



Each spectral element dkodu^dcj) in (kQ^ujQ^cj)) spectral space is treated as a “gener- 
alized wavepacket” that evolves independently of all the other wavepackets. Thus each 
spectral element propagates conservatively upwards (with A:o,^o, and da;o, d(j) in- 
variant), can reach saturation amplitude, can break, and can be back-reflected as Co 
approaches the buoyancy frequency N. The spectral evolution model is quasi-steady 
and quasi-one-dimensional (like radiation schemes) in that everything is assumed to 
occur in one (large) GCM-sized grid box on a time scale small compared with the time 
scale for variation of the background atmosphere. 



The dispersion relation is 

= ( 1 ) 

where m is the vertical wavenumber and Co is the intrinsic frequency, which is related 
to ioo by 

a; = u;o “ 1^0 ' U = cjq — koU ( 2 ) 

where U is the component of the local background wind in the direction of ko. Model 
spectra are usually expressed as a function of (m,i2;,</)), and relations (1) and (2) can 
be used to transform between the (m,Co,4>) spectral space and the (A;o,a;o,0) spectral 
space. The Jacobian J of this transformation turns out to be given simply by 



dm dCb d(j) = J dko duoo dcf) — — dko dioo d<j) . 

ko 



(3) 



Note that dkoduoo dcj).^ is propagation-invariant, but that dmdCb dcj) is not. 

When conservative propagation theory is used to propagate each spectral element 
through an altitude increment, the pseudomomentum flux can be conveniently expressed 
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as 



Poi'pi m,cj, (f)) dm duj d(j) — poCgzE{m^LJ, dm dto d(f) , 

U) 



( 4 ) 



where Cgz = —dCo/dm is the vertical component of group velocity and E is the spectral 
density of wave-energy per unit mass. It can be shown that Fp(m,a>,</>) oc this is 
because of (3) and the known theoretical result that the pseudomomentum flux density is 
invariant under conservative propagation when re-expressed as a function of </>)• 



The empirical wave-breaking criterion used here is to impose as an upper bound an 
azimuthally isotropic saturation wave-energy Es{m^uj) per unit mass, corresponding to 
a saturation pseudomomentum flux 

/^oFps(?ri,a;, 0) dm do; = poCgz£'s(?^,^) (ko / lo) dm du dcj) . (5) 

In other words, a ‘chopping function’ is used to chop down the pseudomomentum flux, 
as necessary, to the saturation threshold. This is arguably the simplest possible broad- 
band wave-breaking criterion. We avoid discussing its theoretical justification, which is 
controversial. (See, however, the discussion in WM96.) The precise form of £’s(m,d?) 
used in the present numerical spectral-evolution model calculations is given in §3, (10), 
and is proportional to m~^. 



3. Numerical implementation of gravity wave spectral-evolution model 



A model calculation is started with a “launch” spectrum that, for convenience (other 
launch spectra can be used), is here taken to be that of Fritts and VanZandt (1993), 
F(m,o;,</)) = Eq A{m) ^(<^) 

- A 

ml ^ ’ 1 -f (m/m*)^+^ 

X Bo{p)uj~^ $0 , (6) 

where Eq is the total wave-energy per unit mass; f3 is an empirical coefficient of order 
10“^ (in fact 0.10472 throughout these calculations), m is the vertical wavenumber, u; 
the intrinsic frequency, and (j) the azimuthal direction of propagation; Aq, Bq, and 
are constants chosen so that A(m), B{u), and $(</>) are each normalized to integrate to 
unity (see WM96 for full detail); m* is the “characteristic vertical wavenumber,” close 
to but not equal to the value of m at the peak of A{m). The launch spectra are taken to 
be of this (azimuthally isotropic) form with = (27t)~^ = const. The corresponding 
pseudomomentum flux spectrum is 



poFp(m,a;,</)) = poCg^E{m,ib,(t))^ 

(jj 

/9iV2 






s-l-l 



— PoCgz 2 ^o(-S7)- . , \s-\-t' 

ml lH-(m/m*)^+* 

X $0 ^ . 



( 7 ) 
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The launch altitude is typically 19 km; thus the launch spectrum is conceived of 
as representing waves escaping upwards from the lower stratosphere, whatever their 
original source. The exponents t and p will be taken in this paper to be 3 and 5/3 
respectively, again following Fritts and VanZandt (1993). 

Numerical calculations are done both in (A;o, cjq, 0) space and in (m, cD, </>) space. Grids 
of spectral elements Ako Aluq Acj) and Am ACj Acj) are defined for typically 4 or 8 az- 
imuthal directions (f)j. In (m,cj,<;6) space, each spectral element in the azimuthal 
sector ib |A</>, centered on contributes pseudomomentum flux 

poFj(m,a;, Am Acj 2sin(A(^/2) . (8) 

Equation (8) is obtained by replacing dm with Am and du with Acj in (4), and by 
integrating with respect to (j) for the range of corresponding to the azimuthal 
sector, that is from (j)j — \A(j) to (f)j + |A(/). The pseudomomentum flux is assumed 
to be piecewise constant in magnitude over the sector but is summed vectorally, giving 
rise to the factor 2 sin(A</>/2). The corresponding chopping function FpSj is such that 
Fj < FpSj, with (5) replaced by 

/^oFpSj(m,cj, (^j) Am Acj 2sin(A0/2) = poCgz-Fs(m,cj) (ko/cj) Am Acj 2sin(A(^/2) . 

( 9 ) 

The saturation threshold wave-energy is that given by VanZandt and Fritts (1989), 

Es{m,Lj) = f3N‘^ Ao{s,t) Bo{p) ^0 ib~P m~^ , (10) 

with p = 5/3orp=l, the latter being more consistent with the usual empirical notion 
of broadband saturation, as described in detail in WM96. The pseudomomentum flux 
chopping function corresponding to this choice for Es is 

PoFpSj(m,cj, </)j) Am Acj 2sin(A</)/2) = poCgzFs(m,cj) (ko/cj) Am Acj 2 sin(A(/)/2) 

= PoCgz PN‘^ Ao(s, t) Bq(p) $0 m~^ x 

X (ko/cj) Am Acj 2sin(A0/2) . (11) 

Stretched grids are used to concentrate resolution at the smallest values of or cj. 
The framework can be extended to accomodate other wave-breaking criteria (e.g., Gard- 
ner 1994, 1995, 1996; Hines 1991a, 1991b, 1991c, 1993, 1996; Medvedev and Klaassen 
1995) while leaving conservative propagation aspects unchanged. It is hoped to test 
some of these extensions in the near future. 

The calculation yields spectral densities of upward and downward propagating pseu- 
domomentum flux. These are appropriately summed to give the gravity wave-induced 
force G = (Go;, Gy), as the vertical divergence of the total pseudomentum flux (including 
back- reflected contributions), and the total wave-energy Ftot- 
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4. Results for July, 40°N, CIRA (standard summer) case 

Several test cases of sensitivity to the low-m index s in (6) have been looked at so far. 
The first (standard summer) case, with s = 1, is that of gravity wave spectral evolution 
through the July, 40°N, CIRA model atmosphere (see Figure 1). Here the value 
of the launch spectrum (6) is taken as 27r/2000m, corresponding to a characteristic 
wavelength of 2 km. We launch the spectra from the zero of zonal wind at an altitude 
of 19 km and choose p = 5/3, both for the launch spectrum (6) and for the saturation 
threshold (10). This example of spectral evolution is the standard summer case discussed 
in detail in WM96. 




Figure 1. July, 40°N, CIRA 1986 model atmosphere: Mean zonal background wind 
profile from 0 to 120 km altitude. Arrows show the altitudes for Figure 2. 

Figure 2 shows spectra viewed in (m,a;) spectral space at the altitudes shown by 
the arrows in Figure 1, namely 19 km, 69 km, 86 km, and 102 km, for the eastward 
propagating azimuthal sector of the spectrum {(f)j = 0°). Figure 3 shows the total wave- 
energy and the zonal wave-induced force profiles. Looking first at Figure 2, we see that 
from (a) (19 km) to (6) (69 km), eastward propagating spectral elements are Doppler- 
shifted to larger to and smaller m, because of the negative wind shear between (a) and 
(6) in Figure 1. The Jacobian J decreases, the area of the spectral element decreases 
correspondingly, and the spectral density increases. Back reflection is likely, and indeed 
38% of launched eastward propagating pseudomomentum flux is back- reflected in this 
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case. Between (6) (69 km) and (d) (102 km), in positive background shear, spectral 
elements are Doppler-shifted to smaller d) and larger m, the Jacobian increases, the area 
of the spectral element increases correspondingly, and the spectral density decreases, 
though not nearly fast enough to avoid wave- breaking, because of the m~^ factor in 
(11). Indeed a very considerable cutting down of the high-m end of the spectrum is 
visible in Figures 2(c) and 2(d). 




too 



<3 

E 






(d) 102 km 



100 

<3 

E 




Figure 2. Eastward propagating {(j)j =0°) pseudomomentum flux spectra showing 
only a narrow range of m <C m* = 3.142 x 10“^rad m“^, for the standard summer case. 
Shaded surface plots in (m,a;) spectral space at altitudes of (a) 19 km, (6) 69 km, (c) 
86km, and (d) 102km (arrows in Figure 1). Note that the range of the vertical axis of 
(6) is ten times larger than for (a), (c), and (d). Units are rad m“^ for m, rad s“^ for 
cj, and kg m“^ s“^ rad“^ for po|Fp|. The edge of the shading shows N{z). 



Figure 3(a) compares the total wave-energy profile Eiot{z) from the model calculation 
(solid curve) with the empirical wave-energy profile Eemp{z) derived by Fritts and Lu 
(1993) from observational studies (dotted curve), all per unit mass as before, 

Eempiz) = Eo exp{zlHE) , (12) 

where He = 2.3ffp and Hp = 7km, a nominal pressure scale height, and N{z) is the 
buoyancy frequency. The exponential growth of wave-energy per unit mass with altitude 
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is reproduced, but with a greater rate of wave-energy increase than 

Figure 3(6) also shows the wave-induced force, which is zonally directed because 
meridional background winds are set to zero. Wave-induced force peak values are 
90ms“^day“^ eastward at 80 km altitude and 350ms“^ day“^ westward at 110 km 
altitude. A more complete analysis of this example is given in WM96. 



(a) 



(b) 




Figure 3. (a) Total wave-energy profile Btot(^) (solid curve marked “s.c.m.” for single 

column model) in standard summer case, which has s = 1, as well as m* == 27r/2km 
and p = 5/3. Fritts and Lu’s empirical profile Eemp(-2;), (12), is dotted and marked “FL 
93”. (b) Wave-induced force G(2^) which is zonal because meridional background winds 
are set to zero. 



5. Experiments on sensitivity to s 

We now test the sensitivity of the growth rate of wave-energy to changing the value of 5 
in the standard launch spectrum (6) from the value s = 1 used above. For larger values 
of s, the evolving spectrum is expected to contain less energy at high altitudes than 
for smaller values of s, and similarly for the wave-induced forces. Figure 4 shows the 
standard summer case for a range of values of s and for the same m* and p values as 
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in Figure 3. Figure 4(a) compares total wave-energy profiles Etot{z) with the empirical 
wave-energy profile Eexnp{z)^ now shown solid. Figure 4(6) shows wave-induced force 
profiles. All these are seen to be sensitive, increasingly with altitude, to the 5 - value 
hence small-m shape of the launch spectrum. 



(o) 




(b) 




-800 -400 0 400 

wave-induced force (ms‘'doy'') 



Figure 4. Sensitivity to s in the standard summer case, with = 27r/2km and 
p = 5/3. (a) Total wave-energy Exox[z) for various values of s. Fritts and Lu’s empirical 
profile F^emp('^), (12), is shown as a thick solid curve marked “FL 93” (same as the dotted 
curve in Figure 3(a)). (6) Wave-induced force G( 2 :), which is zonal because meridional 
background winds are set to zero, for various values of s. 



As stated in §3, it is arguable (see WM96) that the same broadband saturation argu- 
ments that lead to an m~^ dependence in the saturation threshold (10) lead also to an 
(p = 1) dependence, rather than the (p — 5/3). The variation of Exot{z) with 

s is therefore also investigated for this shallower p = 1 saturation threshold (so p = 1 in 
(10) though still 5/3 in (6)). The values of s giving the best fit to £'emp(^) in the middle 
atmosphere for these and other test cases are tabulated in Table 1. The “November 
28 1991”, ISAMS, 37.5°N, 0°E case is a 24 day average of zonal and meridional winds 
centered on November 28 1991 (B.N. Lawrence, personal communication, 1995). 
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Table 1 



Data source 


uj dependence of 
saturation threshold 


Approximate best 
value of s 


Jul, 40°N, CIRA 




1.5 


Jan, 40°N, CIRA 


u;-5/3 


1.75 


Jul, 40°N, CIRA 




1.25 


Jan, 40°N, CIRA 




1.5 


‘‘Nov 28 1991”, 




1.75 


37.5°N, 0°E ISAMS 




“Nov 28 1991”, 




1.5 


37.5°N, 0°E ISAMS 





For the cases considered so far, the values of s that fit best are in the range 1.25-1.75, 
distinctly greater than 1. Both the total wave-energy F^tot(^) and the wave-induced force 
G( 2 t) decrease as s increases. This decrease is most pronounced at the highest altitudes. 
It also appears that the shallower, u;~^ dependence in the saturation threshold gives 
rise to a slightly smaller optimal value of s than the steeper, case. 



6. Concluding remarks 

The experiments on sensitivity to s, described in §5, suggest that the value of 5 == 1 
assumed by Fritts and VanZandt (1993) may be too low and that a more appropriate 
choice could be more like s ^ 1.5. Further cases need to be considered, especially 
winter {u{z)^v[z)} profiles, to assess variability and to see if best 5 values emerge that 
are similar to those found here. Other small-m launch spectral shapes besides the 
simple power law need to be considered; for example, a cutoff at some small mfic might 
fit observations better. 

Future developments to the numerical spectral-evolution model itself include drasti- 
cally simplifying it for use as a GCM gravity wave parameterization scheme. Several 
promising ideas are under consideration. It is also intended to use the numerical model 
as a testbench for existing as well as future gravity wave parameterization schemes. 
Finally, there will be a continuing need to refine and improve the spectral-evolution 
model, including the wave-breaking criterion, to take account of new observational data 
and theoretical ideas as they become available. 
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Nonlinearity of the saturation spectrum 



Colin 0. Hines 
15 Henry Street 
Toronto M5T 1W9 
Canada 



Abstract : An argument based upon general principles and a 

minimum of development is presented to establish the role of 
nonlinearity in producing the observed saturation of gravity- 
wave spectra in the middle atmosphere. The complementary role 
of instability of the nonlinear spectrum is identified. The 
nonlinear models previously developed are reviewed in the 
context thus provided. 



Motivation 



The tail portion of observed gravity-wave spectra is subject 
to strong nonlinearity in the Eulerian formulation. This non- 
linearity acts via the Doppler shift implicit in the advective 
terms, those containing v.V. Any theory of the tail must be 
compatible with, if not dependent on, this fact. 

In 1959, when it was first presented, the wave interpreta- 
tion of irregular winds at meteor heights was challenged on the 
grounds (amongst others): How can the use of linear wave theory 
be justified when the irregular winds are as large as those 
observed? To which the answer was: Because the most important 
potential nonlinearity is that associated with the v.V term, 
and its potential for producing nonlinearity is reduced in a 
single dominant gravity wave by virtue of the near orthogonali- 
ty of the V and k vectors of such a wave; but nonlinearities 
will certainly be important in wave superpositions. 

Thirty years later, if not before, the problem of the tail 
spectrum should have reopened the question: How can the use of 
linear wave theory be justified in any interpretation of the 
tail? The new answer is: It can't I 

This answer was almost implicit already in the work of Smith 
et al (1989), who found (for model calculations based on ob- 
servations) that their characteristic vertical wavenumber m*, 
which marked the onset of the tail, was inversely proportional 
to the square root of the energy density and so to the rms wind 
fluctuation. It was made explicit in Hines (1991a), where a 
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similar model calculation showed (in restated form) that the 
intrinsic horizontal phase speed of a wave at m* -- given 
approximately by N/m*, with N the buoyancy frequency — was no 
greater than four times the rms wind speed in the direction of 
propagation. Since the k vector of tail waves had no reason to 
be orthogonal to the v vector of the full spectrum, much of the 
tail spectrum then had to be subject to severe nonlinearity. 

This conclusion can be repeated time and again with the use 
of observations already available in 1989 or newly available 
now, though the observations often peter out at the smaller 
wavenumbers that produce the bulk of the irregular wind. Some 
reasonable assumptions must be made for those wavenumbers. The 
most popular current assumption is that the spectrum varies as 
m at values of m appreciably less than mp, the m at the peak of 
the spectrum. Observers would do a kindness to their readers, 
when they publish, if they were to compute an rms horizontal 
wind speed Oj^, based on this (or some other, stated) assump- 
tion, and if they were to indicate on their illustrations of 
spectra the corresponding wavenumber mj^ = N/aj^. Whenever I 
have done this for myself, using published data, the indicated 
wavenumber has been found to lie in the tail within a factor of 
four or so of the apparent peak of the spectrum. 

This behavior is illustrated in 
Fig. 1 for a model spectrum of the 
horizontal wind fluctuation (assumed 
to be horizontally isotropic) that I 
shall call the "general canonical" 
spectrum. It is given by AN^m in 
the tail, it reaches a peak value at 
some m = mp, and it varies as Bm® at 
smaller m, with continuity at mp. The 
permissible values of s lie between 0 
and oo, while observational extreme 
values for A are about 0.5 and 0.1. 

Within these ranges, the horizontal 
phase speed at mp is found to lie 
within the range 1.6 - 6.3 times the 
rms wind in the direction of propagation, with a value of 3.5 
applying at the currently most popular choice of parameters 
(s=l, A=l/6). Thus, all tail waves with m > 3.5 mp or so have 
intrinsic horizontal phase speeds that are less than the rms 
speed of the fluctuating winds through which they are attempt- 
ing to propagate. Similar results are found for other spectral 
models, such as the various modified Desaubies spectra. 

It is not sufficient to claim, as some do, that the waves of 
the tail come in individual wave packets that manage to propa- 
gate independently of the other waves and so are free of any 
serious nonlinear effect. In the first place, virtually all 




Fig. 1: The general 
canonical spectrum 
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observational evidence is against this view: the tail is almost 
always well -developed throughout its observed range, with few 
if any apparent gaps in the spectrum. But more importantly, 
the rms winds are generated primarily by the small -m portion of 
the spectrum, and that portion must be present throughout the 
middle atmosphere in order to provide the tail portion observed 
at greater heights. Thus, waves of the tail are rendered 
nonlinear by the non- tail waves, whether or not also by the 
other tail waves. Any theory of the tail, or any reduction of 
data with respect to the tail portion of the spectrum (e.g., by 
the use of linear polarization relations to convert density 
fluctuations into wind fluctuations), that ignores this basic 
fact does so at its peril. 



Heuristic approach describing the consequences 



Here I attempt to establish in their broadest terms the 
consequences that follow from the occurrence of strong non- 
linearity, leaving for subsequent comment the detailed studies 
that have attempted to compute those consequences. 

Consider the upward propagation of a spectrum of waves 
through an idealized atmosphere (one that is otherwise wind- 
free and isothermal, at the equator to remove obfuscation by 
Coriolis effects, and nondissipating). At some initial height 
in this model, I constrain the one-dimensional m spectrum only 
by assuming some physically acceptable form in m, broad and 
more-or-less smoothly varying, terminating at some upper wave- 
number m^, and sufficiently weak that the system is effectively 
devoid of nonlinearity. (The termination at m^ is introduced 
to make this last condition possible; were the spectrum not so 
terminated, there would always be waves with m sufficiently 
large that they would be subject to nonlinear interaction, no 
matter how small the rms winds of the whole might be. That is 
a fact worth noting in its own right.) I will ignore instabil- 
ity to begin with but will return to it before long. 

The waves propagate upward and all of them amplify exponen- 
tially at the standard rate, with the spectral shape remaining 
entirely unchanged because there is no mechanism for changing 
it. Until, that is, the rms winds become large enough that 
they are comparable to the smallest horizontal phase speed, 
N/niQ. Thereupon, the waves at the upper end of the spectrum 
must suffer nonlinear interaction with the remainder of the 
spectrum (and it with them, though with trivial consequences to 
it). The spectrum must alter in response, and all knowledge- 
able sentiment would assert that structures with larger m must 
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be produced: the spectrum must extend itself into the range m > 
mQ, and the spectral density just below m^ must be somewhat 
attenuated. (There may be other redistribution going on as 
well^ at considerably smaller m, but it would be trivial and 
not of immediate concern.) And the higher the waves propagate, 
the farther out this tail must extend and the farther down in 
wavenumber the diminution must extend. The transition between 
deformed and undeformed portions of the spectrum, at a wave- 
number we may designate m^, must move to successively lower m 
values . 

These changes must occur, and they must occur in this way. 
The only serious questions that arise concerning them are: (1) 

When the tail is sufficiently well developed, does it adopt an 
asymptotically stable shape; and, if so, what is its form? (2) 
How does the transitional m^ vary with height? And (3), how 
does the intensity of the tail vary with height? 

As to (1): Those who accept "similitude" arguments in sup- 
port of alternative models of the tail spectrum (such as the 
Dewan/Good and Smith/Fritts/VanZandt linear-instability models) 
must surely accept that there will be an asymptotic form for 
the tail and that it must be an m”^ form. (I have never seen 
this similitude argument presented in a fully developed, and 
therefore challengeable or adaptable, form; I simply quote what 
it's proponents seem to me to be forced to accept as an un- 
doubted consequence of nonlinearity in the circumstances now 
being postulated.) The similitude argument seems to be based 
in part at least on the assertion, employed explicitly by some, 
that there is no set of underlying parameters (such as N) that 
combine to yield a characterizing m in the tail region, hence 
the spectrum must be of a power-law form; and the only form 
having acceptable dimensions is N^m"^, presumably with a factor 
of proportionality of order unity. 

This argizment, if valid at all in other models, should 
surely be valid in the presently postulated circumstances. It 
yields precisely the nonlinear wave equivalent of the "inertial 
subrange" portion of a turbulence spectrum, and I propose 
calling this portion of the spectrum "wavulence" in consequence 
— a point that I will develop shortly. 

There is, however, one major distinction between the nonlin- 
ear model and all linear models that invoke similitude. It 
arises from the fact that, with nonlinearity now taken to be 
important, there is indeed a characterizing wavenumber. This 
is because the rms horizontal wind speed is added to the 
list of underlying parameters available for generating a char- 
acterizing vertical wavenumber, and it combines with N to 
provide the wavenumber mj^ = N/Oj^. One must presume that 
something of interest should happen in the vicinity of this 
wavenumber, even if not at others. The obvious role for this 
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wavenumber to play, in view of its corresponding horizontal 
phase speed and the resultant transitional importance of the 
v.V term in an Eulerian formulation, is to mark the region of 
transition from relatively unaffected waves to strongly affect- 
ed waves — the transition previously recognized and identified 
as occurring at m* . Thus the picture is painted of a spectrum 
that is relatively unchanging at m << N/a^^ (except for con- 
tinued growth with height) and that converts in the vicinity of 
N/Oj^ to the spectral form AN^m”^. These are, of course, preci- 
sely the characteristics that have been attributed to observed 
spectra in the past, if only we identify m^ as some multiple of 
N/aj^ of order 1 . 

Prior to the advent of the Doppler-spread theory (Hines, 
1991b), the proportionality of the observed m* to the observed 
N/oj^ was recognized (in a different form) only as a possibly 
interesting deduction from an assumed model of the observations 
(Smith et al . , 1987). Now, however, the near equivalence of 
the two is being asserted, and it is being identified as a 
fundamental aspect of the physics of the problem, one to which 
the observations would have to conform if the postulated model 
is anywhere close to reality. 

To examine questions (2) and (3), concerned with the height 
variations of m* and A, it is necessary to adopt some model 
spectrum. I adopt for the purpose the general canonical spec- 
trum introduced above, having the form Bm® for m < mp, AN^m”^ 
for m > mp, and continuity at mp, and I take B to be growing 
exponentially with height z as exp (z/H), where H is the at- 
mospheric scale height. The transitional wavenumber m^, which 
in this model is identically mp, is to be expressed as qN/aj^, 
with q an unknown constant presumed to be of order 1. The 
imposition of continuity at mp establishes that A = BN”^m®'*'^. 
Integration of the spectrum over the full (infinite) range of m 
establishes that o^ = B(s+3) (2s+2)"^m®''’^ . The identification 
mp = qN/Oj^ then establishes that = B(qN)®‘‘'^(s+3) (2s+2)“^ . 

It follows that aj^ varies with height as exp (z/[s+3]H), and mp 
varies with height as exp -(z/[s+3]H). Finally, after a bit of 
manipulation, A is found to adopt the value (2s+2 ) (s+3 )“^q^, 
which is seen to be a constant, independent of height: an 
appearance of saturation has been produced, automatically. 

If the currently most popular choice s = 1 is adopted, then 
cr^ varies as exp (z/4H), mp varies as exp -(z/4H), and A = q^. 

If now the currently most popular choice A = 1/6 is adopted, 
then q = 0.41, which is reasonably of order 1. Alternatively, 
if the scale height of is taken as 2.3 H (Fritts and Van- 
Zandt, 1993), then s = 1.6; the choice A = 1/6 then yields q = 
0.38. (Physically, s would be determined by sources, q by the 
nonlinear processes; A would then follow and be available for 
observation. ) 
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I submit that all of these results are in good accord with 
observation and with the principles on which they were derived, 
and that departures from them with the use of other reasonable 
spectral models are unlikely to be substantial. (Cf. Hines, 
1991b, where a similar calculation is made for a modified 
Desaubies spectrum. ) 

The foregoing conclusions are all direct consequences of the 
claim that the tail spectrum is produced by Doppler- induced 
nonlinearity in the wave system, extended only by the further 
use of a standard similitude argument and with the aid of a 
very general form of spectral model. In particular, it does 
not depend on detailed calculations such as those of Allen and 
Joseph (1989) or Hines (1991b, 1993a), to which I will turn 
shortly. 



The role of instability 



The spectrum that was assumed initially is necessarily 
stable. This is because the integral of the shear spectrum is 
necessarily substantially less than toq times the integral of 
the spectrum itself, the latter being o^, and the postulated 
linearity requires that is less than N^/m^, from which it 
follows that the integral of the shear spectrum is necessarily 
substantially less than -- a circumstance that produces only 
a trivial probability of instability anywhere in space-time 
(Hines, 1991a). Even as nonlinearity sets in, the imbalance 
continues: the spectrum must become substantially nonlinear 
before it can become significantly unstable. This conclusion 
stands in marked contrast to the case of a single or dominant 
wave, for which nonlinearity and instability go hand in hand. 

A broad spectrum requires the development of a nonlinear tail 
before it can become unstable. 

Once the tail is indeed sufficiently developed, it renders 
the spectrum as a whole unstable. This becomes apparent 
mathematically upon the introduction of some shear or lapse- 
rate or Richardson-number criterion for use with the integral 
of the associated shear spectrum: the criterion for marginal 
instability will be met if and only if the tail extends to some 
wavenumber mj^ whose precise value will depend on the criterion 
employed, a matter that need not be debated here. The natural 
conclusion is that the tail will then be prevented by instabi- 
lity from extending substantially beyond mj^, and that the 
energy associated with the missing portion of the spectrum will 
have gone to generate turbulence. 

The turbulence will extend the spectrum of structure sizes 




233 



to greater values of m, though not necessarily with continuity 
of spectral density at nij^, and will ultimately deposit the 
energy via molecular dissipation (which is now admitted to the 
discussion) . It is possible to conceive of a continuous tran- 
sition from wavulence to turbulence, probably with continuity 
of spectral form and possibly of spectral intensity, with the 
wavulence being characterized by deterministic physics and the 
potential for reversibility, the turbulence by chaotic physics 
and irreversibility. 

To be sure, the turbulence once formed may well do some 
leeching of wave energy from the spectrum at m < mj^, possibly 
computable with the use of a turbulence diffusivity, but I see 
no reason to suppose that such leeching will appreciably affect 
the form of that portion of the spectrum except perhaps in the 
immediate vicinity of mj^. (The spatial rate of attenuation 
imposed by viscosity varies as m^/ [ intrinsic frequency], which 
would make the consequences of turbulence an extremely strong 
function of position in the tail even if the turbulence could 
act like a uniformly available viscosity, which itself is 
questionable.) In consequence, I believe it appropriate to 
consider that the tail extends as already described, out to mj^, 
and that wave energy is transferred to turbulence at or very 
near mj^. 

It has been argued to me in private that, since the spectrum 
as a whole is unstable, wave energy might well be lost directly 
to the instability at wavenumbers substantially smaller than 
mj^. I disagree, for reasons that emerge from the discussion in 
Hines (1991a). There I exhibit a phasor chain to illustrate 
the fluctuation of stability within the wave system, with 
individual waves contributing individual phasors, each of which 
rotates at its own pace in time and space; the chain as a whole 
then thrashes around, with its end occasionally piercing an 
instability-criterion surface and then retreating again. The 
resultant instability does not arise uniformly in space or 
time, but rather in small patches, "here and there, now and 
then", much like whitecaps on a roughened ocean surface. It 
simply has no opportunity to extract energy from waves of 
substantially larger scale but will act rapidly to extract 
energy from the particular combination of small-scale waves 
that has established the scale size of each briefly unstable 
region in turn. This is not to deny that there will be some 
occasions when a dominant wave acts to destabilize a large 
region, but it is to deny that such occasions are representa- 
tive of the normal situation. My view in this appears to be 
upheld observational ly by such measurements as those of Bob 
Sica (this meeting), whose lidar-determined space-time maps of 
unstable regions depict exactly the small-scale patchiness just 
described. The widespread occurrence of turbulence, when 
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found, must then indicate fossil turbulence currently in decay, 
repeatedly regenerated rather than continuously generated. 

The foregoing discussion assumes, of course, that the wave 
spectrum is permitted to extend nonlinearly in m out to the 
point required for instability. At sufficiently great heights, 
with their enhanced effects of molecular viscosity and heat 
conduction, such a spectral range can be precluded by molecular 
dissipation. The transition would mark the turbopause, as 
argued in Hines (1991c). At those heights, the spectrum is 
known to be substantially narrowed, even to the point that it 
may, at last, consist of only a few isolated wave packets. In 
such circumstances, the individual waves may indeed become 
unstable (while becoming also nonlinear, individually or in 
small groups), and so may produce associated regions of tur- 
bulence, but rapid quenching would render the turbulence itself 
quite patchy. 



Allen and Joseph (1989), hereafter AJ 



The analysis of AJ was conducted as a transformation from a 
Lagrangian formalism to an Euler i an formalism. They made the 
important point that there are certain physically intrinsic 
nonlinearities, found in both, but that the additional advec- 
tive nonlinearity of the v.V term is found only in the Eulerian 
formalism: it is a construct of the choice of coordinate system 
but is devoid of physical content or intrinsic implications. 

They found that the effects of this nonlinearity set in, in 
the Eulerian formulation, at an earlier stage of amplification 
than did the effects of the intrinsic nonlinearities in either. 
(They discussed only oceanic waves and so lacked the exponen- 
tial growth with height found in atmospheric waves. The term 
"amplification", as I use it here, refers simply to the consid- 
eration of a succession of cases of increasing integrated 
spectral intensity. ) This was their conclusion, at least, with 
respect to the dispersion relation; whether or not also with 
respect to the polarization relations, I do not know. 

More specifically, when the linear dispersion relation was 
viewed as a 3-D surface in a 4-D {omega, k} space, they found 
that Lagrangian solutions would remain on that surface even as 
Eulerian solutions were forced to "diffuse" off it under the 
influence of the advective nonlinearity: a given k vector no 
longer corresponded to a single omega. Simultaneously, a 
spectral tail was formed in the Eulerian representation (with 
the Lagrangian spectrum remaining quite unchanged) and, under 
specified circumstances, evolved into the m“^ form, as has now 




235 



been anticipated by the similitude argument. This result, 
arising from detailed evaluation, provides an explicit and 
calculable confirmation of the conclusions reached above from 
the more general point of view. 

To me, it also implies that waves remain identifiable as 
waves in the tail, no matter how nonlinear they may be when 
described in an Eulerian system of coordinates. In a thought 
experiment, for example, the AJ analysis implies that the wave 
system could be amplified to produce Eulerian nonlinearity and 
the development of a tail, and then be attenuated again to 
reproduce the initial spectrum, provided only that instability 
had not robbed the spectrum of any energy in the process. Such 
a thought experiment could be reproduced in real life by the 
propagation of a suitably chosen spectrum into a region of 
suitably chosen wind shear, and then reversing the shear to 
recover the original state: in the absence of instability, the 
waves would return to their initial spectral distribution, with 
no exchange of energy amongst modes having occurred despite the 
transient formation and subsequent disappearance of a spectral 
tail. It is on this basis that I claimed reversibility at an 
earlier stage in my remarks and that I distinguished wavulence 
from turbulence. 

In the AJ analysis, a quasi-limiting vertical wavenumber 
somewhat analogous to m^ was assumed in the Lagrangian formula- 
tion, as was a quasi-limiting horizontal wavenumber h^. In the 
conditions that led to the m“^ Eulerian tail, it was found that 
the rms vertical displacement approximated to m^^ and that the 
rms horizontal displacement approximated to h^^. The first of 
these conditions is, equivalently, the condition that the rms 
horizontal wind speed should approximate to N/m^, which is 
the condition employed above and the obvious one to employ for 
purposes of Doppler shifting. I have no idea what role, if 
any, is played by the second of the AJ conditions; it may turn 
out to be a red herring in the atmospheric context. (In AJ, a 
form of equipartition of energy amongst modes was assumed, and 
this led to a specific frequency spectrum. The horizontal and 
vertical wavenumber spectra were not entirely independently 
assignable, in consequence, and the two conditions might have 
been equivalents of one another.) The transition to tail-like 
behavior occurred, as is to be expected, near to these same 
wavenumbers. 

The AJ analysis provides no explanation for the postulated 
limits at and h^, other than a passing comment proposing 
some linkage to instability (whose effects were not otherwise 
admitted to the analysis). I submit that my own comments 
above, and others to be found below, give adequate reason for 
believing that instability does indeed provide the needed 
mechanism (below the turbopause, in the atmospheric case). 
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The waves that reach the vicinity of and are obliterated 
will have arrived there preferentially from the large~m end of 
the AJ spectrum, near m^. Any substantial spectral component 
initially at m values appreciably greater than would be 
quickly attenuated if not obliterated. The assumed limitation 
of the Lagrangian spectrum at m^ then simply represented the 
form that would be imposed by instability, in a self-consistent 
analysis that included instability. 

In the AJ analysis the limitation was a stationary property, 
whereas in the atmospheric case it is progressive as viewed 
following the propagation of the waves upward in height: the itiq 
that pertains to any given height will be a function of height, 
decreasing progressively with increase of height as previously 
described, and it represents the upper edge of the portion of 
the initial spectrum that actually survives to that height. 



Hines (1991b, 1993a), hereafter H2 and H4 respectively 



The analyses of H2 and H4 have been misunderstood in some 
quarters, and correspondingly misrepresented. It is appro- 
priate to look at them anew, particularly in the light of the 
foregoing discussion. 

H2 was designed to explore the effects of nonlinearity, 
whose importance in the context had been established in Hines 
(1991a). There had been many studies of nonlinear effects in 
atmospheric gravity waves over the years, but virtually all (if 
not all, save for Weinstock's) had based any quantitative 
development on the use of small numbers of waves — usually 
triads — , this being the most tractable case when accurate 
conclusions are to be drawn. But the current problem, that of 
saturation, inherently demanded the use of a broad spectrum. 

I was as unable as others had been (with the exception of 
Allen and Joseph, unknown to me at the time of my analysis) to 
deal accurately with a broad spectrum. I chose to deal inaccu- 
rately with it: to cut the Gordian knot of the v.V term simply 
by ignoring the structural coupling that it implied and so by 
treating the v part as if it represented a constant, uniform, 
horizontal background wind, albeit a wind whose statistical 
characteristics were to be taken as those of the wave- induced, 
fluctuating wind field. My motivation was simply to see what 
would emerge — a leap, not of faith, but of curiosity. 

What did emerge I found to be stunning in its apparent 
compatibility with observations. With a loosely justified 
assumption as to the appropriate value for m^^ (namely, N/2aj^) , 

I produced spectral conclusions that provided an approximately 
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m"^ tail, one that had an amplitude essentially independent of 
height in certain appropriate circumstances. I found this to 
be compelling evidence, not that the calculation had been done 
properly since it was obviously an improper calculation — , 
but rather that the basic picture of nonlinear control was 
correct . 

I was further confirmed in this belief when, with the same 
leap of curiosity, in H4 I sought support for my previously 
assumed m^. To my own satisfaction, I found support in full 
measure from back-of-the-envelope calculations; and, prodded by 
Dave Fritts, who seems to have taken my analysis (if not its 
conclusions) more seriously than I myself did, I entered upon a 
full numerical calculation of the resultant spectrum (gracious- 
ly performed for me by Qihou Zhou of the Arecibo Observatory) . 
This was done for various initial spectra, and each produced 
much the same tail spectrum in a set of ^ initio calculations. 
One of the resultant curves is shown in Fig. 2 and is compared 
there with the corresponding modified Desaubis spectrum, which 
spectrum is often taken to represent the observations best. To 
me, the comparison is astounding regardless of the shortcomings 
of the cutting of the Gordian 
knot on which it was based. The 
results are, undoubtedly, far 
better than the analysis that led 
to them. 

My cutting of the Gordian knot 
was never intended to be anything 
other than a means of exploring 
what sort of thing might be going 
on -- what the general nature of 
the effects of Doppler spreading 
might be -- and I continue to 
view it in this light regardless 
of how remarkably well it has 
served to provide realistic 
spectra. I will come shortly to 
what I think it has revealed that 
is useful, but I wish first to 
remove, or at least to deflect, 
some of the charges that have been 
made against it. 

For example, it has been said that my analysis should have 
assumed as its v, in application to a given test wave, only 
that part of the wave- induced wind spectrum that is of sub- 
stantially longer time and horizontal scales than the test 
wave, and that something quite different must be done with the 
rest. The basis of the remark is, of course, that scale 
separation would then act to minimize the changes of frequency 




Fig. 2: SpectruBi calculated ab initio 
froi Doppler-spread theory (solid 
curve) and the corresponding lodified 
Desaubies spectrum (dotted curve). The 
former might be extended to larger m by 
turbulence. 
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and of horizontal wavenumber that would have been imposed on 
the waves generated by nonlinear interaction, which changes 
had been ignored -- quite justifiably, under this restriction. 
But this particular charge against my analysis attributes to 
it a degree of sophistication that I have never claimed for 
it. I did employ, and I would again employ, the v of the full 
spectrum. This is not because I believe the result, but 
because I believe that the result is as indicative of the true 
consequences of nonlinearity as any result based upon a par- 
tial V would be. Put otherwise, anyone who chose to employ 
only the winds at larger scales for the purpose of a Doppler- 
shift calculation would be fully justified in doing so but 
would be left with the residual problem of what to do with the 
remaining portion of the wind. They are welcome to attempt a 
solution to that problem; I simply forecast that the result 
will not be qualitatively different from what my own, possibly 
cruder, approximation produces, however more reliable it may 
be within its own limitations. Indeed, I ask what can the 
effect of the remainder of v be on the final spectrum, other 
than some additional shifting and spreading of a similar type? 

As an extension of this scale-separation issue, it has been 
argued that a wave will experience a "true" Doppler shifting 
toward critical-layer conditions, and will respond according- 
ly, only if the wind doing the shifting exists on a time scale 
(and presumably horizontal scale) much greater than that of 
the test wave in question. I reject this allegation, if it is 
intended to imply that the consequences of interactions with 
smaller-scale waves cannot be like those with larger-scale 
waves. The test wave will experience, however locally in time 
and/or in space, a v that enters its governing equations as 
importantly as does its omega, if that v is comparable to its 
own horizontal phase speed. It must respond, however locally, 
in some fashion; and it must do so repeatedly, in time and/or 
space. The process produces wave-wave coupling, of course, 
with the generation of other temporal and horizontal scales; 
but who is to say that its net effect on the test wave must be 
substantially different from the net effect that a larger- 
scale wave would have imposed, insofar as the generation of 
locally large shears and instability is concerned? By all 
means, one should have doubts; but one should not prejudge the 
issue, except perhaps via the similitude argument, and we have 
seen where that leads. 

It has also been remarked, as if importantly, that my H2 
and H4 calculations have produced tail slopes of -2.7 or -3.1 
or whatever, rather than the wanted -3. To which I reply: So 
what? I could certainly have juggled some of the governing 
parameters and so have produced slopes of -3, had my intention 
been to attempt to delude naive readers into thinking that I 
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had really succeded in matching the data (whose variability 
and margins of error far exceed those of the computed results 
in any event). The remarkable fact is that slopes based on my 
poorly justified analysis come as close to -3 as they do, and 
I for one am prepared to defer to the AJ analysis, or to the 
similitude argument, as an appropriate means of going the 
remaining distance. 

Again, the complaint has been made that my analysis does 
not produce anything like a -3 slope in the asymptotic limit 
as m > oo, however well it may do so within a decade of the 
peak of the spectrum. Instead, the spectrum asymptotes to the 
form m"^ if Coriolis effects are ignored and to a constant if 
they are included. But this is a totally specious cavil, as I 
have pointed out in H4: my analysis, of whatever limited 
validity it may be at m values near the start of the tail, 
falls apart completely at larger m values and is admitted to 
do so. This is because it takes into account only the hori- 
zontal component of the wave- induced winds, whereas the v.V 
term clearly requires in principle the inclusion of the verti- 
cal component as well. Omission of that component can be 
justified for m not too large, but cetainly not for extreme m 
values (including, in particular, the asymptotic limit); and 
any attempt to include the vertical wind component for larger 
m values encounters mathematical problems (see Appendix B of 
H4) that are simply not worth resolving in view of the heuris- 
tic nature of the analysis as a whole. Thus, while I have 
presented (in all honesty) the unsavory results to which my 
approximations give rise at large m, I have also shown why 
those results do nothing to undermine the much more acceptable 
conclusions at the m values that are of concern observational - 
ly. The more acceptable conclusions may indeed be suspect, 
but certainly not because of misbehavior as m > oo. 

What, then, are the lessons to be learned from H2 and H4? 

I submit, first, that these papers give insight into the 
details of the generation of the tail. H2 provides a pre- 
scription, however approximate, for identifying the spread of 
locations, in part into the tail, of waves that were initially 
at a specified m value not in the tail; and a prescription, 
however approximate, for the degree to which their amplitudes 
would have been suppressed by broadening as the shifting was 
imposed. I believe that the spreading in m corresponds in its 
crude fashion to the diffusion off of the dispersion surface 
that was deduced by AJ: a given initial omega and horizontal 
wavenumber now produce a spread of vertical wavenumbers, as is 
illustrated in Fig. 3. Accompanying that spread, there must 
be a reduction of spectral intensity, increasingly so as one 
moves to higher initial m values, and it is in this way that 
the -3 slope is ultimately fashioned. 
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(Observationally, it would be possible to misinterpret this 
combined behavior as a saturation effect imposed by the self- 
destabilization postulated in linear-instability theories. 
Thus, even when the tail is "patchy" and apparently made up of 
a few individual wave packets spread over a limited range of 
m, that structure may in fact result from initially quasi 
monochromatic waves that have been Doppler spread to their 
present state, and reduced in amplitude, by the action of the 
larger-scale, non-tail, waves. It should be noted explicitly 
that the reduction of amplitude of an individual wave packet 
has been produced, not by dissipation as in linear saturation 
theories, but by spreading in wave number — except only for 
that part of the spread spectrum that succumbs to instability 
near mj^ and for some minor effects of diffusive dissipation 
through the bulk of the tail, which effects I have ignored.) 

This view of the matter is of course tempered by the impre- 
cision with which the Gordian knot was cut. But I submit that 



any interpretation of the the 
tail waves in Eulerian terms must 
be subject to imprecision, simply 
because the wavulence of the tail 
does not consist of linearized 
Eulerian waves. I submit, fur- 
ther, that the Doppler-spread 
analysis I have given, or some 
variant on it, is as close as we 
are likely to get to describing 
that wavulence in terms of line- 
arized Eulerian waves. 

I submit, finally, that the 
analysis provides a "handle" 
whereby one can generalize to 
include the superimposed effects 
of true background winds. Indeed, 
that is precisely what is required 
for purposes of parameterization. 

Such winds were excluded from 




Fig. 3: Doppler spreading of waves initially 
sited as delta functions at the various 
dots, upon ijj moving into their proximity. 
See Hines (1991b) for further explanation 
and details. 



H2 and H4; but, once the Doppler spreading is admitted as a 



primary feature of the tail and the tail's dissipation, their 
effects can be incorporated in principle in a fairly straight- 
forward manner. The Doppler shifting imposed by the back- 
ground winds simply provides a new point of departure from 
which the Doppler spreading occurs. That spreading depends on 
the fluctuating winds in the azimuth of propagation, deter- 
mined for each wave (or each azimuth) in turn, and these 
depend on the fluctuating winds produced by waves propagating 
into all non-orthogonal azimuths. Analytic treatment of the 
problem would be complicated, but numerical treatment is not. 
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Weinstock (1990), henceforth W90 



Weinstock presented a theory of saturation based upon 
nonlinear waves and a scale-dependent diffusivity that they 
were hypothesized to produce. It included the deduction of an 
m“^ spectral form at large m. I previously suggested (Hines, 
1993b), albeit with some hestation, that his results might 
well constitute an all-Eulerian equivalent of the asymptotic 
behavior (at large m) previously obtained by AJ. I must now 
reverse myself: I do not believe the two to be equivalent. 

And, since I do believe in the validity of the AJ analysis for 
wavulence, I must disbelieve the validity of the Weinstock 
analysis as an analysis of wavulence (though it may well 
represent the appropriate extension into turbulence; see 
below) . 

My previous hesitation was based in part on the fact that 
the magnitudes assigned to the tail spectrum by AJ and by W90, 
respectively, appeared to have different parametric structures 
(e.g., in their dependence on the Coriolis parameter). My 
present, more conclusive, position is as follows. 

With instability and molecular dissipation absent from the 
AJ analysis (except in peripheral ways), that analysis is 
devoid of any dissipative mechanism. In these circumstances, 
the Eulerian response to nonlinearity was found to be a diffu- 
sion of {omega, k} combinations from the linear dispersion 
surface, as already stated. The diffusion proceded in a 
manner that happened to keep omega and k real. In W90, howev- 
er, the response was hypothesized to be a transition to a 
single, new dispersion surface, one that required a complex k 
space for its description. But this was only an assumption, 
one which was forced upon the presumed solution and to which 
that solution was obliged to adapt. The remainder of the W90 
analysis then determined how the adaptation might best take 
place . 

The distinction between the two types of {omega, k} space 
makes it clear that the very structure of the solutions is 
quite different in the two cases: the two cannot be equival- 
ents of one another. And, since the AJ analysis was purely 
deductive and straightforward (however difficult), its results 
can scarcely be challenged for the nondissipative circumstanc- 
es that it treated. 

But, even if the two analyses cannot be large-m equivalents 
of one another, they can be complements to one another. This 
is because, as argued above, the AJ spectrum must be unstable 
if it extends to sufficiently large m values, and some form of 
turbulence must then set in. I see no argument against a new 
view: that W90 provides a valid approach to the description of 
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this turbulence, a turbulence wherein the spectral form m“^ is 
also anticipated (e.g., Lumley, 1964). 

Such a view, if accepted, would open the way to a new 
question, that of the "marriage" of the two m~^ spectra: does 
the wavulence spectrum blend smoothly into the turbulence 
spectrum in the vicinity of some mj^, with or without a notice- 
able shift of spectral intensity; or might the two overlap, 
with different levels of intensity, in the vicinity of mj^^; or 
might there be a gap in the spectrum, with turbulence starting 
only at m values considerably in excess of mj^? 

My own expectation is that there would be continuity, with 
wavulence giving way smoothly to turbulence in the vicinity of 
some mj^, but not necessarily at the same level of intensity. 
The latter caveat arises because the intensity of wavulence at 
mj^ is determined by the nonlinear wave processes already 
discussed, combined with the instability criterion that deter- 
mines mj^, whereas the intensity of turbulence is typically 
determined by the rate of input of energy at its large-scale 
end, taken here to be mj^. I see no reason to suppose that the 
rate of delivery of energy by wavulence to the vicinity of m^^ 
should be just that which would be required to maintain equal- 
ity of the two levels of intensity at m»^. Indeed, the dis- 
paraty of parametric forms for the tail intensities, mentioned 
above, argues otherwise. However, the question remains for 
future resolution. 



Consequences for parcimeterization 



When dissipation of the waves occurs in the manner argued 
here — specifically, only after they have been spread by 
nonlinear processes far into the tail -- the details of the 
dissipation process cease to be of major concern for parame- 
terization purposes. Instead, the details of the nonlinear 
spreading become the essential feature, with dissipation being 
understood to occur once adequate spreading has taken place. 

This totally altered point of view has been incorporated 
into a parameterization scheme published elsewhere (Hines, 
1997a, b) and has been implemented with considerable success 
in a large-scale numerical model (Mengel et al . , 1995). A 
brief outline of that scheme is contained in Section 2 of an 
accompanying paper (Mayr et al . , 1997). See also McLandress 
(1997) in this volume. 

Implementation of the parameterization requires the choice 
of an input spectrum. If this is taken to be of the form m®. 
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then simplified formulae become available if s is chosen to be 
integral or half -integral . The value s = 1.6, found above, 
suggests that s = 1.5 be used for parameterization purposes. 
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Abstract 

The gravity wave drag parameterizations of Hines [1997a,b] and Fritts 
and Lu [1993] are compared using a simple middle atmosphere model 
capable of simulating the zonal mean circulation and solar tides. Results 
from the zonal mean version of the model indicate that although both 
schemes close off the stratospheric jets, the Fritts scheme produces some- 
what unrealistic latitudinal structures in the mesospheric zonal winds. 
The two schemes have a very different impact on the propagating diur- 
nal tide. The Fritts scheme strongly damps the tide in the lower ther- 
mosphere and amplifies it in the mesosphere whereas the Hines scheme 
amplifies it throughout this entire region. 

1. Introduction 

Previous modelling studies of the middle atmosphere have frequently 
employed gravity wave drag (GWD) parameterization schemes in which 
the gravity waves are treated in a discrete and linear fashion [Lindzen^ 
1981]. Two recently developed spectral parameterizations [Fritts and Lu^ 
1993 and Hines^ 1997a,b] (henceforth referred to as FL93 and H97a,b) 
treat the gravity waves as a continuous spectrum. Their sensitivity and 
characteristics in middle atmosphere models have neither been fully ex- 
amined nor the schemes themselves compared. 

In this paper the two parameterizations are studied using a linearized 
primitive equations model that is capable of simulating the coarse features 
of both the zonal mean circulation and the propagating solar diurnal tide. 

The organization of the paper is as follows. In Section 2 the GWD 
schemes are discussed. In Section 3 are given details about the spectral 
model. The discussion of the model results follows in Section 4. A brief 
summary and a discussion of the significance of these results are given in 
Section 5. 
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2. Gravity wave drag parameterizations 
2.1 Hines GWD scheme 

The Doppler-spread theory of gravity wave saturation [Hines 1991a, b,c 
and 1993] attributes the m“^ slope of the tail portion of the vertical 
wavenumber m spectrum to the Doppler-spreading that arises in a sta- 
tistical sense from nonlinear v-Vv wave- wave interactions (where v is the 
horizontal velocity resulting from a broad spectrum of gravity waves). 
The parameterization scheme that followed from this [H97a,b] has al- 
ready been used successfully in a 2-D middle atmosphere model [Mengel 
et a/., 1995]. More recent results are also presented in several papers in 
this volume. To date, however, little or no discussion has been made 
of the sensitivity of the Hines scheme to changes in the various tunable 
parameters. In this section, the parameterization will be briefly outlined 
and the results of several sensitivity experiments presented. 

In order for the parameterization scheme to be of practical use in gen- 
eral circulation models, considerable simplification of the original theory 
is required. First and foremost, is the assumption that waves that have 
been Doppler spread to sufficiently large vertical wavenumbers are imme- 
diately and abruptly removed from the spectrum. Although the details 
of this dissipation mechanism are not considered, strong critical layer in- 
teractions that result are assumed to absorb the waves and cause them to 
deposit their momentum. The wavenumber at which point obliteration 
occurs is referred to as the cutoff wavenumber mc^ Since it decreases 
with altitude as a result of decreasing density, the variation of me with 
height provides information about the vertical variation of the momentum 
fluxes and hence the GWD. The second important simplification is that 
both the wave-induced and background winds that produce the Doppler 
spreading and shifting are assumed to provide a time-independent wind 
field upon which the other waves propagate. This, in combination with 
the dispersion relation and the principle of conservation of wave action for 
the unobliterated waves, permits me at a given height to be “mapped” 
onto a single vertical wavenumber in the low end portion of the spec- 
trum at some initial level, generally located in the troposphere (i.e., 
= 0))* The inclusion of the background winds results in 
selective transmission of gravity waves propagating in different directions 
- it is this anisotropy in the horizontal momentum field that produces the 
GWD. Consequently, a cutoff wavenumber is required for each of the J 
discrete horizontal azimuths. 
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At the heart of the Doppler-spread parameterization hes the equation 
for the “mapped” cutoff wavenumber nrij 

^ ^Vo 

where Nq is the buoyancy frequency at the initial reference level denoted 
by the subscript “0”, Vj is the background wind component in the jth 
azimuth, and $i and $2 are constants. The wave-induced rms winds in 
the jih azimuth (a unique feature of the scheme) is denoted by cr^, while 
the total horizontal rms wind speed is given by gh- The calculation of 
the cr’s requires evaluating a vertical wavenumber integral which contains 
the functional form of the prescribed initial m-spectrum (i.e., oc m^) and 
has limits of integration that range from m = rrimin > 0 to m = mj. 

The evaluation of mj is not entirely trivial since the cr’s are also de- 
pendent upon the m/s. For convenience and practicality, however, an 
approximate solution to Equation (1) is found by using the cr’s at the 
adjecent underlying level / — 1 to calculate mj at level /. In the course 
of testing the scheme, it was found that verticcd smoothing of the mys 
(using a 1-2-1 stencil) was required to avoid sudden large drag values. 
It should also be noted that mj given by Equation (1) is not permitted 
to increase with height or become negative for this would indicate the 
reappearance of waves obliterated at lower levels. 

In order to examine the sensitivity of the scheme to changes in some 
of the important parameters it is instructive to use climatological wind 
and temperature profiles. For this the CIRA-86 reference atmosphere is 
used and the zonal wind and temperature profiles at 40® N for January 
are chosen. The corresponding wind profile is shown in Figure la. 

Since there is considerable uncertainty as to the shape of the low 
wavenumber end of the m-spectrum at tropospheric heights, it is of obvi- 
ous importance to assess the sensitivity of the drag to this parameter. For 
computational considerations, however, only certain values of the spec- 
tral slope s are useable and Figure lb shows the resulting drag profiles for 
three such values (5 = 1, 5 = 3/2 and 5 = 2). Note that for these and all 
subsequent results, twelve equally-spaced azimuths are employed along 
with the specification of an isotropic initial gravity wave source at the 
ground of Gho = 1 m/s. Examination of the results indicates that in all 
cases the profiles below 85 km are relatively insensitive to changes in the 
spectral form. However, at the highest levels where the drag arises from 
the wavenumbers at the very lowest end of the initial m-spectrum, the 
diflperences are more marked. The short-dashed curve, in fact, exhibits 
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(a) CIRA 40N (JANUARY) 




ZONAL (M/S) 




GWD (M/S/D) 




Figure 1. Hines GWD using climatological wind and temperature pro- 
files. (a) CIRA-86 zonal mean wind at 40°N for January, (b) GWD for 
s = 1 and rrimin = l/(3km) (solid), s = 1 and m„,„ = 0 (short dashes), 
s = 3/2 and m„,„ = () (long dashes), and s = 2 and rrimin = 0 (medium 
and two short dashes), (c) GWD for = 1.5 (solid), $i = 1.2 (short 
dashes), and = 1.9 (long dashes), (d) GWD for $2 = 0.3 (solid), $2 = 
0.1 (short dashes), and $2 = 0.5 (long dashes). Refer to Section 2.1 for 
more details. 
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large and rapidly changing drag in the lower thermosphere. Due to both 
the lack of observational constraints on the very low end of the initial 
wavenumber spectrum and the inapplicability of the Doppler-spread the- 
ory at these very large heights where the spectrum is no longer broad 
and strongly interacting, it is permissable and in fact advisable to “chop 
off” the initial spectrum at some minimum value rrimin as suggested in 
H97b. For the 5 = 1 case, the solid curve corresponds to rrimin = l/(3km). 
As can clearly be seen, the alteration to the low wavenumber portion of 
the spectrum has effectively removed the waves responsible for the upper 
level drag. 

Figures Ic and Id show results for different values of the constants 
and $2 fliat appear in Equation ( 1 ) for a spectral slope 5 = 1 and 
rrimin = 1/ (3km). The range of values chosen here represents the expected 
limiting values suggested in H97a. The sensitivity to changes in these 
constants is not great and can be easily understood with aid of Equation 
( 1 ). Increases in and $ 2 ? in effect, broaden the fuzzy band around a 
wave’s critical circle, rendering its destruction more probable and causing 
the wave to “break” lower down. 

In the model results that will be described shortly, paraimeter settings 
of 5 = 1 , rrimin = l/(3km), = 1.5, and $2 = 0.3 are used. Another 

parameter $ 3 , which controls the height at which molecular diffusion 
begins to dominate, is also needed and is given a value of 1 . (It should be 
noted that in both the calculations of Figure 1 and the subsequent model 
results, the effects of molecular viscosity are considered in the calculation 
of the cutoff wavenumber. These effects only become important above 100 
km cCnd were included to further reduce the possibility of large drag in the 
thermosphere.) Another constant k* is set to (150 km)~\ the value used 
in Mengel et al. [1995]. The purpose of k* is twofold. First, it is required 
to calculate me near and above the turbopause where molecular viscosity 
determines the maximum permissable value of the cutoff wavenumber. 
More importantly, it is the value chosen for the integral of the horizontal 
energy spectrum, denoted kj in H97a. In the latter role it acts as a 
multiplicative factor for the momentum fluxes and thus increasing kj will 
increase the GWD. Although this is a tunable parameter, it will not 
be examined here. Since isotropy at the ground has been assumed, a 
constant value of kj = k* has also been chosen. 
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2.2 Fritts GWD scheme 

Unlike the Doppler spread scheme which is based solely on theory, 
the Fritts scheme is constructed from a combination of observed char- 
acteristics of the gravity wave spectrum and theoretical notions about 
the saturation process. Since this scheme has been discussed in detail in 
FL93, only an overview of the pertinent assumptions will be presented 
here. The parameterized momentum fluxes are derived from their spec- 
tral forms and involve the imposition of several important constraints. 
First, the total energy at a given height is assumed to be equipartitioned 
between the zonal and meridional directions. Second, the energy in an 
individual spectral component (the 4 cardinal azimuths are used) is not 
permitted to drop to an arbitrarily small value. This constrains the maxi- 
mum possible amount of azimuthal anisotropy. Third, the vertical profile 
of the total energy is prescribed: below 85 km FL93 assume a mean scale 
height for energy growth of « 2.2>H and a transition region to constant 
energy above 100 km. A value of 0.2 is used for the anisotropy parameter 
(denoted by a in FL93). An isotropic energy source FJq of 1 m^s“^ is ap- 
plied at 2 : = 0 and \nlues of 1/18 and 1/22 are chosen for the parameters 
C and D of FL93, respectively. 

3. Spectral primitive equations model 

A modified version of the linearized spectral primitive equations model 
of Vial et al. [1991] (henceforth VFM91) is employed to examine the two 
GWD schemes. The log pressure vertical coordinate >2 = ln(po/p) extends 
from z = 0 to z = 20 with Az = 0.4. A total of 20 Associated Legendre 
polynomials are used to represent the horizontal structure. A number 
of changes to the original VFM91 model have been made. First, the 
Rayleigh friction approximation of vertical diffusion has been replaced 
by the actual diffusion which comprises both molecular and eddy terms. 
Although the Hines scheme calculates an eddy diffusion it is not used. 
Instead a prescribed height-dependent profile which reaches a value of 200 
m^/s in the upper mesosphere is used. Additional boundary conditions 
of zero vertical gradients of velocity and temperature are assumed at the 
model top and bottom. Second, a semi-implicit time formulation has 
been implemented which enables the time step to be increased to one 
hour. Third, the transformation from spectral space to real space and 
back that is required to evaluate the GWD terms is performed using 
Gaussian quadrature. 
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The model can be used to simulate either the zonal mean (by setting 
the zonal wavenumber m in the coefficients of VFM91 to zero) or the 
diurnal tide (by setting m to one) as was done by those authors. Differ- 
ent heating terms are used depending upon the model configuration. In 
the tidal case, the diurnal (1,1) Hough mode heating rates for April of 
Groves [1982a, b] are used. In the zonal mean case, the following idealized 
solsticial ozone heating rate is specified 




where Zkm denotes height in km. Similar forms of zonal mean heating have 
been used in other simplified middle atmosphere models [e.g., Garcia^ 
1987]. To simulate long wave cooling in both the zonal mean and tidal 
versions of the model, a Newtonian cooling formulation is employed, using 
a coefficient which attains a maximum value of « 0.35 days“^ at 50 km. 

The model is integrated forward in time from zero initial conditions 
until a steady-state is achieved. For this a 50 day integration period was 
found sufficient. 

4. Spectral model results 

First the zonal mean heating term given in Equation (2) is used in the 
integration of the zonal mean model. At steady-state and away from re- 
gions of strong vertical diffusion, the zonal mean equations are identical to 
the quasi-geostrophic system which has been used extensively in middle 
atmosphere studies [e.g., Garcia^ 1987]. Although the log pressure ver- 
tical coordinate is plotted on the figures, approximate altitudes (at least 
below ^ = 14) can be obtained by multiplying the vertical coordinate by 
7 km. 

In Figure 2a are shown the zonal winds without GWD. As expected 
the jets do not close off and the wind speeds reach values of approximately 
90 m/s. Figures 2b and 2c show the model simulations using the Hines 
and Fritts GWD schemes. Although both schemes have closed off the 
stratospheric jet there are some significant differences. The Hines results 
exhibit a complete reversal of the mesospheric jet and fairly large vertical 
wind shears above the stratospheric jet. In contrast, the Fritts scheme 
produces much weaker vertical shears and at mid-latitudes is unable to 
reverse the mesospheric jets. Additional experiments (results not shown) 
employed different values of the lower boundary gravity wave energy input 
£*0 and anistropy parameter a in an attempt to produce 4 more realistic 
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Figure 2. Zonal mean zonal wind (m/s) at solstice: (a) without GWD, 
(b) using Hines GWD, and (c) using Fritts GWD. Wind speeds in excess 
of 50 m/s are shaded. Refer to Section 2 for specification of parameters. 
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Figure 3. Meridional wind component of the diurnal tide at Oh UT: (a) 
without GWD, (b) using Hines GWD, and (c) using Fritts GWD. Ampli- 
tude in m/s (solid) and phase defined as longitude of maximum (dashes). 
Vertical wavelength given by distance between two sets of the 3 closely- 
spaced phase lines where the phase jumps from 360® to 0®. Amplitudes 
in excess of 50 m/s are shaded. 
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mesospheric zonal wind reversal. In all cases the Fritts scheme produced 
mesospheric winds having large latitudinal variations with the largest 
vertical shears (and consequently the strongest reversals) occurring at 
low latitudes and near 60°. Clearly, to rectify this in this simple model, 
a latitudinally varying energy source would have to be used. 

The final results pertain to the vertically-propagating diurnal tide that 
is forced in the spectral model by the (1,1) Hough mode heat sources. For 
practical considerations, the model is integrated without GWD for the 
first 20 days after which the GWD is slowly turned on and the integration 
continued for the remaining 30 days. The final solutions are steady. It 
should be noted that in this case there are no zonal mean winds so that 
the gravity waves ‘see’ only the tidal winds. 

Figure 3 shows the meridional wind component of the tide for the 
cases without GWD (a), with the Hines scheme (b), and with the Fritts 
scheme (c). The differences between Figures 3b and 3c are quite striking 
- the Hines scheme has amplified the tide at all levels (with respect to 
the no-GWD case in Figure 3a) while the Fritts scheme has strongly 
damped it in the thermosphere but amplified it below. Both schemes 
have advanced the tidal phase and shortened the vertical wavelength. The 
Fritts scheme however has a significantly shorter wavelength in the upper 
mesosphere than occurs when the Hines scheme is used. The integrations 
were repeated using modified parameter values and the overall results 
were unchanged. 

5. Summary and conclusions 

In this paper the spectral gravity wave drag parameterizations of Hines 
[1997a,b] and Fritts and Lu [1993] have been compared. Since the Hines 
scheme is the more recent of the two, a closer examination of the sensi- 
tivity to changes in its tunable parameters was performed. These results 
showed that the slope of the initial spectrum, one of the more important 
parameters that must be prescribed in this scheme, was important mainly 
in the lower thermosphere above 90 km. 

A simplified time-dependent model of the middle atmosphere was then 
used to explore the behaviour of the two schemes. Both schemes were 
able to close off the stratospheric winter jet, although for all the various 
parameters settings used the Fritts scheme was unable to produce a real- 
istic zonal wind reversal in the mesosphere. The model simulations of the 
diurnal tide revealed striking differences between the two GWD schemes. 
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The Fritts scheme strongly damped the tide in the lower thermosphere 
while the Hines scheme amplified it. 

The question of tidal wind amplification or reduction by GWD is an 
important one. Recent results from the Upper Atmosphere Research 
Satellite [e.g., McLandress et al.^ 1996; Burrage et al.^ 1995] have revealed 
that the observed amplitude of the diurnal tide at equinox is considerably 
larger than the model-simulated one of Hagan et al. [1995]. Although 
inaccuracies in the calculated lower atmosphere heating rates used in the 
model may account for this, uncertainty in the role of internal gravity 
waves is the more likely culprit. The diurnal tide model of Hagan et 
al [1995], in fact, incorporates the effects of gravity wave momentum 
deposition using an equivalent Rayleigh friction coefficient calculated by 
Miyahara and Forbes [1991]. In this latter paper a monochromatic pa- 
rameterization like that of Lindzen’s [1981] was used and found to cause 
a tidal amplitude reduction. Clearly, the question of gravity wave/tidal 
interactions must be reexamined. 
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Modeling the Seasonal Cycles and Equatorial Oscillations with a 
Parameterization of the Doppler Spread Gravity Wave Theory 
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Abstract: The Doppler spread parameterization (DSP) for the deposition of small scale 
gravity wave (GW) momentum and energy in the middle atmosphere (Hines, 1996a, b) has 
been incorporated into the 2D version of a numerical spectral model (NSM) of the middle 
atmosphere. With a globally uniform flux of (quasi) isotropically propagating GW emanating 
from the troposphere, the NSM was integrated for several model years, and preliminary re- 
sults were presented by Mengel et al. (1995). The model describes the global temperature and 
wind fields during solstice and produces significant semi-annual and quasi-biennial oscil- 
lations, SAG and QBO, in the zonal winds near the equator. It also shows the QBO extending 
into the upper mesosphere, in agreement with UARS measurements (Burrage et al., 1996). 
When the initial GW flux is enhanced, the SAG and QBG amplitudes increase, but the QBG 
period decreases. When the eddy diffusivity is reduced by a factor of two, the QBG ampli- 
tude and period increase significantly, but the SAG amplitude decreases. With time indepen- 
dent solar heating (perpetual equinox) and standard diffusivity, periodicities near 17 months 
and 8 months are generated, respectively, in the lower and upper stratosphere, the latter being 
close to the 6 months period of the semi-annual component of solar heating. 



1. Introduction 

Lindzen (1981) suggested that the anomalous reversal in the seasonal variations of the me- 
sospheric temperature, observed to reach a minimum in summer at altitudes near 85 km, is 
caused by the momentum deposition of breaking gravity waves. He parameterized the pro- 
cess by describing a small number of discrete, independent waves which individually become 
unstable and deposit their momentum to drive atmospheric winds. This wave breaking pro- 
cess has since been studied in great depth (e.g. Weinstock, 1982; Dunkerton, 1982a, b, 1989; 
Schoeberl et al., 1983; Schoeberl and Strobel, 1984; Fritts, 1984, 1989; Fritts and Dunkerton, 
1985; Schoeberl, 1985, 1987, 1988), and numerical models (e.g., Holton 1982; Gaertner et al., 
1983; Geller, 1984; Garcia and Solomon, 1985) have demonstrated that it can account for the 
observed mesospheric temperature anomaly. 
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The theories of Lindzen and Holton (1968) and Holton and Lindzen (1972) have shown 
how tropical planetary scale waves can accelerate the zonal circulation to produce the Quasi- 
Biennial Oscillation (QBO) observed at low latitudes. Eastward propagating Kelvin waves 
and westward propagating mixed Rossby gravity waves would interact with the zonal 
circulation to deposit their momentum due to critical level interaction and radiative damping. 
This theory was extended by Dunkerton (1979, 1982c) to explain also the eastward phase of 
the Semi-Annual Oscillations (SAO) at equatorial latitudes observed in the upper stratosphere 
and lower mesosphere, which cannot be accounted for by radiative forcing and interhemi- 
spheric momentum advection associated with the meridional circulation (Hamilton, 1986). 
The observed reversal in the SAO of the zonal winds near the mesopause at low latitudes was 
attributed to breaking gravity waves (Dunkerton, 1982c). 

Considering Kelvin waves inferred from satellite observations, Hitchman and Leovy 
(1988) concluded that these waves produce only 20% to 70% of the required eastward 
acceleration in the stratospheric SAO and that gravity waves are likely to be important too. 
Recent results obtained by Hamilton et al. (1995) from a GCM that resolves planetary waves 
but not small scale gravity waves showed that in the stratosphere the model could not 
reproduce the eastward phase of the SAO and produced only a relatively weak QBO with 
amplitudes of less than 2 m/s, which are an order of magnitude smaller than those observed. 

While it is accepted that wave mean-flow interactions are of central importance for the 
zonal circulation of the middle atmosphere in general and for generating the observed 
equatorial oscillations in particular, the role played by small scale gravity waves in relation to 
large scale and planetary scale waves is not known. 

A parameterization for small scale gravity waves (GW) has recently been developed by 
Hines (1996a, b) based on his Doppler Spread Theory (Hines, 1991a, b, c, 1993), which 
accounts for wave- wave and wave-mean flow interactions and provides the momentum source 
for the circulation and the eddy diffusivity. We have incorporated this scheme into a nume- 
rical spectral model (Chan et al., 1994a, b) of the middle atmosphere, and preliminary results 
have been reported by Mengel et al. (1995). In Section 2 of the present paper, the numerical 
model and implementation of the gravity wave parameterization are briefly described. In 
Section 3, numerical results are presented that describe the computed temperature and zonal 
winds during December solstice. In Section 4, the computed equatorial oscillations (SAO and 
QBO) are presented for different GW parameters and for perpetual equinox. In Section 5, the 
results are summarized. 



2. Model 

The Numerical Spectral Model of Chan et al. (1994a, b, 1995), referred to as NSM, has 
earlier been applied to the mesosphere to describe the mean zonal circulation, the thermally 
driven diurnal tides and the generation of planetary waves with the use of Rayleigh friction 
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(Leovy, 1964). This model is time-dependent, 3D, nonlinear, and is formulated in terms of 
spherical harmonics. In order to limit the nonlinearity to quadratic order so that alias-free 
transformations can be performed, however, one approximation is made which is of no con- 
sequence for the present application: the horizontal density variations are neglected in the 
nonlinear advection terms (but retained in the linear terms). The computation is performed 
efficiently with the use of an implicit numerical procedure that avoids severe time step restric- 
tions imposed by the fast traveling waves. The model computes the perturbations from fixed, 
globally averaged temperature and density variations, which are adopted as functions of 
height. Normally, the integration is carried out from the surface up to 400 km, assuming that 
the vertical and horizontal winds vanish at the lower boundary and that, due to molecular dis- 
sipation, the vertical gradients of temperature and horizontal winds vanish at the upper 
boundary. 

In the present application, a 2D version of the NSM is employed with emphasis on the 
stratosphere and mesosphere. The integration is carried out over periods of several model 
years, and in order to speed up the computation, the upper boundary is chosen at 130 km, 
which is well above the region of primary interest. With inclusion of the GW para- 
meterization provided by Hines (1996a, b), numerical tests show that the altitude- and related 
time- integration steps need to be fairly small and they were chosen to be on the order of 0.75 
km and 20 minutes, respectively. The maximum meridional wave number for the spherical 
harmonics retained in the model is / = 12; thus, the smallest horizontal wave length resolved 
in the model is about 30°, corresponding to a grid point resolution of about 7.5°. A control 
run with maximum wave number ^ = 16 produced results that were virtually identical, thus 
justifying the truncation. 

The heat source driving the circulation is based on the parameterization developed by 
Strobel (1978) and contains components associated with the absorption of solar UV radiation 
by 03 and O 2 . The heating efficiency is set to one, assuming that the dissociation energy is 
locally recovered through recombination. The radiative loss is described in terms of New- 
tonian cooling, and the rates for that are taken from Dickinson (1973) and Wehrbein and 
Leovy (1982) as shown in Figure 2 of Chan et al. (1994b). While the model is integrated 
upward from the surface, where natural boundary conditions apply, it does not account for 
any of the very complex processes that are associated with solar heating, radiative cooling and 
convection in the troposphere. 

Instead of Rayleigh friction as employed in the NSM by Chan et al. (1994b), the 
momentum deposition by small scale gravity waves was parameterized in a fashion now to be 
described. 

We employ the Doppler-spread parameterization (DSP) developed by Hines (1996a, b). It 
is designed to take into account nonlinear interactions among the waves of the spectrum, in 
addition to interactions between the waves and the background winds. These nonlinear inter- 
actions derive primarily from the advective nonlinearity of the V.V term of the Eulerian fluid 
dynamic equations, with consequences that have been determined in an approximate way by 
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means of a heuristically-in spired mathematical development (Hines, 1991b, c, 1993). The 
essential aspects of the DSP are as follows. 

A set of discrete azimuths of propagation is adopted, proposed as eight or more but taken 
to be four in this work, the four cardinal directions. A one-dimensional power spectral 
density, varying over vertical wave number m, is assumed for each azimuth at some initial 
(low) height. This spectrum is taken to propagate upward, to amplify in response to the 
diminishing gas density, and to become deformed in consequence of the ever-increasing role 
played by the resultant nonlinearities. Implicit in the model (and explicit in the underlying 
analysis) is the development of the characteristic "knee" of middle-atmospheric m-spectra, at 
which the spectral intensity changes from being an increasing function of m to being a 
decreasing function of m, the latter usually being described as an m'3 tail. The nonlinear 
waves that constimte this tail have been spread into it from initial m values close to its lower 
boundary, at the knee, and they tend to spread to ever-larger values of m as a consequence of 
ever-increasing nonlinear interaction. 

Wind and temperature gradients induced by the wave spectrum — most notably, by the tail 
portion of the spectrum — produce instability if the tail extends to sufficiently large m values. 
It is assumed that the spectrum extends to but not beyond some corresponding m value, 
denoted mM, that is determined by a requirement for marginal instability. From earlier 
analysis (Hines, 1991b), this value is taken to be inversely proportional to the rms wave- 
induced wind; it therefore decreases with increasing height. 

It is further assumed that waves having m values less than mu propagate without 
dissipation, and that dissipation occurs abruptly at mM when the height-varying m comes to 
equal the height-varying mM- This is at best an approximation, one that is based on the view 
that instability, when it occurs, does so primarily in small patches "here and there, now and 
then" (as argued by Hines, 1991a, and as may be illustrated by whitecaps on ocean waves) 
and acts in a highly preferential way to dissipate small-scale, rather than large-scale, waves. 
The approximation simply carries this view to an extreme: it ignores any dissipation of the 
larger- scale waves and takes into account only that of the smallest- scale waves, those at mM, 
which it takes to be obliterated. This approximation would not be valid in a detailed study of 
dissipation within the tail region, of course, but the details that would be sought in such a 
study are of little relevance to large-scale parameterizations of the type required here. 

In the DSP, the dissipating edge of the spectrum at mM is mapped back to a corresponding 
m value at the initial level, denoted mj. This is different for different azimuths (denoted by 
j=l,2...J in general; E, N, W, S here), if only because of the role of Doppler shifting induced 
by the background wind. But in the DSP mapping, a Doppler spreading caused by the wave- 
induced winds is also taken into account, thereby giving the DSP its unique character. 
Whereas other parameterizations would invoke dissipation if a wave's vertical wave-number 
becomes too large (according to some criterion) under Doppler shifting induced by the 
background wind, the DSP takes into account Doppler shifting induced also by the wave 
spectmm itself: the rms fluctuation is added to the background wind, or subtracted from it if 
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that is more deleterious, the wind fluctuations in effect acting statistically to spread the 
background wind over a significant range of values and so increasing the propensity for 
dissipation. (More properly, it is a multiple Oi of the rms wind that is employed, the multiple 
being 1.5 in the present work.) 

The mj of a given azimuth depends on the rms wind fluctuation in that azimuth, which in 
turn depends on the spectra at all non-orthogonal azimuths and so on the mj for all such 
azimuths, while the mM that is employed in determining the mj depends on the rms total wind 
fluctuation. In principle, all must be determined together in a self consistent manner. The 
DSP provides means of circumventing this requirement if the height and time steps of the 
large scale model are sufficiently small, as they are here, but an iteration to self consistency 
was nevertheless performed in the present work. 

Since mM necessarily decreases with increase of height (in the presence of a broad 
spectrum), all mj tend to do so as well. Their decrease implies that a smaller and smaller 
portion of the initially incident spectrum continues to propagate upward. The lost portion of 
the spectram deposits its associated momentum and energy flux, and it does so at a rate that is 
calculable from a knowledge of the initial spectrum and of the rate at which each mj is 
decreasing. (The decrease of mj can be impeded, for some azimuths, by a sufficient shear in 
the background winds, but the DSP never permits an mj to increase: waves may or may not be 
obliterated, but they are never resurrected.) 

It is this calculation of momentum and energy deposition that the DSP provides as its 
primary output. An associated calculation provides an estimate of turbulent diffusivity on the 
assumption that, below the turbopause, the deposited intrinsic energy acts as input to an 
isotropic Kolmogorov spectrum of turbulence having an outer scale comparable to mM"^. 

The DSP contains a number of parameters that are adjustable within rather narrow ranges. 
One such, <E>i, has already been identified above as taking the value 1.5 in the present work. 
A second, O 2 , which enters the specification of mM, probably should lie between 0.1 and 0.4; 
the value 0.25 was adopted here. The height of the turbopause, which is determined by 
molecular diffusivity coming to terminate the wave spectrum at an m value less than the mM 
that is required for instability, was taken as 105 km in initial simulations; this led to a certain 
03 = 0.4. The vertical flux of vertical momentum was ignored, removing the need for 
assigning a value to the DSFs O 4 . Heating produced by wave dissipation was likewise 
ignored, but the energy deposition was employed to determine the diffusivity and for that 
purpose <E >5 of the DSP was set to 1; the further was taken as 0.5 to provide a diffusivity of 
1.3x10^ m^s’^ at 80 km, in substantial agreement with the value given by Brasseur and 
Solomon (1984), though we now believe that this value may be too high. For the Prandtl 
number, the value Pr = 3 was adopted. A characteristic horizontal wave number kj, in 
principle variable with azimuth j, was taken to equal a single value k* for all. In most cases 
this was taken to be (150 km)‘l, but exceptions occur and are identified. 

Finally, the DSP provides for various forms and intensities of input spectrum at the initial 
height, taken to be the ground level here. Here the spectral density was taken to be pro- 




262 



portional to m (for m less than the ground-level value of him; zero otherwise) for all (4) 
azimuths and all grid points. The rms wind fluctuation was likewise taken to be the same for 
waves at all (4) azimuths and all grid points, of a magnitude such that, at 20 km height, the 
rms total wind fluctuation was 2.5 m/s. This choice is in rough conformity with mean values 
reported by Allen and Vincent (1995), for example. In reality, these rms values will be 
variable with azimuth, with latitude (and in 3-D studies, with longitude), and with season and 
meteorological conditions. It is to be emphasized that, for the initial results presented here, 
we have made no attempt to improve upon the crude assumptions of (quasi) isotropic 
propagation and globally and seasonally uniform input spectra. 



3. Global Scale Seasonal Variations 



With the DSP incorporated, the NSM was run in 2D for a number of model years. 
Accounting for spin-up, the first two years were ignored, and for the remaining six years the 
average temperature and zonal wind fields are shown for December solstice in Figure 1. 
Because of the omission of tropospheric processes, the lowest 25 km of the model calculation 



ah(20 km) = 2.5 m/s; k* = (150 km)-'* 



. . (6 year average) 
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Figure 1: Computed temperatures and zonal winds (positive to the east) during December 
solstice, with GW momentum deposition and eddy diffosivity (heat conduction and viscosity) 
provided by the DSP. These results are identical to those shown by Mengel et al. (1995). 
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are omitted from the figure. Through most of the middle atmosphere, the model reproduces 
the salient features that characterize the observations. Near 50 km, where the maximum 
occurs in the absorption of UV radiation by ozone, the temperature peaks in the summer polar 
region; and due to geostrophic balance, the zonal winds are eastward and westward in the 
winter and summer hemispheres, respectively. At higher altitudes near 85 km, however, the 
temperatures are lowest in summer and not in winter, in agreement with observations and 
contrary to expectations from radiative considerations. Above that altitude, the zonal winds 
reverse direction, turning eastward in summer and westward in winter, again consistent with 
observations. As proposed by Lindzen (1981) and demonstrated in earlier models such as 
that of Garcia and Solomon (1985), these reversals in the latitudinal temperature variations 
and zonal wind velocities are the direct consequence of wave mean flow interactions. 



GW Momentum Source x 10^0 
(kg m -2 s- 2 ) 




Figure 2: Computed GW momentum source 
for December solstice (after three model 
years). In winter, below 40 km, eastward 
momentum is deposited and removed from 
the GW flux (generated isotropically); thus, 
the waves have a net westward momentum 
in the upper mesosphere, which is deposited 
causing the winds to reverse there. 



ah(m/s) 
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Figure 3: Computed wave induced rms 
fluctuation of total horizontal wind for 
December solstice (after three model 
years). At the surface it is taken to be 
independent of latitude and season, to 
produce about ah = 2.5 m/s at 20 km. 
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The GW momentum source for Decem- 
ber solstice after three model years of inte- 
gration is shown in Figure 2. As the GW 
propagate through the stratosphere below 
50 km where the thermally driven zonal 
circulation increases with altitude, Doppler 
shifts, aided by Doppler spreading, cause 
the waves to break and deposit momentum, 
which tends to accelerate the winds (though 
insignificantly due to the large ambient 
density). Between 55 and 70 km, the zonal 
winds decrease with height and no longer 
force the dissipating portion of the GW 
spectrum to be Doppler shifted to shorter 
vertical wave numbers; hence the waves are 
not absorbed there. The GW which reach 
the upper mesosphere then have a net mo- 
mentum in the direction opposite to that of 
the stratospheric circulation. This momen- 
tum is ultimately deposited above 70 km 
due to wave breaking, which causes the 
zonal circulation to be decelerated and 
ultimately even to reverse at higher alti- 
tudes. At altitudes above 65 km, the GW 
interaction produces accelerations with 
peak values close to 100 m/s/day, com- 
parable to the values derived by Brasseur 



Global Mean 




Figure 4: Computed eddy diffusivity for 
December solstice (after three model years) 
averaged over latitudes as employed in the 
model. 



and Hitchman (1986). As shown with earlier models (e.g., Garcia and Solomon, 1985), this 
GW induced acceleration in the zonal circulation generates a meridional circulation with 
accompanying vertical winds, which in turn redistribute energy and cause the reversal in the 
temperature variation. The GW momentum source shown here bears virtually no resemblance 
to Rayleigh friction, which is formulated as a drag force proportional to the zonal winds. 

The GW spectrum that produces the momentum source and diffusivity derived in the 
model is characterized by the total wave induced rms horizontal wind, CTh, which is shown in 
Figure 3 for December solstice after three years of integration. As pointed out earlier, the 
GW are assumed to originate at the surface where oh is taken to be independent of latitude 
and season and its value is chosen to produce about ah = 2.5 m/s at 20 km, consistent with 
observations. This quantity tends to increases with height inversely as the fourth root of the 
ambient gas density. 
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Presently, only the global average of the eddy diffusion rate, K, at any given time is 
considered in the NSM and it is shown in Figure 4 for December solstice after three model 
years of integration. As pointed out earlier, this quantity is derived by choosing a DSP 
parameter such that it produces a value of about K(80 km) = l.SxlO^ m^/s. 



4. Equatorial Oscillations, SAO & QBO 

For the same GW parameters that produce the seasonal variations in the temperature and 
wind fields (Figure 1), equatorial oscillations are generated in the zonal winds at equatorial 
latitudes which are presented in Figure 5 (identical to the results presented by Mengel et al. 
(1995)). Eliminating the first two years to account for spin-up, the annual and mean compo- 
nents were removed from the remaining six years of integration in order to identify more 
clearly the residual oscillations 

At altitudes above 35 km in Figure 5a, the dominant (residual) periodicity is six months, 
and the corresponding Fourier component or Semi-Annual Oscillation (SAO) is shown in 
dashed lines. Near the stratopause at 50 km, the wind velocities in the SAO peak and 
approach 20 m/s, somewhat smaller than those observed (e.g., Reed, 1966; Hirota, 1980; 
Reddy and Vijayan, 1993). At 70 km, the variations in the wind velocities abate but higher up 
increase again and then reverse direction such that near the mesopause at 80 km a SAO is 
generated with winds of about 10 m/s, which are opposite in phase to those at lower altitudes. 
This phase reversal in the SAO is observed, but the measured amplitudes are between 15 and 
25 m/s (Hirota, 1980; Reddy and Vijayan, 1993 ). We find that these oscillations are essen- 
tially confined to latitudes below 20^ although the initiated GW flux is taken to be indepen- 
dent of latitude (and season). Since the Coriolis force is unimportant near the equator, the 
GW induced oscillation in the zonal circulation is not accompanied by a significant oscillation 
in the meridional winds, which can build up back pressure to dampen the zonal wind oscil- 
lation as is the case at middle and high latitudes. 

In the stratosphere below 35 km, the computed variations in the zonal circulation shown in 
Figure 5b have a period of about 21 months, near the lower end of the periods observed in the 
Quasi-Biennial Oscillation (QBO). The computed downward phase progression of 1.6 
km/month is also close to that observed but the wind velocities are about 7 m/s, less than half 
of those observed (e.g., Andrews et al., 1987). Like the SAO in the model, the computed 
QBO is confined to low latitudes, in agreement with observations. 

Our model results show that with increasing altitude, the computed wind pattern becomes 
more irregular. This is understandable, considering that the GW that reach higher altitude 
levels have been filtered and modulated by the winds they traverse and thus effectively trans- 
fer information about the zonal winds from lower to higher altitudes. This is seen in Figure 6, 
where we eliminated the short term variations with a 180 day running average. It reveals that 
the QB 0-like oscillation is not confined to the stratosphere, as was commonly thought, 
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ah(20 km) = 2.5 m/s; k* = (150 km)-i; Mean and Annual Cycle Removed 




Integration Time (months) 



11° South 




Figure 5: (a) Computed time series of zonal winds above 30 km at 4® S with the mean and 
annual components removed. The dashed line represents the 6-months Fourier component, 
the Semi-Annual Oscillation (SAO). The SAO at 80 km is in phase opposite to that at 50 km 
as observed, (b) Time series of zonal winds below 35 km for different latitudes, showing a 
periodicity close to 21 months which approaches that of the Quasi-Biennial Oscillation 
(QBO). These results are identical to those presented by Mengel et al. (1995). 
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Figure 6: Computed zonal winds (mean and annual components removed) at 4® S, as in 
Figures 5, but with 180 day running averaging. The QBO like oscillation extends into the 
upper mesosphere, in agreement with UARS observations (Burrage et al., 1996). 



but extends all the way up into the upper mesosphere. Such an oscillation has been observed 
with the High Resolution Doppler Interferometer (HRDI) measurements onboard the UARS 
spacecraft (Hays et al., 1993) as reported by Burrage et al. (1996). 

The equatorial oscillations presented here are a spin-off from a model that is designed, with 
the simplest assumptions and minimal tuning of GW parameters, to reproduce the observed 
temperature reversal near the mesopause during solstice. No attempt has been made to repro- 
duce the observed equatorial oscillations accurately, in part because the model does not yet 
consider the effects of planetary waves. At this early stage of exploring the effects of small 
scale gravity waves, however, we have earned out a few computer experiments with the aim 
of providing some understanding. 

In the DSP, the initiated GW momentum flux is proportional to k*ah^. When Oh(20 km) 
is reduced in the model from 2.5 to 2 m/s and k* is increased from (150 km) ^ to (77 km) 
the momentum flux remains constant, and our numerical results (not presented here) show 
that in these two cases the computed quasi-biennial and semi-annual oscillations do not differ 
significantly. 
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For ah (20 km) = 3 m/s 
and k* = (150 km)"^, the 
GW momentum flux is en- 
hanced by 70%, and the 
computed wind oscillations 
are different, as shown in Fi- 
gure 7. Compared to Figure 
5, the average SAO ampli- 
tude in the stratosphere and 
mesosphere increased by al- 
most 50% to produce closer 
agreement with observations. 

The magnitude of the QBO 
in the stratosphere increased 
nearly as much, but its 
period decreased from 21 to 
17 months, moving it away 
from the observations. 

Thus far, we had retained 
a constant, height dependent 
eddy diffusivity, which was 
accomplished by choosing 
the appropriate DSP parame- 
ter to produce the "standard 
diffusivity", Ks, in our mo- 
del as shown in Figure 4. 

Here we present a solution Figure 7: Computed zonal winds at 4® S with mean and annual 

with a different value <E>a = components removed for ah (20 km) = 3 m/s, k* = (150 km)-l, 
’ ^ with GW momentum flux about 70% larger than employed 

0.25, resulting in a diffusivi- earlier. The SAO and QBO amplitudes are enhanced com- 
ty that is reduced by a factor results in Figure 5 but the QBO period is shorter. 

of two. In Figure 8, the computed time series in the altitude range from 20 to 80 km are 
shown for K = Ks/2. By comparison with the earlier results in Figure 5 for the standard (and 
larger) eddy diffusivity, the computed QBO in the lower stratosphere now has a much larger 
amplitude, about 13 m/s, and its period is about 30 months, close to the upper end of the 
observed values. At altitudes above 40 km, however, the SAO (in dashed lines) is signi- 
ficantly reduced in magnitude, and the variations are much less coherent. Conversely, when 
K is increased from Ks to Ksx2, the results (not presented) show that, at altitudes below 40 
km, the induced period is only 13 months, much shorter than the 21 months seen in Figure 5 
and its amplitude is only about half as large; however, above 40 km, the SAO amplitudes are 
somewhat larger than those in Figure 5, and the variations are more coherent. 
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In the present model, as in 
other models, the QBO is so- 
lely excited by the GW inter- 
action without an external 
source of such periodicity. 

This is not true for the SAG. ^ 

w 

Such an oscillation can in ^ 
principle also be excited by g 
the semi-annual component n 
in the solar heating, except 
that it does not come close to 
reproducing the observations 
(Hamilton, 1986). If a perio- 
dicity close to two years (as 
seen in the QBO) can be ex- 
cited without such a perio- f 
dicity in the solar forcing, we 
have asked, what other os- 
cillation periods could be 
excited if the solar heating 
were kept constant? For the 
standard GW parameters of 
ah (20 km) = 2.5 m/s, k* = 

(150 km)-^ and the standard 
diffusivity, Kg, we show in 
Figure 9 the computed time Figure 8: Computed zonal winds at 4® S with a factor of 2 





series in the zonal winds at 



smaller diffusivity, K = Ks/2. The Fourier harmonics for SAO 
and QBO (dashed lines) are shown above and below 40 km, 
40 south, covering a period respectively. Compared to Figure 5, the QBO amplitude and 
of 6 model years. After a Period are enhanced but the SAO amplitude is reduced. 

period of about two years (needed for spin-up), a long period oscillation resembling the QBO 
is excited in the lower stratosphere below 40 km, as expected. The amplitudes, however, are 
smaller than those shown in Figure 5. The period is also considerably shorter, about 17 
months compared to almost 21 months in Figure 5. At higher altitudes, between 40 and 60 
km, however, very different periods around 8 months are generated, which happen to be close 
to the 6 months of the semi-annual component in the solar heating. With such a wave 
induced periodicity, one may understand then that the SAO amplitudes are as large as seen in 
Figure 5, where the seasonal variations in the solar heating are also feeding the oscillation. In 
contrast to the earlier results with seasonal heating, the weaker oscillations shown in Figure 9 
do not extend to altitudes above 70 km. 
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It was shown earlier that 
with decreasing eddy dif- 
fusivity, K, the QBO period 
significantly increased in the 
lower stratosphere (see Fi- 
gures 5 and 8 for compari- 
son). The same might also 
be expected for the shorter 
period excited by the GW at 
higher altitudes as seen in 
Figure 9. A decrease in K 
would then cause this period 
to increase above 8 months, 
moving it further away from 
the semi-annual (6 months) 
period in the solar heating, 
which could explain the re- 
duced amplitude of the SAG 
shown in Figure 8. 

We have seen in Figure 9 
that under perpetual equinox 
the computed QBO differed 
significantly from that under 
seasonally varying solar hea- 
ting presented in Figure 5, 
suggesting significant coup- 
ling between the SAG and 
QBO. This notion is con- 
firmed with a computer ex- 



Perpetual Equinox; Oh(20 km) = 2.5 m/s; k* 
70 km 



: (150 km)-i 





Figure 9: Computed zonal winds at 4^ S for perpetual equinox. 
Above 30 km, oscillations with periods around 8 months are 
excited; while below, the QBO-like oscillations have a period 
near 17 months. Compared to earlier results with seasonally 
varying solar heating, the amplitudes are significantly smaller. 



periment, in which the GW momentum source was artificially suppressed above 40 km. The 
numerical results (not presented here) show that this enhances significantly the amplitude and 
period of the QBG-like oscillation in the lower stratosphere. 



5. Summary 

With minimal tuning of the GW Doppler Spread Parameterization of Hines (1996a, b) and 
with the simplest assumptions about the initiated GW flux, the model reproduces in the 
mesosphere the observed anomalous reversals in the temperature and zonal wind fields during 
solstice (and equinox, not shown here). 
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With the same GW parameters, the model produces significant equatorial oscillations in 
the zonal circulation on semi-annual and quasi-biennial time scales. The average computed 
SAG amplitudes are 17 and 1 1 m/s (20 - 30 observed) at 50 and 80 km, respectively, and the 
oscillations at these levels are in opposite phase, consistent with observations. The computed 
QBO in the lower stratosphere has a period of about 21 months (20 - 32 observed), an 
amplitude of about 7 m/s (less than half of that observed) and a downward phase speed of 1.6 
km/month (1.3 observed). The computed QBO extends into the upper mesosphere, consistent 
with UARS measurements (Burrage et al., 1996). 

With enhanced GW momentum flux, the amplitudes of the SAO and QBO increase, but the 
QBO period decreases. When the eddy diffusivity is reduced by a factor of two, the QBO 
amplitude and period increase significantly, but the SAO amplitude decreases. Conversely, 
when the diffusivity is enhanced by a factor of two, the excited oscillations (not shown here) 
have small amplitudes and a period of only 13 months in the lower stratosphere; but the SAO 
amplitude is enhanced. 

For perpetual equinox, with constant solar heating, the model generates periodicities of 
about 17 and 8 months (the latter near the 6 months period in the seasonal variations of the 
solar heating) in the lower and upper stratosphere, respectively; but the amplitudes are smaller 
than those obtained with seasonal heating. None of these oscillations extend to altitudes 
above 70 km. When the GW momentum source is turned off above 40 km, the model results 
(not presented here) show the amplitude and period of the QBO in the stratosphere to be 
significantly enhanced. Computer experiments (not presented here) show that the equatorial 
oscillations completely cease below a certain threshold in the GW momentum flux, which is 
only about 30% below the standard value adopted here, indicative of the nonlinear nature of 
the wave interaction. 

In closing, we emphasize that for the model presented here only the simplest assumptions 
were made about the GW flux emanating from the troposphere, i.e., being isotropic and 
independent of latitude and season; and, with the exception of k*, the parameters for the DSP 
that describe the GW momentum deposition were simply chosen from the middle of the 
proposed ranges. Although the model is integrated from the Earth’s surface up, it does not 
describe, even phenomenologically, the circulation of the troposphere. Moreover, the model 
does not describe the effects of planetary waves, which can affect the mean zonal circulation 
significantly. 
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Abstract 

The problem of representing Subgrid Scale Orography (SSO) in Gen- 
eral Circulation Models (GCM) and Numerical Weather Prediction Models 
(NWPM) is discussed using a very accurate dataset (185mxl85m) of the 
Alps. The linear approach shows that for horizontal scales varying between 
few Kms and lOOKm mountains excite gravity waves which transport sig- 
nificant angular momentum. Nevertheless, this linear view is not sufficient 
for real mountains, and upstream blocking, low level wave breaking and 
flow splitting around the mountains often occur. At smaller scales, the 
orography strongly affects the Boundary Layer turbulence. These nonlin- 
ear effects lead to drag enhancement which are significant compared to 
the gravity wave drag. Eflforts in the literature to represent these differ- 
ent mechanisms (gravity wave drag, increased roughness length, envelope 
orography) are also presented. 

Recent progress in representing these nonlinear effects in a more con- 
sistent manner than in the past is also summarized. This includes devel- 
opment and testing against data of a new SSO scheme at ECMWF. An 
important feature of the scheme proposed is that it deals explicitly with 
a ’’blocked” low level flow which does not go over the mountain under 
certain dynamical configurations and which is slowed down. The upper 
part (non- blocked) of the low level flow goes over the mountains and forces 
gravity waves. By comparison to the PYREX data, it appears that the new 
scheme improves the realism of the ECMWF model. It also has a beneficial 
impact on the forecast performances. In the LMD-GCM, it improves the 
occurrence of synoptic blockings. 
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1 Introduction 

Numerical models of the atmospheric general circulation use a combination of 
three different ways of representing the SSO. The first representation of the SSO 
consists in increasing the roughness length over mountains (Tibaldi and Geleyn, 
1981; Mason, 1985) , to represent the form drag exerted by a hill on a turbulent 
flow (Taylor, 1977) . The second is the parameterization of the mountain gravity 
waves (Boer et ah, 1984; Palmer et ah, 1986) . It has led to improve the simu- 
lation of the tropospheric winter’s jet in the north-hemisphere at high altitudes. 
The third representation of the SSO is the envelope orography. It consists in en- 
hancing the model mean orography by a factor which is geographically dependent 
on the standard deviation of the SSO (Wallace et al., 1983) . The development of 
these different parameterizations was made relatively independently one from the 
other, which implicitly assumes that some separation can be made between the 
different scales of the earth orography. In reality, the atmosphere is dominated 
by nonlinear effects, and this scale separation does not seem justified. For in- 
stance the mesoscale dynamics over mountain certainly depends on the low level 
boundary layer (Richard et al., 1989) ; the envelope orography which increases 
the mountain drag in models can also be viewed as a form of mountain drag 
parameterization . 

Section 2 discusses and criticizes these different approaches using a very accu- 
rate dataset of the Alps. In Section 2.1, the linear wave theory is applied and the 
importance of the gravity waves for the General Circulation of the Atmosphere is 
discussed. In Section 2.2 this linear approach is criticized and the nonlinear pro- 
cesses that are presumed to occur are presented in two limit configurations. The 
first one is that of stable or slow flow, which in the literature was studied in the 
context of nonlinear mountain waves. The second one is that of neutral or fast 
flow, in the literature it was studied in the context of the interaction between the 
boundary layer and the orography. To a certain extent, the envelope orography 
is an artefact to parameterize these nonlinear processes. 

The importance of the nonlinearities and some important limitations of the 
concept of envelope orography have led Lott and Miller (1996) to propose a 
new representation of the SSO in GCMs. This work was also motivated by the 
results of numerous recent studies (Hunt and Snyder, 1980; Smolarkiewicz and 
Rotunno, 1989; Schar and Smith, 1993) on nonlinear flow past orography, to 
which SSO parameterization schemes needed to be adapted. The general principle 
of the scheme are summarized in Section 3.1. Tests and calibrations with the 
ECMWF model during Periods of Intense Observation of the PYREX campaign 
are presented in Section 3.2. Impact on the model forecast performances are also 
summarized. Some results with the same scheme implemented in the LMD-GCM 
are presented in Section 3.3. 
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2 General considerations 

One of the fundamental problem in representing the impact of mountains in 
GCMs and NWPMs is that the earth orography has no preferential horizontal 
wavenumber. Figure 1 for instance, shows a section of the Alps orography, h(x), 
along a zonal transect of length L=800Km, located at the latitude 45.9^iV, and 
according to three different datasets. The first one is a very accurate dataset 
(185mxl85m) close to that presented by Volkert (1990) (hereafter referenced as 
the IPA ^ dataset). The second one is the USN (lO’xlO’) dataset upon which most 
of the orographic climate fields are deduced in GCMs. The third is the model 
orography, explicitly used as a lower boundary condition for the Geopotential 
height in the T213 ECMWF model with mean orography. Figure 1 illustrates 
that the real mountains are poorly represented in both the ECMWF model and in 
the USN dataset. According to the ECMWF model, a typical horizontal extension 
of a mountain ridge is 100km, according to the USN dataset it is 25Km, while 
in reality, the IPA dataset shows that it does not exceed few kilometers. In the 
following, it will be shown that those differences are important for the General 
Circulation of the Atmosphere, and that the development of parameterization 
schemes is necessary. > 




Figure 1: East West Sections of the Alps at 45.9 N High resolution (185mxl85m) IPA 
dataset (normal); USN dataset (bold); ECMWF model T213 (Bold-dotted) 



^Institute fur Physiks der Atmosphare. 
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2.1 A linear point of view 

In this part, the linear response to the orographic forcing is described. Since the 
discussion is only qualitative, it will be assumed that the orography is periodic 
and the linear response can be expanded in series of harmonics. It is also assumed 
that the response along a given East-West transect of the Alps is two-dimensional. 
Then, to specify a lower boundary condition, the orography displayed on Figure 1 
is written: 



^ 27t 2 27t 

= Z) Hkcos{K— -I- (j)K) ,Hk = y h{x)cos{K— + <l>K)dx ( 1 ) 

where each harmonic, A", is related to a zonal wavenumber, k = K^. Hk and 
are the amplitude and the phase associated to this harmonic respectively. 
L is the length of the Alps section displayed on Figure 1 and M is the highest 
order harmonic number. Typically, M = y — 1, where N is the number of 
points available along the transect. From the IPA dataset, more than M = 
2000 harmonics can be extracted for the Alps, while M = 29 harmonics can be 
extracted from the USN dataset and only M = 6 harmonics can be extracted 
from the T213 model. 

To determine at which scales mountain waves, induce a transfer of angular 
momentum between the earth and the atmosphere, the governing equations for 
the linear motion are written on a /-plane, and it is assumed that the zonal wind 
U and the buoyancy frequency are independent of height. In the Boussinesq 
approximation, the equation for the vertical structure of an harmonic, Wk{z)^ of 
the vertical velocity, w{x^ z) is: 

= 0 With = WHk . (2) 

Solving equation (2) and coming back to the physical space, gives: 
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Among the different harmonics, only those in the second summation terms of 
Equation (3) correspond to propagating gravity waves, the others are evanescent 
in the vertical direction. Among those different modes, it is known that only 
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Contribution to the total mountain drag of each harmonics 
deduced from the IPA dataset (185m x 185m) LAT=45.9 N 




Figure 2: Amplitude of the drag harmonics by harmonics (bold). The values displayed 
with arrows correspond to truncated and untruncated summations. 

the propagating waves allow a flux of angular momentum from the earth to the 
atmosphere (see for instance Gill (1982)). At the ground, this flux is balanced 
by the gravity wave drag: 

\ rL fjh 1 I 

D = jj -P^dx po^\(N^ - k^U^){k^^ - P)\Hk^ . (4) 

Figure 2 shows the contribution of each wave forced by the mountain to the 
gravity wave drag (4) when U = and N = 0.01s“^. Figure 2 also shows 

a ‘white noise’ curve which is the function, yJ\{N^ — — /^)| , that 

modulates the amplitude of the harmonics of the orography Hk into the wave 
drag expression (4). It shows that beyond the two cut-off wavenumber = 2 and 
Kpf = 128, the harmonics forced by the orography do not contribute to the drag. 
In the flow configuration considered here, the wave drag equals, D = 3.334Pa, 
when the summation (4) is done over all the harmonics provided by the IPA 
dataset. It can be easily shown that such a drag have a significant impact on the 
General Circulation of the Atmosphere (Lott, 1994) . In a very accurate GCMs, 
like the ECMWF model at truncature T213, the Alps are roughly represented 
until the wavenumber 6. The contribution of these modes to the drag (4) gives 
0.645Pa. It means that the model explicitly represents a part of the gravity wave 
spectrum but a lot of waves still need to be parameterized. Furthermore, when 
the evaluation of D in (4) is truncated at the wavenumber 29 to simulate the wave 
drag one can estimate from the USN dataset, the drag D=1.575Pa. It shows that 
the USN dataset, upon which most parameterizations of the SSO are based, is 
not accurate enough to describe the complete gravity waves spectrum. 
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2.2 Few nonlinear effects 

The calculations presented in subsection (2.1) have shown that the shortest modes 
(i.e., with wavelength smaller than 6.28km in the numerical application presented 
on Figure 2), do not contribute to the mountain drag. Nevertheless, this is only 
true in the linear context and can be criticized. Indeed, Figure 1 shows that 
the individual peaks of the mountains have an heights varying between 200m 
and 1500m, and can not be considered as infinitesimal. Then, to evaluate if the 
flow response to an individual peak is linear, it is conventional to compare a 
typical vertical scale of the disturbance to the height of the mountain. For one 
single isolated obstacle with horizontal length /, equation (3) shows that the flow 
response is dominated by a vertical wavenumber (or an e-folding decay length). 



U 

N\ 



1 - Ro-^ 



1 -Fr2 



( 5 ) 



where Ro = ji ~ Wi ^ Rossby number and a Froude number re- 
spectively. Then, the linear approximation assumes that the vertical scale of the 
disturbance is large compared to the mountain height: 



A >> if, i.e.. 






1 - Ro-^ 
1-Fr2 



» 1 , 



where, ifjv = 



HN 

U ' 



( 6 ) 



the non-dimensional parameter, is often referred as a non-dimensional moun- 
tain height. For an individual mountain peak it is natural to neglect the Rossby 
number. Then the nature of the flow response only depends on Fr and In 
the incident flow configuration considered, if^v is of order 1 and Fr is of order 0.2, 
the horizontal length of the individual peaks varying between 3Km and 9Km. 
In this context, the linearity condition (6) is not satisfied. Then, to describe the 
nature of the nonlinear effects that can occur, it is conventional to use the two 
asymptotic configurations which are presented below. 



Slow flow {Fr << 1), linear if Hn << 1 

The first configuration is the stable (or slow flow) configuration for which, Fr « 
1. In this case, the linear response of the flow to a single peak is essentially made 
of radiating gravity waves and the linearity criteria reduces to Hn << 1. As 
shown before, for a typical peak of the Alps, this parameter is of order 1 or even 
larger. In this case, the nonlinear effects can increase the wave drag by a factor 
two and even more. Furthermore the related increase of the drag is related to 
low level effects, like upstream blocking (Pierrehumbert and Wyman, 1985) , flow 
splitting around the obstacle (Miranda and James, 1992; Schar and Smith, 1993) 
and low level breaking gravity waves(Durran, 1987) . It is noteworthy that all 
these effects tend to affect the flow at levels located close and below the mountain 
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top. The new SSO parameterization scheme developed in Lott and Miller (1996) 
and which is summarized in Section 3, account for these elfects. 

Fast flow(Fr >> 1), linear if ^ << 1 

The second configuration is the neutral configuration (or fast flow) for which 
the advective time scale, is small compared to the buoyancy time scale iV”^. 
Then, the linearity condition (6) reduces to the small slope condition: ^ << 1. 
In the literature the neutral flow configuration was mainly studied in the context 
of the interaction between the boundary layer and the orography (Grant and 
Mason, 1990) . In this case, the orography increases the Boundary Layer drag, to 
values that are comparable to the gravity waves drags. For the Alps, this slope 
parameter has a typical amplitude of 0.4, which is large according to Wood and 
Mason (1993). In this case, the large drags are related to the flow separation that 
occurs close to the mountain peaks. In some models, this effect is parameterized 
by increasing the roughness length over mountain ranges (Tibaldi and Geleyn, 
1981) . 

The concept of envelope orography 

It has sometimes been assumed that the low level processes essentially stop the 
flow beyond the mountain peaks, inducing sheltered zones where the wind is 
zero. It was further considered that those zones remain isolated from the large 
scale flow, assuming that the diffusion processes at the altitude of the mountain 
peaks are small. Under this hypothesis, the drags described in the last two 
chapters no longer needs to be parameterized, if the flow located inside these 
sheltered areas is excluded from the model. These arguments have justified the 
introduction of an envelope orography in the ECMWF model (Wallace et al., 
1983) . Nevertheless, the envelope orography has some important defects: the 
onset of sheltered zones certainly depends on the flow characteristics, while the 
envelope orography is invariant; the hypothesis that the diffusion processes are 
small near the top of the peaks is in contradiction with airplane measurements 
which often show strong turbulence at these levels; the envelope orography leads 
to poor precipitation forecasts over mountains and has a negative impact on the 
radiation balance over high plateaus. 



3 General principles of the new schemes, vali- 
dation and impacts 

This discussion has shown that the parameterization of the SSO in atmospheric 
models need to include the nonlinear effects, and has to provide a replacement for 
the envelope orography. These are the premises of the new SSO representation 
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developed by Lott and Miller (1996) at the ECMWF. This scheme assumes that 
for the large scale flow, the model mean orography is the optimal representation. 
This choice is motivated dynamically: the largest force exerted by mountains on 
the atmosphere is a lift force, which is essentially perpendicular to the flow and 
varies with the mountains’ volume (Smith, 1979a) . This lift force accompanies 
the anticy clonic circulation that occurs above large scale massifs in midlatitudes. 
Consequently, only forces due to the intersection of sub-grid scale mountains with 
model levels and those due to the generation of vertically propagating gravity 
waves have to be parameterized. It this context, the new scheme assumes that 
the Froude number of the SSO is small. This excludes from the analysis all the 
features related to the interaction between the boundary layer and the orography 
described before. This limitation of the scheme is nevertheless consistent with 
the fact that USN dataiset has a poor resolution, and only shows mountain ranges 
with horizontal scales that varies between lOKm and lOOKm (i.e., for which the 
Froude number is generally small). 



3.1 General principles and impacts in ECMWF forecasts 



The new SSO Scheme assumes that the mesoscale flow dynamics can be described 
by two conceptual models, the relevance of which depends on the non-dimensional 
height of the mountain defined by (6). At small Hm-, all the flow goes over the 
mountain and gravity waves are forced by the vertical displacement of the fluid. 
Assuming that the mountain has the shape of one single elliptic mountain whose 
height variation is determined by the parameter b in the along ridge direction and 
by the parameter a in the normal ridge direction (7 = a/6 < 1), the geometry of 
the mountain can be written as: 



h{x,y) = 



H 



1 + fr + ^ 



(7) 



In simple configurations (i.e., when the incident flow is perpendicular to the 
ridge), the gravity wave surface stress has the magnitude, 

= pobGB{j)NUH^ ( 8 ) 



assuming that the Boussinesq and the hydrostatic approximations are valid. In 
equation (3), G is a function of the mountain sharpness (Phillips, 1985) , and 
G ^ 1.23, for the mountain given by (7). The constant ^(7) is a function of 
the mountain anisotropy, 7 , varying from B(0)=1 for a two dimensional ridge 
to 5(1) = 7t/4, for a circular mountain. At large the stratification limits 
the vertical motion of the fluid and part of the low level flow goes around the 
mountain. The depth of this blocked layer when U and N are independent is 
given by. 



Zb = 5 max ^0., j 



(9) 
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where Hnc is a critical mountain height of order 1. The depth can be viewed 
as the upstream elevation of the lower isentropic surface, which is raised exactly 
to the mountain top (see Figure 3). In each layer below Zt, the flow streamlines 




Figure 3: Schematic representation of the low level flow behaviour parametrized in the 
new-scheme 

split around the obstacle, and it is assumed that flow separation occurs on the 
obstacle flank. Then, the drag exerted by the obstacle on the flow at these levels 
is given by, 

D,{z) = -poCJ{z)^ . (10) 

Here l{z) characterizes the length of the obstacle as seen by the flow with up- 
stream altitude z and Cd is a constant of order 1 according to the theory of jet 
in ideal fluids (Kirchoff (1876); Gurevich (1965)). According to observations, Cd 
can be of order 2 when suction effects occur on the rear of the obstacle (Batchelor 
(1967)). In the parameterization scheme, this drag is applied to the flow level by 
level. It was shown in Lott and Miller (1996) that the addition of the blocked flow 
drag to the gravity wave drag allows the scheme to be a rather good predictor 
of high drag states measured by Stein (1992) and Miranda and James (1992) in 
nonlinear simulations of mountain flows. 

These ideas have been utilized to represent the effect of the subgrid scale orog- 
raphy in the ECMWF model. Following Baines and Palmer (1990), the subgrid 
scale orography over one gridpoint region (GPR) is represented by four parame- 
ters, //, 7 , a and which represent the standard deviation, the anisotropy, the 
slope along the principal axis and the orientation of the orography. Then the 
drag amplitude was estimated combining formulas valid for elliptic mountains 
with the USN data. Considerable simplifications are then implied and the calcu- 
lations are virtually scale analyses relating the different amplitudes to the SSO 
parameters. Hence the calibration and validation of the new scheme with field 
data is essential. 

The local behaviour of the new SSO scheme was examined in the T213 
ECMWF model using analysis and short range forecasts covering the PYREX 
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campaign. During this campaign, important quantities like the pressure drag and 
the momentum fluxes induced by the Pyrenees (a mountain ridge located at the 
border between France and Spain) were measured In the following, attention 
is limited to the PYREX Period of Intense Observations (PIO), which cover a 
quarter of the two monthes of the PYREX campaign, and during which the wind 
component perpendicular to the mountain range was often large. This limit the 
calibration to 60 cases. Figure 4 shows, the T213 total model drag (SSO drag + 
Boundary Layer Drag + explicit pressure drag) due to the Pyrenees, compared 
to that measured during the PYREX campaign. In this context, the parameter- 




Figure 4: T213 forecasts, ECMWF model with mean orography and the new 
SSO scheme. Explicit pressure drag and parameterized mountain drags during 
PYREX 

ized drags can be viewed as a way to make up the difference between the model 
pressure drag and the measured pressure drag. The Figure (4) shows that with 
the new orography representation, the parameterised drag is large and make up 
in a very consistent way the difference between the model pressure drag and the 
measured pressure drag. 

In the new scheme, it is assumed that when the flow component perpendicular 
to the ridge is large, the mountain drag is mainly related to a slow down of the 
low level flow and to some upward propagating waves. The amplitude of the 
wave stress significantly above the mountain top is often small. Consequently, the 
scheme certainly has an impact on the low level flow dynamics at the sub-synoptic 
scale. Accordingly, the realism of the new scheme has also been evaluated, making 

^For further details about the PYREX campaign and the ECMWF reanalysis see Bougeault 
et al. (1993) and Lott (1995) respectively. 
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diagnostics of the low level flow in the model and comparing it to more accurate 
simulation of the flow near the Pyrenees. This has shown that the new scheme 
produced a wake downstream of the ridge, and that this wake is realistic. The fact 
that this wake is essentially due to the new scheme was proved, by diagnosing 
Bernoulli function deficit across the Pyrenees as well as the related fluxes of 
isentropic vorticity Haynes and McIntyre (1987); Schar (1993). 

Prior to operational implementation, the new scheme was also tested in fore- 
casts configurations. Results from those on skill scores, precipitation amount and 
distribution indicate that the combination of mean orography together with the 
new scheme, performed better than that using envelope orography and the old 
gravity wave drag scheme. The new scheme is also beneficial to the forecast skill 
of the ECMWF model and is in operational use since April 1995. 

3.2 Impact on winter climate (LMD-GCM) 

The new scheme is also implemented in the gridpoint climate GCM of the LMD. 
Since orography is known to be one of the forcings of the steady planetary waves 
in winter (Valdes and Hoskins, 1989) , the associated storm tracks (Hoskins and 
Valdes, 1990) , and is also known to influence the onset of blockings (Mullen, 1994) 

, the sensitivity of these different features to different orographic representation 
has also been evaluated. The methodology consists in performing series of five 
winter runs (DJF 85-90) vrith the LMD-GCM at resolution 96 x 72 x 19, forced by 
observed SST. The performance of the model was then evaluated by comparison 
with the operational ECMWF analyses. At first, runs with no orography and 
with no SSO scheme have been done. They show that in absence of orography 
the steady planetary wave is very weak, the storm tracks are badly located, and 
the percentage of blocking events, according to the Tibaldi and Molteni (1990) 
index is very small. 

Then, as indicative experiments to determine which of these features can be 
affected in GCMs using different types of orography representation, experiment 
with no orography but with forces acting on the flow at low level have been 
done. In a first series of experiments the local impact of mountains is param- 
eterized by a lift force (i.e., that is essentially perpendicular to the flow) whith 
amplitude given by Smith (1979b) in his study of quasi-geostrophic flow over 
three dimensional ridges. Another set of experiments was done by providing very 
large drags (i.e., that virtually stop the flow) at the model levels which should 
intersect the mountains. Those runs show that the lift forces allow the model to 
produce a realistic steady planetary wave, but does not improve the location of 
the storm tracks and does not increase the number of blocking events (when com- 
pared to the no orography case described before). The impact of the large drag 
is quite opposite, as it locates properly the storm tracks, but leads the model to 
overestimate the onset of blockings. Although very idealized, these experiments 
somehow support the rather conventional view that the steady planetary wave is 
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5 Winters: 85-90 




Longitude 

Figure 5: Blocking frequency as a function of the Longitude. The blocking index 
is calculated following Tibaldi and Molteni (1990). From daily 500Hpa ECMWF 
data: continuous line; LMD GCM control run: dotted line; LMD GCM with low 
level drag: continuous line and diamonds. 

essentially related to the large scale response of the atmosphere to the process of 
quasi-geostrophic Taylor column compression. The response of the model to the 
large drags support the conventional view that synoptic blockings are linked to 
topographic drag (Charney and Strauss, 1980) . 

A more physical manner to represent the lift force in GCMs, is nevertheless 
to use a mean orography as a lower boundary condition. In this context the last 
series of run presented compare cases with mean orography and no SSO param- 
eterization to cases with mean orography and SSO parameterization. Regarding 
the parameterization scheme the result obtained goes in the direction described 
before. The scheme improves the blocking frequency (Figure 5) and has a week 
negative influence on the steady planetary wave structure. This last result, to- 
gether with the fact that the steady planetary wave seems well defined by lift 
forces, indicate this as an open area for future research. 



4 Conclusion 

This study has illustrated that the orographic features which scales vary from 
100m to 100km can play a significant role on the general circulation of the atmo- 
sphere. Among those scales, the largest (5Km-100Km) covers the gravity wave 
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Spectrum. In a GCM, for which the grid spacing is larger than lOOKm, all those 
waves need to be parameterized. In NWPM which can have smaller gridspacing, 
part of this spectrum can be resolved explicitly by the model, but a large part 
remains to be parameterized. Furthermore, for realistic mountains, the linear 
hypothesis is not valid and nonlinear effects also need to be considered. Conven- 
tional gravity waves drag schemes have to be adapted to represent low level wave 
breaking, upstream blocking and flow splitting. In this nonlinear context, even 
smaller orographic features can slow down the large scale flow, through inter- 
action between the boundary layer and the irregular bottom. These last effects 
are sometimes parameterized, by increasing the roughness length over mountains. 
The concept of envelope orography, which stands that below the mountain peaks 
remain sheltered zones, where the atmosphere is at rest, can be viewed as an 
artefact to simulate low level nonlinear effects. 

In the present models the three different parametrization of the SSO (i.e., 
gravity wave drag, enhanced roughness length and envelope orography) have 
been developed rather independently one from the other. As remarked in the 
introduction, this distinction is quite arbitrary. For instance, the increase of the 
roughness length above hilly regions results from study of neutral flow above 
orography. It is quite clear that in most of the cases of interest (i.e., winter over 
land), the stratification will modify significantly this theory. Similarly, theories of 
mountain waves (linear or non-linear) mostly assume a small slope, although this 
is generally not observed in reality. The reality seems to be at a transition, in the 
nonlinear range (i.e., at large Hn)^ between small slope configuration (theory of 
mountain waves with low level breaking or/and flow separation on the mountain 
flank) and large slope configuration (flow separation in the vertical direction and 
near the mountain peak) which is not really known. 

This shows that there are plenty of theoretical reasons to parameterize the 
SSO in GCM and to account for the nonlinearities. Aware of this, a new parame- 
terization of Subgrid Scale Orographic Drag has been developed at the ECMWF 
by Lott and Miller (1996). It encompasses recent developments in the nonlinear 
theory of stratified flows around obstacles. In this scheme, particular attention 
has been paid to the drag in the layers of the atmosphere below the mountain 
peaks. This low level part of the scheme replaces the envelope enhancement of the 
model orography. The upper part of the scheme still represents gravity waves. It 
has been revised to allow a better representation of the mountain ridges orienta- 
tion, and of its anisotropy. After calibration, the new scheme reproduces well the 
mountain drag measured over the Pyrenees during the PYREX field campaign. 
It was further shown that the new scheme has a realistic dynamical impact on 
the model dynamics in the lee of the mountain. These results reinforce the basic 
hypothesis of the new scheme that the mountain drag in nature, essentially slows 
down the low level flow. Finally, the scheme wa.s also found to have a benefi- 
cial impact on forecast performance. Its implementation in the LMD-GCM, was 
rather easy. It appears that the strong low level drag implied by the scheme, has 
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beneficial impacts on several aspects of the northern hemisphere winter clima- 
tology. In particular, it influences the onset and location of large scale blockings 
over the Pacific and the Atlantic. It seems to have a beneficial impact on the 
occurrence of those events. It nevertheless seems to slightly degrade the structure 
of the steady planetary waves. 
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Abstract 

In this paper we present a comparison between observed data and a number of simu- 
lations of early winter 1991/1992, carried out with a mechanistic model of the middle at- 
mosphere (based upon the U.K.M.O. Stratosphere-Mesosphere Model). The model was in- 
tegrated from early November 1991 through to mid January 1992, a period when the real 
atmosphere was in the throes of a very significant stratospheric wanning. 

The simulations differed mainly in that they were performed with a variety of parameter- 
izations of the gravity wave drag. It is seen that the various gravity wave parameterizations 
have significant effects on the modelled evolution leading up to the observed mid-January 
warming. The simulated sequence of events is shown to be sensitive to the scheme used and 
the strength of the wave breaking resulting. It is found that the impact of the mesospheric 
wave drag is seen even low in the stratosphere. The simulations are compared with obser- 
vations obtained by the Improved Stratospheric and Mesospheric Sounder (ISAMS) which 
flew aboard the Upper Atmosphere Research Satellite (UARS) and collected data during 
late 1991 and some of 1992. 

1 Introduction 

It has long been known that some sort of mesospheric body force is required to close off the 
stratospheric polar night and mesospheric summer jets (e.g. Leovy 1964). Houghton (1978) 
seems to have been the first to suggest that gravity waves might be responsible for that force, and 
the first parameterization to encapsulate the physics of the process was that of Lindzen (1981), 
who calculated the effective force on the zonal flow due to the breaking of a monochromatic 
gravity wave. 

Many authors have extended Lindzen ’s work, of particular relevance to this work was the 
series of papers (Holton 1982, 1983, 1984, and Holton and Zhu 1984) which discussed the effect 
of monochromatic waves on the mesosphere. It was soon found that the influence of gravity 
waves was beneficial even in the troposphere (eg Palmer et al. 1988 and McFarlane 1987) and 
it was not long before efforts at parameterizing sources were attempted (e.g. Rind et al. 1988). 

However, even as modellers were attempting to use the new parameterizations in their mod- 
els, it became obvious that simple monochromatic parameterizations were probably going to be 
inadequate on their own as observations from all over the world showed the ubiquity of a satu- 
rated spectrum of gravity waves in the middle atmosphere (e.g. Fritts 1984). 
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Recently efforts at producing parameterizations of such spectra have come to fruition, and 
in this paper we discuss the effect of two such parameterizations upon the modelled evolution 
of early winter 1991/1992. These parameterizations are compared to the simplest of all param- 
eterizations - Rayleigh Friction - and to detailed observations of the period. The period chosen 
has been well described in a series of papers^ summarising early results from experiments car- 
ried aboard the Upper Atmosphere Research Satellite (UARS). In this work we concentrate in 
particular on the observations obtained by the Improved Stratospheric and Mesospheric Sounder 
(ISAMS). 

Mechanistic models such as the stratosphere-mesosphere model (SMM) used here suffer a 
major deficiency when compared with General Circulation Models (GCMs) which do include 
a troposphere: there is no source of realistic short period and small-scale wave activity prop- 
agating from below. GCMs do explicitly include some of the dynamical phenomena expected 
to cause gravity waves (such as mountains, fronts and baroclinic storm systems) and these must 
cause resolved gravity waves. In addition, they do include parameterizations of processes which 
must also generate model gravity waves such as convection and boundary layer phenomena. 
Nonetheless, even GCMs need to include explicit parameterizations of gravity waves to alle- 
viate bias which arise from the fact that they don’t generate enough small scale wave activity 
(or resolve small enough scales to generate the whole spectrum of wave activity). 

In either sort of model, it is a moot point whether the presence or absence of such waves 
has a significant effect on the atmosphere as shown in the model evolution. In the SMM, we 
must parameterize their effect with simple parameterizations, and we can examine the effect of 
changing the distribution and/or strength of wave activity. Of course one must also consider the 
efficacy of the parameterization itself. It is the purpose of this paper, and subsequent work, to 
examine the effect of such waves as they break in the mesosphere. In this first study we are con- 
centrating only on the simplest sensitivity tests, so we use global mean sources, further work will 
examine the effect of a distribution of sources. Despite being carried out in a simple mechanis- 
tic model, this work has relevance to GCMs as the sensitivity shown to the parameterizations 
will be similar to that seen in GCMs (both in terms of the GCM sensitivity to parameterizations 
and their sensitivity to breaking resolved waves). We begin with a description of the model used 
and of the gravity wave parameterizations. The general evolution of some chosen simulations 
is presented and compared to the ISAMS data. 



2 Model Description 

The model used is a version of the U.K.M.O. Stratosphere-Mesosphere Model first introduced 
by Butchart et al. (1982). The model has subsequently been heavily modified by the author to 
improve the representation and subsequent diagnosis of the mesosphere. It is a primitive equa- 
tion grid-point model which is integrated from an initial condition (to be described), and is con- 
strained by 100 hPa geopotential height fields linearly interpolated between daily observations 
valid for the simulation time. 

The original model used Rayleigh Friction to mimic the effect of gravity waves in the meso- 
sphere: the most obvious improvement was to try and introduce a more sophisticated scheme. 
Initially, this was completely unsuccessful, as the model had no vertical diffusion or convection 
scheme and much of the mesosphere became catastrophically unstable. The introduction of a 
dry convection scheme has alleviated that problem. A further significant modification has been 
in the handling of the vertical wind. In order to minimise the effect of model resolved gravity 

^ of particular relevance to this work are the papers in the special issue of the Journal of the Atmospheric Sciences, 
volume 51, 1994. 
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Figure 1: Rayleigh Friction Profiles Used (days : Standard coefficients fall on the solid line, the al- 
tered coefficients described in section 2. 1 fall on the dashed line. 

waves on diagnostics and transports, suitable averaged winds have been used in the diagnostics. 

The radiation scheme used is an updated version of MIDRAD (Shine 1987), in these simula- 
tions we use daily average heating: that is, despite carrying out simulations of the mesosphere, 
there are no directly generated solar tides in this model (and none propagating from the lower 
atmosphere). The runs described here use three very different types of gravity wave parameter- 
izations: Rayleigh Friction, the “Fritts’' scheme (Fritts and Lu 1993), and the “Hines” scheme 
(Hines 1996a,b). 

The latter two schemes are intended to parameterize the propagation of a (possibly saturated) 
spectrum of gravity waves, as opposed to previous monochromatic schemes such as those refer- 
enced in the introduction. The two schemes are based on very different theoretical grounds, but 
both purport to track the “characteristic vertical wavenumber”, m*, of spectra at each grid point 
as they propagate up through the model domain. The characteristic vertical wavenumber is de- 
fined as the wavenumber above which saturation limits wave amplitudes. The essential feature 
of both these schemes is that it is the change in this parameter as the spectra propagate vertically 
which leads to a force on the background flow. 

2.1 Rayleigh Friction 

The standard version of the model (as used by the UKMO and others) uses a Rayleigh Friction 
scheme, that is, the effect of gravity waves enters the momentum equation through a term of the 
form 

(^Wgwaves — Oti^Z^ u(^X^ 0, Z^St (1) 

where of course u is the model wind at any grid point A, (/>, 2 : (and the scheme is applied to both 
the zonal and meridional winds). The standard profile essentially turns on gravity wave drag at 
50 km and (for a constant wind profile) increases it slowly to a maximum at 80km which, for a 
50 m/s wind, would result in a retarding force per unit mass of 35 m/s/day. In order to mimic 
the effect of the other parameterizations, another profile is also used in this study, termed the 
“raised” profile. The two profiles are shown in Fig. 1 : it can be seen that the raised profile starts 
higher and increases faster. 

2.2 Fritts 

As explained above, the Fritts scheme is a spectral parameterization: The background to the pa- 
rameterization can be found in Fritts and VanZandt (1993) and full details of the parameterization 
in Fritts and Lu (1993). Here, we simply summarise the major features of the scheme needed to 
understand the application of the scheme in the SMM. 
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The scheme begins by dividing the total gravity wave energy, Eq, at the bottom of a verti- 
cal column into components, Ei, propagating in the direction of the four quadrants (north, east, 
south and west). Initial anisotropies in the energy distribution can be specified: however, the 
energy is constrained to be equally split between the meridional and zonal axes - this constraint 
is maintained at all levels. In addition to ensure that no component becomes too small, there is a 
limit on the anisotropy between the two components on any one axis, achieved by ensuring that 

— 0.5 -|- Qf/r < bx^y 0.5 — (Xp. (2) 

Here, bx,y denotes the amount of anisotropy on that axis: for example, for the east-west axis 



bx — {E2 — E4 )/ Eq, 

and q;f is an arbitrary tunable parameter (chosen to be 0. 1 for the simulations described below). 

The method uses empirical relationships to associate with each of these component spectra a 
characteristic horizontal and vertical wave number. Each spectrum is assumed to propagate ver- 
tically, and the scheme proceeds by considering (for each column) how the total energy of each 
component is affected by the vertical gradients in stability, density, and background wind. As the 
parameterization works up the height profile, the first two of these are expressed as multiplica- 
tive factors to the energy below, while the effect of the background wind comes via a Doppler 
shift of the characteristic vertical wave number (which then, via the empirical relationship, af- 
fects the energy). The Doppler shifting factor potentially admits problems with shifting of the 
characteristic wave number through a critical line, but constraints based on the observations and 
the conservation of momentum flux are used to ensure that the scheme is stable. 

The relationship between the energy content of each component spectrum and the momen- 
tum flux (Pi) associated with it is also empirically based: 

Pi ^ DEi (3) 

where D ~ 1/22 is a factor obtained by Fritts and VanZandt who integrated a representative 
spectral shape for suitable parameters. The net momentum flux along each axis is then the dif- 
ference between the momentum flux in the appropriate components and the resulting force per 
unit mass on the flow is simply the density weighted gradient of the momentum flux which is 
expressed in terms of the energies of the component spectra, e.g. 

F. = -~(pD[E2 - E,]) (4) 



2.3 Hines 

Although based on very different theoretical grounds (Hines 199 la,b, 1993), the Doppler spread- 
ing theory of Hines also yields a conceptually simple parameterization of the effect of an up- 
wardly propagating spectrum of gravity waves upon the background flow (Hines 1996a). 

The Doppler spread theory begins with the assumption that at any given height the vertical 
wavenumber (m) spectrum can be divided into three distinct regions: A conservatively propa- 
gating region, where 0 < m < m*; a region where dissipation is taking place (m^ <m< rric) 
because Doppler spreading is moving some vertical wave numbers into the third region where 
rn > me and all wave energy and momentum are totally dissipated. Hines( 1996a) and refer- 
ences therein then show that for an azimuthally isotropic spectrum and no background winds 
me is approximately Nj (V^iaT), where ii)i is a factor justified on both empirical and theoretical 
grounds. N is the Brunt- Vaisala frequency and ap is the rms gravity wave induced horizontal 
wind. 
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In the parameterization, the total spectrum is divided into J azimuths, and at any height there 
is a cutoff wavenumber rrij for each direction which depends on Ni (the value of N in the source 
region), Vj (the background wind in the jth direction), Vj (the background wind in the jth direc- 
tion in the source region), and Oj the rms horizontal wind fluctuation in the jth direction (which 
will depend on contributions from waves propagating at all azimuths): 

rrij = Nil {'ipxOj + '4)2(Jt + Vj) (5) 

In this work, Vj is assumed to be zero and the spectra are assumed to be isotropic one level below 
the model bottom (which, using the Hines parlance, allows both intro- waves and extro- waves). 
The source strength is introduced via aiokm which is the rms velocity of the total spectrum at 
10 km (which is scaled up to the model bottom using density weighting). The two factors, 
and are constants which the user has some discretion to modify - Hines suggests ranges of 
1.2 < < 1.9 and 0.1 < < 0.4. Initial tests with the parameterization led to two choices 

of these parameters: in both cases, ^p 2 = 0.4, in the “standard” version, = 1.5 (chosen as a 
midrange value), and in the “altered” version xpi = 1.9 (chosen to lower the breaking altitude 
and highlight the effect of the anisotropies). In the work that follows the choice of = 1.5 and 
V ^2 = 0.4 are termed the standard choice and ^2 = 1-9 and V ^2 = 0.4 the altered choice. 

Each of these component spectra propagates vertically: As any given spectral element prop- 
agates up, the wavenumber increases due to internal non-linearities in the spectrum (initially, 
primarily those due to the effect of a given wave number being modified by the Doppler effect 
of the mean flow, eventually the effect of the other waves becomes important due to the den- 
sity effect). Provided the spectral element remains within the first region, the vertical flux of 
momentum and wave action carried by that element is conserved. 

However, eventually the element may enter the second region, and there will be some reduc- 
tion in the momentum carried by that element (and of that component spectrum as a whole, as it 
is assumed that this is a non-conservative process). The vectorial addition across all azimuths of 
these momentum flux reductions results in the net gravity wave driven mean flow stresses. The 
relationship between the cutoff vertical wavenumber and the horizontal momentum flux intro- 
duces another constant related to the characteristic horizontal wave number of the portion of the 
spectrum carrying most of the momentum - here we have chosen horizontal wavelengths of 100 
km and 200 km in the standard and altered versions respectively. 

2.4 Initial Conditions and Bottom Boundary 

As this work has progressed, the data used to initialize the runs evolved (with improving re- 
trieval techniques), and an unexpected sensitivity of the gross features of the simulations to the 
initial condition was found. (Mechanistic models such as the one used here are usually thought 
of as being less dependent on the initial condition than free-running GCMs.) Accordingly, sim- 
ulations were carried out with two different initial conditions. The two initial conditions used 
were from V7 of the ISAMS retrieval software (the first to carry out a reasonable mesospheric 
retrieval) and from VIO (the best available observations of the mesosphere at the time the first 
of the simulations reported here was carried out). The major difference between the two sets of 
data on this day is that the VIO data has greater vertical resolution (insofar as it resolves greater 
vertical gradients as can be seen from Fig. 2), resulting in a warmer stratopause and a colder 
polar lower stratosphere. 

The observed temperatures were stacked on top of bottom boundary geopotential heights 
from the so called “ assimilation” data provided to the UARS project by the UKMO (Swinbank 
and O’Neill 1994). The geopotential fields were then used to calculate balanced winds (Randel 
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Figure 2: Zonal Mean Initial Temperature Fields 

1987).^ The major differences between the initial conditions are encapsulated in the zonal wind 
fields shown in Fig. 3. Here we see that there is considerably different structure in the equatorial 
region, that the polar night jet is stronger in the V7 sub-tropical mesosphere (but further from 
the pole and broader in the lower stratosphere). 

a) ISAMS V7 b) ISAMS VIO 




Latiluds 



Figure 3: Zonal Mean Initial Zonal Wind Fields 

The effect of these and other variants of the initial conditions will be examined in detail in 
another study, here we concentrate only on the effect of the gravity wave parameterizations upon 
the different evolutions. Nonetheless, as will be seen the sensitivity to initial conditions means 
that we must treat the results to be presented with caution: later studies will present results from 
an ensemble of runs. 

2.5 Model Runs 

Clearly in the real atmosphere gravity waves will be generated by a wide variety of source mech- 
anisms, and indeed most will probably be generated in the troposphere or perhaps at the tropopause. 
One might expect such source mechanisms to feed into the gravity wave parameterizations as 
source strengths and/or anisotropies. However, apart from the possible exception of orographic 
gravity wave drag, no source mechanism has been well characterised for any of the parameteriza- 
tions used here. Hence, based on this lack of knowledge, and with the benefit of simplifying the 
factors involved for interpretation, the model runs using the Hines scheme and the Fritts scheme 
have all used global mean sources. That is, the input to the parameterization at the model bot- 
tom (100 hPa) has been the same at each grid-point. Since the source amplitudes are both poorly 
known and we have been trying to mimic the global response with global mean sources, it has 

^For reasons unconnected with this study there were slight numerical differences in the wind algorithm used. 
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Param. Used 


Init. Cond. 


Label 


RF-^ 


ISVIO 


RFl 


RF^ 


IS V7 


RH7 


RF® 


ISVIO 


RFH 


Hines ^ 


ISVIO 


HI 


Hines ^ 


ISVIO 


H2 


Hines ^ 


IS V7 


H2I7 


Fritts ^ 


ISVIO 


FTC 


Fritts ^ 


IS V7 


FTCI7 



A Standard 
B Altered (Raised) 

C c^iokm = 2.0, k = 100km~\ standard constants 
D <7iokm — 4.0, k = 200km~\ altered constants 
E Eo = 7.5 



Table 1: A summary of the Model Simulations: The label column denotes the shorthand for each sim- 
ulation as used in the text and following figures. Note that ISVIO is also used as the label for the actual 
observations 

been necessary to try a large number of possible source strengths. The runs reported here are 
those which gave suitable amplitudes of the polar night jet. 

The full set of simulations described are summarized in table 1, and have been chosen to 
span the range of the parameterizations used and to highlight some aspects of the sensitivity of 
the simulations. 



3 Results 

The major features of the evolution of the middle atmosphere during this period have been pre- 
sented by Rosier et al. (1994); O’Neill et al. (1994); Ruth et al. (1994) among others. Here we 
attempt to focus on the effect of the gravity wave parameterizations upon the evolution of some 
model simulations of that period. We attempt to qualitatively assess their fidelity by direct com- 
parison with IS AMS VIO data. We begin by displaying time series of the zonal mean winds at 
66°N (Figs. 4-7). While the zonal mean is not a very discriminating measure of the actual syn- 
optic structure, we can see immediately that there are gross differences between the simulations 
and the observed evolution. 




Figure 4: ISVIO: Zonal Mean Zonal Wind at 66°N. Balanced winds calculated from the ISAMS VIO 
data. 
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The major features evident in the ISAMS winds (Fig. 4) are: the very significant reversal of 
the winds in the middle and upper stratosphere and mesosphere in mid- January (hereafter called 
the “significant’’ warming); the massive deceleration and just as rapid recovery of the jet just 
prior to the significant warming; and the apparent pulsating nature of the jet maximum prior 
during the preceeding year, with periods of acceleration and deceleration (these pulsations are 
associated with a series of minor warmings, as described in Rosier et al. 1994). 



a) RFl b) RF[7 




Ml wt 111 wt HI Hi * la m HI Itt Ml Hi Hi a Ti 



c) RFH 




Hi Hi Hi Ml HI HI * 1« 



Figure 5: Zonal Mean Wind at 66° N. Rayleigh Friction Runs. 

When one considers how well simulations with this model and Rayleigh Friction have done 
historically, it is obvious by comparing the time series of zonal mean zonal wind at 66°N (Fig. 
5) that there is a surprising spread of simulations. The standard configuration of the model (us- 
ing the “normal” Rayleigh Friction, and initialised with what one might expect to be the most 
accurate initial condition (ISAMS VIO data) does the poorest (Fig. 5a) in that it simply fails to 
reproduce the mid-January warming (although if the simulation is continued, it would appear to 
eventually produce a warming). The evolution does indicate a massive disturbance in late De- 
cember 1991, in common with the observations, but in general the simulation does not do well. 
The simulation initialised with ISAMS V7 data does significantly better, and in fact reproduces 
the January warming (including the defining vortex merger, (Rosier (1996))) with surprising fi- 
delity. The reasons why these simulations differ so much is the subject of a further study (in 
preparation) but seems in part to be due to wind fields calculated from the observed tempera- 
ture data. The third RF simulation (RFH, Fig. 5c) shows that the quality of the simulation is not 
only related to the initial condition - a change in the parameterized gravity wave drag has led to 
a markedly better simulation (at least insofar as portrayed by the zonal mean wind evolution). It 
will be seen that although this simulation has obtained a significant warming, it has character- 
istics which are quite different from those observed. It is included simply to show that even in 
the regime of a very simple gravity wave drag scheme (Rayleigh Friction), the parameterization 
has considerable impact on the simulation. 

The next set of simulations were those carried out with the Fritts scheme (Fig. 6). Although 
only the results of two simulations are presented here, a large number of simulations were car- 
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a) FTC b) FTCI7 




Figure 6: Zonal Mean Wind at 66°N. Fritts Parameterization Runs 



ried out, and none of them developed a large warming in January. It can be seen by comparison 
of Figs. 6a and 6b that this failure is not related to the initial condition. These two runs have 
been chosen for presentation because the value of Eq used for these simulations gave the best 
jet magnitude. No more results from the Fritts scheme are presented as it was not possible to find 
a parameter regime that resulted in a simulation that had anything in common with the observed 
atmosphere. 





»■ S> HI HI H1 I 1« 



Figure 7: Zonal Mean Wind at 66° N. Hines Parameterization Runs 

The final set of simulations used the Hines parameterizations. Once again a large number of 
simulations were carried out, but only the results of three will be presented here (Fig. 7). It can 
be seen that all three produced significant warmings, and in fact that run H2I7 was over enthusi- 
astic, insofar as the warming produced could be classified as a major warming. Another obvious 
characteristic is the pulsating character of the jet which is especially obvious in simulation H2I7. 
However, what is most obvious about the timeseries is the excessive “noisiness” of the winds in 
the mesosphere. None of the other parameterizations produced simulations with this feature, 
however, as will be asserted, at least some of this variability is probably more in keeping with 
reality! Run HI, which was the first run with the Hines parameterization (the parameters used 
were chosen from column tests), produced a polar night jet which was too strong, the parame- 







300 






ters chosen for run H2 were selected to drop the altitude at which wave breaking occurred while 
maintaining a similar strength of acceleration. 

In order to truely understand the mechanisms involved in the warmings seen in the runs, one 
should consider the synoptic structures. However, in order to present an overview we use diag- 
nostics of large scale eddy amplitudes. By examining zonal wave one we have a good indicator 
of when the polar night vortex is perturbed: When it is not centered on the pole the amplitude 
of wave one increases. We restrict our interest to zonal wave one, as none of the simulations 
resulted in a wave two warming, and although the amplitude of zonal wave two increased in the 
incipient stages of the vortex mergers, it is not as useful a diagnostic. 

a)RFl b)RR7 



c) RFH 



d)Hl 



c) H2 



0 H2I7 



in m »i m-i m Kt w vi m w * it 

Figure 8: Amplitude of zonal wave one at 66° N in the simulations 

Fig. 8 summarizes for both Rayleigh Friction and the Hines scheme the difference between 
runs discussed here. As one examines Figs. 8a and 8b, the major discemable difference appears 
to be in December, where we see that there is a vortex disturbance Just prior to day 341 in RFI7 
in the mesosphere, which doesn’t occur in RFl. This disturbance is also obvious in all the Hines 
runs (Figs. 8d-f), and is the signature of the beginning of the succession of minor warmings 
which culminate in the mid- January warming (as described in Rosier et al. (1994)). By contrast, 
there is no sign of this disturbance in RFl , which doesn’t have a mid- January warming. It is also 
not present in RFH, which does have a mid-January warming. The explanation for this is that 
although RFH does simulate a mid-January warming it is of a very different nature: Fig. 9 shows 
that in run RFH, the vortex in the lower mesosphere is gradually eroded throughout the season. 
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a) RFI7 



b)RFH 




Figure 9: Time series of zonal mean wind on the 60 km pressure surface: contrast between simulations 
RFI7 and RFH. 

and is not subject to a series of pulsations (as seen in the observations and the other simulations 
which produce warmings). 

In order to summarize the evolution of the lower stratosphere, we show the zonal mean tem- 
perature at 22km for all latitudes in Fig. 10. In the observations (which are limited to latitudes 
north of 32.5°S, we see that all the simulations give reasonable simulations south of 60 °N. How- 
ever, north of 60°N, we see that there are significant differences associated with the interplay 
between descent induced heating, (large scale) wave-driven heat fluxes and radiative cooling in 
the polar night. 

The observations (Fig. 10a) suggest that there are a few short periods when the zonal mean 
temperature falls below 195 K at 22 km (about 42 hPa). These periods occur prior to the signif- 
icant warming, when the jet is strongest. These periods are associated with very cold localized 
regions, in at least one of these cases, polar stratospheric clouds were observed (Taylor et al. 
1994). By contrast, all the simulations produce long periods where the zonal mean temperature 
falls below 195K, and in the RFH,H2 and H2I7 simulations, below 190K. These do not occur in 
nature, and if we had a chemistry scheme in these simulations, would have been associated with 
unrealistic chemical depletion of ozone. 

In simulation RFl, the extra cold periods are associated with the fact that the vortex is con- 
siderably less disturbed, and radiative cooling has had longer to decrease the temperature in the 
polar night. In RFI7, which has a more realistic sequence of warmings, we see that the temper- 
ature at 22km is more realistic. The three simulations which are colder also have more realistic 
warming structures, thus it is not as easy to attribute reasons as to why the north polar region is 
so cold in these runs, although it is clear that in the simulations with the coldest poles (the Hines 
simulations), the polar night jet, although suffering pulsations associated with minor warmings, 
is still too strong before the significant warming. It is well known that overly strong jets result 
in poles which are too cold (via thermal wind, eg Andrews et al. (1987)). 



4 Discussion 

Most of the simulations have captured the essential defining characteristic of the period: a se- 
ries of oscillations of the zonal mean wind field leading to a significant warming in mid-January 
1992. However, three of the simulations described here had not resulted in a warming by the 
18th of January (when the simulations were terminated to conserve computer disc space). The 
three failures are the Fritts simulations and the RFl simulation. 

Not surprisingly, all the model runs show some sensitivity to the initial conditions used to 
begin the integrations. However, received wisdom has it that the evolution of the stratosphere is 
dominated by the upward propagating planetary waves from the troposphere, and in particular. 
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a)ISV10 b)RFI 





c) RFI7 d) RFH 





c) H2 



OH217 




Figure 10: Hme evolution of the zonal mean temperature at 22km. Temperatures below 195K are 
marked. (NB: ISAMS data south of 32.5° S is not presented as it is not always available). 



that sudden stratospheric warmings are intimately linked to the amplitude of the low (1 — 3) 
zonal wave number perturbations at around 100 hPa. It is clear from these simulations that the 
bottom boundary forcing is not the whole story. The contrast between runs RFl, RFH and RFI7 
highlight this point: In addition to the affect of the initial condition, the amount and position of 
the gravity wave drag is also intimately related in controlling the evolution of the stratosphere 
below. The effect of the gravity wave driving in the mesosphere penetrates down throughout the 
model domain, as can be seen in figure 10 which shows the temperature evolution three model 
levels from the boundary (actually, the effect penetrates right down to, and through - via vertical 
advection of temperature - the model boundary). 

These results are quite in accordance with the ideas of downward control first introduced 
by Haynes et al. (1991). The effect of gravity wave drag on lower stratospheric temperatures 
was first highlighted by Garcia and Boville (1994), although they were not convinced as to the 
importance of the direct effect of gravity waves on lower stratospheric temperatures in the north- 
ern hemisphere. The results presented here suggest that in addition to any direct effects (such as 
those that might occur in an axisymmetric atmosphere), one must consider the affect of the drag 
upon the evolution of the stratospheric warmings. This seconday effect may in fact be of even 
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greater importance upon both the real and simulated climate. 

Early model simulations, such as those of Peltier et al. (1986), found that the quality of model 
simulations of warmings was very dependant on the form of the Rayleigh Friction used - a re- 
sult in accordance with those presented here. However, Smith (1992) found that the occurence 
of warmings in her model depended only on the lower stratospheric winds and was independent 
of the upper winds. Part of the explanation for this may be in her methodology: She initialized 
her model runs only nine days earlier than the warming, it is certainly not yet clear from the sim- 
ulations described here over what timescale the mesospheric evolution was affecting the lower 
stratosphere in these time-evolving simulations. 

Perhaps of greatest relevance to understanding these results is the view that much of the dif- 
ference between runs which do capture the observations well seem to be related to the presence 
of absence of the vortex interactions in the upper stratosphere and lower mesosphere. These 
are the interactions which lead to the pulsations seen in the zonal mean wind. The effect of the 
gravity waves can be thought of as a damping on the nonlinear planetary-scale wave train (eg 
O’Neill and Pope 1988) arriving in the mesosphere. This then critically affects the evolution 
of the warmings, which (when of the wave one type seen here) are observed in both the model 
and the atmosphere to occur in the lower-mesosphere and progress downwards. This nonlinear 
wave train is certainly sensitive to the regime through which it begins propagating (at least while 
it behaves linearly), and so some further part of the explanation of the difference between these 
results and those of Smith (1992) may be related to the effective damping of the tropospheric 
disturbances in the lower stratosphere (in accordance with the results of Schoeberl and Strobel 
1980). 

Although not shown here, tests of the Fritts scheme with various columns of winds showed it 
to be rather insensitive to variations in the background wind strength (although somewhat more 
to the windshear) — it seems to result in a given body force on the middle atmosphere for a given 
source strength regardless of the wind profile it is used upon. With a source strong enough to 
get the zonal mean winds in the observed ballpark the perturbations from the zonal mean are 
also strongly damped (for example, the amplitude of zonal wave one in geopotential doesn’t 
exceed 1500 m at 66°N at any time during run FTCI7), which is why neither run FTC nor FTCI7 
reproduced the observed mid winter warming. 




Figure 1 1 : The timeseries of zonal wind at 66N from the H2I7 run, calculated from the model tempera- 
ture fields, the bottom boundary, and the balanced wind algorithm 

The Hines runs display a very noisy mesosphere when the model zonal winds are dumped 
every day as here. However, much of that noise is in very small scales, probably model resolved 
gravity waves, as can be seen when the winds are calculated from the model temperature fields 
using the same balanced wind scheme as used to calculate the winds from the ISAMS data (Fig. 
11). It is comforting also to see the balanced wind scheme does well at recovering the model 
winds right up to the stratopause (compare Fig. 1 1 with Fig. 7c). Of course it is to be expected 
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that the balanced wind (as opposed to the true wind) should be more consistent in time, as it is 
represents the winds due to synoptic and greater scales. 

Even allowing for the contribution from numerical noise (including the possible influence of 
both the model lid and spurious model resolved gravity waves) to the noisiness seen in the Hines 
runs, there is still more variability in the balanced winds in Fig. 1 1 than there is in the RF runs. 
However it is believed that this too is more real: Not only is the amount of variability similar 
to that seen in the observations (Fig. 4), the transition from low temporal variability below the 
stratopause to greater temporal variability above is consistent with that seen in rocket winds (eg 
Leovy and Ackerman 1973). This is a clear improvement over the Rayleigh Friction simulations 
which produce an unrealistically smooth and undisturbed mesosphere. 



HJ H2 




Figure 12: Zonal Mean Tendency of the Zonal Wind due to the Hines Parameterization at 66° N (m/s/day) 



The improvement in the simulation between IS AMS HI and H2 is apparent, not only does 
the jet maximum drop between the runs, the penetration of the disturbances to the vortex is con- 
siderably damped in run H2. This has come about from the lower altitude of wave breaking 
which can be seen by a comparison between the strength of the wave breaking (Fig. 12). Run 
H2 has considerably lower maximum values than Run HI, and the altitude is much more like the 
middle of the mesosphere. These runs show the importance of choosing appropriate parameters 
for the scheme. It can be seen that the values of the tendencies in run H2 are of the same order 
as those diagnosed by Marks (1989). 
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Figure 13: Zonal Mean Zonal wind on the 13th of January 1992 



Although this paper has concentrated mainly on summarizing polar phenomena, run H2I7 
has produced a more interesting simulation than run RFI7 throughout the atmosphere as can be 
seen from Fig. 13. The figure shows the winds during the maximum of the warming in both sim- 
ulations: the major feature of interest is that H2I7 has produced the northern hemisphere meso- 
spheric subtropical jet which is consistent with observations (eg Fig. 1. in Rosier et al. 1994). 
The RF runs always fail to produce this phenomenon. It can be seen that the tropical structures 








305 



are quite different - of interest here is the nose of easterlies which push accross from the south 
into the north in the stratosphere - in H2I7 this nose has moved steadily downward during the 
simulation. There is obviously much more to be learnt by continuing this run. The strength of the 
shear zone seen in the summer hemisphere is consistent with other parameterizations (Warwick 
Norton, pers com) and will also be the subject of further work. 

5 Conclusions 

In this paper, we have compared a number of different simulations of a short period of the North- 
ern Winter 1991/1992 with the ISAMS observations. The simulations differed in the type of 
gravity wave parameterizations used and/or the initial condition and the main aim of this pa- 
per was simply to identify the differences introduced by the different gravity wave schemes and 
qualitatively estimate their impact on the quality of the simulations (and hence upon our ability 
to model the middle atmosphere). 

The major feature observed during the period was the very significant warming in January, 
preceded by a number of minor warmings as discussed in Rosier et al. (1994). Most of the sim- 
ulations produced a similar warming in early January, although the nature of the warmings dif- 
fered. However, some of the simulations did not, and although it is clear that the initial con- 
dition has some influence on the subsequent evolution of the simulations, with an appropriate 
gravity wave scheme the stratospheric dynamics are dominated by the effect of the troposphere 
below, the nonlinear stratospheric response to that effective forcing, and the mesospheric evolu- 
tion above (exerting it’s effects via downward control). Subsequent work (Lawrence, 1996, in 
preparation) evaluates the quantitative effect of these schemes on calculated descent rates in the 
polar night, and on the specific details of the simulated warmings. Further work will concentrate 
on identifying and quantifying the effects of more realistic estimates of source distributions. 

Of the gravity wave parameterization schemes examined here, and given caveats about using 
global mean sources, it would appear that the Hines scheme gives the best simulations. 



Acknowledgements 

Much work on the middle atmosphere would not be possible without the advent of UARS data. 
Of particular relevance to me was the ISAMS data: the ISAMS team are to be congratulated 
for producing an excellent observational data set. I am also indebted to David Andrews, Dave 
Fritts, Steve Eckermann, Colin Hines, Richard Kennaugh, Alan O’Neill, Warwick Norton and 
Suzanne Rosier for useful discussions and/or correspondence. Finally, I am exceedingly grate- 
ful for the inspiration of Lee Germon and Chris Harris, and to the U.K. Natural Environment 
Research Council who funded this work. 



References 

Andrews, D. G., Holton, J. R., and Leovy, C. B. (1987). Middle Atmosphere Dynamics. Academic Press, 
Inc., San Diego, Calif. 

Butchart, N., Clough, S., Palmer, T., and Trevelyan, P. (1982). Simulations of an observed stratospheric 
warming with quasi-geostrophic refractive index used as a model diagnostic. Q. J. R. MeteoroL Soc., 
108:475-502. 

Fritts, D. C. (1984). Gravity wave saturation in the middle atmosphere: A review of theory and observa- 
tions. Rev. Geophys. Sp. Phys., 22:275-308. 




306 



Fritts, D. C. and Lu, W. (1993). Spectral estimates of gravity wave energy and momentum fluxes. Part II: 
Parameterization of wave forcing and variability. 7. Atmos. ScL, pages 3695-3713. 

Fritts, D. C. and VanZandt, T. E. (1993). Spectral estimates of gravity wave energy and momentum fluxes. 
Part I. Energy dissipation, acceleration, and constraints. J. Atmos. Sci., 50:3685-3694. 

Garcia, R. R. and Boville, B. A. (1994). “Downward Control” of the mean meridional circulation and 
temperature distribution of the polar winter stratosphere. J. Atmos. 5c/., 51:2238-2245. 

Haynes, R, Marks, C., McIntyre, M., Shepherd, T, and Shine, K. (1991). On the “Downward Control” 
of extratropical diabatic circulations by eddy-induced mean zonal forces. J. Atmos. ScL, 48:651-678. 

Hines, C. O. (1991a). The saturation of gravity waves in the middle atmosphere. Part I: Critique of linear- 
instability theory. J. Atmos. ScL, 48:1348-1359. 

Hines, C. O. (1991b). The saturation of gravity waves in the middle atmosphere. Part II: Development of 
Doppler-spread theory. J. Atmos. ScL, 48:1360-1379. 

Hines, C. O. (1993). The saturation of gravity waves in the middle atmosphere. Part IV: Cutoff of the 
incident wave spectrum. J. Atmos. ScL, 50:3045-3060. 

Hines, C. O. (1996a). Doppler-spread parameterization of gravity- wave momentum deposition in the 
middle atmosphere. Part 1: Basic formulation. Submitted to J. Atm. Terr. Phys. 

Hines, C. O. (1996b). Doppler-spread parameterization of gravity- wave momentum deposition in the 
middle atmosphere. Part 2: Broad spectra and quasi monochromatic waves, including orowaves. Sub- 
mitted to J. Atm. Terr. Phys. 

Holton, J. and Zhu, Z. (1984). A further study of gravity wave induced drag and diffusion in the meso- 
sphere. J. Atmos. ScL, 41:2653-2662. 

Holton, J. R. (1982). The role of gravity wave induced drag and diffusion in the momentum budget of 
the mesosphere. J. Atmos. ScL, 39:791-799. 

Holton, J. R. (1983). The influence of gravity wave breaking on the general circulation of the middle 
atmosphere. J. Atmos. ScL, 40:2497-2507. 

Holton, J. R. (1984). The generation of mesospheric planetary waves by zonally asymmetric gravity wave 
breaking. J. Atmos. ScL, 41:3427-3430. 

Houghton, J. T. (1978). The stratosphere and mesosphere. Q. J. R. Meteorol. Soc., 104:1-29. 

Leovy, C. (1964). Simple models of thermally driven mesospheric circulation. J. Atmos. ScL, 21:327- 
341. 

Leovy, C. and Ackerman, T. (1973). Evidence for high-frequency synoptic disturbances near the 
stratopause. J. Atmos. ScL, 30:930-942. 

Lindzen, R. S. (1981). TUrbulence and stress owing to gravity wave and tidal breakdown. J. Geophys. 
Res., 86:9707-9714. 

Marks, C. J. (1989). Some features of the climatology of the middle atmosphere revealed by Nimbus 5 
and 6. J. Atmos. ScL, 46:2485-2508. 

McFarlane, N. A. (1987). The effect of orogaphically excited gravity wave drag on the general circulation 
of the lower stratosphere and troposphere. J. Atmos. ScL, 44:1775-1800. 

O’Neill, A., Grose, W. L., Pope, V. D., MacLean, H., and Swinbank, R. (1994). Evolution of the strato- 
sphere during northern winter 1991/1992 as diagnosed from U.K. Meteorological Office analyses. J. 
Atmos. 5d., 51:2800-2817. 




307 



O’Neill, A. and Pope, V. (1988). Simulations of linear and nonlinear disturbances in the stratosphere. Q. 
J. R. Meteorol Soc., 114:1063-1110. 

Palmer, T. N., Shutts, G., and Swinbank, R. (1988). Alleviation of a systematic westerly bias in general 
circulation and numerical weather prediction models through an orographic gravity wave drag param- 
eterization. Q. J. R. Meteorol. Soc., 112:1001-1039. 

Peltier, W., Higuchi, K., and Bloxam, R. (1986). Quasi-geostrophic simulations of the 1979 stratospheric 
major warming: The importance of middle-atmosphere drag. PureAppl. Geophys., 124:1051-1085. 

Randel, W. J. (1987). The evaluation of winds from geopotential height data in the stratosphere. J. Atmos. 
ScL, 44:3097-3120. 

Rind, D., Suozzo, R., Balachandran, N., Lacis, A., and Russel, G. (1988). The GISS global climate - 
middle atmosphere model. Part I: Model structure and climatology. J. Atmos. ScL, 45:329-370. 

Rosier, S., Lawrence, B., Andrews, D., and Taylor, F. (1994). Dynamical evolution of the northern strato- 
sphere in early winter 1991/92, as observed by the improved stratospheric and mesospheric sounder. 
J. Atmos. ScL, 51:2783-2799. 

Rosier, S. M. (1996). Dynamical Evolution of the Northern Stratosphere in Early Winter, 1991/92: Ob- 
servational and Modelling Studies. PhD thesis. University of Oxford. 

Ruth, S., Remedios, J., Lawrence, B., and Taylor, F. (1994). Meaurements of N 2 O by the UARS Improved 
Stratospheric and Mesospheric Sounder during early northern winter 1991/92. J. Atmos. 5c/., 5 1:28 18- 
2833. 

Schoeberl, M. R. and Strobel, D. F. (1980). Numerical simulations of sudden stratospheric warmings. J. 
Atmos. ScL, 37:214—236. 

Shine, K. (1987). The middle atmosphere in the absence of dynamical heat fluxes. Q. J. R. Meteorol. 
Soc., 113:603-633. 

Smith, A. K. (1992). Preconditioning of stratospheric sudden warmings: Sensitivity studies with a nu- 
merical model. J. Atmos. 5c/., 49:1003-1019. 

Swinbank, R. and O’Neill, A. (1994). A stratosphere-troposphere data assimilation system. Mon. Wea. 
Rev., 122:686-702. 

Taylor, F. W., Lambert, A., Grainger, R. G., Rodgers, C. D., and Remedios, J. J. (1994). Properties of 
northern hemisphere polar stratospheric clouds and volcanic aerosol in 1991/92 from UARS/ISAMS 
satellite measurements. J. Atmos. ScL, 51:3019-3026. 




The Parameterization of Gravity Wave Drag Based on the Non- 
linear Diffusion of Wave Spectra 



Alexander S. Medvedev and Gary P. Klaassen 

Department of Earth and Atmospheric Science 

York University 

North York, Ontario, M3J 1P3 

Canada 

Byron A. Boville 

National Center for Atmospheric Research 
Climate Modeling Section 
P.O. Box 3000, Boulder, CO 80307 
USA 

Abstract We present a new parameterization of gravity wave drag 
based on the Medvedev and Klaassen [1995] theory of gravity wave spec- 
tral evolution and saturation. The scheme has been tested in a column 
model as well as with a mechanistic version of three-dimensional Middle 
Atmosphere COM2 model. For the range of anticipated variability of 
source spectra in the troposphere the scheme produces plausible results 
consistent with observations and with theoretical estimates. Results also 
indicate that the specification of seasonal and latitudinal variability of 
wave sources is required for three-dimensional modeling. 

1 Introduction 

Gravity wave (GW) drag deposited by waves propagating from below 
substantially affects the circulation of the middle atmosphere. Param- 
eterization of these processes in general circulation models requires the 
specification of an absorption mechanism which causes damping of waves, 
and therefore, a deposition of their momentum to the mean flow. 

A manifestation of systematic wave damping processes in the atmo- 
sphere is the apparent “universality” of observed gravity wave spectra. 
Perhaps the most significant feature of “universal” spectra is the power- 
law behavior of the high vertical wavenumber tails of their power spec- 
tral densities (PSD), 5. The latter can be approximated by 5(m) = 
AoiV*^/m^, where N is the Brunt- Vaisala frequency, m is the vertical 
wavenumber, and Aq is the spectral amplitude. It is this “saturation” of 
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wave amplitudes with height, despite the diminishing gas density, which 
implies some kind of -wave damping mechanism. 

Many ' theories have been devised to explain the observed spectral 
structure of the variance field. For example, Zhu [1994] invokes off- 
resonant wave- wave interactions as well as radiative damping, while Gard- 
ner [1994] attributes damping to molecular and/or turbulent diffusion. 
Some theories assume that the saturated behavior is due to the convec- 
tive and/or dynamical instability of wave harmonics or wave packets while 
they propagate upward independently [Dewan and Good^ 1986; Smith et 
a/., 1987]. Other theories attribute saturation to nonlinear interactions 
between harmonics within the broad spectra of gravity waves. In We- 
instock’s [1990] approach harmonics with smaller m are considered as a 
source of enhanced scale-dependent diffusion which can affect the growth 
of lower m harmonics with height. The Doppler spread theory [Hines^ 
1991b; 1993a] treats the irregular fluctuations of the wave field as an ad- 
ditional background which force harmonics to spread over the spectrum. 
Hines [1993a] argued that the principle effect of this spreading is to shift 
wave harmonics from the lower m part of the spectrum to the high-m 
portion where they dissipate due to instabilities and/or diffusion. Fur- 
ther critical assessment of these theories can be found in [Hines^ 1991a; 
1993b]. 

In [Medvedev and Klaassen^ 1995] (hereafter referred to as MK95) 
we employed Weinstocks [1982] technique and Hines’ physical insight 
regarding nonlinear Doppler effects to develop a more general approach 
for describing the evolution of GW spectra in the atmosphere. There 
we assumed that only longer period waves in the spectrum constitute 
an additional background wind for a given wave component. This low- 
frequency, spectrum-induced mean wind produces Doppler shifting as well 
as modified critical levels for higher-frequency harmonics. Interactions 
near these spectrum induced critical lines result in wave damping and, 
eventually, in wave obliteration. We have shown in MK95 that these 
spectral interactions can alternatively be treated in terms of nonlinear 
enhanced diffusion in the spirit of Weinstock [1990]. The MK95 theory 
distinguishes between wave breaking and wave saturation, and gives the 
criteria for both processes in terms of wave spectra. It also predicts 
the development of a “universal” saturated shape for an arbitrary source 
spectrum of GW. The predictions of the MK95 theory for a single wave 
under saturation conditions coincide with those of Lindzen [1981]. 

The purpose of this paper is to present a practical gravity wave drag 
parameterization based on the MK95 theory, which can be used in large- 
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scale circulation models. Parameterizations usually imply further simpli- 
fications of the theories they are based on as well as an introduction of 
some tunable parameters. The scheme we present will retain all phys- 
ically important features of MK95, and relies on relatively few tunable 
parameters apart from the source spectrum. To date we are aware of 
three other spectral GW drag schemes which have been developed and 
tested in atmospheric models. One approach is to consider harmonics in 
the spectrum as propagating independently, with each harmonic attaining 
saturation according to Lindzen’s [1981] scheme. Although this approach 
has been successfully used in a number of numerical models (e.g., [Garcia 
and Solomon^ 1985]), it tends to generate step-function GW drag profiles 
where the momentum deposition is concentrated at and above the break- 
ing levels. The spectral parameterization developed by Fritts and Lu 
[1993] combines theoretical aspects of the assumed instability mechanism 
of wave saturation, and the semi-empirical a priori form of GW spectra. 
Since observed instantaneous spectra usually deviate from the averaged 
“universal” shape, one may expect that this approach will be success- 
ful in reproducing wave drag profiles when GW spectra are close to the 
average condition, and will deviate when wave spectra differ from the 
“universal” one. The parameterization based on Doppler spreading the- 
ory [Hines j 1996], rather than tracking individual harmonics, calculates 
the evolution with height of average spectral parameters such as RMS 
velocity. 

In this paper we present a gravity wave drag parameterization based 
on the MK95 theory. In Section 2 we review the relevant formulae from 
MK95, while in Section 3 we discuss numerical aspects of the.scheme. The 
range of variability of input source spectra are discussed in Section 4. In 
Section 5, we discuss the results of column-model tests based on repre- 
sentative distributions of mean fields from CIRA-86, and in Section 6 we 
present tests with a three-dimensional mechanistic version of the Middle 
Atmosphere CCM2 model (MA CCM2). 

2 Theory 

According to MK95, the evolution of gravity wave spectra with height is 
given by the following equation 

( 1 ) 

dz V po nriR J 

where 5 is the power spectral density (PSD) of horizontal wind associ- 
ated with gravity waves, po is the mean density, tur is the real part of 
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the vertical wavenumber, and /3 is the coefficient of nonlinear damping 
due to interactions of the harmonic rriR with other harmonics in the spec- 
trum. The vertical wavenumber rriR accounts for an additional nonlinear 
Doppler shift produced by lower frequency waves in the spectrum and is 
related to the “linear” vertical wavenumber mo by the expression 

rriR = mo\/^aexp(— a^)erfi(a). (2) 



In (2) the following notation for the error function of an imaginary argu- 
ment is used 2 

erfi(a) = -^^ exp(x^)dx, 

and the dimensionless parameter a is defined by 



N c — u 

^/2rriRG \/2cr ’ 




(3) 



where N is the buoyancy frequency, and a is the horizontal RMS wind 
created by all wave harmonics in the spectrum with vertical wavenumbers 
larger than that of a given harmonic. Note here that if the spectrum con- 
sists of a single monochromatic wave, the RMS velocity a coincides with 
the wave amplitude u', and the parameter a is proportional an inverse 
Froude number Fr = mu’ /N for this wave. The convective instability 
threshold for monochromatic waves is u' — c — u |, where c is the hori- 
zontal phase velocity of the wave, and u is the mean wind. In the case of 
a broad spectrum our theory gives the instability threshold cr — >| c — u [, 
or a ^ l/\/2- Therefore, it is convenient to consider the parameter a as 
a straightforward generalization of the inverse Froude number (or equiv- 
alently as the square root of the Richardson number) for the case of a 
broad wave spectrum. 

The expression for the nonlinear damping coefficient has the form 



/3 = V^Na ^ exp(— 



(4) 



The set of equations (l)-(4) for calculating the evolution of the PSD S 
with height becomes closed if we add the expression for the dependence 
of the “linear” vertical wavenumber mo on background parameters in the 
form 



AT(2) 




iV(i) _ 

~U) ~ 

my 



(5) 



where superscripts 1 and 2 denote quantities at two height levels, and 
Au is the mean wind shear between these two levels. (5) follows from 
the dispersion relation for gravity waves and represents the variations of 
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the apparent vertical wavenumber of a harmonic with the constant phase 
velocity due to vertically inhomogeneous mean wind and temperature. 

Once the amplitude of the harmonic 5(m) and the coelfficient of non- 
linear damping /3(m) are known, the momentum deposition associated 
with this wave can be found from 

^ _ S{m)p{m)h 

CLxy^) — 

m 

where kh is the horizontal wavenumber. Note here, that the evolution of 
spectra is entirely described by (l)-(5) only in terms of vertical wavenum- 
ber, while the intensity of wave drag ax{m) is proportional to kh- In our 
scheme, kh enters only as a scaling factor for the momentum deposition, 
and is consequently the only tunable parameter in the scheme apart the 
initial spectrum itself. The total wave drag created by the entire spec- 
trum is calculated by adding up the contributions from all harmonics. 

MK95 have shown that gravity wave saturation in the atmosphere typ- 
ically occurs at Qsat = 1 to 3. Together with (2) this implies rriR « 1.1 to 
1.3. Therefore for purposes of wave drag parameterization, the systematic 
nonlinear Doppler shift created by other harmonics in the spectrum can 
be neglected, and mji can be replaced by the “linear” vertical wavenum- 
ber mo everywhere in (l)-(6). This result is contrary to Doppler spread 
theory [Hines^ 1991b; 1993; 1996] in which all momentum deposition ulti- 
mately derives from Doppler shifting of harmonics to higher m. However 
it should be noted that in Hines’ theory the entire spectrum accounts 
for the Doppler spreading of a particular harmonic, whereas we have ex- 
cluded lower-m waves from our RMS wind cr on the basis that for a given 
kh^ they correspond to waves that oscillate more rapidly. 



3 Numerics 



For numerical purposes, we convert the continuous input source PSD S 
to a discrete spectrum consisting of M harmonics with horizontal velocity 
fluctuation amplitudes Uj = 5jAm, where Am deflnes the discretization 
of the spectrum, and j is the index of a given harmonic. The RMS 
velocity a and the parameter a in (3) are calculated as follows 



M 

n=j 



N 



a,- = 



V2: 



rrijaj 



( 7 ) 



where j = 1 and j = M are harmonics with the lowest and highest 
vertical wavenumbers in the spectrum, respectively. 
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The solution of the discretized form of (1) has the form (cf. (27) in 
MK95) 



where subscript s denotes the values at the reference height level If the 
vertical coordinate is discretized, and if the source spectrum Uj is known 
at some height, (8) can be integrated upward step-by-step as follows 



Ujizi) = 



po{zi_i)mj{zi) 

Po{zi)Trij{zi^i) 



exp 



-^j(zi_i)Az, 



( 9 ) 



where Az, is the grid intervail between the higher level z,- and lower level 
z,_i, and Zi_i /2 denotes the half level between z,_i and z,-. In (9) the 
apparent “linear” vertical wavenumber mj of the harmonic with a given 
kh and phase velocity cj varies with height according to (5) following 
variations of the background wind u and Brunt- Vaisala frequency N 



rr, tr 1 - N {Zi)mj(Zj^i) 



( 10 ) 



The ‘‘nonlinear” spectrum-induced Doppler shift of the vertical wavenum- 
ber can be calculated from (2) (although in practice it may be neglected). 
The discretized form of (6) 






j=l 



rrii 



(11) 



together with (7), (9), (10) and (4) represent a closed set of equations for 
calculating the evolution of spectra with height and the corresponding 
wave momentum deposition. The procedure starts from the lowest level 
where the source spectral distribution Uj{zs) is specified. At each vertical 
step RMS velocities parameters aj and nonlinear damping rates Pj 
are calculated using (7) and (4) for every harmonic beginning with the 
highest rrij. i.e. with j = M. Then the vertical wavenumbers mj^ squared 
wave amplitudes Uj and wave drag can be found at the next vertical 
level Zi from (10), (9) and (11), respectively. It is shown in MK95 that the 
instability threshold for a wave harmonic in terms of the entire spectrum 
is Oj < 1/2. Therefore, harmonics meeting this criterion are removed 
entirely from the spectrum, and their momentum is deposited at the 
breaking level. This effectively removes harmonics slightly before they 
reach the “linear” critical levels cj — u = 0 of Lindzen-type schemes. 

It is worth noting here, that the GW drag parameterization described 
above coincides with that of Lindzen [1981] if the broad spectrum col- 
lapses to a single harmonic, as demonstrated by MK95. Unlike Lindzen’s 
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approach where the wave breaking occurs suddenly, our scheme produces 
gradual wave damping and associated wave drag below breaking levels. 
The similarity of the MK95 scheme to convectively unstable saturation 
becomes more apparent if we formulate it in terms of phase velocities 
of gravity waves using the dispersion relation = N‘^/[c — Then 
the spectral distribution of harmonics in m corresponds to a distribu- 
tion in c with higher vertical wavenumbers corresponding to lower phcise 
velocities, and vice versa. This also means that harmonics with c > u 
( “extrow^aves*’ ) have positive m, and “intrawaves” (c < u) have m < 0. 
This formulation is conceptually similar to the multiple gravity wave 
drag parameterization employed in many previous studies {[Holton^ 1983; 
Garcia and Solomon, 1985]). In these schemes, momentum deposition is 
assumed to be created by a set of wave harmonics with different phase ve- 
locities which propagate and saturate independently. However, it should 
be emphasized that the parameterization we have described systemati- 
cally accounts for nonlinear interactions between harmonics within the 
spectrum. Since our saturation criterion cxj depends on RMS velocity 
Gj of the higher m/lower c portion of the spectrum rather than on the 
amplitude of the wave itself, the altitudes at which saturation occurs are 
generally lower than in the case of independently propagating waves, and 
wave drag profiles grow more smoothly with height. Even a small am- 
plitude harmonic can experience significant damping in the presence of 
strong waves in the spectrum contributing to RMS wind aj, and therefore 
can produce stronger momentum deposition than when it is considered 
to propagate independently. 

4 Input source spectra 

To apply the parameterization procedure described above, vertical wave- 
number “source” spectra must be specified at some reference altitude. 
Since the troposphere is believed to be a region of strong gravity wave 
generation, source spectra are most conveniently specified at some level 
above the tropopause. Observational studies have provided a number of 
estimates of amplitudes and spectra shapes as well as their variability. 
However, these studies were mainly concerned with the behavior of the 
high-m tail of spectra which is affected by saturation processes, whereas 
harmonics growing with height in the unsaturated portion of spectrum 
are most important for GW momentum deposition at higher altitudes. 

The problem of estimating vertical wavenumber source spectra from 
observations is nontrivial because these spectra characterize wave fields 
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over a range of altitudes, and hence they cannot be attributed to a partic- 
ular height Zg. In the presence of vertically inhomogeneous gravity wave 
sources id the lower atmosphere instantaneous m-spectra are expected to 
be highly variable in time, space and wavenumber. A model spectrum 
which approximates a typical shape and amplitudes of observed PSD has 
the form (see [Fritts and VanZandt, 1993] for further discussion) 



5(m) = Ao 



{m/rntY 

1 + (m/m,)^+* ’ 



(12) 



where is the characteristic wavenumber which describes the transition 
between spectral forms at large and small m, and the parameter t is close 
to -3. The lower m portion of the spectrum is believed to vary generally 
from s = 0 ( ‘"Desaubies” spectrum) to s = 1 (“Modified Desaubies”), and 
it should be noted that the uncertainty in this portion of the spectrum 
is significantly affected by the imposed vertical analysis window and the 
vertical variation of background fields, among other things. The char- 
acteristic w’avenumber increases in altitude, reflecting the entrance 
of the lower-m portion of the spectrum into the process of saturation as 
wave amplitudes grow with height. 

One constraint for source spectra can be obtained by equating the sat- 
urated amplitude in (12) to the observed range 5(m) = to 9)m^ 

for m ^ m^: 

"" (1 to 9)mJ' 

The observed values of in the troposphere typically vary from 

= 27r/2.5km to m* = 27r/900m [Allen and Vincent^ 1995; Fritts and 
Chou^ 1987; Tsuda et aL^ 1991]. An example of two such model spectra 
with = 27r/lkm and s = 0, 1 are shown in Figure 1. However, we 
must acknowledge that individual spectra observed in the lower atmo- 
sphere have a more complicated form. There are also indications that 
the lower-m portion consists of several peaks representing a systematic 
“global” wave source in the lower atmosphere [Weinstock^ 1996]. Al- 
though such features are undeniably important for the purposes of wave 
drag parameterization, the details of source spectra dependencies are not 
well known. However the model distributions presented in Fig. 1 likely 
cover the range of variations for observed spectra. 



5 Calculations for typical wind profiles 

In this section we examine the response of the proposed parameteriza- 
tion scheme to different mean wind profiles and variations of the source 
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Figure 1: Desaubies {s = 0) and Modified Desaubies (5 = 1 ) model vertical wavenumber 
spectra. 

spectrum. We have chosen two mean wind and mean temperature pro- 
files from the CIRA-86 model (50®N and 50°S in January), which may 
be considered as a representative for winter and summer solstices. The 
temperature is used to calculate the density in (9) and the buoyancy fre- 
quency N. The distribution of zonal mean wind u is shown in Fig. 2. The 
winter profile exhibits two eastward jets in the troposphere (with maxi- 
mum 20 m s“^) and in the stratosphere 45 m s“^), and a reversal 
in the mesosphere. The summer profile shows the eastward tropospheric 
jet (~ 20 m s“^), the westward stratospheric jet with peak value ~ 68 
m s“^ and a further reversal near 90 km. 

All calculations in the one-dimensional model were carried out using 
a vertical gridstep Az = 2 km. This vertical resolution is typical for the 
middle atmosphere in many contemporary general circulations models. 
Wave source spectra of the form described above were specified in the 
troposphere at z = 10 km. All results presented below were obtained 
using the characteristic horizontal wavenumber kh = 27t/ 300 km and as- 
suming that vertical wavenumber source spectra covered the interval from 
m = 27t/ 800 m to 27 t/ 18 km, which is typical of observations. In the cal- 
culations we consider waves propagating in both directions with respect 
to the local wind. This means that at the height of the source spectrum 
“extrowaves” with c — u > 0 have m > 0, and ’Intrawaves” with c — u < 0 
are formally described by m < 0. The resulting wave drag is calculated 
as a sum of two profiles (generally it is a difference), while the RMS ve- 
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Figure 2: Mean zonal wind for January at 50®N (solid line) and 50®S (dashed line) latitudes 
from the CIRA-86 model used in the parameterization tests. 

locity is created by waves going in both directions. We now consider the 
sensitivity of the proposed scheme to spectral resolution by discretizing 
the same source spectrum with varying numbers of harmonics. Fig. 3 
exhibits profiles obtained for the “modified Desaubies” source spectrum 
(12) with 5 = 1, = 0.006 rad m“\ and the amplitude Aq — 100 

m^ s“’^, employing M = 200 (which we regard as an “exact” solution), 
30, 15, and 5 harmonics. It is seen from the figure that below 90 km, the 
resulting wave drag is almost indistinguishable for M = 200, 30, and 15 
harmonics, while the M = 5 case still provides reasonable accuracy. The 
higher sensitivity of the results to variations of M above 90 km are related 
to an insufficient resolution of lower-m/higher-c portion of the spectrum 
which contains the most of wave energy at these heights. The accuracy 
of the parameterization above the mesopause could be increased if one 
were to employ variable Am-grids with resolution concentrated toward 
lower vertical wavenumbers. 

We next consider behaviour of the parameterization scheme when var- 
ious source spectra are specified. Fig. 4a presents profiles of gravity wave 
drag for a “winter” distribution of mean wind employing the “modified 
Desaubies” source spectra (12) with 5 = 1 and m* = 0.006 rad m“^ ap- 
proximated by M = 15 harmonics. Profiles are shown for Aq = 50, 100, 
and 500 m^ s“^. It is seen from the figure that the factor of ten increase 
in the overall spectral amplitude increases the wave drag peak value from 
~ — 70 to ~ —180 m s~^ day“\ although we note that the response is not 
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Figure 3: GW drag profiles calculated for “winter” conditions (50®N January) utilizing 
M = 200, 30, 15 and 5 harmonics in the model spectrum. 

linear. The heights of drag maxima decrease from 80 km for Aq = 50 
to ~ 70 km for .4 q = 500 m^ s“^ reflecting the obvious fact that waves 
with weaker amplitudes generally saturate at higher altitude. 

The RMS horizontal wind predicted by the parameterization can also 
be compared qualitatively to that deduced from observations. In the Fig. 
4b we have plotted a calculated over the entire spectrum as a function 
of altitude. At the lower boundary (10 km) the RMS velocity associ- 
ated with the input spectra varies between 1 and 2 m s“^, which is in a 
good accordance with observations (e.g., [Sato^ 1994]), and with values 
recommended for use in gravity wave drag models (e.g., [Fritts and Lu^ 
1993]). In the middle atmosphere the calculated profiles exhibit RMS 
velocity fluctuations up to a few tens m s”^, which are also consistent 
with observations [Tsuda et aL, 1994]. However, the RMS wind reaches 
a maximum near z 60 — 70 km (slightly below the peaks of momen- 
tum deposition) and diminishes at higher altitudes. Observations, on the 
other hand, indicate the RMS wind should increase slowly above 60-70 
km. The explanation for this difference may be found in the limited 
range of our spectrum. To produce stronger parameterized RMS winds 
at higher altitudes, one must decrease nimin of the input spectrum. It 
is natural to anticipate that upon doing so, the peaks in RMS velocity 
profiles will flatten, and RMS profiles will vary more slowly with height. 
However, we have chosen not to do this owing to the large uncertainty in 
the shape of gravity wave spectra at lower m. 
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JANUARY SON m* = 0.006 




Figure 4: Profiles of (a) wave drag and (6) horizontal RMS wind calculated for “winter” 
conditions (50° N January) using the Modified Desaubies input spectrum (5=1) with 
Aq = 50, 100, and 500 s~^. 

In the summer hemisphere, strong stratospheric easterlies filter out 
westward travelling gravity waves almost entirely, while the tropospheric 
jet filters out all eastward directed harmonics with phase velocities below 
~ 20 — 30 m s~h As a result, only fast harmonics (with low m) can par- 
ticipate in the momentum deposition. In our calculations the saturation 
of these waves generally occurs above 90 km. Figure 5 presents profiles 
of RMS wave velocity for the “summer” wind profile calculated with the 
input spectra described above. It is seen from the figure, that RMS wind 
fluctuations associated with the spectrum of propagating gravity waves 
does not exceed ~ 4 m s“^ up to ~ 75 km due to the filtering effect of the 
mean wind. Only above ~ 90 km a becomes comparable with c— 0 for the 
remaining large c portion of the spectrum. Therefore, wave saturation 
and momentum deposition in the summer hemisphere occurs somewhat 
higher than in the winter hemisphere. 

Figures 6a and 6b demonstrate sensitivity of the gravity wave drag 
to variations in the source spectrum slope and in the characteristic ver- 
tical wavenumber m^. Both calculations have been done for “winter” 
conditions using M = 15 spectral harmonics and the source amplitude 
Aq = 100 m^ s”^. Fig. 6a presents wave drag profiles obtained for the 
slopes 5 = 0 and 5 = 1 with = 0.006 rad m“b As anticipated, the 
spectrum containing more energy at lower m (i.e. 5 = 0) saturates lower 
and produces more momentum deposition at the same height than the 
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RMS HORIZONTAL VELOCITY, M/S 



Figure 5: Horizontal RMS velocity calculated for “summer” conditions 50®S using the 
Modified Desaubies input spectrum (5 = 1 ) with Aq = 50, 100, and 500 m^ s“^. 

spectrum with more steeply decreasing in m amplitudes (5 = 1 ). Fig. 6b 
displays wave drag profiles calculated for the s = 1 source spectra with 
— 0.006 and m* = 0.0025 rad m“^ The wavenumber m* character- 
izes the location of spectrum ‘‘knee” , or the lowest vertical w^avenumber 
affected by saturation. Fig. 6b clearly demonstrates that spectra with 
higher m* saturate lower, and therefore produce maxima of wave drag at 
lower altitude. 

6 Testing with a mechanistic version of CCM2 

Results presented in Section 5 suggest that our parameterization scheme 
produces profiles consistent with observations and theoretical expecta- 
tions within the range of natural variability of input source spectra. In 
this section we present the results of tests using the three-dimensional 
mechanistic version of the Middle Atmosphere Community Climate Model 
(MA CCM2). 

The formulation of MA CCM2 as well as aspects of simulated annual 
cycle have been described by Boville [1995]. In the mechanistic version 
of the model, the troposphere has been replaced by given distributions of 
the geopotential and the prognostic variables on a pressure surface near 
the tropopause. The model was driven from below by boundary condi- 
tions taken from MA CCM2 runs with the “full” tropospheric physics. 
In the middle atmosphere, the model contains the physical parameter- 
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Figure 6: Wave drag profiles calculated for (a) the input source spectra with (s = 1) and 
(s = 0) with m* = 0.006 rad m“\ and (6) for the Modified Desaubies spectrum (5 = 1 ) 
with m, = 0.006 (solid line) and m* = 0.0025 (dashed line). 

izations discussed in [Boville^ 1995]. To estimate the net effect of the 
parameterization scheme, in our simulations we have removed the sponge 
layer at the top as well as the parameterization of orographically gen- 
erated gravity wave drag. The version used in our calculations had 47 
vertical levels covering altitudes up to 0.004 mbar, and T21 horizontal 
resolution. 

In our calculations we considered waves with kh = 27r/300km propa- 
gating in four directions, meridional and zonal. A GW source spectrum 
of the form (12) was specified at the lower boundary (234 mbar), and 
assumed to be isotropic and constant with time. The parameterization 
has been tested for horizontally uniform source spectra as well as for sev- 
eral spectra with latitudinal dependencies which approximated possible 
distributions of wave sources in the troposphere. 

Figure 7 presents monthly averaged mean zonal wind and the zonal 
component of the GW induced acceleration for “Modified Desaubies'’ 
(s = 1) source spectrum with latitudinally varying Aq of the form Aq = 
50(1 + lOOsin^20), where 6 is the latitude. We assumed that this form 
roughly approximates an enhancement of GW sources in the midlatitude 
tropospheric jets. It is seen from the figure that the imposed wave drag 
closes easterlies in the summer hemisphere, and reproduces wind reversal 
in the mesosphere of the winter hemisphere. The magnitude of the jet 
in the Southern hemisphere is near 60 m s“^, which is somewhat lower 
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Figure 7: Mean zonal wind (a) and mean zonal gravity wave drag (6) simulated with the 
mechanistic MACCM2 for July 

than that of CIRA-86 (90 m s“^). However the results clearly show the 
tendency of wave drag to split the jet. The lower magnitude of westerlies 
(compared to observations) is associated with the lower height where the 
wind reversal occurs (again compared to CIRA-86). This suggests that 
we have overestimated the strength of the wave sources in the winter 
hemisphere. As well, the summer hemisphere jet is stronger (~ 110 
m s“‘) than in CIRA-86 (70 m s”^), and the location of the maximum 
(~ 75 km) is somewhat higher than in CIRA-86 (~ 90 km). Fig 7b shows 
the corresponding distribution of GW drag. It is seen from the figure, 
that there is a lack of zonal flow deceleration in mid- and high latitudes of 
the winter hemisphere. Further tuning of the scheme will require a more 
realistic specification of wave source spectra in the lower atmosphere. 

7 Summary and Conclusions 

We have presented a spectral parameterization scheme for calculating 
gravity wave momentum deposition in the middle atmosphere. The 
scheme is based on the MK95 theory of the vertical evolution and sat- 
uration of GW spectra. The parameterization has been tested using a 
column model for representative distributions of mean wind and tem- 
perature, as well as with a three-dimensional mechanistic version of the 
Middle Atmosphere CCM2 general circulation model. 
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The parameterization has only one “physical” tunable parameter, the 
characteristic horizontal wavenumber of subgrid-scale gravity waves kh, 
which serves as an “efficiency” scaling factor for wave drag. All further 
tuning can be done by specifying source spectra at the lower boundary. 
This implicitly characterizes the degree of physical and theoretical com- 
pleteness of the scheme, and emphasizes the need for a knowledge of GW 
sources in the atmosphere. 

For the range of anticipated variability of source spectra parameters in 
the troposphere, the scheme produces wave drag profiles as well as hori- 
zontal RMS velocities consistent with observations and with theoretical 
estimates. Results of sensitivity experiments and of the one year run with 
mechanistic version of MACCM2 suggest that the parameterization suc- 
cessfully reproduces typical patterns of the middle atmosphere circulation 
both for solstice and equinox conditions, with remarkably little tuning ef- 
fort. However, as with any other successful GW parameterization, precise 
tuning of the scheme will require a more detailed specification of source 
spectra in the lower atmosphere as well as their seasonal and latitudinal 
variability. 

It is worth noting that these results were obtained by including only 
the effects of nonlinear diffusive damping and Doppler shifting by the 
background wind. For purposes of GW drag parameterization, the effects 
of nonlinear spectrum-induced Doppler shifting derived by MK95 can 
be neglected. Furthermore, the number of harmonics representing the 
spectrum can be reduced to ~ 10 without a noticeable effect on the 
resulting wave drag. This indicates that the scheme is as efficient as a 
multiple- wave Lindzen scheme, and suitable for use in GCMs. 
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ABSTRACT. The effects of including various, generally quite simple, representations of gravity 
wave drag on the evolution of the circulation of the middle atmosphere of the troposphere- 
stratosphere-mesosphere general circulation model developed at the Free University of Berlin is 
investigated. Specifically, the importance of gravity wave drag for the development of strato- 
spheric sudden warmings in the model simulations are discussed. It is shown that changing the 
form of the drag in the mesosphere of the model is unimportant for the development of the circu- 
lation below the upper stratosphere over periods of about 20 days. This is despite the important 
effects of the mesospheric drag on the climatological state of the model. Topographic gravity 
wave drag acting in the lower stratosphere can significantly affect the development of sudden 
warmings via direct effects on the local flow and the planetary wave stuctures in the stratosphere 
and troposphere. 



1. Introduction 



A series of integrations, which have been made with the troposphere-stratosphere-mesosphere 
(TSM) general circulation model (GCM) developed at the ‘Freie Universitat Berlin’, are pre- 
sented. These integrations address the problem of how gravity wave drag (GWD) affects the 
development of the stratospheric flow over periods of up to 25 days. These can thus be regarded 
as ‘extended range forecasts’. Two different ensembles of experiments are discussed, starting on 
different days of a reference integration of the model. 



Much interest has centered on the importance of gravity waves to the circulation of the middle 
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atmosphere. There are two specific aspects. First, in the lower stratosphere, it was shown (Palmer 
et ah, 1986; McFarlane, 1987) that the inclusion of a topographic GWD parametrization can 
lead to significant improvements in the performance of numerical weather forecast and climate 
models. Specifically, the force D exerted by the resolved waves does not balance the frictional 
forces and mountain torque, so that anomalous features occur in the zonal-mean (the lower polar 
stratosphere is too cold and the subtropical jet extends too high) and in the eddy fields in the 
lower stratosphere and troposphere. Inclusion of additional forcing G due to gravity waves can 
rectify this problem. Second, the problem of closing the polar night jet (PNJ) and changing the 
meridional and vertical structure of the temperature field in the mesosphere are believed to be 
directly linked to the GWD. This was demonstrated quite convincingly in a GCM by Rind et 
al. (1988), who showed the importance of including gravity waves with non-zero phase speeds, 
forced by convective activity and shear instabilities, as well as the topographic waves. 

Most integrations made with the Berlin TSM GCM (Pawson et ah, 1991; Langematz and 
Pawson, 1996) have included a very crude representation of the mesospheric GWD (Rayleigh 
friction, referred to as the force X) and have not considered the topographic GWD in the lower 
stratosphere. Indeed, Miller et al. (1989) showed how G should only be required at higher model 
resolutions, since at low resolution (e.g. T21) both the northward eddy momentum flux and the 
mountain torque are too weak and the errors cancel, so that the systematic errors found at higher 
resolution when the eddy fluxes are better represented is not present. 

Pawson et al. (1996) showed how the modeled climatology responded to changes in the meso- 
spheric drag; specifically, weakening the drag, which is applied at the uppermost levels, caused a 
direct change in the mesosphere (stronger wind) and an indirect change extending down into the 
middle stratosphere, which resembled the first mode of variability of the zonal-mean state of the 
model (Pawson et al., 1995), the model favoring a state with a stronger polar night jet (PNJ). 
These changes are consistent with the diagnostic concept of ‘downward control’ (Haynes et al., 
1991). However, increasing the depth over which the drag was active led to a different type of 
change. In a second experiment, the drag profile was extended downwards, so that it acted in the 
entire mesosphere. Then, the differences in X led to a response in the planetary wave structures, 
which changed D (the zonal-mean zonal component of D); the consequence was a significantly 
different structure of the zonal-mean zonal wind {u) which extended into the troposphere. 

The current study complements that of Pawson et al. (1996) in that the short-term (up to 25 
day) response of the model to changing the representations of GWD is examined. In section 2 the 
model is described, the emphasis being on the GWD parametrizations used. The experimental 
design is presented in section 3. The results are shown in section 4. Finally, the results are 
discussed and summarized. 




329 



Table 1. The parameters used in each of the integrations for the Rayleigh friction coefficients, as defined 
by Eq. (1). 



Run 


7i 

(days-^) 


72 

(days“^) 


Zi 

(km) 


^2 

(km) 


PSS 


Comments 


1 


0.0 


0.250 


78.0 


6.3 


No 


Reference run 


2 


0.0 


0.125 


63.0 


7.5 


No 




3 


0.0 


0.250 


78.0 


6.3 


Yes 


PSS at all levels 


4 


0.0 


0.250 


78.0 


6.3 


Yes 


PSS for p < 5 hPa 


5 


0.0 


0.250 


63.0 


7.5 


No 


Drag on waves only 



2. Model description 

The Berlin TSM GCM is based on the global, primitive equations using a spectral representation 
of the horizontal structure. In the current study it was integrated at T21 resolution, which has a 
spatial resolution of AA x A<^ ~ 5.6° x 5.6° on the equivalent Gaussian grid. Physical tendencies 
are determined on this grid, using a comprehensive package of physical parametrizations, based 
on the troposphere of the Hamburg climate models (Roeckner et al., 1992), with the radiation 
schemes of Fouquart and Bonnel (1980), Shine and Rickaby (1989), Strobel (1978) and Morcrette 
(1991), implemented as appropriate in the troposphere, stratosphere and mesosphere as described 
in Pawson et al. (1996). 

The TSM GCM has 34 levels and uses the hybrid coordinate system described by Simmons and 
Striifing (1983). The transition from sigma to pressure coordinates takes place in the troposphere 
and above 50 hPa all levels are based on pressure; the vertical resolution in the stratosphere is 
about 3.5 km, decreasing in the mesosphere (Pawson et al., 1996). Subgrid-scale drag is repre- 
sented at the highest levels using a Rayleigh-friction parametrization as in Holton and Wehrbein 
(1980), with horizontal drag X = (X,Y) = -j(z) x (it,?;), where u and v represent the eastward 
and northward velocity, and the linear coefficient is given by: 

l{z) = 7i + 72 X tanh ^ . (1) 

The strength of the drag can be adjusted by varying the parameters 71 and 72, while the level 
and the depth over which it acts is determined by z\ and ^2- 

No other representation of sub-gridscale drag has previously been used in the TSM GCM, al- 
though various GWD schemes have been implemented and tested for various reasons. The Palmer 
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Figure 1. Vertical structure of the Rayleigh friction coefficient 7 , shown on the model levels, for exper- 
iments one (solid line) and two (dashed line). 



et al. (1986) scheme for topographic GWD was provided with the model, although following the 
results of Miller et al. (1989) it was not included at the low horizontal resolution usually used 
(e.g. Langematz and Pawson, 1996). A similar scheme was used by Rind et al. (1988) in their 
model, where traveling gravity waves were also included. 

3. Experiment design 

In order to obtain some degree of confidence about the results, an ensemble of short experiments 
was started using different structures of GWD. It proved adequate to perform just two 25-day sets 
of ‘extended prediction’ experiments, which were spawned from the control integration described 
in Pawson et al. (1996) several days before sudden warmings occurred. The intention was to 
investigate how changes in the GWD affect the development of the fiow sufficiently to hasten or 
delay the occurrence of stratospheric warmings. This is then a complementary study to Pawson et 
al. (1996), where the effects of changing the mesospheric drag on the long-term mean state of the 
TSM GCM was investigated. The seasonal cycle was not included in this study; the experiments 
are short enough for this to be of secondary importance. (Further, the reference integration was 
made under perpetual January conditions.) 

The form of the drag used in the five runs of both experiments is summarized in Table 1. Exper- 
iment 1 is the control integration, where X is restricted to the top few model levels. In experiment 
2 the drag is deeper, extending down to the stratopause. The two profiles of 7 are shown in Fig. 1. 
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In experiments 3 and 4 the Palmer et al. (1986) topographic GWD parametrization was used, in 
conjunction with the weaker Rayleigh friction at the highest model levels; these two experiments 
differ in that the drag G is set to zero for p > 5 hPa in experiment 4, so that no forcing occurs be- 
low the upper stratosphere (note that this results in a slight loss of total energy from the model) . 
Finally, experiment 5 uses the deeper profile of 'y(z) but only applied to the zonally-asymmetric 
part of the field. The two initial fields for the experiments were taken from days (A) 603 and (B) 
783 of the reference integration. Note that this long perpetual January integration underwent 
several large oscillations, similar to those discussed in Pawson et al. (1995), only that the current 
version of the TSM GCM is capable of simulating major stratospheric warmings (Erlebach et al., 
1996). In experiment set A a major warming was simulated, while in set B only minor warmings 
occurred. 

4. Results 

The evolution of u at 10 hPa (Fig. 2a) illustrates the occurrence of a major stratospheric warm- 
ing on day 12 of experiment Al. Experiment B1 (Fig. 2b) commenced near the peak of a minor 
warming, after which the PNJ partly recovered (day 6), followed by a further minor warming 
which peaked on day 14. 

The four perturbed integrations used the deeper 7 profile applied to the entire velocity field 
(A2, B2) or just the eddy component (A5, B5). The shallow 7 was used with the Palmer et al. 
(1986) parametrization of topographic GWD at all levels (A3, B3) and at pressures lower than 
5 hPa (A4, B4). In all cases when 7 was changed in the mesosphere there was no significant 
effect on the evolution of the stratospheric flow, especially the timing of the warmings (Table 2). 
This is because D dominates the forcing and the planetary waves originate in the troposphere. 
The changes in the mesospheric drag require a finite time to propagate downwards into the 
stratosphere. 

However, in experiments A3 and B3 there were significant changes in the stratospheric flow 
Table 2. Days of occurrence of the major (series A) and minor (series B) warmings. 





1 


2 


3 


4 


5 


A 


13 


12 


23 


12 


13 


B 


2,15 2,15 


5 


2,16 2,15 
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Figure 2. Time series (days 1-25) of u at 10 hPa in the northern hemisphere for experiments (a) A1 
and (b) Bl. The contour interval is 10 ms“^, with easterlies shaded light gray. Note that the time axis 
starts at 06UT on the first day and ends after 24 complete days, at OOUT on the 25th day. Data were 
saved four times daily and the ‘running diurnal mean’ is shown. 



(Table 2). The major warming is examined more detail. Experiments A1 and A3 commenced 
from the u in (Fig. 3a), with a strong westerly PNJ. In Al, this was been replaced by strong 
easterlies on day 12 (Fig. 3b). These reach 70 ms“^ at 60 km and 60®N. In A3 u is quite different 
(Fig. 3c) as the strong easterly winds have not developed at high latitudes. The PNJ is weaker 
but it takes a further 10 days for the wind reversal at 10 hPa, 60®N to occur (Table 2), by which 
time the westerly jet has already started to reform at higher levels (Fig. 3d). 

Averaged over days 1-12 of Al, D reaches —45 ms“^ in the lower mesosphere near 60®N (Fig. 
4a). This is almost twice as strong as in A3 (Fig. 4b), revealing that the planetary waves have 
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(o) A1, initial field (b) A1, day 12 
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(c) A3, day 12 (d) A3, day 22 
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Figure 3. Zonal-mean cross sections of U in experiment A, for (a) the starting day; (b) day 12, experiment 
Al; (c) day 12, experiment A3; (d) day 22, experiment A3. The contour interval is 10 ms~^, with easterlies 
shaded light gray and values of u between 40 and 50 ms~^ are shaded dark gray. 



been affected by including the topographic GWD, whose direct contribution of (G) to the forcing 
averaged over days 1-12 of A3 (Fig. 4c) reaches 20 ms“^day"^ in the mesosphere but is quite 
small in the stratosphere. The mean value of D over days 13-22 of A3 (Fig. 4d) shows easterly 
forcing, which is only strong in the high latitude mesosphere. 

Whereas the planetary wave forcing in Al forces strong easterlies after 12 days, the topographic 
GWD in the lower stratosphere leads to a decrease of this eddy forcing and a delay of the major 
warming, which takes a different form in A3. 

Similar results were found in the B-experiments. Changing 7 had almost no effect on the 
evolution of the lower stratospheric zonal-mean flow over the 25 days of the experiment. Use of 
topographic GWD at all levels led to strong changes (e.g. Table 2). 
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(a) A1: D 1-12 




(c) A3: G 1-12 




(b) A3: D 1-12 




(d) A3: D 13-22 




Figure 4. Zonal-mean cross sections of the forcing of u in experiment A, for (a) D, experiment Al, the 
mean for days 1-12; (b) D, experiment A3, the mean for days 1-12; (c) G, experiment A3, the mean for 
days 1-12; (d) D, experiment A3, the mean for days 13-22. The contour interval is 5 ms“May~\ with 
negative (easterly) values represented by dashed lines. 



5. Discussion and conclusions 

In this study the effects of changing the GWD on the evolution of the zonal-mean flow over 
periods of up to 25 days has been examined. This was presented in terms of the influence of 
the GWD on the forecasting of minor and major stratospheric warmings which occurred in the 
reference integration of the TSM GCM. The results can be summarized as follows. Changing the 
representation of the drag at high levels (p = 5 hPa and lower) had only a small influence on the 
development of the flow in the lower and middle stratosphere (p > 10 hPa). This contrasts with 
the effects on the climatological structure discussed by Pawson et al. (1996), where changing the 
form of the mesospheric drag affected the entire atmosphere through direct and indirect effects. 
The direct effect involves a change in the forcing of u, a corresponding change in the mean 
meridional circulation, and a consequent downward communication into the stratosphere; it is 
consistent with the idea of downward control (Haynes et al. 1991) when the long-term mean is 
considered. The indirect influence arose because 7 also acts on the zonally-cisymmetric component 
of the velocity, so that changes in 7 lead to a different structure in D. 

Only when the drag acted in the lower stratosphere were any significant changes in the meso- 
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spheric flow detected. Then, in experiment series A, the timing and nature of the major warming 
was affected. In series B the minor warming was delayed. The lower stratospheric GWD has a 
direct influence on the planetary waves, consequently modifying their forcing D of the zonal-mean 
flow, leading to large changes in the temporal development in the model. 

The current study provides a preliminary look of the effects of gravity waves in the Berlin TSM 
GCM. Future work using more contemporary parametrizations of gravity wave drag is planned. 
Both the transient and climatological influences will be studied. 
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ABSTRACT. This paper discusses simulations of the global circulation up to 0.01 mb 
obtained using a general circulation model with an imposed zonal wind relaxation that forces 
the zonal-mean state close to observations. This enables estimates to be made of the zonal 
drag required to bring general circulation model simulations of the middle atmospheric 
circulation Into line with observations. The diagnosed drag is then compared with results 
from the LIndzen (1981) parameterization of wave drag from unresolved gravity waves. With 
reasonable values of the wave input parameters, the parameterization can capture many of 
the features of the diagnosed drag distribution, but only if some modification of the LIndzen 
procedure is adopted to allow the region of parameterized wave breaking to extend to lower 
heights. 



1 . Introduction 

General circulation models (GCMs) have typically simulated middle atmospheric climates 
that are closer to radiative equilibrium than observed. This has been a concern from the 
earliest studies that were made using comprehensive models that extended significantly 
above the tropopause (e.g., Manabe and Mahiman, 1976). It seems reasonable to ascribe 
these difficulties to the absence of unresolvably small gravity waves (GWs) in the model, and 
thus to suppose that models will need parameterizations of the effects of unresolved waves. 
A truly first-principles approach to this problem Is not remotely possible at this time, however, 
and any GW parametrizatlon will require considerable tuning to make it function so that it leads 
to a realistic model simulation. This paper reports on an attempt to estimate the detailed 
requirements for a GW parameterization In a particular troposphere-stratosphere- 
mesosphere GCM. Then in Section 5 the adequacy of one currently proposed GW 
parameterization in reproducing the required effects will be considered. 

2. The Model 

The GFDL SKYHI model has been described extensively in a number of earlier 
publications (e.g.. Pels et al., 1980; Hamilton et al., 1995; Hamilton, 1995a,b). The version 
considered here has 3®x3.6° horizontal resolution and 40 levels In the vertical from near the 
ground to 0.0096 mb (~80 km). Ozone amounts, cloudiness and sea surface temperatures 
are all prescribed to reasonable climatological values. The standard version of the model has 
no parameterization of any subgrid-scale gravity wave effects. This version of the model has 
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been integrated for more than 25 years, and the resulting climatology has been documented 
In Hamilton et al. (1995) and Hamilton (1995a,b). These studies showed that the model has 
serious systematic biases in the middle atmospheric circulation. The problems are particularly 
severe In the SH In the Austral winter and spring seasons. The June-August (JJA) mean 
temperatures near the South Pole in the model are much lower than observed, by as much as 
70°C near 1 mb. The simulated polar night jet Is much too strong (peak zonal-mean JJA- 
mean winds -170 m-s'\ vs. -80 m-s'^ for observations). In the Austral spring the SH vortex 
breakdown is very significantly delayed in the simulation (Mahiman et al., 1994). The NH 
winter simulation has a similar problem, but it Is much less severe. The simulated North Pole 
December-February (DJF) temperatures appear to be as much as 20° lower than 
observations, and the climatological NH winter vortex in the model is confined too tightly near 
the pole. 

The present study began with a set of calculations designed to determine the zonal drag 
that must be added to the model to enable It to accurately reproduce the observed seasonal 
cycle of wind and temperature over the entire domain. Only zonal drag effects are considered, 
so both drag on the meridional flow and any possible contributions from a GW 
parameterization to small-scale turbulent mixing are Ignored. 

3. Design of the Drag Experiments 

The model was run with an extra term In the zonal momentum equation, a simple linear 
relaxation of the zonal-mean wind to a prescribed distribution Uq. 



The overbar denotes the zonal average. The relaxation rate a Is a specified function of 
pressure and latitude, while the Uq field depends on pressure, latitude and time of year. Uq 
was determined by fitting six harmonics of the annual cycle to the 12 monthly mean observed 
u climatologies given by Fleming et al. (1988). The application of this procedure Is 
straightforward In the present grid-point model which solves the horizontal momentum 
equations explicitly - a similar approach might be more difficult to implement In a model solving 
for the vorticity and divergence. Three cases have been considered. The distribution of a as 
a function of pressure is shown in Fig. 1 for both Case 1 and Case 2. The drag in Case 1 
covers the entire region above 320 mb, but Is quite weak at low levels and increases with 
height. At the top few levels the relaxation timescale is 8 hours. The relaxation rate in Cases 
1 and 2 does not depend on latitude. Case 2 differs from Case 1 in having the drag limited to 
the top six levels (at and above 0.035 mb). The relaxation rate in Case 3 is the same as in 
Case 1 poleward of 22.5° latitude, but is very much reduced at lower latitudes (in fact It is zero 
equatorward of 13.5°). 

The choice of the vertical modulation of the relaxation rate was motivated by a desire to 
produce a close agreement between the simulated and observed wind and temperature field, 
but allowing as much freedom as possible for the model flow to develop fully. Unfortunately 
the requirement of close agreement requires a rather short relaxation timescale, at least in the 
mesosphere. 

Integrations for each case were started on January 1 using an initial field taken from the 
middle of the long control run. The model integration continued through March of the third 
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year for Case 1 and through April of the second year for Cases 2 and 3. The first four months 
were discarded from each integration and most of the analysis reported here is based on the 
succeeding 12 months. 




Fig. 1 . The distribution of the relaxation rate a used in the zonal momentum equation In Case 
1 (circles) and Case 2 (diamonds). 

4. Results 

The left panel of Fig 2. shows the January-mean u field for Case 1 . The imposition of the 
relaxation has obviously been quite successful in driving the simulation close to the 
observations. In particular the equatorward slope of the polar night jet axis with height Is well 
represented in the model with drag, a feature that is not well captured in the control Integration 
(Hamilton et a!., 1995). Fig. 3 shows the monthly-mean, zonal-mean temperature for the 
months of January, April, July and October for Case 1 , expressed as differences from the 
climatological observations of Fleming et al. (1988). In January and April the model with the 
Case 1 drag comes within 1 0° of the observed temperature except at the top level right near 
the poles. Note that there are global-mean differences between the simulation and 
observations at almost all levels. In particular, except in the lower stratosphere, the model 
simulation is colder than observed. Quite similar global-mean differences were seen between 
the control run and the temperature climatology of Fleming etal. (see Hamilton etal., 1995). 
In the middle atmosphere such biases likely reflect some combination of inadequacies In the 
prescribed ozone field and/or the observed temperature climatology (see Hamilton et al., 
1995). 

In July the temperature differences between the Case 1 simulation and the observations 
near the high latitude SH stratopause get somewhat larger (up to 15°). This is the remnant of 
the very severe cold pole problem that afflicts the control run In SH winter. The temperature 
bias in October is not quite so large as In July, but still exceeds 1 0° at high latitude near 40 km. 

Fig. 4 shows the time series of daily North Pole temperature at 9 mb for the two NH winters 
in the Case 1 integration. The overall evolution through the winter is in quite good agreement 
with long-term mean climatology of the annual march of temperature (Naujokat et al., 1988). 
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Of course, given the strong imposed relaxation of the mean flow, the circulation In the model 
does not develop a realistic degree of day-to-day or Interannual variability, and nothing 



January Case 1 January Case 3 




Fig. 2. The zonal-mean zonal wind distribution averaged over January for the model In Case 
1 (left) and Case 3 (right). Westerly (easterly) winds are denoted by solid (dashed) contours 
and the contour interval Is 10 m-s' . On these and subsequent panels the tick marks on the 
left hand side give the locations of the levels. The numbers on the left are heights In km for a 
standard midlatitude temperature profile. 

remotely like a sudden warming appears in the simulation. The NH stationary wave structure 
is shown in Fig. 5, which compares DJF mean 10 mb heights for observations, the SKYHI 
control run, and the Case 1 Integration. The control model results clearly show the bias of the 
mean flow towards a unrealistically tight vortex, but the phase and overall amplitude of the 
stationary wave seem reasonably well reproduced. The Case 1 integration shows a 
somewhat improved overall structure of the vortex. The stationary wave pattern in Case 1 is 
also reasonably realistic, although the location of the Aleutian high Is displaced considerably 
westward of its observed location. 

Fig. 6 shows the actual drag imposed in the Case 1 simulation averaged for each of 
January, April, July and October. In the summer hemisphere in both January and July the 
strong westerly forcing in the mesosphere is apparent. This is required to reduce the strength 
of the summertime easterly jet and to cool the summer polar upper mesosphere. 
Interestingly, there is a rather significant region of easterly forcing below the stratopause in 
both the northern and southern summer hemispheres. This may turn out to be difficult for GW 
drag parameterizations to reproduce (see next section). 

Fig. 7 shows the zonal-mean temperature deviations from observed climatology for the 
Case 2 simulation. The restriction of the drag to the region above about 60 km leads to some 
significant deterioration of the simulation at lower levels. This becomes a particular problem 
in the high latitude SH in July and October where the Case 2 upper stratospheric temperatures 
are more than 20° too cold. Of course, the Case 2 results are still a vast improvement over 
the control simulation in the SH winter and spring. A drag restricted to upper levels can close 
off the polar night jet in the mesosphere quite realistically, but leaves the upper stratospheric 
flow too strong. 

Fig. 8 displays the diagnosed drag in January, April, July and October of the Case 2 
integration. In January, April and July, the Case 2 drag looks very roughly like the Case 1 
drag, but truncated at 0.35 mb. One interesting exception Is the region of easterly drag in the 
summer hemispheres. The easterly drag regions that were mainly below 1 mb in Case 1 are 
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January Case 1 April Case 1 




July Case 1 



October Case 1 




Fig. 3. The zonally-averaged temperatures in the Case 1 experiment minus the climatological 
observed values from Fleming et al. (1988). The contour interval is 5°C and solid (dashed) 
contours denote positive (negative) values. Results for January, April, July, and October. 
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concentrated In Case 2 at the bottom of the region of nonzero a (/.e. near 0.3 mb). The 
diagnosed drag In the SH In October Is very different In Case 1 and Case 2. The very strong 



N30 Imposed Drag - Daily 9 mb NP Temperatures 
Results for Two Consecutive Winters 




Fig. 4. The daily temperatures near 9 mb in the Case 1 integration averaged over the 88.5°N 
grid row. Results from November through April during the first full winter (solid line) and during 
the second winter (dashed line). 

regions of westerly drag In the high latitude middle stratosphere (Case 1 ) or the midlatitude 
lower mesosphere (Case 2) may be particularly hard to reproduce In a GW drag 
parameterization. 

The right panel In Fig. 2 shows the zonal-mean zonal wind for January in the Case 3 drag 
experiment (i.e. with no Imposed drag near the equator). Outside of the equatorial region the 
results are almost identical to those for Case 1 , and even close to the equator the results Case 
3 results are not greatly altered from those of Case 1 (the main difference being the structure 
of the easterly tongue of extending from the summer hemisphere which Is somewhat more 
realistic In Case 1). The Implication would appear to be that the GCM can produce 
reasonable tropical simulations without any Imposed drag near the equator and that the 
results are surprisingly Insensitive to the tropical drag. These conclusions appear to be 
applicable to all months of the year. 

The approach described here to diagnose the required subgrid scale drag in a GCM has 
some obvious limitations. The strong constraint needed on the mean flow means that the 
actual evolution of the flow through the seasonal cycle will be somewhat unrealistic (for 
example, there are no sudden warmings In the NH winter, as noted earlier). This could be 
somewhat alleviated by using a nonlinear constraint on the mean flow In place of the simple 
linear relaxation adopted here. The restriction of the drag to the zonal component of the flow 
and the neglect of the possible three-dimensional modulation of the drag (e.g. by planetary 
waves in the NH winter stratosphere) are both significant approximations. The present 
procedure also obviously falls to find a unique distribution of the drag, since the results depend 
on the assumed a. This appears to be a particular problem In SH spring. Despite all these 
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Fig. 5. The December-February mean 10 mb geopotential heights from observations (top), 
the SKYHI control run (middle) and the Case 1 integration (bottom). The contours are labeled 
in 100’s of m and the contour interval is 200 m. Observations are from 17 years of daily Free 
University of Berlin analyses. The control result Is a mean of 25 years of Integration, while the 
Case 1 results are an average over two December-February periods. 
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Fig. 6. The imposed zonal drag in Case 1 . Results for January, April, July and October. The 
Interval for the heavy contours is 5 m-s'^-day’^ and solid (dashed) contours represent westerly 
(easterly) mean flow forcing. Also shown at are the 2.5 m-s’^-day"^ contours. 
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difficulties, however, the diagnosed drag can serve as a useful indication of the requirements 
of a GW drag parameterization, and can play a role in the tuning of GW parameterizations. 

5. Comparison with a Simpie Gravity Wave Drag Parameterization Scheme 

There are a number of parameterization schemes that have been proposed to account for 
the effects of unresolved gravity waves on the resolved flow. The simplest conceptually is that 
advanced by LIndzen (1981) and used extensively in various two-dimensional models (e.g., 
Holton, 1982, Garcia and Boville, 1994). In its basic form the Lindzen parameterization (LP) 
treats the gravity waves as a set of discrete, non-interacting, upward-propagating, steady, 
monochromatic waves. The wave fluxes are specified at some lower boundary (typically 
taken near the tropopause) and the fluxes are then determined using linear WKB theory, with 
the exception that the amplitudes are reduced at levels where the wave would produce 
unstable lapse rates. In terms of the vertical eddy momentum flux, the consequences of these 
assumptions are that for each wave the momentum flux p^wV is conserved except for the 
imposition of a saturation condition (written here assuming zonal alignment of both mean flow 
and wave phase propagation) 



mV < 



k(c-u)^ 

2N 



In these expressions u is the zonal wind, wls the vertical wind, k \s the zonal wavenumber of 
the wave, c Is the zonal phase speed, N is the Brunt-Vaisala frequency, the overbar denotes 
the mean flow, while the prime denotes contributions from the wave. In addition one can 
impose a constraint that p^wV be zero at ail heights above a critical level for the wave. This 
simple form allows a ready computation of the momentum flux at the discrete model levels and 
then a differencing of pJTw' between levels produces the forcing to be inserted in the zonal 
momentum equation of the model: 

Total forcing = £ ( i/p^)^p^ (5V) 

where the index j labels the discrete waves considered. Given the mean flow (/.e. resolved 
scale wind and stratification in a GCM column) and the wavenumber, phase speed and 
imposed lower boundary flux for each wave, the mean flow forcing can be computed simply. 

It seems likely that the straightforward application of the LP (/.e. treating each wave 
independently and neglecting any transience in the wave source) will result in an overestimate 
of wave breaking heights. Lindzen (1981) proposed an ad hoc modification of LP to extend 
the region of wave breaking somewhat lower. Another approach is to introduce what could be 
termed an “intermittancy factor" £, so that the imposed lower boundary fluxes for all the waves 
are multiplied by 1/e while the total forcing is multiplied by e. 

Total forcing = £e ( i /p j ^ p^ ( SV) J 

This would be a consistent LP treatment of a situation in which the waves are present for a 
fraction e of the time and completely absent the remainder of the time. Varying e will not 
change the effective total Imposed flux, but will change the level at which the nonlinear 
saturation becomes Important. 
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As part of this study a calculation was performed of the drag obtained by applying the LP 
to the mean state generated in the Case 1 integration. The parameterization has 10 waves 
with phase speeds of -50, -40, -30, -20, -10, 10, 20, 30, 40, 50 m-s'^ and each wave 
has [mV| = 0.0001 m^-s'^ at 320 mb. Each wave is associated with a zonal wavelength of 
200 km. For practical application to the model level structure a provision was made to absorb 
the flux from all the waves at the top level (i.e. not to allow any flux to escape through the 
model lid). The calculated drag using the zonal average conditions for the first half of July as 
the mean state are shown In Figs. 9 and 10. In particular. Fig. 9 displays results for a single 
column in SH midlatitudes for five different values of e. In each case the model shows strong 
effects of mean flow filtering, with weak westerly drag appearing at lower stratospheric levels 
where the Doppler-shifted phase speed of the westerly waves is small, while very strong 
easterly drag appears in the upper mesosphere where the easterly waves either saturate or 
are absorbed at the top level. The drag profile Is a strong function of e. With 8=1 or e=0.1 the 
entire easterly drag region Is confined to the top level. With smaller values of s the drag region 
extends further downward. It is striking just how small e has to be to spread the mesospheric 
drag over a height range comparable to that diagnosed from the imposed drag experiments. 
Of course, changing the kfor the imposed waves has the same effect as changing e. Thus 
Including very long horizontal wavelength waves In the input spectrum could allow a 
somewhat larger value of e to be used. Of course this Is a problematic issue for GCMs which, 
in principle at least, can explicitly resolve sufficiently long GWs. 

Fig. 10 shows the height-latitude distribution of the drag in the case 8=0.001 . The overall 
distribution has some resemblance to the diagnosed July drag in both the Case 1 and Case 2 
experiments (Figs. 6 and 8). In particular, both the LP result and the diagnosed Case 1 and 
Case 2 drag distributions in the SH mesosphere display a strong easterly drag peaking at 
values -30-40 m-s"^-day'^ in midlatitudes at the second highest model level. The diagnosed 
westerly drag peaking at the top level in the NH mesosphere is also roughly reproduced in the 
LP result. Missing from the LP drag is the region of diagnosed easterly drag In the NH upper 
stratosphere (Case 1) or lower mesosphere (Case 2). The LP predicts a region of much 
smaller (in acceleration units) easterly drag in the NH middle stratosphere. 

These results are based on an assumption of a geographically-invarlant Input spectrum. 
In general there is no reason why the input parameters should not vary substantially with 
location and time of year. In practice with a sufficiently small 8 and freedom to adjust the input 
spectrum, inclusion of the LP in a model should allow a very realistic middle atmospheric zonal 
mean temperature distribution to be obtained, at least in the solstitial seasons. 

6. Conclusion 

The calculations of the zonal-mean zonal drag needed to force the model Into agreement 
with observed climatology produced results that In many respects are In accord with the 
simplest notions of how GWs propagating upward from the troposphere ought to interact with 
the mean flow. The easterly (westerly) drag in the extratropical winter (summer) mesosphere 
is what would be expected to result from the filtering of the wave spectrum during propagation 
through the polar night (summertime easterly) jet and subsequent wave breaking at high 
levels. These basic results for the summer and winter mesosphere seem to be independent 
of the choice of relaxation rate (at least within the range of possibilities considered here). 
While this is encouraging, there are some more problematic features apparent when the 
diagnosed drag results are examined in detail and actually compared to the predictions of a 
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Lindzen 10 Wave 43.5°S July 

-150 -100 -50 0 50 




Fig. 9. The drag provided by the 10 wave Lindzen scheme described in the text. Results for 
43.5®S using a mean state from the Case 1 run averaged over the first half of July. Results 
are presented for e of 1 ., 0.1 , 0.01 , 0.001 and 0.0001 . Note the change in the scale for the 
drag between the upper and lower panels. The curves for e=1 and e=0.1 are identical in the 
upper panel. 




Fig. 1 0. The drag provided by the 1 0 wave Lindzen scheme described in the text with e=0.001 . 
Results obtained using the mean wind and temperature distributions from the Case 1 run 
averaged over the first half of July. Contour intervals as in Fig. 6. 
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A striking aspect of the diagnosed drag in all seasons is its considerable depth through the 
middle atmosphere. Limiting the drag even to the top 20 km of the model domain (i.e. Case 
2) leads to a significant deterioration In the simulation. The simplest parameterization of the 
GW drag In terms of noninteracting quasl-linear waves is unable to reproduce the deep region 
of diagnosed drag. A critical issue for future research is whether a more realistic treatment of 
the subgrid scale gravity waves can produce significantly lower breaking heights for the waves 
and hence a sufficiently deep region of parameterized drag. 
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Abstract 

The Doppler spread parameterization is used to represent the effects of a background spectrum 
of non-orographic gravity waves in the Canadian Middle Atmosphere Model. Two versions of 
the Doppler spread parameterization are used, differing only in the range of the vertical wave 
number part of the input spectrum. Results from seasonal simulations made with combinations 
of Doppler spread and orographic gravity wave drag parameterizations are discussed and 
compared with those made with the basic version of the model which contains an orographic 
gravity wave drag parameterization but no explicit parameterization for non-orographic waves. 
Results obtained indicate that the Doppler spread parameterization brings about a number of 
improvements in simulations of the zonal mean structure of the middle atmosphere including 
closing of the mesospheric jets and reversal of the mean zonal winds above the mesopause in 
middle and high latitudes. 

1. Introduction 

The importance for the general circulation of the middle and lower atmosphere of the transport 
and deposition of angular momentum by vertically propagating gravity waves is now well 
known. Since the relevant portions of the gravity wave spectra can not be resolved by most 
existing atmospheric general circulation models (AGCMs) their effects on the resolved 
circulation must be parameterized. Gravity wave fields in nature have complex structure and 
this adds difficulty to the problem of parameterizing their effects in AGCMs. 

Most of the practical parameterization schemes in current use employ a simplified form of linear 
wave theory in combination with a wave saturation hypothesis, such as that of Lindzen (1981) 
as a basis for representing the effects of dissipation and the associated exchange of momentum 
between the waves and the background flow (assumed resolved in AGCMs). This approach has 
been used in a fully three-dimensional context for parameterizing the effects of orographic 
gravity waves in AGCMs (Palmer et al, 1986; McFarlane, 1987) and in some cases possibly for 
other sources as well following the approach used earlier in mechanistic models of the middle 
atmosphere (Holton, 1983; Garcia and Soloman, 1985). However extensive observational work 
in recent years (e.g. Allen and Vincent, 1995; Fritts and VanZandt, 1993; Dewan and Good, 
1986) suggest that gravity wave fields in the middle atmosphere have a typical spectral structure 
which is consistent with the existence of a continuous spectrum of waves such that the high 
vertical wave number portion has a slope that is nearly invariant. 
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In recent years theoretical models have been proposed to account for the observed spectral 
structure of gravity wave fields in the middle atmosphere and these have in turn led to new 
parameterization proposals which are just beginning to be applied practically as the basis of 
parameterization schemes in AGCMs. Among these are the schemes of Fritts and Lu (1993), a 
parameterization based on the Doppler Spread theory (Hines, 1996a,b and also in this volume), 
and one based on the recent work of Medvedev and Klaassen (1995) (also in this volume). 

In this paper we show selected results from an application of one of these schemes, the Doppler 
Spread Parameterization (here designated DSP), in the Canadian Middle Atmosphere model. As 
this work is still preliminary and exploratory in nature we have chosen to use the DSP only to 
represent a broad background spectrum of gravity waves which fall into the category of extro- 
waves in the terminology used by Hines (1996a,b). In addition to the DSP we also include a 
separate parameterization of the effects of orographic gravity waves using the basic approach 
of McFarlane, 1987. In the work discussed here these two parameterizations were not directly 
coupled to each other, although an eventual goal is to do so, perhaps as suggested by Hines, 
1996b. 

2. Description of the Model, Parameterizations, and Numerical Experiments 

2.1 The Canadian Middle Atmosphere Model. 

The numerical model used in this study is and upward extension of the third generation spectral 
AGCM of the Canadian Centre for Climate Modelling and Analysis. While still developmental, 
the version of this model used as a basis for the upward extension to encompass the middle 
atmosphere is similar in its basic structure to the current operational second generation model 
documented by McFarlane et al (1992). However the third generation model has improved 
treatment of various physical parameterizations and an increased vertical resolution in the 
troposphere. 

Here we provide only a brief description of the version of this model that has been constructed 
for use in middle atmosphere studies. It is described in greater detail by Beagley et al (1996). It 
is sufficient to note here that the vertical domain of the model is such as to encompass the region 
between the surface and the mesopause. A total of 50 levels is employed, arranged in such a way 
as to provide relatively high resolution in region of the planetary boundary layer with resolution 
decreasing with height to the lower stratosphere. From there to the top of the model it is roughly 
uniform with an effective resolution of roughly 3 km with the uppermost model level being 
located at an elevation of roughly 96km above sea level. The upper boundary of the model is at 
a finite pressure (.06 Pa) and a boundary condition of vanishing vertical mass flux is imposed 
there. In the spectral domain a triangular truncation at 32 waves (T32) is employed. 

2.2 Parameterization of gravity wave drag. 

In normal use the Canadian middle atmosphere model (CMAM) includes the orographic gravity 
wave drag parameterization of McFarlane (1987). However it does not include an explicit 
parameterization of the effects of gravity waves with non-zero phase speeds that are excited 
from other tropospheric sources. It does however employ a Rayleigh damping sponge layer in 
uppermost two density scale heights of the model. The damping coefficient increases 
quadratically with height from zero at a height of 80km above the surface to a maximum of 
3.5 X 10 ^ sec"^ 
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While the main purpose of the sponge layer is to absorb resolved upward propagating waves 
that may otherwise undergo spurious reflections, the drag force it produces mimics, imperfectly, 
those that are produced by more physically based gravity wave drag parameterizations. 
However as is well known, such Rayleigh damping schemes, being relaxational in nature, are 
unable to simulate those aspects of the gravity wave drag process that bring about certain well 
known features of large scale circulation in the middle atmosphere, such as the flow reversals 
in mean zonal wind field that are found at middle and high latitudes near the mesopause. The 
DSP, being physically based, can in principle improve the simulation of these features of the 
circulation. 

The DSP will not be described in detail here as that is done in other papers in this volume (see 
those by Hines and McLandress). The scheme has been implemented in the CMAM following 
the basic approach suggested by Hines (1996a,b) in which the initial input spectrum is assumed 
azimuthally isotropic and is discretized using 8 azimuths. The total energy content in the initial 
spectrum is specified in terms of the total variance of the horizontal wind and the vertical wave 

number (m) part is taken to follow a simple power law as mj in the small m part of the spectrum 
for each azimuth beginning at a specified lower value and terminating at a high wave 
number cut off defined below the turbopause as 

m., = + + 



where the subscript i denotes an initial value, defined at a specified reference level, Oj is the 

rms wind fluctuation in the jth azimuth, is the total rms wind fluctuation, and Vj is the 

component of the background horizontal velocity in the jth direction. As noted by Hines (1996a) 
this quantity must be constrained to decrease or remain constant with height and be further 
bounded in the region of the turbopause by a vertical wave number imposed by molecular 
viscosity. Evaluation of this quantity requires specification of an effective horizontal wave 
number which is taken to be a constant, independent of azimuth and given the value 

= 7. xlO ^J. This value is also used in specification of the integral of the horizontal 
wave number spectrum, required to evaluate the vertical momentum flux of the gravity wave 
ensemble. (Hines, 1996a, see also Mengel et al, 1995; and McLandress, this volume). 

In all of the test simulations that have been performed using the DSP the constant factors <I> ^ 
and O 2 have the values 1.5 and.3 respectively and s=l. Also the initial gravity wave source is 
located at the surface with an rms velocity (a^. ) of 1 m/s. It is also assumed that the background 
wind vanishes at that level and this has the effect of eliminating intro-waves (Hines, 1996a). 

2.3 Simulation experiments 

A 3-year reference simulation (REF) with the basic version of the CMAM has been completed 
recently. Results of that simulation are discussed in some detail by Beagley et al (1996). Here 
selected results from this simulation are presented in order to illustrate some of the effects of 
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introducing the DSP. As mentioned above the dominant drag mechanisms in the mesosphere in 
this simulation are due to the orographic gravity wave drag parameterization and Rayleigh 
friction. 

The first seasonal simulations using the DSP were carried out with set to zero. It was 

hoped that with use of the DSP it would be possible to remove the Rayleigh damping. However, 
it was found that implementation of the DSP produced rather large effects near the top of the 
model. Some of these were possibly related to the amplification of the tides (see the paper by 
McLandress in this volume). In order to maintain computational stability at a reasonable value 
of the time-step the Rayleigh damping was retained for these experiments. A single year 
simulation (DSPZS) has been completed and selected results from it for the simulated time and 
zonal mean winds and temperatures for January and July are discussed below. 

Near the top of the model the wave driving effects of the DSP are associated with obliteration 
of waves with small vertical wave numbers. However an argument can be made for limiting the 
amount of energy in this part of the spectrum, either by specifying a finite positive value for the 
minimum wave number and/or by using a larger value for the power, s. (Hines, 1996b). The 
third shorter (3 month) simulation that we will discuss below (denoted DSPNZS) retains the 
value of unity for s but imposes a finite value of l/(3km) for . 

The recent work of Shepherd et al (1996) has shown that the use of a Rayleigh damping sponge 
for the zonal mean flow may have the undesirable effect of significantly reducing the impact of 
any physically based drag scheme that is imposed in the upper part of the model. Motivated by 
the results discussed in that paper we have chosen also, in the DSPNZS simulation, to allow the 
Rayleigh damping to act only on the deviations of the horizontal velocity field from its zonally 
averaged value at a given height and latitude. 

3. Results 

The gravity-wave drag parameterizations in the CMAM are applied locally in space and time. 
Clearly this allows for the spatial variability of the orographic gravity wave excitation to be 
taken into account and affect the structure of the planetary waves as well as that of the mean 
flow. Previous studies (e.g. McLandress and McFarlane, 1993) have shown that the planetary 
wave structure in the middle atmosphere can be affected in important ways by this process. 
Although the source spectrum for the DSP is not spatially variable, the effects of the DSP on 
the background flow have considerable spatial and temporal variability associated with the fact 
the gravity waves represented by it propagate vertically through the spatially and temporally 
varying flow field simulated by the CMAM. 

It is beyond the scope of this study to examine in a comprehensive way the effects of 
parameterizing the effects of gravity wave driving in the CMAM. However some of the 
interesting features of these effects can be illustrated by examining the simulated zonal mean 
wind and temperature fields. Here we confine attention to the simulations for January and July. 

The mean zonal wind and temperature fields in the extra-tropical middle atmosphere vary 
considerably on inter-annual time scales in the observed climate. This is also true for that 
simulated by the basic version of the CMAM as is illustrated in Figure 1. which depicts the 
zonally and temporally averaged zonal wind fields for each of the three Januarys of the REF 
simulation. The wind structure is depicted for the entire vertical domain of the model, including 




355 



the sponge layer. Note that, contrary to observations (not shown but see Fleming et al, 1990), 
the zonal winds do not reverse above the mesopause at high latitudes. 

The zonal wind structure has distinct features in each of the Januarys of the simulation.The first 
two reflect the effects of warmings, one of which occurred in the lower stratosphere during the 
first January (upper panel), and a second one in the second January in the upper stratosphere 
(middle panel). Perhaps for that reason, the wind structure on the region below the 80 km level 
for the second January is qualitatively most similar to the observed mean zonal winds in the 
northern hemisphere (Figure 3). The other two January simulations have mesospheric jets in 
that region which are significantly different, being substantially stronger and closer to the pole. 
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The mean zonal wind field for July do not show strong variation from year to year in the REF 
simulation. The mean of this field for the three year ensemble (Figure 2, upper) illustrates 
clearly that simulations made with this version of the CMAM have systematic biases in this 
season. In particular, mesospheric jet maximum in the southern hemisphere is too strong by a 
factor of two and located too close to the pole. The overall structure of the mean zonal winds in 
the summer hemisphere is more realistic though magnitudes are also somewhat too high. Also 
notable is the lack of a reversal in the mean zonal wind at high latitudes just above the meso- 
pause. There are corresponding biases in the temperature field, shown in figure 2 for the region 
below the sponge layer Note that the stratopause in the southern hemisphere polar region is 
higher and colder than observed and the lower stratosphere in that region is also colder than 
observed (Figure 4). 





Figure 2. Zonal and time mean zonal component if the wind (upper) and temperature (lower, 
surface to 0.01 hPa)) for the REF simulation for July. Upper panel: contour interval is 10 m/s. 
Lower panel: contour interval is 10 K. 
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Also the axis of the westerly jet remains predominantly vertical with little evidence of the 
equatorward tilt with height as seen in the observations. 



Jan. Zonal Wind (Obs.) 




Jul. Zonal Wind (Obs.) 




90N 60N 30N 0 30S 60S 90S 

Latitude 



Figure 3. Observed mean zonal winds for January and July in the region between the surface 
and the mesopause from the CIRA86 data set (Fleming et al, 1990). Contour interval: lOm/s. 
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Jan. Temperature (Obs.) 




Latitude 



Jul. Temperature (Obs.) 




Figure 4: As in Figure 3 except for Temperature. Contour interval: 20 K 



Simply adding in the DSP alleviates but does not remove some of the systematic bias in the 
zonal wind field. This is seen in Figure 5 which depicts the mean zonal flow field in the full 
vertical domain in the model for January and July of the single year of the DSPZS simulation. 

A notable difference from the REF simulations is that introduction of the DSP does bring 
about a reversal of the winds just above the mesopause. In the northern hemisphere in January, 
in agreement with observations, this effect does not extend all of the way to the pole. Apart 
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from this the zonal wind structure for January at high latitudes in the northern hemisphere is 
qualitatively similar to that of the first January of the REF simulation, although the strength of 
the mesospheric jet in the northern hemisphere is somewhat weaker. In view of the variability 
in this season seen in the REF simulation this difference may not be significant. The secondary 
wind maximum in the vicinity of the tropical mesopause in both January and July is associated 
with an enhancement of the mesospheric semi-annual oscillation in the zonal wind field that 
occurs when the DSP is used. This effect has also been noted in other studies which used the 
DSP (Manzini et al, this volume). 




latitude 

Figure 5. Mean zonal winds for January (top) and July (bottom) of the DSPZD simulation. 
Contour interval: 5m/s 
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The remaining most notable feature associated with introduction of the DSP is a modest (40 mJ 
s) reduction in the strength of the zonal jet in the southern hemisphere in July. However this is 
only about half what is needed to bring the simulated flow into better agreement with observa- 
tions. 

The zonal mean drag forces associated with parameterized processes are shown in separated 
component form in Figures 6 and 7. In addition to the relatively large contributions from the 
DSP (more than 100 m/s/day above the mesopause) and the orographic gravity wave drag, 
there is also a relatively small contribution due to vertical diffusion and a substantial contribu- 
tion due to Rayleigh damping in the sponge layer (lower left panels in Figures 6 and 7). The 
model also has a scale selective horizontal diffusion process. The contribution due to this proc- 
ess (not shown) is relatively small. 

As indicated above, Rayleigh damping was retained in the DSPZS simulation in part because it 
tends to counteract the effects of the DSP near the top of the model and helps to maintain com- 
putational stability for the chosen time step for the model (15 minutes). While this counterveil- 
ing drag effect is apparent near the top of the model it is also apparent from Figures 6 and 7 
that Rayleigh damping also complements the DSP, particularly in the region just above the 
mesopause in the summer hemispheres where the drag due to the DSP increases rapidly with 
height. 

The recent study of Shepherd et al. (1996) examines the effect of coupling between a Rayleigh 
damping sponge layer and other (presumably physically based) drag forces that may have a 
maximum contribution below or within the sponge layer in middle latitudes. They show that, 
in the absence of Rayleigh damping, the meridional circulation which develops as part of the 
steady state response to and imposed drag force in the middle atmosphere is confined to the 
region below the imposed drag force. The associated temperature response is also confined to 
the region and has a dipole structure. Both of these effects are the expected features of the 
“downward control” response first discussed in detail by Haynes et al (1991). However, intro- 
duction of the sponge layer gives rise to a counterveiling drag force that maintains an upward 
component of the meridional circulation response in the region above the imposed forcing and 
an associated temperature response which is of the opposite sign and comparable magnitude to 
that in the region below it. More relevant still to the present study is the finding that when the 
imposed forcing is within the sponge layer the response to it is distorted and diminished by the 
Rayleigh damping. 

The results referred to above from study of Shepherd et al. are obtained using a simplified 
model in which the imposed drag force is a specified function of height and latitude. In reality 
of course there is a coupling between the drag force and the response to it that comes about as 
a result of the dependence of the parameterized forces on the background flow. A further com- 
plicating factor is that the physical drag parameterizations act in a fully three dimensional 
sense in the CMAM and so also may induce a non-zonal response which is not discussed here 
but may be manifest in a change in the resolved planetary wave drag on the mean zonal flow 
(see for example McLandress and McFarlane, 1993). However, Shepherd et al. do also show 
results of numerical experiments with the CMAM, using an additional localised type of drag 
formulation which acts only in regions of strong winds, that are consistent with the results of 
the simplified model. 

In view of the likelihood that the Rayleigh damping in the sponge layer distorts the response to 
physically based gravity-wave drag parameterizations that have been introduced into the 
model the most desirable way of dealing with this problem would of course be to remove it 
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altogether. However, in view of the computational difficulties mentioned above this proved not 
to be practical. We have instead compromised by removing its effect on the zonal mean part of 
the flow as discussed above, and, as also discussed above we have imposed a finite lower cut- 
off wave number in specifying the initial vertical wave number spectrum while maintaining its 



Orographic GWD (2.5 m/s/day) Non-Orographic GWD (5.0 m/s/day) 




Sponge Drag (5.0 m/s/day) Vertical Diffusion (5.0 m/s/day) 




Figure 6. Mean zonal components of parameterized drag forces (per unit mass) for January of 
the DSPZS simulation. 
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Orographic GWD (2.5 m/s/day) 




Sponge Drag (5.0 m/s/day) 




Figure 7. As in Figure 6 but for July. 



Non-Orographic GWD (5.0 m/s/day) 




Vertical Diffusion (5.0 m/s/day) 




total energy content. This has the added advantage of reducing the magnitude of the contribu- 
tion from the DSP near the top of the model while enhancing it lower down. 
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The mean zonal wind for July for this case (DSPNZS), shown in the upper panel of Figure 8, is 
qualitatively similar to that for the DSPZS simulation. Although there is a slight reduction (rel- 
ative to the DSPZS case) in the strength of the mesospheric winds at high latitudes in both 
hemispheres this may not be significant. The enhancement of the zonal wind maximum at the 
equator may be significant however. 





Figure 8. Mean zonal winds(top) and temperatures (bottom, as in Fig. 2) for July for the DSP- 
NZS simulation. Contour intervals: winds, 5m/s; temperatures, lOK. 

The temperature structure for this simulation (Figure 8, bottom) is more realistic in most 
respects, relative to the CIRA86 observations (Figure 4) than is that of the REF simulation. For 
example the stratopause at the south pole is both lower and warmer. In fact temperatures are 
slightly higher throughout the stratosphere in the south polar region. In contrast, the strato- 
pause is slightly colder in the northern hemisphere polar region. The mesopause is substan- 
tially colder in the north polar region and in fact the slight warm bias there, relative to the 
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CIRA86 observations, in the REF simulation is replaced by a cold bias in the DSPNZS simula- 
tion. 

The zonal mean of total drag for this simulation (Figure 9) is comprised almost entirely of con- 
tributions from the DSP and the orographic gravity-wave drag parameterization. Near and 
above the mesopause the contribution from the DSP dominates. As expected, imposing a finite 
lower limit on the range of the vertical wave number spectrum has the desired effect of reduc- 
ing the magnitude of the DSP contribution near the top of the model while enhancing it slightly 
lower down. 




Figure 9. Total mean zonal drag force per unit mass for the DSPNZD simulation. Contour 
interval: lOm/s/day 

5. Summary 

In this paper we have compared selected results of seasonal simulations made with the basic 
version of the Canadian Middle Atmosphere model with those obtained using an orographic 
gravity wave drag parameterization combined with two different versions of the Doppler 
spread parameterization proposed by Hines (1996a,b). In all cases the input spectrum for this 
parameterization is assumed to be continuous in the vertical wave number domain and azi- 
muthally isotropic with a total kinetic energy content that is the same everywhere. 

The basic version of the model uses only a combination of the orographic gravity wave param- 
eterization and a Rayleigh friction sponge layer adjacent to its top. The simulated mean zonal 
winds and temperature fields obtained using this model have systematic errors in the middle 
atmosphere that are believed to be, in part at least, the result of neglecting part of the momen- 
tum flux deposition associated with dissipating gravity waves. These include an excessively 
high and cold stratopause and a cold lower stratosphere in polar regions in the winter season, 
most evident in the southern hemisphere during July. Another notable error is that the mean 
zonal wind field does not undergo a reversal in high latitudes just above the mesopause. 
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The versions of the Doppler spread parameterization used here are preliminary tests versions 
of what we expect will ultimately become a more comprehensive gravity wave drag parame- 
terization based on the same general principles. The versions used here differ only in respect of 
the range of the initial vertical wave number spectrum. The first one includes all wave numbers 
between zero and an upper bounding cut-off wave number, while the second has a specified 
finite lower bound as well. These variations represent only two of a variety of possibilities that 
may be used for specification of the input spectrum. In principle this flexibility can be used to 
take account of the spatial variations in gravity wave sources and generation processes (for 
example as in Manzini et al, this volume). 

Some improvements in the simulated mean zonal wind and temperature structure are obtained 
by simply implementing the first of the two DSP parameterizations without otherwise modify- 
ing in any way the other parameterizations, including the way in which the Rayleigh damping 
is applied in the sponge layer. These improvements include reversal of the winds above the 
mesopause, qualitatively in accord with observations, and warming of the stratosphere in the 
region of the south pole, leading to a more realistic location of the stratopause and a more real- 
istic temperature structure in the entire stratosphere in that region. 

However it is also found that most of the forcing due to the DSP occurs in the upper meso- 
sphere, the strongest part of it being located within the sponge layer. This results in a compli- 
cated interplay between the DSP and the Rayleigh damping in the sponge layer that is of 
questionable desirability. The second version of the DSP was implemented in combination 
with a modified Rayleigh damping procedure which damps only departures of the local veloc- 
ity field from the zonal mean. To date only relatively short simulations, for the period of April 
through July have been carried out using this version of the parameterization. The results 
which have been obtained indicate that additional improvements are produced when this ver- 
sion of the parameterization is used. In all about half of the high zonai mean wind bias appar- 
ent in July in the southern hemisphere is removed by implementing the second of the DSP 
parameterizations. However, what remains is still quite large. Some of it may be due to proc- 
esses other than gravity wave drag that are missing or poorly represented in the model. 
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Abstract 

The response of a general circulation model to the Hines Doppler spread 
parameterization of gravity wave momentum deposition is described. Two simulations 
were carried out using different specifications of the gravity wave rms wind speed at the 
tropopause. In the first simulation the rms wind speed is a function of the simulated 
precipitation. In the second a constant rms wind speed is used. For both simulations a 
realistic seasonal cycle of the zonal mean circulation is obtained. In particular, the 
simulated October circulation is considerably improved over previous results obtained 
using Rayleigh friction in the mesosphere. The major differences between the two 
simulations occur in the tropical middle atmosphere and in the austral autumn. 



1. Introduction 

Current general circulation models which simulate the middle atmosphere do not 
explicitly resolve small scale gravity waves. The absence of this small scale 
dynamical forcing is now generally recognized to be responsible for the extremely 
strong zonal winds that appear in the middle atmosphere of general circulation 
models, although to a different degree in different seasons and in different models 
(Hamilton et al.l995, Boville, 1995). Since long-term integrations at much finer 
horizontal resolutions are at present well beyond our computational capability, it 
is of primary interest to develop good parameterizations for the momentum 
deposition from the unresolved gravity waves. 
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Their Parameterization in Global Climate Models 
Edited by Kevin Hamilton 
© Springer- Verlag Berlin Heidelberg 1997 




368 



The purpose of this paper is to report on the response of a general circulation 
model to the recently developed Doppler spread parameterization (referred to as 
DSP) of gravity wave momentum deposition (Hines, 1996a,b). In contrast to 
previous applications (Mengel et al. 1995, McFarlane et al. 1996, this volume) of 
the DSP which have assumed a uniform gravity wave source distribution, an 
attempt is made here to identify, and include in a simple manner, the seasonal and 
spacial variability of the sources associated with convective activity and frontal 
systems. The importance of latitudinal and seasonal variations of gravity wave 
sources is shown for instance by Allen and Vincent (1995). In the lower 
stratosphere over Australia they found that the gravity wave activity is larger at 
low latitudes from December to February and at high latitudes during the austral 
winter. They also suggested that this seasonal distribution of the gravity wave 
activity might be associated with convective activity at low latitudes and with the 
passage of cold frontal systems at high latitudes. Evidence of spatial patterns 
connected to tropical convection is also suggested by Wu and Water (1996, this 
volume) from MLS UARS temperature variances, which they attribute to gravity 
waves. 



2. The model and the experiments 

The model used here is the middle atmosphere version of the ECHAM4 spectral 
transform general circulation model with variable horizontal truncation and state- 
of-the-art physical parameterizations (Roeckner et al. 1992, 1996; Manzini and 
Bengtsson, 1996). In the standard version of the middle atmosphere ECHAM4 
model (39 levels, top at 80 km), Rayleigh friction is used to dissipate upward 
propagating waves and also to act as a crude parameterization of the effects of 
gravity wave breaking on the zonal mean flow in the mesosphere. The Rayleigh 
friction coefficient increases upward from (32 d)‘^ at 0.4 hPa to (1 d)'^ at the model 
top. This configuration of the middle atmosphere ECHAM4 model has been 
integrated for 10 years at T30 horizontal truncation. 

In the current version of the model, the Rayleigh friction is replaced by the Dop- 
pler spread parameterization. In addition, an orographic gravity wave drag 
parameterization based on McFarlane (1987) is included. These parameteriza- 
tions are applied independently. All the simulations performed employ monthly 
mean climatological sea surface temperature (Gates, 1992), a T30 horizontal 
truncation, and the diurnal cycle in the radiative transfer scheme. 

Note that additional experiments using the DSP in an extended version of the 
middle atmosphere ECHAM4 model (top at 112 km) and also in the Canadian 
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Middle Atmosphere Model (top at 97 km, see McFarlane et al. 1996, this vol- 
ume) have shown that numerical difficulties can appear when a sponge is not 
included at the model top. This occurs because of a positive feedback between 
the DSP and the diurnal solar tide (see also McLandress, 1996, this volume) and 
may be avoided by introducing a low wavenumber bound to the initial vertical 
wavenumber spectrum of the gravity waves. The fact that this problem does not 
appear in the current application of the DSP (without low wavenumber bound) is 
presumably explained by the fact that the upper boundary of the current 
ECHAM4 model is at 80 km, which is below the height where the diurnal tide 
maximizes (near 90 km). 

a. The Doppler spread parameterization 

The formulation of the parameterization for a broad gravity wave spectrum 
follows Hines (1996a,b). The implementation of the DSP requires the 
specification of several parameters that describe the initial gravity wave spectrum, 
which may vary depending on the gravity wave sources considered. In the current 
application, the initial vertical wavenumber spectrum is assumed to follow a 
power law with a slope equal to one and the characteristic horizontal wavenumber 
is set to (150 km)‘^ (as in Mengel et al., 1995). The two simulations that will be 
discussed differ in the specification of the wave-induced rms wind speed. A 
variable distribution is prescribed in the first simulation, while a constant rms 
wind speed is used in the second. In both cases the initial spectrum is launched 
near the tropopause at about 15 km where it is assumed to be isotropic in the eight 
equally spaced azimuths considered (extrowaves and introwaves included). The 
specification of the fudge factors (parameters constrained by the theory) also 
follows from the recommendations of Hines (1996a). Note that the contribution to 
the vertical diffusion that arises from the gravity wave momentum deposition has 
not been included and that the momentum flux is set to zero at the upper boundary 
of the model. 

The use of a variable gravity wave rms wind speed is a first crude attempt to take 
into account gravity wave sources which are associated with convective activity 
and frontal systems. For simplicity, the simulated precipitation is assumed to be 
indicative of the horizontal distribution and intensity of both these phenomena and 
therefore is used to construct the gravity wave rms wind field. This approach is 
consistent with the results of Allen and Vincent (1995). The spatial patterns of the 
gravity wave activity that they found over Australia clearly match those of tropical 
convection and mid-latitude storm tracks. In our simulation, the resulting rms 
wind speed consists of both a background term (constant in space and time) of 
1.75 ms‘^ and a variable term that depends linearly on the total precipitation rate. 
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Figure 1. Gravity wave rms wind speed (DSP input parameter) at the launching height 
from the DSPl simulation, 5 year average: January (upper panel) and July (lower 
panel). Contour: 0.5 ms"'. 

This precipitation dependent term is non-zero only for instantaneous total 
precipitation values larger than 5 mmd'E The total rms wind speed is also limited 
to a maximum of 6.5 ms '. These rms values are therefore comparable to the 
estimated rms wind speeds of 1.5 ms"' at high latitudes and 4 ms ' in the tropics 
from Allen and Vincent (1995), as well as to aircraft observations of gravity wave 
variances at the tropopause (Fritts and Nastrom, 1992). 

A 5 year simulation (denoted DSPl) has been recently completed using the 
variable rms wind speed. In order to assess the sensitivity to the precipitation 
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enhanced rms term, a 1-year simulation with the total rms wind speed fixed at the 
constant background value has been carried out (this experiment is denoted 
DSP2). 

The 5 -year monthly average rms wind speed of the gravity waves at the launching 
height obtained by coupling it with the precipitation (DSPl simulation) is at most 
3-4 ms * over regions of high precipitation. Figure 1 shows that the regions of large 
rms wind speed, found in the intertropical convergence zone, are characterized by 
a seasonal migration from south (in January) to north (in July) of the Equator that 
closely parallel the precipitation field (not shown). Figure 1 also shows that other 
regions of enhanced rms wind speed are connected with the midlatitude storm 
tracks, for instance over the northwestern Atlantic and North Pacific in January, 
and in the 30®-60®S latitude belt in July. Note that the tropical enhancement of the 
rms wind speed is associated with the convective part of the precipitation, while 
the mid-latitude enhancements correspond to the large scale precipitation. 
Although it of interest to couple parameterizations in a general circulation model 
in order to achieve a fully interactive system, some difficulties may be encountered 
in doing so. Systematic errors in the precipitation field may in fact misrepresent 
the distribution of the gravity wave sources. This is seen, for instance, over the 
Indian Ocean in January where the tropical precipitation (and hence the rms wind 
speed) is maximum in contrast to observations which show a maximum over 
Indonesia. However, the seasonal cycle of the precipitation is quite realistic in the 
ECHAM4 model and so justifies our approach of matching the rms gravity wave 
winds to it. 



3. Zonal mean circulation 

The dominant features of the January zonal mean zonal wind of the DSPl 
experiment (Fig.2, upper left panel) are the winter polar jet in the lower 
stratosphere, the subtropical eastward jet in the mesosphere and the summer 
easterlies that increase poleward with height. The presence of strong westerlies in 
the subtropical mesosphere as well as the structure of the summer easterlies are 
realistic features (Fleming et al. 1990). Relative to Fleming et al., the strength of 
the winter polar jet is somewhat overestimated in the upper stratosphere. Note 
however that the Fleming et al. reference atmosphere is based only on few years 
of data in the stratosphere, therefore may not be an indicative estimate of the long 
term mean state, given the high variability of the Northern Hemisphere winter 
(Randel, 1992). The mesospheric summer easterlies are too weak, possibly 
because there is an excess of gravity wave drag at the model top. 

Satisfactory aspects of the January zonal mean temperature (Fig.2 lower left) 
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Figure 2. January zonal mean zonal wind (upper panels, contour: 10 ms'*) and temper- 
ature (lower panels, contour: 10 K). From the DSPl simulation (5 year average) at left 
and from the simulation with the orographic gravity wave drag turned off (average 
from a 4 January sample) at right. 



include a warm stratopause located around 50 km in the summer hemisphere and 
at a slightly higher elevation in the Northern Hemisphere, a rapid temperature 
decrease with height above the summer stratopause and the consequent reversal of 
the temperature gradient at the model top (80 km), with colder temperatures at the 
summer pole in agreement with observations. The South Pole mesospheric 
temperature minimum and stratopause maximum are, however, underestimated in 
comparison to Fleming et al. (1990). A higher model top may therefore be 
required to improve the simulation of the mesospheric zonal mean temperature. 
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Figure 3. April zonal mean zonal wind (upper panels, contour: 10 ms'^) and temperature 
(lower panels, contour: 10 K). From the DSPl simulation (5 year average) at left and 
from the DSP2 simulation at right. 

As found in other general circulation models, the excessively strong winter polar 
jet is associated with a cold temperature bias (of ~10 K) in the lower stratosphere. 

The January zonal mean circulation of the 1-year DSP2 simulation (not shown) is 
quite similar to that for DSPl, with the exception of slightly stronger summer 
easterlies in the upper mesosphere. The agreement in the Northern Hemisphere 
may be fortuitous, however, because of the large interannual variability that occurs 
there. 

The impact of the orographic gravity wave drag on the Northern Hemisphere winter 
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circulation is seen in the 2 panels on the right of Fig.2. In the absence of 
orographic gravity wave drag, the Northern Hemisphere winter westerlies 
increase to unrealistically large values and the lower stratosphere temperature bias 
increases in magnitude and extends further upwards. As a result of this, the winter 
stratopause is also shifted upwards. These results are in agreement with earlier 
general circulation model sensitivity experiments that demonstrated that the 
orographic gravity wave drag plays a dominant role in the simulation of the 
Northern Hemisphere winter circulation of the middle atmosphere (Rind et al. 
1988, and Boville, 1991, 1995). As expected, the summer (southern) hemisphere 
is not significantly affected by the removal of the orographic gravity wave drag 
due to the reversal of the zonal mean flow in the lower stratosphere. 

In April (Fig. 3, upper panels) the most interesting result is the sensitivity of the 
zonal wind in the Southern Hemisphere to the precipitation-enhanced rms term. 
Differences of up to 20 ms'* between the two integrations are found in the 
mesosphere, which are much larger than the typical interannual variability (few 
ms * in DSPl) for this season. The weaker Southern Hemisphere westerlies in 
DSPl are in much better agreement with observations (Fleming et al. 1990). 
Another difference also associated with the gravity wave rms wind distribution is 
the 10 km downward shift in DSPl with respect to DSP*2 of the location of an 
equatorial eastward jet. It is noted that during the 1-year DSP2 simulation, 
easterlies and westerlies are found to oscillate on a semiannual time scale in the 
upper stratosphere and lower mesosphere at the equator. A semiannual oscillation 
in the mean zonal wind is also found for DSPl. However, with respect to DSP2, 
the DSPl oscillation is characterized by a more pronounced downward phase 
propagation of the westward phase and a 10 km downward shift of the first 
semiannual cycle. Contrary to the DSP2 results, the features found for DSPl are 
not in agreement with the observed behavior of the semiaimual oscillation at the 
stratopause, suggesting that the local forcing of the gravity wave rms winds may 
be excessive and possibly also that the azimuthal isotropy assumption is too 
simplistic. 

The zonal mean temperature in April (Fig.3, lower panels) is similar in the two 
experiments, except for a slightly warmer stratopause in the DSPl Southern 
Hemisphere, consistent with the weaker westerlies in that region. 

As was found in January, the zonal mean circulation in July is not much affected 
by the precipitation enhancement of the gravity wave rms wind distribution and 
consequently only results from the DSPl experiment are shown (Fig. 4). In the 
Southern Hemisphere, the July zonal winds are somewhat too strong and the 
mesospheric jet is located too poleward, relative to the Fleming et al. (1990) 
reference atmosphere. The zonal mean temperature shows that the stratopause is 
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Figure 4. July zonal mean zonal wind (left panel, contour: 10 ms‘^) and temperature 
(right panel, contour: 10 K) from the DSPl simulation (5 year average). 



higher and colder than observed. The DSPl results for the Northern Hemisphere 
summer are similar to those for the Southern Hemisphere discussed previously. 

In October the Southern Hemisphere middle atmosphere circulation is 
characterized by a significant amount of interannual variability (Randel, 1988, 
1992) that is associated with the upward propagation of planetary wave 
disturbances and the final breakdown of the polar vortex. Although the long term 
average shows a moderately weak eastward jet in the Southern Hemisphere lower 
stratosphere, individual years may therefore exhibit somewhat stronger or weaker 
zonal mean circulations. The October 5-year average zonal mean zonal wind for 
the DSPl simulation (Fig.5, upper left panel) consists of a closed jet in the 
Southern Hemisphere middle atmosphere. While the averaged DSPl October 
Southern Hemisphere westerlies are 10-20 ms’^ too strong (in comparison to 
Fleming et al, 1990 and also Randel, 1992), on some occasions they may be quite 
weak and easterlies may appear in the upper mesosphere. A particularly weak 
circulation in the Southern Hemisphere was also found for the single October 
from the DSP2 simulation (not shown). Figure 5 (bottom left) also shows that in 
the Southern Hemisphere the stratopause in the DSPl case descends from July to 
October and that a temperature minimum is present in the lower stratosphere, in 
qualitative agreement with observations. 
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Figure 5. October zonal mean zonal wind (upper panels, contour: 10 ms'^) and temper- 
ature (lower panels, contour: 10 K). From the DSPl simulation (5 year average) at left 
and from the ECHAM4 simulation without DSP and orographic gravity wave drag but 
with Rayleigh friction in the mesosphere (10 year average). 



It is interesting to note that both the DSPl and DSP2 simulations of the Southern 
Hemisphere October westerlies show considerable improvement over previous 
middle atmosphere simulations, some of which used Rayleigh friction and/or 
lower horizontal resolution (e.g., Boville, 1995; Hamilton, 1995; Manzini and 
Bengtsson, 1996). As an example, the 10-year average October from the standard 
ECHAM4/T30L39 model integration with Rayleigh friction (with neither the DSP 
nor the orographic gravity wave drag parameterization) is shown on the right of 
Fig.5. In this case, westerlies are as strong as 90 ms"' at the stratopause in the 
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Figure 6. Total (upper panels) and orographic (lower panels) zonal mean zonal gravity 
wave drag. January (at left) and July (at right) 5 year average from the DSPl simula- 
tion. Contour: 2.5 ms'M'^ 

extratropical Southern Hemisphere and temperatures below 200 K extend upward 
to almost 40 km at the South Pole. Although the orographic gravity wave drag is 
also absent in the ECHAM4 simulation, its role should be minor in the Southern 
Hemisphere, as indicated by the Boville (1995) results. 

The 5 year average total zonal mean zonal gravity wave drag from the DSPl 
simulation is shown in the upper panels of Fig.6. The corresponding orographic 
gravity wave drag components are shown below. The Northern and Southern 
Hemisphere distributions of the total zonal drag during summer are similar, with 
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larger values (maximum: -70 ms'^d"^) at the model top close to 60^N and S 
respectively. In the lower mesosphere the total zonal drag is larger in the summer 
tropics. The orographic component, as expected, contributes only to the total drag 
in winter and mainly in the lower and middle mesosphere of both hemispheres. 
Note that the winter total zonal drag is larger in the Southern Hemisphere (about 
-75 ms M'^ instead of about -50 ms’^d'^ in the Northern Hemisphere), presumably 
because of the smaller role played by planetary waves. 



4. Conclusions 

In this paper results from simulations made with the middle atmosphere version 
of the ECHAM4 general circulation model are presented. This model version 
employs a parameterization of the momentum deposition due to orographic grav- 
ity waves and a continuous spectrum of gravity waves. The orographic part is 
parameterized following McFarlane (1987) and the continuous spectrum part is 
represented using the Doppler spread parameterization of Hines (1996a,b). Simu- 
lations were carried out using two different specifications of the gravity wave 
induced rms horizontal wind speed, an input parameter of the DSP. In the DSPl 
simulation the rms wind is assumed to be a function of the model precipitation, 
which is a simple way of taking into account gravity wave sources associated 
with convective activity and frontal systems. The DSP2 simulation employed 
instead a constant rms wind speed. The results are summarized as follows: 

(1) In both simulations, the gravity wave drag parameterization alleviates, but does 
not remove, the cold temperature bias and associated zonal wind bias that are 
typically present in the winter season of both hemispheres. In January the 
orographic gravity wave drag plays a dominant role in the Northern Hemisphere. 

(2) The structure of the westward summer jet was found to be realistic in both 
hemispheres and in both simulations, but its magnitude was somewhat too weak 
in the mesosphere, presumably because the drag from the DSP is too large. The 
summer zonal mean circulation and the upper mesosphere temperature may be 
improved by raising the top of the general circulation model to about 120 km, in 
order to allow for a better resolution of the gravity wave drag distribution at the 
mesopause. 

(3) In October a major improvement of the simulation of the polar vortex 
breakdown was found for both simulations with respect to previous results that 
used a Rayleigh friction in the mesosphere. Although the simulations are still 
deficient in some respects, the DSP appears to be more effective in decelerating 
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the zonal mean winds. This behavior may be expected since the dissipation of the 
gravity wave spectrum in the DSP depends on vertical variations of the large scale 
winds. For a westward vertical wind shear in the upper mesosphere, westward 
propagating gravity waves are strongly dissipated, which accelerates the 
downward propagation of the summer easterlies. This mechanism is of course not 
possible using Rayleigh friction, which is linearly proportional to the zonal wind 
and therefore effective only in regions where the winds are strong. 

(4) The autumn zonal mean circulation of the Southern Hemisphere (April) 
appeared to be significantly affected by the precipitation enhanced rms wind 
speed. The low sensitivity to the gravity wave source distribution that occurred in 
the other seasons may be caused by the relatively high background rms wind speed 
that was required to prevent the development of excessively strong zonal winds in 
the Southern Hemisphere at polar latitudes. 

(5) A realistic quasi-bieimial oscillation (QBO) in the lower stratosphere zonal 
mean wind was not evident during the 5-year DSPl simulation. This result is in 
contrast with the findings of Mengel et al (1995). Their simulated QBO, however, 
was shown to be very sensitive to the magnitude of the vertical diffusion 
associated with the DSP. We have not included this effect in our experiments. 

(6) The larger values of the gravity wave rms wind speed in the tropics over 
regions of convective activity (DSPl experiment) may be a realistic feature, 
although it was detrimental to the simulation of the tropical middle atmosphere 
semiannual oscillation. It is suggested that this behavior at low latitudes may be 
improved by including space and time dependences of other input parameters of 
the DSP. 
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Abstract 

The simulation of the mesosphere is examined in a middle atmosphere GCM. Features examined 
include the zonal mean wind structure, the distribution of gravity wave drag, the meridional cir- 
culation, the evolution of the summer mesopause, the two-day wave, the four-day wave, and the 
diurnal tides. 

1. Introduction 

The dynamics of the mesosphere is significantly different from that of the stratosphere. With 
pressures some five orders of magnitude smaller in the mesosphere than in the troposphere, ver- 
tically propagating disturbances such as gravity waves and tides, which have small amplitude 
below 50 km, grow to very large amplitude in the mesosphere; and it has been recognized for 
many years (e.g., Houghton 1978) that momentum deposition by breaking gravity waves plays 
a key role in the mesospheric circulation. 

However the role of breaking gravity waves is not the only difference from the stratosphere. 
Planetary waves in the stratosphere are caused mainly by upward propagation from the tropo- 
sphere. However, in the mesosphere there is also the possibility that the local dynamics can 
generate planetary waves through instability of the mean flow (e.g.. Plumb 1983). Another dif- 
ference from the stratosphere is the reduced Brunt- Vaissalla frequency. One consequence of this 
is that the flow fields induced by a potential vorticity (PV) anomaly of a given horizontal and ver- 
tical scale in the mesosphere will have a deeper vertical penetration than those induced by a PV 
anomaly of the same scale in the stratosphere. The dynamics of the mesosphere may be further 
complicated by the possibility of nonlinear interactions among different large-amplitude plane- 
tary scale waves, and between planetary scale waves and breaking gravity waves. One further 
difference from the stratosphere is that the radiative timescale in the mesosphere is much shorter, 
typically only a few days. 

The mesosphere is of course of interest in its own right, but the mesosphere also influences 
the stratosphere. For instance, the propagation of planetary waves in the stratosphere is affected 
by the flow in the mesosphere. Furthermore the meridional circulation driven by breaking grav- 
ity waves in the mesosphere influences temperatures in the lower stratosphere (Garcia and Boville 
1994) and transports trace gases from the mesosphere down into the middle stratosphere (Fisher 
etal. 1993). nato asi series, voi. 1 50 
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There have been comprehensive observations of the upper mesosphere (above 70 km) over 
the last 30 years from rocketsonde and particularly radar. Many of the phenomena in this region 
of the mesosphere have been extensively studied from single station measurements. There have 
also been global measurements of the mesosphere from satellites, and in particular recently from 
the Upper Atmosphere Research Satellite (UARS). 

The mesosphere has been very little studied in global circulation models (GCMs). Our at- 
tention was drawn to the mesosphere in the Extended UGAMP (U.K. Universities Global Atmo- 
spheric Modelling Programme) GCM when we discovered that the model contained a strong sig- 
nal of the two-day wave (Norton and Thubum 1996, hereafter NT96). This was studied in a low 
resolution (spectral truncation T21) version of the model. We have recently completed a 1200 
day integration of the model at higher horizontal resolution (T42, approximately a gridspacing 
of 3°). In this paper we examine the representation of various phenomena in the mesosphere of 
this model integration. 

The outline of the paper is as follows: in section 2 we describe the Extended UGAMP GCM, 
section 3 presents the January and July monthly mean circulation in the model, section 4 presents 
the evolution of the northern hemisphere summer mesopause, section 5 presents the structure and 
evolution of the two-day wave, section 6 presents the structure of the four-day wave, section 7 
presents the structure of the tides, and section 8 offers some conclusions. 

2. Model description 

The Extended UGAMP Global Circulation Model (EUGCM) was developed from the cycle 27 
forecast model of the European Centre for Medium Range Weather Forecasts (ECMWF). An 
early version of the EUGCM is described by Gray et al. (1993). A recent tropospheric version of 
the UGAMP GCM is described by Slingo et al. (1994). The EUGCM integrates the hydrostatic 
primitive equations over the globe from the ground to about 95-100 km (the exact height of the 
top model pressure level depends on the temperatures below). The model is ‘spectral’; the main 
prognostic variables, vorticity, divergence, temperature, moisture and logarithm of surface pres- 
sure, are represented as truncated series of spherical harmonics at 47 different levels. The inte- 
gration described here uses T42 horizontal resolution. The vertical hybrid sigma-pressure coor- 
dinate and vertical difference schemes are those described by Simmons and Burridge (1981), ex- 
cept for the vertical advection terms, which are calculated using a shape preserving scheme based 
on fourth order differences (Thubum and McIntyre 1996). The vertical resolution in the middle 
atmosphere ranges from about 2 km in the lower stratosphere to about 3 km at the mesopause. 

A number of processes that are not explicitly resolved are parameterized in the model. The 
schemes for large scale condensation, boundary layer processes, and surface processes are as 
described by Tiedtke et al (1988), except that the boundary layer scheme is switched off above 
about 600 hPa. Deep and shallow convection are represented by the adjustment scheme of Betts 
and Miller (1993). 

Two separate radiation schemes are used. In the troposphere and lower stratosphere up to 
about 74 hPa Morcrette’s (1990) scheme is used. Above about 28 hPa the scheme of Shine 
(1987) and Shine and Rickaby (1989) is used. At intermediate levels the heating rate is given 
by a weighted mean of the heating rates from the separate schemes. 

The representation of the effects of unresolved gravity waves has a crucial impact on the 
ability of a GCM to simulate the middle atmosphere. The EUGCM originally used the Palmer 
et al (1986) gravity wave scheme. This scheme uses linear theory to estimate the gravity wave 
momentum flux at low levels due to flow over orography, and WKB theory and a simple satu- 
ration criterion to calculate the vertical profile of momentum flux due to wave propagation and 
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breaking. Two particular shortcomings were noticeable in middle atmosphere simulations using 
this scheme. First, the orographically generated gravity waves represented by the scheme are 
stationary, so they are filtered by near zero mean winds in the tropical and summer hemisphere 
lower stratosphere and prevented from reaching higher altitudes. This led to an unrealistic sum- 
mer and tropical mesospheric circulation. Second, very strong, localized occurrences of gravity 
wave drag in the winter stratospheric vortex led to unrealistic PV dipole features and eventually 
to disruption of the vortex. 

To overcome the first shortcoming the gravity wave scheme was extended to include addi- 
tional gravity waves with non-zero horizontal phase speeds. Observations of temperature and 
wind fluctuations in the middle atmosphere, using, e.g., rockets, radars and lidars, indicate the 
presence of gravity waves with a spectrum of horizontal phase speeds up to a few tens of me- 
tres per second. Some of these waves reach the summer mesosphere. These waves could be 
generated by a variety of mechanisms, including convection, envelope radiation from shear in- 
stabilities, adjustment of the large scale flow towards balance, and interactions among gravity 
waves. In the extended gravity wave scheme the additional waves propagate and break follow- 
ing essentially the same criteria as in the Palmer et al. scheme (but see below). However, in the 
absence of reliable quantitative theories for the generation of these waves, their phase speeds, 
amplitudes and source altitudes are simply specified in the GCM. Each wave in the scheme prop- 
agates as an individual monochromatic wave; there is no direct interaction between them. The 
EUGCM gives a more realistic simulation of the mesosphere even with just one eastward trav- 
elling gravity wave in each column in addition to the orographically generated wave (Jackson 
1993). In the experiment described here 14 waves launched from 100 hPa are used in addition 
to the orographically generated wave. Their characteristics are given in the following table. 



number of waves 


phase speed (ms ^) 


directions 


amplitude (Nm ^) 


2 


0 


NS,EW 


10 X 10-^ 


4 


10 


N, E, S, W 


1.84 X 10“^ 


4 


20 


N, E, S, W 


0.68 X 10-“ 


4 


30 


N, E, S, W 


0.25 X 10““ 



To overcome the second shortcoming while still retaining most of the benefits of the oro- 
graphic gravity wave drag scheme in the troposphere, the orographic gravity wave source strength 
is calculated as in the Palmer et al. scheme, but the drag due to this wave is exerted uniformly 
between the ground and the level a = 0.1 (where a = p/p* and p* is surface pressure) (e.g., 
Stephenson 1994). 

Some initial experiments with the gravity wave scheme just described were encouraging, 
but showed a tendency for extremely strong shear zones to form, particularly on the upper equa- 
torward flank of the summer easterly jet. The formation and maintenance of these shear zones 
involves a positive feedback: breaking gravity waves help to create the shear zones, while the 
change in Doppler-shifted phase speed of the gravity waves as they cross the shear zones en- 
hances the breaking there. This kind of positive feedback probably occurs in the real atmo- 
sphere, and indeed it appears to be crucial in obtaining a realistic two-day wave in the GCM. 
However, the positive feedback is exaggerated in the GCM by the use of a discrete spectrum of 
non-interacting monochromatic gravity waves. These results led us to retune one of the parame- 
ters in the gravity wave scheme, reducing by a factor of 10 the critical value of the square of the 
wave amplitude above which waves break (i.e., the ‘efficiency factor’ is set to 0.1). This retuning 
causes the gravity waves to break less violently and a few kilometers lower in altitude. As justi- 
fication for this otherwise arbitrary retuning, it could be argued that it makes some allowance for 
intermittency — the peak gravity wave momentum flux, which determines the breaking level, 
may be considerably greater than the average momentum flux over a model time step — and 
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for constructive interference of the individual monochromatic waves. With this retuning of the 
gravity wave breaking criterion the strength of the tight shear zones in the GCM is more realistic. 



3. Zonal mean circulation 

Figures la,b show the monthly mean zonal winds for one January and one July from the EU- 
GCM. These months are similar to other Januarys and Julys from the EUGCM except that the 
northern hemisphere stratosphere in January has large interannual variability because of strato- 
spheric warmings. The winter westerly jets for January and July are both comparable in strength 
to those observed, and, like observations (e.g., CIRA 1986), slope equatorward with height with 
almost a separate westerly jet in the subtropical lower mesosphere. If we instead run the model 
with Rayleigh friction as the gravity wave drag scheme, we obtain winter jets that are verti- 
cally aligned. The sloping of the jets appears to be associated with the distribution of gravity 
wave drag having a somewhat localized maximum (see Figures 2a,b) that is not at the position 
of strongest winds. 

The summer easterly jet has a realistic strength (maximum 80 ms”^) in July, but is too strong 
(maximum over 100 ms~^) in January. This is a consequence of the too strong westerly jet in 
the southern hemisphere lower stratosphere in January, which filters out many of the eastward 
traveling gravity waves that would otherwise break in the mesosphere and decelerate the east- 
erly jet. This problem is worse in December when there is an even stronger easterly jet in the 
mesosphere and stronger lower stratospheric westerlies. This in turn may be related to the late 
breakdown of the southern hemisphere winter westerlies in the EUGCM, a problem shared by 
many other middle atmosphere GCMs. 

The shaded regions in Figures la,b are where the meridional gradient of the zonal mean 
quasigeostrophic potential vorticity {qy) is strongly negative (less than —lx 10“^^s“^m”^). A 
region of negative qy indicates that an instability may occur (e.g., Andrews et al. 1987). The 
strong horizontal and vertical curvature (and shear) of the summer and winter jets has produced 
regions of strong negative Qy in the upper part of the easterly jet, and above and poleward of the 
core in the westerly jets, particularly in the southern hemisphere. In section 4 we examine insta- 
bility in the summer hemisphere associated with the two-day wave, and in section 5 we examine 
the possibility of instability in the winter hemisphere associated with the four-day wave. 

Figures lc,d show the corresponding monthly mean temperature fields. A number of extrema 
stand out for both January and July: a cold tropical tropopause and cold winter polar lower strato- 
sphere; a warm summer stratopause and warm separated winter stratopause; and a very cold 
summer mesopause. We examine in more detail the summer mesopause in the next section. 

Figures 2a,b show the corresponding monthly mean zonal gravity wave drag (note that now 
only the mesosphere is shown). In both summer hemispheres the maximum eastward force per 
unit mass is near 200 ms“May“^ The gravity wave drag is stronger in the southern winter than 
in the northern winter, and the peak values occur at a lower altitude in the winter than in the 
summer. Note how the pattern of the drag follows the shape of the shear zones above the jets. 

Figures 2c,d show for the same months, 1 / (apo cos 0) times the Eliassen-Palm (EP) flux di- 
vergence, i.e., the effective force per unit mass on the zonal mean flow due to resolved eddies. In 
the winter lower mesosphere of Figure Ic there is a negative region associated with dissipation 
of planetary waves forced from below. However the largest negative values and regions with 
strong positive values are in the summer hemispheres. This is an indication that there are large 
amplitude disturbances in these regions. The maximum values of EP flux divergence (around 30 
ms“May“^), although smaller than the values of gravity wave drag in the mesosphere, are not 
negligible, particularly in the tropics. 

Figures 2e,f show the corresponding residual mean meridional wind (v*, see definition in An- 
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Figure 1 : Zonal-mean zonal winds for (a) January (b) July, solid contours westerlies, dotted con- 
tour zero wind line, dashed contours easterlies, contour interval 10 ms~^ Shaded regions where 
Qy is less than -1 x 10~^^s“^m“^ Zonal-mean temperatures for (c) January (d) July, contour 
interval 10 K. 
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Figure 2: Zonal-mean zonal gravity wave drag for (a) January (b) July, contour interval 20 
ms" May" ^ Eliassen-Palm flux divergence times l/(apocos(^) for (c) January (d) July, con- 
tour interval 5 ms"May"^ Residual mean meridional wind (v*) for (e) January (f) July, contour 
interval 2 ms"^ . Solid contours positive values, dotted contour zero, dashed contours negative 
values. 
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drews et al. 1987). In the Transformed Eulerian Mean (TEM) formulation, this residual mean 
meridional wind can be considered to be driven by the gravity wave drag (Figures 2a,b) and the 
EP flux divergence (Figures 2c,d). The residual mean meridional wind shows strong flow from 
the summer to winter hemisphere with peak values of around 1 6 ms“^ in a sharp maximum in the 
summer hemisphere. In the extratropics, the position and structure of residual mean meridional 
wind matches closely the gravity wave drag, indicating that gravity wave drag is predominantly 
driving this flow. The residual mean meridional wind is very similar to the zonal-mean merid- 
ional wind (v), the maximum difference being 1-2 ms~^ (unlike in the winter stratosphere, for 
example, where v and v* can have opposite signs). Figures 2e,f are comparable to climatologies 
of V from radar (e.g., Vincent 1984), in particular the strength of the sharp maximum in merid- 
ional wind agrees well. 

From mass continuity, to balance the meridional flow, there is a residual mean vertical ve- 
locity (not shown). This has rising motion at the summer pole, with peak values of around 6 cm 
s“^ near 0.01 hPa, and descending motion at the winter pole, with peak values of around 3 cm 
s“^ near 0.1 hPa. The vertical motion produces strong adiabatic cooling/warming at the sum- 
mer/winter poles. This leads to a very cold summer mesopause and a warm winter mesosphere. 



4. Evolution of the summer mesopause 

We now examine more closely the summer mesopause and its relation to the gravity wave drag. 
Figure 3a shows the evolution over two annual cycles of the mesopause temperature (tempera- 
ture minimum) at 69°N (solid line) and the maximum gravity wave drag at 60°N (dashed line, 
this is the latitude of maximum gravity wave drag). In the winter months the temperature mini- 
mum is at the lid of the model and so should not be considered to represent a realistic mesopause 
temperature. Figure 3a shows that the formation of a cold mesopause very closely matches the 
evolution of the gravity wave drag. 

This seasonal variation in the gravity wave drag is due partly to changes in filtering of the 
gravity wave spectrum by winds at lower levels. Comparison of Figure 3a with Figure 3b shows 
that the eastward gravity wave drag increases rapidly as the maximum mean zonal wind above 
100 hPa falls to less than approximately 20 ms“^ so that fewer eastward travelling gravity waves 
are filtered out. 

Figure 3c shows the evolution of the height of the mesopause at 69°N (solid line) and the 
height of the maximum gravity wave drag at 60°N (dashed line, shifted down 0.5 km for clarity). 
The mesopause height has a very sharp transition from the top of the model down to 83 km in 
April, and an equally sharp transition back up in late August. The position of maximum gravity 
wave drag shows very similar transitions. Other diagnostics show that the sharp descent of the 
mesopause and the gravity wave drag maximum is accompanied by a sharp descent of the shear 
zone above the easterly jet maximum; the positive feedback discussed in section 2 is crucial for 
this evolution. 

The evolution of mesopause temperature and height in the model can be compared with ob- 
servations from Andenes, Norway (69°N) presented in Liibken and von Zahn (1991). The sum- 
mer mesopause in the model ( 1 35 K, 83 km) is slightly warmer and lower than observations ( 1 30 
K, 88 km). The observations also show the very sharp transitions in mesopause height as in the 
model; thus indicating the important role in the real atmosphere of gravity wave filtering and 
gravity wave interaction with the mean flow. 
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(a) 




(b) 




(c) 




Figure 3: (a) Time series of mesopause temperature at 69°N (solid line, left hand scale) and grav- 
ity wave drag at 60°N (dashed line, right hand scale); (b) maximum mean zonal wind between 
100 hPa and 0.1 hPa at 60°N; (c) time series of mesopause height at 69°N(solid line) and height 
of maximum gravity wave drag at 60°N (dashed line). 
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5. The two-day wave 

Norton and Thubum (1996) reported a strong signal of the two-day wave in a lower resolution 
(T21) version of the EUGCM. They found that the wave in the model closely resembled the ob- 
served two-day wave. They concluded that the wave has characteristics of both a normal mode 
and an unstable wave. Furthermore they found that gravity wave drag is essential for maintain- 
ing the unstable zonal-mean flow that enables the wave to exist. The negative qy regions in the 
summer easterly jets in Figures 1 a,b and the coincident patterns of strong positive EP-flux diver- 
gence in Figures 2c, d indicate that instability is again important in the higher resolution (T42) 
version of the model. In this section we present results of the two-day wave from this version 
of the model. 

Figure 4 shows the PV distribution in the northern hemisphere on the 3000 K isentrope (near 
0. 1 hPa, 64 km) and the 7000 K isentrope (near 0.003 hPa, 88 km) on the 23 June. At both levels 
a striking wave 3 pattern is present, which propagates westward with a period close to two days. 
However there is a marked difference between the two levels. At 3000 K there is easterly mean 
flow with high PV regions near 30°N. At 7000 K there is westerly mean flow with long tongues 
of high PV extending from the high latitudes deep into the tropics. The regions of high PV are 
out of phase between the two levels showing the baroclinic structure of the wave. 

23 June 3000K 23 June 7000K 





Figure 4: Northern hemisphere PV for 23 June (a) 3000 K, contour interval 2 x 10 ^ m^ s ^ 
kg”^ K; (b) 7000 K, contour interval 2 m^ s"^ kg“^ K. Latitude circles every 30°. 

Figure 5 shows the temperature amplitude and phase (Figures 5a,b) and meridional wind am- 
plitude and phase (Figures 5c,d) of the wave 3 westward propagating spectral component with 
period 2 days for 23-24 June. The peak in temperature amplitude in the summer hemisphere, 
minimum at the equator, and further peak in the winter hemisphere are very similar to the results 
in NT96 and are comparable to MLS observations reported in Wu et al (1996). The temperature 
phase shows the baroclinic structure, with a rapid phase transistion near 0. 1 hPa, and the winter 
hemisphere being out of phase with the summer. The amplitude of the meridional wind shows 
a strong peak just on the summer side of the equator in the upper mesosphere which is in agree- 
ment with observations from HRDI by Wu et al. (1993), although the peak values are somewhat 
stronger than have been observed from radar near the equator (Harris and Vincent 1993). The 
temperature and meridional wind amplitudes resemble those calculated for the gravest antisym- 
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Figure 5: For 23-24 June, zonal wavenumber 3, two-day westward propagating spectral com- 
ponent: (a) temperature amplitude, contour interval 2 K; (b) temperature phase, contour interval 
30°; (c) meridional wind amplitude, contour interval 10 ms“^; (d) meridional wind phase, con- 
tour interval 30°, 

metric wave 3 Rossby-gravity planetary normal mode for realistic solstice winds (Hagan et al 
1993). 

Figure 6 shows the PV distribution in the northern hemisphere on the 3000 K isentrope and 
the 7000 K isentrope on the 26 July. At both levels there has been a transition to wave 4. This 
wavenumber transition was also seen in the low resolution version of the model in NT96. In con- 
trast, the two-day wave in southern hemisphere summer tends not to strongly select inidividual 
wavenumbers. Figure 7 shows a typical situation in the southern hemisphere for 17 January. 
There is clearly some wave 3 present, but also other wavenumbers. The strong vortex near the 
bottom of Figure 7a can be distinguished for around 6 days at this time. 

The more chaotic nature of the two-day wave in the southern hemisphere summer compared 
with northern hemisphere summer can also be seen in Figure 8 which shows the time series 
of meridional wind amplitude of two-day westward propagating spectral component in wave 
3 (solid line) and wave 4 (dotted line) at the equator, 0.003 hPa (near 88 km). The dashed line is 
the amplitude of the diurnal tide at 15°N which will be discussed in section 7. Figure 8 clearly 
shows the semiannual variation in amplitude of the two-day wave. It also shows how there are 
much greater amplitude variations of wave 3 in December to February compared with June to 
August. Note also how the amplitude of wave 4 is often anticorrelated with the amplitude of 
wave 3. 

One difference between the northern hemisphere and the southern hemisphere that has been 
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Figure 8: Meridional wind amplitude of two-day westward propagating spectral component at 
the equator, 0.003 hPa: wave 3 (solid line), wave 4 (dotted line). Dashed line is the amplitude 
of meridional wind diurnal tide at 15°N, 0.003 hPa. 

noted from observations is the period of the two-day wave; in the northern hemisphere it is 51- 
52 hours while in the southern hemisphere it is 48-49 hours. In the EUGCM, the period of the 
wave in the northern hemisphere is around 45-47 hours, while in the southern hemisphere the 
peak spectral amplitude has a somewhat shorter period of around 42 hours, but with a greater 
spectral spread. The differences in period between the EUGCM and observations, and between 
the two hemispheres, probably reflect the different strengths of the mean easterly winds. In the 
EUGCM the summer easterly winds in the southern hemisphere are too strong (Figure 1), which 
probably accounts for the shorter period. 

Compared with the two-day wave in the lower resolution model described by NT96, the wave 
in the higher resolution model appears to be more chaotic and less likely to lock onto an individ- 
ual wavenumber. This is particularly true in the southern hemisphere summer and it is possible 
that the shorter period makes it more difficult for the wave to interact with a normal mode. It 
also appears that the small-scales in the higher resolution model play an active role, for example 
the strong vortex in Figure 7a and also the wavebreaking in the subtropics in Figures 4b and 6b. 
It is possible that these active small-scale features disrupt the large-scale wave. 

6. The four-day wave 

The four-day wave is a commonly observed feature of the winter polar upper stratosphere and 
mesosphere. It has been seen from satellites (e.g., Venne and Stanford 1979, and recently by 
MLS on UARS, Allen et al. 1996) and radar (e.g., Fraser et al. 1993). It has been identified as 
a warm pool of air which rotates eastward around the winter pole near the stratopause with an 
approximate four-day period. It is most commonly seen in the southern hemisphere but also has 
been identified in the northern hemisphere (Venne and Standford 1982). There have been several 
theoretical studies on the four-day wave (e.g., Manney and Randel 1993) which have connected 
it with instability of the upper part of the winter jet. To our knowledge, it has not been reported 
in a GCM. 

Figure 9 shows a longitude versus time plot of temperature at 71°S 1 hPa from the EUGCM. 
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Figure 9: Time versus longitude plot of temperature at TTS, 1 hPa showing periods less than 6 
days. Contour interval 6 K, dark regions positive, light regions negative. 

The data have been filtered to show waves with periods of less than 6 days. Figure 9 shows that 
in early August there is a large-scale eastward-propagating feature with period of around 3.3 
days. This is a somewhat shorter period than observed for the four-day wave because the mean 
winds in the EUGCM are slightly stronger than observed for August. Figure 10 shows synoptic 
maps of PV on the 2050 K isentrope (this is located just above 1 hPa) at this time. The grey 
region inside the polar vortex shows that there is a high (magnitude) PV feature rotating around 
the pole. Figure 1 1 shows the temperature amplitude and phase (Figures 1 la,b), meridional wind 
amplitude (Figure 1 Ic), and PV amplitude (Figure 1 Id) of the wave 1 eastward propagating spec- 
tral component with period 3.3 days for 2-12 August. The PV values have been rescaled by the 
mean hemispheric value on isentropic levels. The temperature amplitude shows peaks near 1 
hPa and 0. 1 hPa with a minimum in between. The temperature phase is nearly constant near the 
two peaks with a very sharp transition in between. The meridional wind amplitude has a peak 
near the pole at 0.3 hPa but extends into the upper mesosphere. The PV amplitude shows a very 
localized peak just above 1 hPa in polar regions, and a smaller peak in midlatitudes. 

The temperature amplitude of the wave in the EUGCM is remarkably similar to that obtained 
from MLS temperatures by Allen et al (1996). The temperature structure of the wave is consis- 
tent with the localized PV structure with temperature peaks above and below the PV maxima. 
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Figure 10: Southern hemisphere PV 5-8 August 2050 K, contour interval 3 x 10 ^ s ^ kg ^ 
K, shaded region less than -21 contour units. 

As discussed in the introduction, with the low Brunt- Vaissalla frequency in the mesosphere, the 
induced fields from the PV feature extend a long way into the mesosphere, as indicated by the 
amplitude of the wave in the meridional wind. The PV structure of the wave is very similar to 
that diagnosed by Allen et al (1996) from MLS temperatures. 

Diagnosing possible causal mechanisms in the EUGCM has turned out to be less straightfor- 
ward for the four-day wave than for the two-day wave discussed in section 5. Theoretical stud- 
ies (e.g., Manney and Randel 1993) have suggested that the four-day wave is generated through 
barotropic or baroclinic instability of the mean flow near the stratopause and have demonstrated 
that unstable modes exist in climatological mean wind fields. Such an unstable mode would 
show a characteristic pattern of positive EP flux divergence coincident with a region of negative 
Qy, However, the existence of a region of negative qy is not a sufficient condition for instabil- 
ity, especially when other processes like radiation, gravity wave drag, and other large amplitude 
waves may be important. Also, any downgradient PV flux or PV mixing in a region of negative 
Qy will give positive EP flux divergence, even without the presence of an unstable mode. 
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Figure 11: For 2-12 August, zonal wavenumber 1, eastward propagating spectral component 
with period 3.3 days: (a) temperature amplitude, contour interval 2 K; (b) temperature phase, 
contour interval 30°; (c) meridional wind amplitude, contour interval 5 ms“^; (d) PV amplitude, 
scaled by the mean isentropic hemispheric value, contour interval 0. 1 

The EUGCM does indeed have regions of negative qy on the poleward side and above the 
peak of the westerly jet in July (Figure lb) and August. It also has positive EP flux divergence 
near 50°S 0.3 hPa coincident with the negative Qy (Figure 12). However, on this day (4 August) 
the EP flux vectors emanating from the region of positive EP flux divergence are very weak and 
tend to point downwards and equatorwards. On the other hand, the EP flux convergence into 
the region where the four-day wave is large is associated with much stronger upward EP flux 
from lower levels. This strong upward EP flux is part of a burst that lasts about 4-5 days and 
occurs just as the four-day wave amplifies (compare Figure 9). A large part of the burst of upward 
EP flux tilts equatorwards and converges around 35° S (where it produces wavebreaking on the 
edge of the polar vortex, see Figure 10) but a significant part propagates upwards in the polar 
region. These diagnostics must be interpreted with some caution as there are significant day- 
to-day variations in some of the details of Qy, EP flux, and EP flux divergence. Nevertheless, 
these two pieces of evidence, namely the weakness and direction of the EP flux emanating from 
the region of negative qy, and the simultaneity of the strong burst of upward EP flux and the 
amplification of the four-day wave, together suggest that this occurrence of the four-day wave 
in the EUGCM may be caused by upward propagation of wave activity from below rather than 
in situ instability. 

We suggest that the burst of upward EP flux, which is associated mainly with a quasi-stationary 
disturbance, produces a strong displacement of the core of the polar vortex, which subsequently 
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Latitude 

Figure 12: For August 4, EP flux vectors with magnitude indicated by length of arrow, and EP 
flux divergence, solid contours positive values, dotted contour zero, dashed contours negative 
values, contour interval 2 x 10~^ Nm“^. Shaded regions where qy is less than —lx 



precesses around the pole at a speed set by the strength of the mean wind. There is little irre- 
versible distortion of PV contours within the vortex allowing the displaced vortex core to retain 
its identity for ten days or more. 

We do not yet know how typical the above case is. We should not rule out the possibility that 
instability plays some role in other occurrences of the four-day wave either in the EUGCM or in 
the real world. 



7. The diurnal tides 

Figure 13 shows the monthly-mean amplitude in the meridional wind component of the migrat- 
ing diurnal tides for January, April, July and October. The amplitude in the zonal winds (not 
shown) shows a similar structure but smaller by a factor of around 1.5. A prominent feature in 
Figure 13 is the reduction, by nearly a factor of two, in tidal amplitude at the solstice compared 
with the equinox. This semiannual variation in tidal amplitude is comparable to observations 
from UARS made by HRDI (Hays et al. 1994) and WE^DII (McLandress et al 1996). 

Figure 13 also shows that the tidal amplitudes are nearly symmetric about the equator at the 
equinox, but are significantly distorted about the equator at the solstice. The observations of 
McLandress et al (1996) also show this structural change, however most of these observations 
are at higher altitude. 

One unrealistic feature of the tides in the EUGCM is the minimum in amplitude near 0.0015 
hPa (93 km). This is probably the result of the tides reflecting off the model top. 

Such a large semiannual variation in the tidal amplitude, and the interhemi spheric asymme- 
try at the solstice, are not captured by linear tidal models, e.g., Hagan et al (1995). Possible 
mechanisms for these variations in the real world and in the EUGCM, which may be represented 
inadequately or not at all in linear tidal models, include: nonlinear tidal breaking; interaction of 
the tides with breaking gravity waves; nonlinear interaction of the tides with other waves such 
as the two-day wave. 
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Figure 13: Meridional wind amplitude of diurnal tide. Contour interval 10 ms ^ . 



The possibility of a nonlinear interaction between the tides and the two-day wave is worthy 
of further investigation. The two-day wave certainly has large amplitude in the EUGCM, with 
the meridional wind near the equator getting locally in access of 100 ms“^. The reduction in 
tidal amplitudes coincides closely with the amplification of the two-day wave: Figure 8 shows 
the meridional wind tidal amplitude at 1 5°N, 0.003 hPa (dashed line) along with the amplitude of 
the two-day wave (wave three solid line, wave four dotted line). Also, the reduced tidal ampli- 
tude below 0.01 hPa in the summer hemisphere (Figure 13) occurs exactly where there is strong 
nonlinear mixing associated with the two-day wave. 

8. Conclusions 

We have shown that the EUGCM reproduces many features of the observed mesosphere. The 
zonal mean winds and temperatures are quite realistic, particularly the seasonal evolution of the 
height and temperature of the high latitude mesopause. The EUGCM contains a strong signal of 
the two-day wave; it is forced through baroclinic instability of the summer easterly jet but also 
has characteristics of a planetary normal mode. The EUGCM also produces a four-day wave 
event. At that time there is a signature of EP flux divergence associated with a region of nega- 
tive Qy, but this appears to be too weak to explain the model’s four-day wave as an unstable mode. 
A more likely explanation appears to be the upward propagation of planetary wave activity from 
below. Finally, the EUGCM includes a diurnal tide, not only with realistic amplitude and struc- 
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ture but also with a realistic semiannual variation in amplitude and a realistic interhemispheric 
asymmetry at the solstices. 

The parameterization of gravity wave drag in the EUGCM is crucial for obtaining a realistic 
simulation of the mesosphere. We have clear evidence that it is important for the cold summer 
mesopause and for the unstable profile of the summer easterly jet that gives rise to the two-day 
wave. It is probably also important for the four-day wave though its effect on the structure of the 
westerly jet, and for the semiannual variation in tidal amplitude either directly through interac- 
tions between the tide and gravity waves or indirectly through interactions between the tide and 
the two-day wave. 
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